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ABSTRACT

Data used for the present study were recorded at the
small aperture cross-linear érray station which was installed
at Kaptagat (in NW Kenya)' by the Univefsity of Durham. The:
seismic array data from local earthquakes have been analysed
by velocity/ azimuth filtering technique. Apparent velocities
and azimuths for first and later arrival phases were measured
for local rift events from the immediate east, for local
events from the south west and for more distant rift events
to the north and south of Kaptagat.

Data from local rift events originating from the immediate
east of Kaptagat were used in the present analysis to study
the structure of the lithosphere beneath the Gregory rift at
about 0.5°N latitude. The first arrival data (apparent
velocities and azimuths) were determined to a high degree of
accuracy. The first and later arrival data have been inter-
preted in terms of a simple two layer model with a horizontal
refracting interface at a depth of 13 + 5 km and having uppér
and lower layer uniform velocities of 5.8 + 0.2 kn/s and
7.2 + 0.2 km/s respectively. The minimum lateral extent of
the top sprface of this refractor is estiméted at about 30-km;
A maximum dip of about 6° on the interface is allowed by the
data.

In the preferred three layer model, a 10 km thick top
horizontal layer of velocity 5.8 k' s overlies a 10 km thick
intermediate iayer in which velocity increases uniformly from
6.0 km/s at iO km depth to 7.5 km/s at a deéth of 20 km. .The

intermediate layer, in turn, overlies a 7.6 kn/'s refractor.



The models derived from the present data are consistent
with the theory that upward perturbation of the lithosphere/
asthenosphere boundary giving rise to domal uplift, lithos-

pheric tension and magmatic activity, is the primary cause

of rifting.
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1.1

1.2

CHAPTER 1
THE_EAST_AFRICAN RIFT_SYSTEM

Introduction

The Afro-Arabian rift system (fig.l.l) includes the Gulf
of Aden, the Red Sea and the East African rifts. These three
rifts form a triple Jjunction in the Afar region thus
trisecting the Afro-Arabian plateau. The East African rift
system is the world®s largest and best exposed example of a
continental rift system. It is apparently conﬁected9 via
the Gulf of Aden; to the Carlesberg ridge of north west
Indian ocean., Hence, unlike other continentai riftsy it
appears to be a continental extension of the global mid-
ocean ridge system.

In the Red Séa and the Gulf of Aden, there has been
complete separation of the continental lithosphere and the
evolution of a new oceanic lithosphere by sea floor spreading.,
A thorough understanding of the magmatic and tectonic
processes beneath the East African rift is required to
establlsh whether the rift system is at the closing gtages
of‘a stalled evolution or is marklng the initiation of an

episode of lithospheric spreading.

The East African Rift System

The Fast African rift system extends southwards from
Afar depression to Mozambique for a distance of about 3000 km
(King, 1978). On a continental scale, the rift system is

essentially a north-south trending feature although its
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structural elements only exceptionally show this trend. Over
much of the rift system a simple graben structure is expectional
and the series of rifts are not continuously connected (ILe Bas,
1971). The actual rift pattern is considered to be largely
controlled by the influence of the pre-existing structures of
the basement, Within Fastern Africa, the Tanganyika shield
with east-west trends, appears to have acted as a resistant
block deflecting the fault patterns to either side, thus

forming the western and eastern rifts (fig. 1.1). These two

and east and cojoin through a broad zone 6£ faults north of
Lake Malawi at about latitude 8°8.

Apparent faulting ends in the neighbourhood of the Limpopo
River (King, 1970). But heatflow and‘seismic data suggest that
rifting may extend to as far south as 23°S (Chapman and Pollack,
1975¢ Fairhead and Girdler, 1969). Seismicity studies suggesf
the existence of a tensile zone extending the eastern branch of
the East African Rifts, on land, from North.Tanzania divergence
in a north-west to south-east direction to the Tanzanian coast-
line at about 708° From there the eastern rift is further
extended through northern Mozambique continental slope south-
wards along the Kerimbas and Lacarda deep grabens to as far
souﬁh as about 17°S. Hence the Tanzanian rifté form a link
between the eastern rift and the troughs along the Mozambique
continental margin (Mougenot et al., 1986).

The East Affican rift system is a zone of normal faults
indicating tensile stressfield (Heiskanem and Vening Meinesz,
1958; Fairhead and Givdler, 1971). It traverses two broad

elongated domal uplifts, the Afro-Arabian (Ethiopian) dome in



Ethiopia.ahd the Kenya dome further south in Kenya. The main
Fthiovian rift, starting from Afar, traversgs the crest of the
Fthiopian dome and exterds about 450 km south-south westward
before dying out in a series of splayed tilted blocks
(Shackleton, 1978). This splayed structure seperates the

Tthiopian rift to the rorth from the Gregory rift to the south.

The Gregory Rift

The Gregory rift (fig. 1.2) is that part of the Eastern
rift lying within Kenva and northern Tanzania; It bisects the
Fenva domal uplift which is a second order structure and local
culmination on tke eastern rim of the more extensive Fast
African plateau. The Kerya dome is elliptical'in plan, about
1000 km long and 300 to 400 km wide (Logatchev et al, 1983).
Elevations along both the shoulders and the floor of the rift
rise towards the central sector of the dome. The dome may be,
however, more a reflection of volcanic accumulation than of
vertical uplift, which can only be judged from the displacement
of levels of the basement [King, 1978).

The fault pattern in the Gregory rift has an element of
symmetrv about the minor (east-west) axis of this uplift while
the main rift is located on the crest and major (north-south)
axis. 'The Gregory rift approximateé a discontinuous fault
bounded graben for about 45C km between latitudes 298 and 2°N
along the major axis of the uplift ((King, 1978) although later
estimates suggest that the main axial depression is over 600 km
in length (Logatchev et al,1983). Fstimates for the overall
width of the Grecory graben are all in the range 60-90 km (Baker
et al., 1972; Longatchev et ai,1983;'Fing, 1978 ) while the width

of the central graken is estimated at abcut 20-30 km (Baker and
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1.4

Wohlenberg, 1971). Generalised structural map of the Gregory
rift showsa sinuous swing in trend between about 0° and 1°8
latitude (fig. 1.2).

The faults are essentially normal dip-slip type and marginal
faults have throws up to 4 km, Height of the fault escarpment
in the central sector of the rift ranges up to 2000 m (Baker
and Wohlenberg, 1971; King, 1978)., Step faults and ramps lead
from the margins to the central graben., The graben floor and
step fault platforms are composed of Plio-Pleistocene volqanics
cut by dense swarms of closely spaced sub-parallel faults. The
faults on the rift floor are locally hidden by late Quaternary
volcanic piles (McCall, 1968), |

Northwérds around Lake Turkana, by a succession of splay
faults and downwarps the rift zone widens to an i1ll defined feat-
ure about 200 km across. This region separates the Gregory rift
from the Ethiopian rift indicating that, at least superficially,
the two rifts are not a single continuous feature. Southwards,
too, in Tanzania, the Gregory rift widens by splay fqulting
and merges into a zone of tilted blocks (Baker et al,,1972).

The Kavirondo rift branches from the Gregory rift at the
centre of the Kenya domal uplift and trends west and southwest,
bisecting the highest part of the Western plateau and descending
westward into Lake Victoria. Estimates for the width of the

Kavirondo rift are in the range 15 to 30 km'(Baker et al.,1972;

~King, 1978).

Evolution of the Gregory Rift

The Eastern rift and its associated uplifts are

impressed on the late Precambrian - early Palaeozoic
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Mozambique orogenic belt whose age is estimated to be
in the range 835 to 400 my (Cahen and Snelling, 1966).
During most of the Palaeozoic, Eastern Africa was
occupied by fold mountains being eroded (Baker et
al., 1972). Marine transgression started in the late
Triassic - lower Jurassic in the Horn of Africa and
extended westward to cover Somalia, NE Kenya, most of
Ethiopia and SW Arabia by the end of the Jurassic.
This marine transgression resulted'from the opening
~Indian ocean (Shackletén, 1978). Downwarped sediments
ub to 2000 m thick in north central Ethiopia suggest
that a subsiding trough lay along the futﬁre site of
the EthiOpian rift as early as the Jurassic.

Regression of this sea began by the end of the
Jurassic or early Cretaceous and continued with minor
periods of transgression into the early Tertiary. The
Cretaceous redgression in eastern Africa may have been
caused by continental epeirogeny (Bakér et al., 1972).
But evidence for localised differential uplifts in
Ethiopia and Kenya are found in well preserved planar
erosion surfaces (Saggerson and Baker; 1965). From
these erosion surfaces it is inferred that uplift of
central Kenya and Ethiopian domes took place in three
Syhchronous pulses seperated by long periods of crustal
stability and erosion. 1In both Kenya and Ethiopia, the
three ﬁplift stages are estimated as late Eocene, lower-
middle Miocene and Plio-Pleistocene.

In central Kenya there was an uplift of about
500 m in the latc Eocene and a further uplift of 300 m

in the mid-Miocene. There was a majof uplift of about
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1500 m in central Kenya in the Plio-Pleistocene (Baker
et al., 1972: Shackleton, 1978). The amount of each
uplift decreased towards the east and was accompanied

by flexuring and subsidence of the coastal region.

The isobases of the sub-Miocene erosion surface is shown
in fig. 1.3 which indicates that the sum of uplifts
since the mid-Tertiary reached a maximum of 1800 m.

The upper Eocene uplift of the Afro-Arabian region
marked the initiation of the Ethiopian domal uplift and
of the eastern rift system. The uplift was preceded
and accompanied by the outpouring of the Eocene-0Oligocene
Trap series fissure basalts (which cover most of
Ethiopian and Somalian plateaux and the Yemen highlands
of south-western Arabia) and axial downwarping in
Ethiopia. The Trap series represent the largest single
volcanic event in the history of the eastern rift and
covered 750, 000 km2 in Ethiopia and 30,000 km2 in south
west Arabia (Gass, 1970). Its estimated total thickness
reaches 4 km in northern Ethiopia (Mohr, 1967). ThereA
was no equivalent Tertiary vélcanism in Kenya (Logatchev,
1972) .

By late Oligocene - eafly Miocene time, embroyonic
troughs had formed along the present lines of the Red
Sea and the Gulf éf Aden. This mid-Tertiary phase of
development extended southward through Afar and Ethiopia
and was manifested by downflexing and faulting of the |
Turkana depression of northwest Kenya.

The formation of the Gregory rift started in the
lower to middle Miocene (about 23-16 my ago) with the

monoclinal upwarping of of the Kenya-Uganda border area
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accompanicd by downflexing of Turkana depression
(Shackleton, 1978;: Xing, 1978; Logatchev, 1972).

During this period, alkaline carbonatite central
volcanoes of ecastern Uganda and of the future Kavirondo
rift were formed on the upliftgd area. In the com-
plimentary Turkana depression, this was accompanied

by massive fissure eruptions of basalts, mugearites

and ryolites. The central rift area was uplifted about
300 m (Saggerson and Baker, 1965).

During the upper Miocene (about 13.5-12.0 my ago),
the area of volcanic activity shifted to the Kenya
domal uplift and lost its connection with the Ethiopian
volcanic area. Immense fissure eruptions of phonolites
and phonolithic trachytes occured through systems of
fractures on the crest of the volcanic uplift along the
strike of the future Gfegory rift. Fissure eruptions
dominated this stage which has the highest magmatic
productivity in the whole history of the rift develop-
ment. Estimate of the total volume of upper Miocene
phopolites is 25,000-30,000 km3 (Logatchev, 1972).

In the lower-middle Piiocene times (about 10 to
5 my ago), volcanic activity was restricted to a
narrower zone but extended southwards beyond the
limit of the plateau phonolites at the latitude of Lake
Magadi. The mode of eruptibns changed from mainly
fissure to predominantly central. The numerous volcanoes
were situated along the rift floor or over the scarps
of the rift shoulders thus suggesting a connection with
the future rift which at this time was still not

defined as a real trough. At the same time, the
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petrochemical composition of the volcanic rocks changed
substantially from being strongly alkaline to being
more variable. During this period, fault displacements
took plaée along the Elgeyo escarpment and to the

north of it within a flex ure-zone seperating Turkana
depression from the Eastern Ugandé upwarped area.
Marginal faults of the Kavifondo rift were possibly
formed at this time (Logatchev et al- 1972).

On the western side of the rift zone vertical
displacements embraced nearly the whole length of the
structure from Kamasia~ range in the north to Crater
Highlands in the south. Displacements on the
eastern side occurred only in a limited section at the
foot of the Aberdare range. Hence extensive rift fault-
ing following Miocene uplift produced a meridional
asymmetric trough faulted mainly on its western side.
There was minor trachyte volcanism on the rift floor
of this trough. This was followed by much more massive

' nearlv
voluminous basaltic eruptions along /' the whole

length of the trough together with the formation of the
dominantly basaltic Aberdare Central volcanic range.
The next stage in the rift development was in the
upper Pliocene-Lower Pliestocene (about 5.0 to 2.0 my
ago). In the upper Pliocene, massive eruptions of
trachytic ignimbrites began in the central part of the
rift floor locally filling the rift and overflowing its
banks. The basalt series was formed mainly by fissure

eruptions on the rift valley floor. Major upliftphase

began which raised central Kenya by a further 1500 m.



12.

This uplift was accompanied by major graben faulting
along most of the Gregory rift at the end of the
Pliocene. It was followed by maiﬁly fissure trachyte
volcanism which flooded most of the graben floor (Baker
et al., 1972). At the end of this phase an outline of
the Gregory rift was created as the shoulders were up-
lifted while the floor was downfaulted (King, 1978).
Simultaneous with the immense basalt volcanic activity
was the establishment of autonomous magma chambers to
the east of the rift. ‘These.chambers started the
formation of the gigantic volcanoes of Kenya and
Kilimanjaro and probably Kuial (Logatchev, 1972).,
Volcanic activity to the west of the rift stopped com-
- pletely at the stért of the rift downfaulting. From
tha£ time on, volcanic activity was restricted to the
regions within and to the east of the rift.

During the lower-middle Pleistocene times (about
2.0-0.7 my ago), the developing graben was partly filled
by flood trachytes. This stage witnessed the formation
of rift trough along the whole length of the Gregory
rift. There were further local rejuvenations of the
main graben and stepfaults which deepened the central
sector of the rift. The graben floor was shattered by
closely spaced minor faults which in some cases reach
densities of 2 to 3 faults per km (Baker and Wohlenberg,
1971). Deepening of the rift valley and formation of
stepfaults at its margins were produced by movement along
these minor faults. The overall effect was to produce

"rift in rift" structures with marginal platforms.
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In the northern and southern ends of the rift valley
there was intensive fracturing of the crust. In these
regions, systems of splay faults formed with dominantly
eastward dip-slip displacement of the blocks.

By the late Quaternary, from about 0.7 my ago to
the present, fissure eruptions had stopped and wide-
spread area of volcanity on the rift floor disintegrated
into seperate areas of central volcanoes. Trachyte, basalt-
trachyte and phonotite caldera volcanoes built up axially
in the floor of the inner graben. The chemistry of the
volcanics of the rift floor diversified. In areas well
to the east of the rift there were extensive basaltic
eruptions (Williams, 1969). Hence the eastward migration
of magmatic activity, started in the upper Pliocene -

lower Pleistocene continued into this period.

Petrochemistry

Basalts, phonolites and trachytes are prominent
amongst Gregory rift volcanics. Basalts have been
erupted repeatedly throughout the history of the Gregory
rift and in total volume has been espimated at not less
than 70,000 km3 (Williams, 1972). The total volume of
the Cenozoic volcanics is about 230,000 km3 (King, 1978)
which is higher than the previous estimates of about
150,000 km> (Baker et al., 1972; Williams, 1972). The
thickness of the volcanics>is estimatea at about 2.5 km.

.The volcanics of the Gregory rift can be divided
into two geochemical series, one midly-alkaline and the

other strongly alkaline (Baker et al. 1972; King, 1978).
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In the early stages of the rift development, from early
Miocene to early Pliocene (about 25-5 my ago), the
proportion of strongly alkaline rocks was 30-40% of the
total volume of outflows. In the later stages, from
early Pliocene to the present, the proportion of strongly
alkaline rocks decreased to about 1% (Logatchév et al.,
1983). Kenya basalts contain less 5102 and more Ca0-Mg0-
Fe0 than Ethiopian-basaltsland this suggests a deeper
'origin for the Kenya rift basalts (Baker et al., 1972).
The Miocene pre-rift flood basélts and the Quaternary
flood basalts outside the rifts are more strongly
alkaline than the Pliocene basalts of the rift floor.
This suggests, as in Ethiopia, shallower melting under‘
the rift than under the adjacent plateaux (Green and
Ringwood, 1969).

Goles (1975) reached a similar conclusion from
studies of Kenya basalts. He studied two suites of
basalt, one from the Chyulu range, about 300 km to the
south east of the culmination of the Kenya dome and the
other from. Olorgesailie, within the southern part of the
rift. The Chyulu suite seems to have been derived from
magma which equilibrated at a temperature of 1450°C and
pressures substantially less than 25 kbar (about 80 km
depth). The Olorgesailie suite being more evolved and
having equilibrated at shallower depth (12000C and 3-10
kbar pressures), is thought to Be derived from a
secondary magma chamber located within the crust. A

series of such secondary magma chambers along the rift

axis would give rise to the positive Bouguer anomaly
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observed by Searle (1970).

Baker et al. (1972) from available geological data
argue that "volcanism and tectonism are dual expressions
of thermel events in the asthenosphere, along an up-
lifted zone of crustal dilatation." The geothermal
gradient is lower under the eastern rift than under the
mid ocean ridge. Consequently a greater depth of melt-
ing under the eastern rift compared with the oceanic
spreading zones is indicated by abundance of strongly
alkaline volcanism (Green and Ringwood, 1969). Further-
more, the long duration of alkaline magnatism is not con-
sistent with the view that the African rifts simply
represent embryonic stages of sea floor spreading (Murray,

19705 Le Bas, 1971). But contrary views are widely held.

Summary .
Formation of the Gregory rift started in the early

Miocene. Volcanic activity was not in general restricted
to the confines of the rift valley. Volcanic activity
developed in the west in the Miocene and to the east in

the Plio-Pleistocene to recent times. Within the rift,

'Volcanism'commenced in the north and extended to the south

in the Pliocene (King, 1978),

The downwarping trough was largely or wholly filled
with products of episodes of volcanism and sedimentation.
Throws on the main faults range up to 4 km. Faulting has
produced a graben about 80 km wide in places and about 450
km in length to the north and south of which the faults

splay outwards over much broader =zones.
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King (1978) infers the presence of basement rocks
beneath the volcanics in all parts of the Gregory rift.
This suggestion is suﬁported'by other geological and
geophysicél data (Chapman et al., 19783 Swain et al.,
1981), He therefore argﬁes that although there is a
poésible crustal extension of about 8 km, there is no
evidence for crustal seperation, Curfent centres of

activitj are along the rift axis and to the east.

1.7 Relevant previous Geophysical Work in Africa.

1.7.1 Africa Outside the Rift Zone.

Geophysical data indicate that, away from the rift
zone, Africa has a structure similar tO that found in
stable shield areas.

Gumper and Pomeroy (1970) measured Rayleigh wave
phase velocities in the period range 30 to 67s for paths
from Helwan in Egypt to South Africa. They also deter-
mined Rayleigh and Love wave group velocities for the
African cbntinent utilizing all available data from
WWSSN and LGO stations. These authors observed a
similarity between their phase velocities and those
obtained for the Canadian sheild by Brune and Dorman(1963).

Gumper and Pomeroy (1970) also obtained travel
time data for paths traversing the African continent in
the distance range 100 to 4700 km. A velocity of 8,07
km/s was found for P, while 8  velocity varied from 4,55
to 4.72 km/s.

The mean structural model (AFRIC model) satisfying
their seismic velocities was derived and compared with
models for shield and continental regions (fig. 1.4).

This comparison indicated that the structure for parts
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of Africa away from the rift zone is similar to the
structure associated with normal stable shield regions
exemplified by the CANSD model of Brune and Dorman (1963).

Bloch et al (1969) determined Rayleigh wave phase
velocities (in the period range 20-100s) from an array of
stations located near Johannesburg, South Africa, and from
WWSSN stations at Pretoria, Bulawayo and Windhoek. Multi-
mode Rayleigh and Love wave group velocities from the
records of a number of earthquakes originating near Kariba
dam and in southern Malawi were also ﬁeasured, The group
velocities extended from the period range 2-40s for the
fundaméntal mode and 2-12s for the higher modes.

The multimode dispersion data indicated that the
crustal and upper mantle velocities ﬁo the east of a line
through Pretoria and Bulawayo are higher than those to
the west. The phase velocity and group velocity curves
for the path Kariba-Pretoria were found to be similar to
those for shield areas. The phase veibcities'obtained for
the array area confirmed the high subcrustal shear velo-
cities previously determined for southern Africa from
refraction studies (Willmore et al, 1952; Gane et al.,
1956; Hales and Sacks, 1959). The model derived from the
data of Block et al, (1969) for South Africa matched closely
the CANSD and AFRIC models. These models are illustrated
in figure 1.4.

Details of crustal étructure for southern Africa
come from the refraction studies 6f‘Willmore et al, (1952),
Gane etvab (1956) and Hales and Sacks (1959). Willmore
et ale (1952) studied seismograms of thc Witwaterstrand

earth tremors at distances up to 500 km in Western Transvaal.
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These tremors originated at depths between 1 and 2.5 km.
Travel time data on 210 seismograms obtained from 150
tremors recorded on three component sets were interpreted
in terms of a single layer crust with crustal and Moho
velocities of 6.09 (3.68) and 8.27 (4.83) for P and (8)
waves (fig. 1.5a). The depth to the Moho was estimated
at 36 km.

These authors observed "clear second P phases" in
the distance range 200 to 290 km. These phases were too
early to be regarded as Pg. They could be headwaves
from an intermediate layer within the crust. The data
interpreted in terms of a two layer crust gave a model
shown iﬁ figure 1.5b. This giﬁes an average depth of about
39 km tc the Moho and about 23 km to the top of the lower
crustal layer. But kecause of possible uncertainty in fhe
identification of the second P and S phases the authors
did not push forward this two-layer model. They preferred
an aiternative interpretation of the data in terms of a
single léyer crust in which velocity increased uniformly
with depth.

Gane et al. (1955) used seismograms from the Witwater-
srand area around Johannesburg cut to epicentral distances
between 50 and 500 km at 25 km intervals. Tremors were
of magnitude not exceeding 3.5 and have normal fccal depth
of 1.5 km. Traverses were made west, south, east and north
of Johannesbhurg. ,

Their data were consistent with one layer crustal
model in which the depth to Moho is 35.1 *+ 1.2 for Pwaves and

33.3+41.3 km for Svaves (fig.l.5c). Crustal and Moho velocitie

were obtained as 6.18 and 8.27 kms ! for Pwaves and 3.66
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and 4.73 kms—l for S waves. No significant differences
were observed in the results fér different directions.
The depth estimates include 1.3 km of superficial material
of lower density.

These authors observed "rare occurrences of weak P
and S phases" preceding the normal P and Sg beyond 180 km.
Those phases could suggest the existence of an intermediate
crustal layer as indicated above. The authors, however,
interpreted them in terms of an increase in velocity with
depth within a single layer crust. A relation of the form

8

B= 3.60 +0.007z

6.00 + 0.011z

was suggested. &{ and ﬁ represent .P and S velocities
respectively and z represents depth below the surface.
Because of insufficient data, this model was not advocated.

Tremors from the same source area as discussed above
were recorded along a route in Rast ftansvaal (Hales and
Sacks, 1959). On the resulting seismograms, the authors
found P and S phases which they interpreted as associated
with an intermediate crustal layer. They therefore inter-
preted the travel time data in terms of a two-layer crustal
model as;shown in figure 1.5d. The layer thicknesses were
derived from P-wave data.

Bott (1971) suggests that the P and S phases which
these authors associated with an intermediate crustal layér
may well be Moho reflections because of their high amplitude.
It is evident, however, that reflection from the intermediate
layer could have more energy than Moho reflections if the

lower crust is thin compared with the upper crust (Clowes
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and others ., 1968, Berry and West, 1966). And that
may well be case with the data under discussion. The
model velocities and thicknesses (35-40 km) are typical
of normal continental crust in shield areas.

From seismic data, therefore, it.is evident that
Africa away from the rift zone has a crust and an upper

mantle structure typical of stable shield regions.

Evidence For Existence of Anomalous Upper Mantle Beneath

the Rift Zone.

Evidence from geophysical data confirm the existence
of anoﬁalously low density aﬁd low velocity material in
the upper mantle part of the East African plateau.
Available data further show‘that this anomalous zone

rises closest to the surface beneath the Gregory rift

- in Kenya. This implies extreme thinning of the lithos-

phere under the rift.

The first evidence for the upper mantle anomaly
comes from gravity data. Bullard (1936) carried out
large scale gravity survey in East Africa using data
from pendulum measurements. He interpreted 56 of his
own measurements and 33 measurements made by Kohls-
chutter in 1899 and 1900. From these, he observed
broad negative anomalies over the East African plateau
and established that the plateau as a whole is appro-
ximately isostatically compensated. This was inter-
preted (Bott, 1965) as requiring a low density body
at the base of the crust or within tﬁe upper mantle.
Later and more refined gravity data have shown that

this anomaly is associated with low density upper
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mantle.

Since the work of Bullard; the East African rift
zone has been covered withh more and better refined
gravity surveys. Long Bouguef¥profiles across the East
African plateau show that the uplifted region is
characterized by broad negative anomaly values as low
as -150 mgal with still more negative values over the
rifts. Over the axial part of the Gregory rift, there
is a small amplitude (40-50 mgls) shorter wavelength
(40-80 km) positive anomaly superposed on the long
wavelength anomaly (Searle, 1970). This axial positive
ridge will be discussed in a later section.

All the different workers interpret the long wave-
length negative Bouguer anomaly to indicate the presenc=
of an anomalously low density material in the upper part
of the upper mantle. But details of shape and thickness
of models differ. Sowerbutts (1969) interprets it as
due to the presence of a broad subcrustal lens of low
density upper mantle or basal crust under the plateau.
According to Girdler et al (1969), it is caused by a
slightly lower density asthenosphere expanding to higher
levels and engulfing part of the lithosphere. Darra-
cott et al, (1972) interpret it as due to a low density
asthenolith. The existence of low density upper mantle
beneath the rift zone is also clearly supported by
gravity data of Khan and Mansfield (1971) and Baker and
Wohlenberg (1971). The various models describing this

upper mantle low density material are shown in figure 1.6.
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The existence of anomalously low density material
in the upper part of the upper mantle suggested by
gravity data is supvorted by various other geophysical
data. Surface wave dispersion data indicate the
existence of anomalously low velocity upper mantle
under the rift zone. The material of low density
should exhibit low seismic velocity since reduction
in dehsity may arise from higher than normal temperatures.

Sundaralingham (1971) and Long et al (1972) studied
the dispersion of Rayleigh waves travelling between
permanent stations of Addis Ababa (AAE), Nairobi (NAI),
Lwiro (mWI) and Bulawayo (BUL). They measured inter-
station phase velocities for events close to great
circle paths through these stations. Their dispersion
curves were then compared with the dispersion curve for
AFRIC model of Gumper and Pomeroy'(1970)° The two curves
tend to merge at éhorter periods indicating some uniform-
ity of the crust over Africa as a whole. Compared with
the AFRIC model, there is a significant reduction in
phase velocity at longer periods indicating anomalously
low upper mantle velocities under the rift zone. They
observed that this anomalous zone is well developed for
the path AAE-NAY (which traverses the rift zone) and
less extensive along other paths. The main anomaly,
therefore, extends along the eastern branch of the rift
system and is much less extensive bengath the western
rift.

Knopoff and Schlue (1972) measured fundamentél
mode Rayleigh wave phase velocities from four telescisms

4

sufficiently close to the great circle path between the
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recording stationSAAE and NATI in the period range
20-125s. The observed Rayleigh wave phase velocities
for the path AAE~-NAI which samples the rift structure
were comparable to those obtained for paths in the
Basin and Range province of the U.S.A. In comparison,
the Canadian shield profile of Brune and Dorman (1963)
gives éxtraordinarily high velocities. The data of
Knopoff and Schlue (1972) indicate that the upper
mantle sampled along the path AAE-NAI has an extensive
region of material with unusually low S-wave velocity.
A region of perhaps 120 to 200 km in thickness has an
Sn vélocity between 4.25 and 4.45 kms—1 with little or
no variation in gradient. Mueller and Bonjer (1973)
have also used surface wave dispersion data to infer
the existence of a well developed low velocity zone
for S waves (asthenosphere) in the upper mantle in the
denth range 80 to 210 km beneath the rift zone.
Studies of teleseismic P-wave delay times have
shown that stations close to the rift indicate large
positive delays compared with delays observed at
stations sitting on normal shield structure. This
suggests that arrivals at rift stations have passed
through a low velocity zone on their path. Sundara-
lingham (1971) measured teleseismic delays at AAE, NAI
and LWI relative to Bulawayo (BUL) using events in the
distance range 25° to 90°. The relative delays are as

shown below.
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Locality Delay (s)
AAE 2.740.3
NAI 2.340.3
LWI 1.140.3
Eastern rift station mean 2.540.3

These delays have been interpreted to indicate the existence
of a substantial low velocity zone in the upper mantle beneath
the_eastern rift in comparison to the typical shield structure
beneath Bulawayé°

Analysis of teleseismic.events'recorded along a 600 km
- long profile across the East African rift (Kenya) show delays
greater than 1.5§ centred on tﬁe rift which indicates a low
velocity zone beneath the crust (Dahlheim et al., 1986). The
delay pattern was explained as due to the upwarp of the
asthenosphere/1ithosphere boundary.

Savage (1979) and Savage and Long (1985) interpreted tele-
seismic P-wave delay times measured across the Gregory Rift near
the equator and along a south eastern radius of the Kenya dome.
The observed variation in delay time shows a broad zone over
which there is substantial delay with a superimposed minimum
along the ridge axis. This observation could bnly be explained
by the presence of anomalously low velocity material within the
upper- mantle. The top surface of the anomalous zone comes to
within 20 km of the surface along the rift axis. The data
suggest the anomalous zone extends some 270 km south eastwards
from the culmination of the dome. 1In general the zone thins
rapidly to the south east away from the rift axis, mirroring
the attenuation observed, from Kaptagat, for the same zone to
the northwest by Long and Backhouse (1976). There is, however,

a subsidiary thicknening under mount Kilimanjaro. A seismic
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model of the axial intrusion is shown in figure 1.7.

_ Gumper and Pomeroy (1970) studied the propagation of Sn body
waves and Lg along paths within Africa. They found that Sn is
observed over all paths less than 3000 km in Tength that do not
cross either the African rift zone or the Red Sea rift. Sn and
Lg propagate across the southern part of the East African rift
zone below about 10°S, but their propagation across the northern
part above the equator is inhibited. If Sn propagation is in-
efficient, then a high attenuation or Tow Q material exists
(Oliver and Isaacks, 1967). The indication then is that at
least the northern part of eastern rift zone is underlain by
abnormally hot, less rigid upper mantle or that there is an upward
protrustion of the asthenosphere into the more rigid lithosphere
above (Molnar and Oliver, 1969). Upward protrustion of this high
attenuation (low Q) mantle material has sproduced what Gumper and
Pomeroy call a “"gap" in the mantle portion of the lithosphere
which closes towards the southern part of the rift zone. Nolet
and Mueller (1982) do not agree with this interpretation of the
observed Sn and Lg attenuation. These authors adduced some
evidence to show that the only conclusion that may be drawn from
Lg attenuation is that there is a gap in the crust. They also
argued that Sn attenuation can be affected when not just the
Tithosphere (the upper 100 km or so), but a considerable portion
of the upper mantle is disturbed.

Nolet and Mueller (1982) used simultaneous inversion of
previously existing seismic data to obtain models for the
western and eastern branches of the East African rift system in
the latitude range 195 to 10°N. These authors showed that the
western branch is characterized by a 35 km crust and a thin

high velocity 1id over lying a channel possessing both Tow S and
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Tow P velocities (4.47 and 7.69 km/s respectively). A strong reflector
at a depth of 140 km marks the lower boundary to the Tow velocity
material. Their data suggest that the eastern branch has a crustal
thickness of 40 km and is characterized by lTow S velocities, 4.43 km/s
in the 1id to a depth of 78 km, 4.09-4.21 km/s in a low velocity
channel which extends to a depth of at least 161 km.

Geomagnetic deep sounding data provide evidence for
anomalous upper mantle material under the Gregory rift.
Banks and Ottey (1974) tried to define the anomalous material by its
expected high conductivity. They investigated the response of
short period variations in the earth's magnetic field using arrays
of magnetometers. They found a region of high conductivity about
20 km beneath the rift floor and another at approximately 100 km
to the east and at a depth of 100 km. Their model was however
heavily dependent on previous gravity and seismic data and
can hardly be said to offer independent evidence. But this
interpretation has been confirmed by subsequent geomagnetic deep
sounding data (Banks and Beamish, 1979). The deep body of high
conductivity at a depth of about 100 km appears to correspond to the
core of zone of melting in the upper mantle. This zone is
responsible for the seismic and regional gravity anomalies and
supports a part of the topographic elevation of the Kenya dome.

The magnetotelluric data of Rooney and Hutton (1977)

provided the first independent evidence for the existence
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of high conductivities at depths corresponding to the
upper mantle below the Gregory rift. Their data required
~the presence of a ¢ondﬁctive material at a depth of less
fhaﬁ 8 km below the rift floor. To satisfy their long
period data, a conductive material was also required at
depths greater than 30 km, corresponding unambiguously

to the upper mantle below the rift. The depth and
thickness of this upper mantle conductor could not be
resolved because of the obscuring effect of the crustal
conductor.

The interpretation of slowness data provide another
evidence for the presence of upper mantle low velocity
zone beneath the Gregory rift. Array data recorded at
the temporary station at Kaptagat have been used to
study apparent slowness of teleseismic arrivals.
Measured values of slowness differed significantly from
the values expected from published epicentral deter-
minations and travel time tables.

Backhouse (1972) interpreted the slowness anomalies
in terms of a westerly thinning, plane sided wedge of
anomalous low velocity (7.5 kms_l) material embedded
within normal 8.1 kms_l material. Forth (1975) reached
the same‘general conclusion but showed that the data-
could be better explained if a curved surface was
introduced for the top of the anomalous zone while
assuming a flat base.

Long and Backhouse (1976) interpreted slowness
and delay-time data for teleseismic P-wave arrivals
recorded at Kaptagat. They used apparent slowness

vectors for 29 well recorded events in the distance
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© Measurements of P-wave delay times at

range 30°-90
Kaptagat relative to Bulawayo were made for 78 events

in the distance range 25°9-99°, AQerage positive delay

of 2.4s was observed. This value was not significantly
different from the values obtained for Nairobi and Addis
Ababa relative to Bulawayo.

The authors explained the slowness anomalies in terms
of lateral variation in velocity associated with a steeply
dipping upper surface for the low velocity zone in the
upper mantle. This upper surface of the zone was mapped
(fig._1.8) from the delay-time data to show a broad
elliposoidal structure (lying at about 150 km depth)
on which is superimposea a steep sided structure con-
necting it to the crustal intrusion along the rift
axis. Fig. 1.9 represents a two dimensional model
along a west-east profile assuming a uniform velocity.

"of 7.3 km/s for the anomalous zone.

The authors showed that the zone thinned not only
westwards away from the rift axis but also northwards
to correspond to the dying out of the rift in northern
Kenya. But they did not see any evidence to suggest
that the zone is not continuous with the low velocity
zone below Ethiopia indicated by large delay time at
Addis Ababa. From the data, it is suggested that the
centre of the structure corresponds to the centre of
the upiift of the Kenya dome. This indicates that the
uplift réflects the thickness of the low velocity zone
in the upper mantle.

Thus geophysical data confirm the existence of

anomalously low velocity and low density upper mantle
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beneath the East African rift zone. This anomalous
material could result from partial melting in the
normal uﬁper mantle. The expansion resulting from
this would give . rise to upward migration of the low
density upper mantle material with the attendant
increase in temperatures. Surface manifestations of
this will be seen in the localised increase in heat
flow (Crane and O'connel, 1983; Morgan, 1983) and
magmatic and seismic activity in the rift zone.
Extension of this anomélous mantle material up into
the crust will obviously produce-positive contrasts

in both density and velocity. These are all evidenced
in the structure of crust under the rift inferred from

geophysical data.

Crustal structure close to but outside the Gregory Rift.

The structure of the crust in the central part of
the Gregory rift has been found to be anomalous. It is
manifested by high seismic velocities and signi-
ficantly'positive density contrast. But this anomalous
crust has a limited lateral extent. Normal shield crust
is found to exist in close proximity to the rift
structure to the western and eastern flanks and also in
the southern extremity of the Gregory rift. These
conclusions are indicated by the following seismic data.

Bonjer et al (1970) analysed seismograms of two
deep focus teleseismic Hindu Kush earthquakes recorded
at Lwiro (LWI) on the western flank of the western rift,

Nairobi (NAI) close to the eastern margin of the Gregory
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Rift and Addis Ababa (AAE), From these seismograms
they determined the spectral response ratios of long
period body waves. From inversion of these data they
produced thick two layer crustal models with horizontal
interfaces; crustal thicknesses of 39, 43 and 35 km
were obtained for AAE, NAI and LWI respectively (fig.
1,10), The observed average velocities and thicknesses
are typical of shield areas. These crustal models for
AAE, NAT and LWI are further confirmed by similar data
obtained by Mueller and Bonjer (1973).

A further confirmation of the crustal thickness
in this region is obtained from data on P to S conversion,
Long period teleseismic P waves recorded at AAE and NAI
show comparable P to S (PS) conversions (Herbert and
Langston, 1985). The timing of the PS conversion relative
to P suggests crustal thickness of 41 km for both stations,

Rykounov et al. (1972) showed that the crust in the
southern part of the Gregory rift is near to typical
for continents. They studied this part of the rift
using P and S wave travel time data from local earth-
quakes in the magnitude range 12 M <3, The region
of study was from ILake Magadi in Kenya fo mount Hanang
in Tanzaniéo They shdwed that within the pgrt of the
Gregory rift contained in their survéy area, the most
probable focal depth'was‘10—20 km although their method
of deriving focal depths was not, however, stated,

They derived a two layer crustal model (fig. 1.10)
for their region of study. The P wave velpcities for the.

upper crust, lower crust and Moho were 5.8, 6.5 and 8.0
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Fig 110 Pwave velocity models for the crust close to but not within the central part of the
Gregory rift:la) Bonjer et al-(1970], (b) Rykounov et al-{1972), {c) Maguire and Long({1976)-
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kms 1 respectively. The Moho depth was 35-37 km and
the Aepth to the intermediate laver was about 18 ‘m.
“"he=e r~su'ts <comnmar2 well with the refractinn data
in sountharn Africa (Ha'=2< and Sacks, 19592).

Maguire and Long (1976) measured apparent
velocities and azimuths of first arrivals from local
and regional earthquakes recorded at Kaptagat array
station located about 15 km west of Elgeyo escarpment.
Data from arrivals coming from the west of the array
(azimuth 160 - 360" ) were consistent with a two-layer
crustal model. An intermediate boundary in the crust
at a depth of 26 I 7 km was introduced to explain the
6.5 kms_l peak in the histogram of first arrival apparent
velocities. A crustal thickness of 44 ¥ 2 km was con-
sistent with the data. Their preferred model shown in
fig. 1.10 has upper crustal and sub-Mohovelocities of
5.8 and 8.0 kms—1 respectively.

This structure is similar to those obtained for
southern part of the'Gregory-rift (Rykounov et al,,;972)
and for Southern Africa (Ggne et al., 1956; Willmore et
al., 1952; Hales and Sachs, 1959). The conclusion to
‘bé'drawn‘from this work is that normal shield type crust
with normal sub-Moho material exists at least up to
within 30 km of the rift axis on the iﬁﬁediate western
flank of the Gregory rift. The impliqation, therefore,
is that a steep structural boundafy seperates normal
shield crust and sub-Moho material beneath the western
flank of the rift from a mantle derived crustal intrusion

beneath the rift axis.
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1.7.4 The structure of the lithosphere within the Gregory Rift.

Geophysical data discussed above confirm that the
crust within the Gregory rift differs significantly from
“the normél shield crust outside the rift zone.

Over the axial part of'the Gregory rift there is
observed a positive ridge of short wavelength (40-80 km)
Bouguer anomaly of low amplitude (30-60 mgal) superposed
on the long wavelenth Bouguer negative anomaly (Searle,
1970) . Quaternary volcanoes and segments of increased
geothermal activity are confined to this axial anomaly.
This positive anomaly is interpreted by several workers
in terms of a dense mantle derived basaltic crustal in-
trusion probably continuous with the low density upper-
mantle material associated with the long wavelength
anomaly.

Estimates of the depth to the top surface of this
crustal ‘intrusion vary from 2 km (Searle, 1970) through
3.5 km (Fairhead 1976) to 20 km (Khan and Mansfield,
1971) . The width within the crust is estimated at between
10 km (Baker and Wohlenberg, 1971; Fairhead, 1976; Darra-
cott et al., 1972) and 20 km (Searle, 1970).

Griffiths et al. (1971) used explosion (refraction)
data to determine the structure of the crust beneath the
axial zone of the northern part of the Gregory rift.
Disposition of the shot’ points and seismometer positions
are shown‘in fig. 1.11ds Shots were let off in Lakes Turk@na
and Hgnnington and recorded at ten stations set up roughly
along a line joining the shot poihts. Each station con-

sisted of eight 2Hz vertical component seismometers laid
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Fig-111b: Seismic model of the crust beneath northern part
of the Gregory rift (Griffiths et al- ,1971) .



400

out in a linear N-S array extending over 1 km and including a three
component set near the centre point. The maximum range was about
367 km,

The profiles were, however, effectively unreversed because the
Turkana shot was recorded clearly at all stations except station
number 1. Interpretation was based on first P:and the correspond-
ing S arrivals. A head wave with a velocity of 6.4 km/s was

recorded from shots in lake Hannington, whereas 7.5 xms ™t

velocity
was recorded using shots in Lake Turkana in a similar distance range.
This may suggest strong lateral heterogeneity but was inconsistent
with large dips on the main refractor interface. The data was
conseéuently interpreted in terms of a horizontal layer of material

of velocity 6.4 Jems ™t overlying a material of 7.5 kms“l

velocity at
a depth of about 20 km (fig. 1.11b)., These were unreversed velocity
estimates., |

The apparently high velocity of 6.4 km/s for crustal material
:at depths above 20 km suggests the presence of an axial crustal
‘intrusion of higher velocity basaltic magma rising to shallow depths.
Such intrusion model is consistent with gravity data discussed above.

Swain et al.(1981) analysed the data frém a 50 km E-W reversed
refraction (explosion) profile from Chebloch Gorge (Q) to Lake
Baringo (B) at the latitude of Kaptagat (fig. l.1la). This
experiﬁent was designed to confirm the presence of the 6.4 km/s
material and if possible establish its iateral extent and to provide
control for the interpretation of the gravity data along the same
profile,

The seismic data (first arrivals) were interpreted in terms of
two/three layer model (fig. 1.12a). The top 1ayef of P wave velocity

3.7 km/s is about 3 km thick and represents lavas and sediments,
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This layer overlies a layer of velocity about 5.8 km/s which
represents the metamorphic basement and is observed throughout
the profile. The seismic data, therefore, suggests that that
metamorphic basement rocks exist below the full width of the
rift floor at 0.5°N. This is in agreement with geological data
(King, 1978; Chapman et al., 1978).

The 6.4 kn/s refractor of Griffiths et al. (1971) was not,
hoWever, detected by the first arrival data, used by Swain et
.al, (1981) . Such a body at a depth of more than about 6 km
woﬁld not -give rise to refracted first arrivals along this
short line (about 50 km long). Thel6,4 km/s refractor, if it
exists, must therefore be deeper than about 6 km.

Although the 6.4 kn/s refractor was not detected by their
seismic experiment, their gravity profile at about 0.5°N
suggests that such material may exist as an intrusion within
the basement in the form of either a broad region of dykes or
an elongated lopolith with the later being favoured (fig. 1.12b).
The configuration of this dense rock responsible for the axial
high gravity anomalies seem to form a broad (20-35 km) zone with-
in the basement, with strike along the rift axis, and of limited
vertical extent (4-6 km). It has its top surface at a depth of .
about 6 km for the profile at about 0.5°N. For the profile at
1°N the body shallows and the minimum depth to its surface is
probably the base of the Caenozoic rocks at 3 km depth.

Khan et al.(1987) have derived a velocity model for the
lithosphere beneath the axis of the southern part of the
Gregory rift from KRISP 85 data. Their experiment consisted
of two seismic refraction lines (fig. 1.12c). The 300 km long
north-south line was located along the rift axis with end shot

points at Lakes Baringo and Magadi. These and other inter-
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mediate shots were recorded by 42 three component recording
stations at 3.5 km intervals between Chepkererat and Susua.
Across the rift an E-W line was completed with end shots at
Ewaso Ngiro (EWA) and Makuyu (MAK) with recording stations at
1.25 km intervals. Interpretation was based only on the axial
N-S line becausé the data from the E-W line were of poor record
quality. The explosion program was also followed by three
earthquake recording experiments.

Analysis of phases observed up to a few tens of kilo-
metres from the shots on the N-S line and previous experiments
show that the rift infill has velocities ranging from 1.4 to
4.6 kn/ s and thicknesses ranging from 2 km (beneath Lake Baringo
and Susua) to 6 km (beneath Lake Naivasha). ¥ rom phases identi-
fied as Pg’ the authors established that the uppermost basement
dips south from Lake Elmenteita to Lake Naivasha. Basement
velocity increases from about 6.1 kn/s at the top of the basemeﬁt
to about 6.25 km/s at 10 km depth.

The authors observed four correlatable phases three of
which they identified as reflections. These phases were combined
with others mentioned aboVve £o derive the model shown in fig.
-1.,12d. The model suggests crustal‘thinning‘away from the culmi=A
nation of the Kenya dome where é 7.6 km/s layer at about 35 km
depth is overlain by a 10 km thick lens including anomalous velo-
city (6.6 kny s) material regarded as the base of fhe crust.

The results suggest that the compensation of the Kenya
topographic dome is due, at least in part, to crustal thickening.
The basement velocities (about 6.1 km/s at the top) appear too
low to be associated with the dense axial intrusion within the
crust usually associated with the superposed axial positive

Bouguer gravity anomaly. However, 6.1 kY s could represent
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intrusive material, since lower basement velocities (about 5.8
km/s) have been measured off the rift axié (Swain et al., 1981;
Maguire and Long, 1976) and velociti increases with depth,
'possibly indicative of multiple dyke injection from below.

The results Qf this study also suggest significant variations
in crustal structure both across and along the rift axis.

Maguire and Long (1976) analysed first arrival data from
local and regional earthquakes recorded at Kaptagat. The
eastern events (0°-160° azimuth) fell into two groups. The
first group were those with P-S times greater than about 15s
which originate from the rift at long distances (about 180 km)
to the north and south. Apparent velocities for events in this
group fall in the range 6.8 to 7.6 kms_l, No attempt was made
to interpret them as they may not have sampled the rift structure..

The other group includes events with P-S times less than
15 s which originate from the rift immediately to the east of
Kaptagat. Events in this group were used to study the rift
structure. These events could be divided into two satistically
seperate groups with velocities of 7.9 + 0.3 and 7.1 + 0.3 kms_l
appearing at similar azimuths and P-S times. The authors offered
no explanation for the 7.9 kms ' group.

They explained the 7.1 kms-1 arrivals as headwaves from a
shallow and nearly horizontal boundary. This interpretation
immediately implies the foci must be near the surface for this
group. They argued that the 7.5 kms_1 velocity observed by
Griffiths and others could be due to a dip, towards the north,
of the 7.1 kms—l refractor whose true velocity must be less than
7.5 kms_l and probably greater than 7.1 kms—l. The 7.1 kms-l

material may exist beneath the 6.4 kms L material of Griffiths

et al. (1971).
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S:vage (1979) and Savage and Long (1985) measured vertical
delay times for teleseismic events recorded at stations on the
Gregory rift close to the equator. Significantly smaller delay
times were observed at the centre of the rift than at the edges.
This dip in delay times runs along a line coincident with the rift
axis and corresponding to the positive gravity anomaly. This was
shown to indicate that the anomalously low velocity and low
density zone within the upper mantle penetrates the crust to form
an intrustion of relatively high velocity material along the rift
axis.

The derivation of a structural model to fit their delay time
data was based on certain reasonable assumptions. Their model
assumes that a uniform crustal structure exists, both to the east
and west of the rift as derived from Kaptagat date (Maguire and
Long, 1976). A P-wave veloéity for the anomalous zone at crustél
depths was assumed as 7.5 kn/ s as recorded‘by Griffiths et al. (1971).

This data was then satisfactorily interpreted in terms of a
model wiﬁh a high velocity axial intrusion into the crust (fig.
1.13). The width of this intrusion at the normal base of the
crust was estimated as about 30 km while the depth to its top
surface was estimated to be about 20 km. The delay time data
thus establishes, independently, the existence (suggested mainly
by gravity data) of the low density, low velocity material in
the upper mantle beneath the Kenya dome and the intrusion of this
material to crustal levels.

The delay time minimum is associated with a localized region
of topmost crust some 20 km deep and 20 km across, suggestive of
a magma chamber (Long, 1986). % urther evidence indicate that
this chamber is probably being fed by a hot column of material

arising from sdb—lithospheric depths.
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Teleseismic data are unlikely to give a unique and detailed
geometry/size of the top surface of the intrusion at shallow
crustal levels. Hence the depth to and the lateral extent of
the top surface of this intrusion need to be determined more
accurately by more suitable methods.

The existence of normal shiedl type crust in close proximity
to anomalous rift structure implies the existence of a sharp
boﬁndary between the two structures. In this study attempts will
be made to define the western limit of the rift crust/ lithosphere.
Velocity depth profile for the lithosphere beneath the Gregory

rift at about 0.5°N latitude will also be derived.

Theories of the rift formation.

The Cainozoic continental rift zones are assbciated with a
number of common observed characteristic features. These features
include higher than normal heat flow, large amplitude long wave-
length negative Bouguer anomaly with a superposed positive low |
amplitude high along the rift axis, delayed teleseismic body wave
travel times, seismic and volcanic activity with various depths
of magma source. The crust/lithosphere in these rift zones is
uplifted, thinned, domed and extended. These observations have
been interpretéd in terms of the existence of hot low densjity
and low velocity material in the upper mantle. This material
which is probably less dense than the mantle part of the lithos-
phere shallows beneath the rift zone resulting in thinning of the
lithosphere. Isostatic equilibrium is maintained by crustal up-
1ift and doming. Some of these geophysical data are discussed below.

Morgan (1983) analysed heatflow data from the Cainozoic con-
tinental rifts: Baikal, East Africa, Rhine and Rio Rande. Most

of the data indicate higher than normal heat flow with means of
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about 70-125 mw/m'-2 restricted to the volcanic areas of the
grabens in the rift systems. 1In the Gregory rift, a high mean
heatflow of 105 mW/m_2 was observed in a zone (on the rift floor)
dominated by volcanics while on the eastern and western rift
shoulders, normal heat flow values of 39 and 57 mW/m‘=2 respect-
ively were observed. This is consistent with data from geothermal
mapping along the Gregory rift which indicate that an average of
11-30 MW km of heat is advectively emitted along the rift (Crane
and O'Connell, 1983). The bulk of the advected heat is lost’
through the central part of the Kenya dome on the rift floor.
Local graben heat flow anomalies are thought to be primarily

due to convection of heat through the lithosphere of the rift
zones by ascending magmas.

Conductive zones have been detected in the lower crust and

upper mantle beneath the Gregory rift by magnetotelluric and
geomagnetic deep sounding data (Banks and dttey, 1974; Rooney
and Hutton, 1977; Banks and Beamish, 1979).‘ Similar conductive
zones have been observed in the Baikal, Rhine graben and Rio
Grande rift zones (Jiracek et al., 1983). The intra crustal
conductive zones are generally interpfeted in terms of high
temperatures and partial melt at crustal levels although Jiracek
et al. (1983) argue that there can bé alternative sources for a
 similar electrical anomaly observed in the Rio Grande rift.
The upper mantle electrical anomally is associated with the low
density low velocity material indicated, by gravity and seismic
data, to exist in the upper part of the upper mantle beneath
the Gregory rift.

Regional Bouguer anomalies of 100-200 mgal (Gregory rift),

160 mgal (Rio Grande rift), 20-30 mgal (Baikal rift) and + 10
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mgal (Rhine graben) have been reported (Neugebauer, 1983).
These regional anomalies are associated with low density upper
mahtle° Superposed on the longwavelength‘regionals are shorter
wavelength highs that may be related to magmatic intrusion in
the crust (Baker and Wohlenberg, 1971; Searle, 1970; Banks and
Swain, 1978).

Oléén (1983) has reviewed available seismic data from these
rift zones; thinned crust and anomalously low compressional wave
velocities in the upper mantle, generally interpreted as evidence
of asthenospheric upwelling, are indicated by the seismic data
in the rift zones studied.

The rift zones are also all associated with domal uplifts
of the order of 1 to 2 km with diametres of a few hundred kilo-
meters or more and with crustal extension. In the Gregory rift,
geological evidence suggests that uplift began to grow in the
Miocene before the development of the rift (Logatcheyv et al.,
1983). This would suggest that here uplift may be cause of
rifting. Crustal extension relative to the initial width of
the graben zones have been estimated as about 25-35 km for the
Kenya rift, 32 km for the Rio Grande rift, about 10 km for the
Baikal rift and not more than 5 km for the Rhine graben
(Neugebauer, 1983). The extension correlates with thinned crust
and anomalous upper mantle indicated by the presence of low
density and low velocity material beneath the rifts.

All these continental rifts exhibit pre rift and late rift
volcanism. Crustal extension and total volume of volcanism
appear to be proportional for example the total volume of
volcanics is 20 times greater in Kenya rift zone than in the
Baikal rift zone (Logatchev et al.,1983). In the Gregory rift,

the maximum volumes of magma erupted during the pre-
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and late rift periods.

These common features observed in the Cainozoic
continental rifts suggest that one common mechanism
of continental rifting may prevail. This common
mechanism may be modified by the volcanic-tectonic
activity in the plate induced by boundary conditions
prevailing on the plate. Any acceptable mechanism
for the rift formation must therefore be able to
explain these observed features. The Gregory rift
is the best example of a continental rift and a
mechanism for its formation may be modified to apply
to other continental rifts.

Current mechanisms proposed for continental
rift formation generally fall into two classes:
active and passiva: (Senng and Burke, 1978). 1In
active rifts extension and subseqﬁent break up of the
lithosphere result from convective upwelling of the
asthenosphere due to gravitationél instability. The
asthenospheric ﬁpwellings thin the lithosphere causing
iéostatic uplift and lithospheric failure (Neugebauer,
1978). For active rifts, doming probabiy precedes/
causes rifting (Crough, 1983; Mareschal, ;983) although
this view is not generally aéggggz%éetkgﬁg%92§%t is
generally held to be active (Girdlér et al., 1969;
Fairhead, 1976; Logatchev et al., 1983). Passive
mechanism for continental rifting generally relate
the tensional failure of the lithosphere to pre-
existing tensional stresses, which are>p@rhaps a

consequence of large-scale plate interactions.
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Iﬁ this case the lithosphere is stretched and the
asthenosphere plays a passive role (Keen, 1985).

Hot less dense asthenospheric rocks rise passively
through the colder and more dense mantle part of

the lithosphere to the vicinity of the Moho and may
displace crustal rocks. Uplift is caused by lateral
spread of these diapiric rocks near the Moho (Turcotte
and Emerman, 1983).

The sources of lithospheric stress have been
reviewed by Bott and Kusznir (1984). Two main cate-
gories of lithospheric stress are suggested : the
renewable and non-renewable. The renewable stresses
are those that persist, as a result of continued
presence or re—application of the causative boundary-
or body forces, even though the strain energy is
being progressively dissipated. Important examples
include plate boundary forces (Forsyth and Uyeda,
1975 ; Solomon et al., 1975) and isostatic effects
associated with anomausly uplifted areas such as
deeply eroded mountain chains or hiéh plateaus
(Artyushkov, 1973; Turcotte and Oxburgh, 1976; Bott
and Mithen, 1981). The non-renewable stresses are
those that can be dissipated by release of strain |
energy initially present- these include bending
stresses, thermal strésses and membrane stresses
generated in a moving lithospheric plate in response
to non-gphericity of the earth (Turcotte and Oxburgh;

1973; Freeth, 1980).
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An important phenomenon that can generate large
stresses at shallow depths is the stress amplification
caused by lithospheric creep (Bott and Kusnir, 1984).
This causes externally applied stress to be con-
centrated in the upper lithosphere as a consequence
of creep and stress decay in the lower lithosphere.
This stress amplification is applicable to renewable
stresses and is most pronounced in regions of very
high geothermal gradients; in these regions the
stress can be amplifiéd to levels sufficient to
fracture the whole~brittle-elasfic part of the
lithosphere. For the stress caused by isostatically
compensated surfage loads, the effect of stress
-amplification is most conspicous if the isostatic
compensation is deep seatéd, that is, in the upper
mantle (as in East Africa). Bott and Kusznir (1979)
showed that the continental lithosphere of a plateau
uplift region of 2 km elevation (as in East Africa)
modelled in terms of an upper elastic layer 10 km
thick above a visco-elastic lower crust and upper
mantle, can give rise to stress differences of about
200 Mpa in the elastic layer at the top of the crust.
This is sufficient to rupture the lithosphere.

In both active and passive models for rift
formation, three basic mechanisms have been suggested
for lithospheric thinning,and rifting; These are
thermal thinning, mechanical thinning (or lithospheric

stretching) and assthenospheric diapirism. In thermal



54 .

thinning the lithosphere is static, but material is removed from
the base of the lithosphere by heating, conversion to nsthenosphere
and removal in an asthenosphere convection system. In mechanical
thinning or lithospheric stretching, the lithosphere material
moves laterally in response to a regional exfensional stress
field, and the asthenosphere rises passively to fill the void
created by the thinning lithosphere, In asthenospheric diapirism,
the asthenosphere penetrates the lithosphere driven by the
gravitational instability of the less dezszgasthenosphere under

a more dense mantle lithosphere, and thenoccurs in both the
-lithosphere and asthenosphere., All current theories of rift
formation involve these mechanisms in varying degrees., Some of
these proposed theories are now discussed,

McKenzie et al. (1970). applied the concept of sea floor
spreading and plate tectonics to explain the formation of the
Eastern rift., In this treatment, the Red Sea, the Gulf of Aden
and the Eastern rifts are considered as three limbs meeting at a
triple junction at Afar, These three axes seperate the Afr9~
Anabian region into the Nubian, Somalian and Arabian plates.

The relative motion between the plates on each side of the
eastern rift can be obtained from the opening of the Red Sea and
Gulf of Aden.spreading axes, If the motions between the Arabian
and Somalian and the Arabian and Nubian plates can be determined,
the motion between Somalian and Nubian.plates may be calculated
from the postulates of plate tectonics,

Laughton (1966) used the strikes of transform faults in the
Gulf of Aden to determine the motion between the Arabian and
Somalian plates. He obtained a pole at 26,5°N and 21.5°E with a

rotation angle of 7.6°, This result was consgistent with geological



evidence, seismicity daba, fault plane solution for earthquakes
(Sykes and TLandisman, 19G/) and magnetic lineations in the Gulf
of Aden.,

AFrom the fitting of the coastlines on both sides of the Red
Sea, McKenzie et al. (1970) obtained'a pole of rotation for the
Arabian and Nubian plates at 56°50N9 18°E, This is supported by
the fault plane solufion of'earthquakes located in the Red Sea,

Combiﬁing the poles of opening and rotation angles for the
Red Sea and Gulf of Aden, a pole and an angle of rotation between
Nubian and Somalian plates were obtained., The resulting pole is
at 805089 31,0°E with the rotation angle of 1.9%, This implies
that the opening that has taken place on the Eastern rift varies
from 65 km in northern Ethiopia to 30 km in Kenya.

But geological data will allow only between 5 and 25 km of
crustal extension in the central sector of the Gregory rift but
not more than about 3 km at its extremeties (Baker and Wohlenberg,
1971), The rift formation is therefore difficult to explain in
terms of the concept of plate tectonics in the simple form
suggested above,

The concept of crustal (lithospheric) plate motion over
mantle hot spots has been advanced by Wilson (1963) to explain the
origin of the Hawaiian and other island arc chains. Morgan (1971)
suggests that the mantle plumes or hot spots could also explain
the formation of continental rifts and their transformation into
ocean basins., He infers that there are about 20 deep mantle
plumes bringing heat and relatively primordial material up to the
asthenosphere. Horizontal currents in the asthenosphere flow

radially away from each of these plumes. The currents produce



stresses on the bottoms of the lithospheric plates, These
stresgses combine with stresses generated by plate to plate ipter—
actions to provide the energy and direction for plate motion,

It is argued that a line of hot spots could produce currents in
the aesthenosphere in such a way as to cause continental breakup.

Burke and Wilson (1976) suggest that the Eastern rift may
have formed as a result of the African continent coming to rest
over a number of hot spots. The dome (e.g. the Kenya or the
Ethiopian dome) that swells up over each hot spot is subsequently
subject to fraclturing which has characteristic three-arm pattern.
Two successful arms on the Ethiopian dome (i.e. the Red Sea and
the Gulf of Aden) opened up to form an ocean basin, The third
arm (striking south into Ethiopia from Afar triangle) remains a
dry fissure on the continental land mass.

Could this hypothecsis Le applied to the Kenya dome? The
Gregory rift with its swing in direction at about the gduator may
represent the possible prospective successful two arms. uThe
Kavirondo rift may then represent the third (failed) arm.
Opinions on this view are divided, While some workers regard
the Gregory rift as marking the initiation of an episode of
crustal spreading, some geological data (King,,l978) suggest
that the rift is at the closing stages of its evolution. Model:
calculations show that the continental lithosphere can be thinned
to the base of the crust by mantle plumes in 50-75 million years.
The long length of time required appears to rule out this lithos-
pheric erosion mechanism as a viable mechanism for lithospheric
thinning and rifting (Turcotte and Emerman, 1983%; Oxburgh, 1978).

Although the plume theory is not viable on its own, it may serve
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as energy source for some models requiring heat input,

Membrane tectonicgs theory has beén suggested as an explanat-
ion for the formation of the rift system in East Africa (Turcotte
and Oxburgh, 1973, 197%§; Turcotte, 1974; Oxburgh, 1978). Accord-
ing to this theory, the radii of curvature of a plate change as
the plate changes latitude., This change of curvature enables the
plate to accommodate its shape to the change in curvature of the
geoid between the équator and the poles. It has been shown that
a plate moving towards the equator should have‘its margins in
compression and its central part in tension; for motions away
from the eduator the tensional and compressional zones are reversed,

Oxburgh and Turcotte (1974) applied this theory to explain
the formation of the Dastern Rift. From palacomagnetic evidence
they infer that Africa started moving northwards sinqe about 100
- million years (my) ago at a constant rate of about Oo2§°/mya

The African plate is of a size roughly 900 by 900o The
tensile stress in the centre of a circular plate of that size
moving northwards towards the equator is of the same order as
the strength of the plate and should be sufficient +to rupture
the plate.” It is, therefore, argued that the Bast African Rift
System was produced by membrane stresses in the 1ithosphere;
developed in response to the rapid latitude change experienced
by East Africa during the late Cretaceous and Tertiary.

This theory seemed capable of explaining most major features
associated with the Gregory Rift. The East African Rift system
seems to have developed in the central part of a'plate_moving
towards the equator, According to the membrane theqry9 the
central part is the repgion of tension. Accordingly, the crack

(rifting) and accompanying volcanism will migrate southwards,
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which is consigtent with observation. The nature and finite
extent of the extension are alcgo explained., But the extension
across the Red Sea and the Gulf of Aden is too much to be
explained by the membrane tectonic theory., Perhaps membrane
stresses may have started the initial fractures whose later
developments were controlled by other processes,

Gass (1970, 1972) explains the formation of the Eastern
Rift in terms of unusvally high temperatures in the upper mantle.
He argues that doming9 rifting and magmatism are expregsions of
well localised thermal disturbance in the upper mantle., This
disturbance is perhaps produced by Elder®s (1966) lithothermal
systems involving both heat and mass transfer.

Heat from rising lithothermal éystems'aided by the blancket-
ing effect of radiogenic heat would cause pdrtial melting in the.
upper mantle and therefore make magma available., Thermal
gradient is increased necessitating the downward movement of the
main phase boundaries in the mantle. The lowering of phase
boundaries would'result in an increase in volume because the low
temperature, high pressure minerals would revert to their less
dense high temperaturc equivalents. The increase in volume would
then be relieved by vertical uplift of the overlying crust and
upper mantle (e.g. Kenya dome) consistent with isostatic eduili-
brium (Bullard, 1936).

The continental crush (or better the lithosphere) is
consequently fractured Lo relieve tensile stress. ILines of
structural weakness thus created facilitate further faulting
and magmatic activity. Gass shows that the zone of partial
melting extends higher nearer the surface with time and crustal

seperation results from injection of magma which later solidifies,
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Using field petrochemical data, he shows that the
chemistry of products of volcanic activity depends on the
depth and temperature and pressure conditions in which the
parent magma was formed. The deeper the magma source, the
farther away the stage is from crustal seperation and format-
ion of ocean floor.

The uplift stage is preceded and accbmpanied by eruption
of alkzli basalts. This is perhaps close to the present
stage in the Gregory rift zone. 1In zones of crustal atten-
uat.ion where the continent iz extrxemely thin but still present,
the volcanism is of intermediaté type that leads on fractionat-
ion to peralkaline differentiates. Perhaps the Ethiopian rift
typifies this stage. Where the seperation of the crust has
taken place,. new ocean floor of tholeiitic basalt is formed
as in the Red Sea and Gulf of Aden although spreading in the
Gulf is at a more advanced stage.

The lithospheric stretching mechanism first suggested
for the formation of sedimentary basins (McKenzie, 1978) has
been subsequently applied to graben formation. This involves
uniform stretching of a section of the continental lithos-
phere resulting in the thinning of the lithosphere including
fhe continental crust. Hot asthenospheric material w@lls up
.beneath the thinned lithoéphere. "The heating and thinning
of the mantle part of the lithosphere causes isostatic up-
.lift,.but this is outweighed-by the subsidence caused by

thinning of thc continental crust unless the lithosphere
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is unrealistically thick. This mechanism, in its present
form, is not considered as a viable mechaniém because of
lack of obvious evidence for intense crustal stretching and
is also rejected on the basis of geothermal arguments (Bott
and Mithen, 1983; Neugebauer} 19835.

Vening Meinesz (see Heiskanem andAVening Meinesz, 1958)
" has shown how tensional stress within the crust can lead to
the formation of a graben. He assumed that the continental
crust can.be treated as an elastic layer‘floating on a
denser fluid substratum formed by the underlying topmost
mantle. The first stage is the formation of a planar normal
fault (with hade in the range 500—700) in response to the
crustal tension. The down-bending of the crust on the down-
throw side produces a supplementary tension which initiates .
the formation of a second normal fault at the position of
maximum bending, calculated to be at about 65 km distance
from the first fault. If the second fault also dips inwards,
then a downward narrowing wedge of crust subsides isostati-
cally between the faults as adjacent parts of the cfust bend
upwards to form rim uplifts. The isostatic principle is not
violgated since the central block narrows downwards and has
to sink farther before its weight is supported by hydrostatic
upthrust (fig. l.1l4a). |

The Vening Meinesz hypothesis predicts a small crustal
root beneath the graben, produced by the Wedge subsidence.
This is not borne out by observations, which suggest that
the Moho certainly is not depressed and may even shallow

beneath rift systems.
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The classical Vening Meinesz hypothesis has been extended
to apply to subsidence of a wedqe of brittle upper crust
(rather than the crust as a whole), with outflow of ductile
matefial occuring in the lower crust (Bott, 1976, 1981; Bott
and Mithen, 1983). This modified wedge subsidence hypothesis
is based on the loss of gravitational energy as the Wedge of
brittle upper crust subsides with bordering rim uplifts in
response to deviatoric tension. Fig. 1.14biliustrates
the process. The underlying part of the lithosphere can
deform by creep so that outflow can occur in the lower crust
in response to the wedge subsidence. The existence of a
ductile zone within the crust of the rift zones is supported
by heat flow and geomagnetic deep sounding data and by
seismicity studies. The brittle-ductile transition is
estimated at about 15-25 km depth within the crust. Bott
and Mithen (1983) estimate that for continental rifts, a
deviatoric stress of the order of 100-200 MPa (1-2 Kbar)
is required if subsidence of the order of 5 km (with sediment
loading) is to be explained for a graben about 40 km wide.

During rift development, therefore, this stress must
be developed within the upper crust either as intraplate
stress related to plate boundary forces, or as a result of
lateral density contrast within the plate.

Plate boundary forces appear to be inapplicable to the
present déy situation in East Africa because ocean ridges
developing ridge push force occur on both sides of the
African plate. It has been shown that the reqﬁired stress

difference of the order of 100-200 MPa (1-2 Kbar) can develop
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in the upper elastic part of the crust in regions such as
East Africa in response to a 2 km plateau uplift isostatically
supported by a low density region in the upper mantle caused
by thinning and heating of the lithosphere (Bott and Kusznir,
1979; Bott, 1981; Neugebauer and Temme, 1981; Crough, 1983).
The isostatic loading effect thus seems to be the most viagle
explanation of tension and rifting in the bresent day up
arched rift regions such as East Africa. But as has been
pointed by Bott (1981), it does not neceséarily imply that
doming must precede the main stages of rifting.

It is clear that the rift formation can not be fully
explained by one of the mechanisms discussed above. The
rift formation is probably a'resulﬁ of interplay between
individual mechanisms, the contributions from a particular

" mechanism being a function of time.

In summary, doming and rifting processes in East Africa
are probably caused by magma upwelling from the underlying
mantle (hot spot) impinging at the base of the lithosphere
(Bott, 1981), Possible stages in the rift development as
suggested by Bott (1981) are shown in fig, 1.15.

In the first stage (a), hot spot forms below the
continental lithosphere by upwelling'from deeper parts of
the mantle. In the sccond stage (b), the continental
lithosphere becomes thinned, with consequent isostatic
uplift and development of tensile stress system in the
upper crust. In the third stage (c¢), graben formation

starts when the tensile stresses become éignificantly large.
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isostatic uplift and development of tensile stress system in the uppc:
crust: {c) Graben formation starts when the tensile stresses become

sufficiently large- (From Bott, 1981) - -



Strong support for this active mechanism for the
formation of the Fasbern Rift comes from theoretical and
experimen'l:a14studieso From theoreticallstudies9
Neugebauer (1983%) explained continental rift formation in
terms of mantle diapirs resulting initially from inverted
densgity within the lithosphere/asthenosphere system, The
resulting instability culminates in the thinning and
doming of the libhosphere ahd the elastic deformation of
the upper crustal layers. Wendlandt énd Morgan (1982)
gstudied dated igneous rocks within the Kenya dome from

which they showed that the depth of origin of the source
| magma for rocks within the Gregory rift decreased from
about 170 km (about 41 my apo) to crustal levels (about
5 my ago)o

The mechanism suggested by Bott (1981) is broadly
similar to the mechanisms sugpested by Gass (1970, 1972)
and Gass et al., (1978)., Rifts form at the crest of domes.
Eventually, the continent may split along a line of

connecting rift arms of several domes.
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CHAPTER 2

DATA COLLECTION

Introduction.

°

Data for the present study were recorded at the cross-
linear array station which was installed at Kaptagat (in
Northern Kenya) by the University of Durham. It was
operated continuously from late 1968 to June 1972. The
array was set up to supply data for the study of local
seismicity and the structure of the crust and upper mantle
in East Africa;

Geology of Kaptagat Area.’

Kaptagat station (fig.1.2 ) at an elevation of about
2390 m was located on the Uasin Gishu plateau composed of

tertiary phonolite lavas which aip gently to the west,

'Below the phonolites the geology is horizontally layered.

The Uasin Gishu plateau is an upstanding block defined by

the following major boundary faults. About 15 km to the

east of Kapatagat is the Elgeyo escarpment which forms

the western boundary of the Gregory rift. About 60 km west
of the array station is the NNW-SSE trending Nendi fault.

To the south is the Nyando fault which is the northern escar-
pment of the Kavirondo rift valley.

There are two major lava flows. The lower:flow
exposed to the west of Kaptagat is sparsely porphyritic.
The upper flow contains abundant large nepheline and glassy
feldspai,phenocrysts° The greater part of the flat land -
of the plateau is formed by the lower flow. These phono-
lite fiows were erupted after the early periods. of major

tertiary uplift and overflowed from the rift trough onto
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the plateau. Age is estimated in the range 12-13.5 my.
(King and Chapman, 1972).  The lower flow lies directly
on Precambrain basement system gneisses in the north
(Jeﬁnings, 1964). The only borehole which pierced the
phonolite showed a total thickness of 144 m. As this

is only 15 km southwest of Kaptagat, it is inferred that
the thickness of the phonolite beneath Kaptagat is

between 150 and 200 m.

Array siting and instrumentation.

Birtill and Whiteway (1965) discuss thé necessary
conditions to be satisfied before a location can be
chosen as suitable for siting an array of the type used
in this study and the optimum spatial distribution of
the array elements. The location should have low seismic
noise level; this implies that the station must be.fér
removed from coasts and major industrial centres. The
geology of the site should be laterally homogeneous and
horizontally layered. Well consolidated and unweathered
récks should be near enough to the surface so that the
seismometers can be firmly coupled to them with minimum
drilling costs. The elevation of the stations should
be as constant as possible with a maximum tolerance of
no more than + 60 m. The sharpest velocity and azimuth
response is obtained when the array aperture has
dimensions comparable to the longest wavelength of the
signal of interest. Spacing between adjacent seismo-

meters should be small to ensure signal coherence but



68.

large enough to decorrelate noise across the array.

Kaptagat satisfies most of these conditions. The -
array dimension (about 5 km) makes it suitable for the
study of local and some regional events. In the present
study, dominant frequency of selected events is about
4 to 5 hz; measured apparent surface velocity for the
P wave is in the range 5.6 to 8.0 kms-l° The longest
apparent wavelengths are therefore about 2 km; the
array dimension is, therefore, about 2% times the
longest apparent wavelength. Very sharp velocity and
azimuth resolution should thus be gchieved.

Kaptagat is about 600 km from the nearest coast
(the East African coast); hence microseismic noise is
low, about 7 mu. To ensure. efficient ground coupling,
the seismometers were placed in solid phonolite out-
crops which cover the éntire area. Sites were survéyed
to an accuracy of + 30 m and differences in height were
less than about 100 m. The site coordinates relative
to the crossover point are shown'on table 2.1.

Kaptagat was a small aperture cross-linear arrayQ
It consisted of ten Willmore Mark II short period seismo-
meters set vertically to 2s period and arranged in an
inverted 'L' shaped form (fig.2.}). The arms of the array
run approximately east-west (yellow line) and north-south
(red line). The inter seismometer spacing on each arm
was about 1 km and the total length (dimension) of eacﬁ

arm was about 5 km.
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Seismometer site coordinates and altitudes

Pit X (km) Y (km) 2??2@?;3? | Al%;fude
R, -0.098 ~0.766 +0.010 +10
R, ~0.114 ~1.425 +0.020 +20
R, ~0.365 ~3.077 +0.010 +30
R, -0.663 ~3.736 +0.030 +10
R, ~0.925 ~5.200 +0.010 +30
¥, ~0.446 0.166 +0.001 0
v, ~1.888 0.003 +0.015 -30
' -2.645 0.025 +0.030 -50
Y, ~3.720 ~0.013 +0.010 -50
v, ~4.750 ~0.250 +0.060 ~70
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The recording equipment used is similar to that described
by Long (1968). Within each seismometer package the output
from the seismometer was amplified and then frequency modulated.
The frequency modulated signals from the ten seismometers were
communicated to a central recording station by twin field
telephone cables. These signals and a signal from a long period
instrument were recorded onto one inch fourteen track analogue

magnetic tape. The speed of the tape was inch per second.

15
160 _

A binary time code giving the day, hour, minute and second
was generated by a quartz crystal clock and recorded on one
track of the fape° Another track of the tape was used to record
standérd time signal from radio (Greenwich Mean Time). This
"was used to calibrate the local clock when radio reception was
good enough.

To check that the seismometer lines were functioning and
to give amplitude infofmation, calibration pulses were generated
in the seismometer package by a remote calibration uni£ that was
triggered by a pulse sent down the line from the central record-
ing station. Power for the whole array system waé faken from
a set of twelve 6 volt accumulators at the central recording
station. Power (d.c.) was fed to the seismometer packages down
the same twin telephone cables that also carried the frequency
modulated seismic signals. Direct current was transmitted to
simplify the seperation of signal and pdwer. Each magnetic
tape recorded for about eleven days.

Play back facilities were available at Kaptagat central
recording station for preliminary picking'and listing of events.
But the main playback facilities and seismic data processing

laboratory are housed in Durham.
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CHAPTER 3.

VELOCITY FILTERING

Seismic Arrays.

A seismic array is considered here as a spgcial deployment
of seismometers at three or more sites on the earth's surface.
" The spacial extent (or apérture)’may vary.from one kilomeFre
to hundreds of kilometres. The array is.characterized by
-uniform instrumentation and a common time base. For small
and meaium aperture arrays, outputs from all séismometers are
communicated through ahplifiers and filters to a central
control point and recorded on a multichannel analogue or
digital magnetic tape as an ensemble. Beneath such arrays,
it is assumed that the geology is uniform° Then proﬁided.that
the distance to the source is iarge compared to the dimensions
of the array, the signal of interest is assumed to'be coherent
across the sensors while noise is random or incoherent; The
degree to which these assumptions afe satisfied depends on
inter—-seismometer spacing, the nature of the noise prevailing.
in the locality and the degree of crustal.hqmogeneity,
Furthermore if the signal source is at a large enough distance
from the array, the wave front can be assumed to be plane.

Data from seismic arrays are subseqﬁently machine pro-
cessed to achieve a number of objectives. Ey intfoducingltime
delays to compensate for the signal propagation time across
the array and summing the coherent outputs from each seismometer,
an improvement in signal-to noise ratio (SNR) of arriving
signals is obtained. Time delays required to bring the signals
into phase provide a direct estimate of the azimuth and apparent

velocity (or slowness) of the signal. Signals, from different
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events, which avrive at an instrument superimposed can be
seperated in time if they cross the array with different
apparent velocities and/or azimths. Seismic array data are
also used for the study of seismic noise structure (Lacoss
et al., 1969).

The earliest hest known seismic arrays are the medium
aperture crossed linear arrays which have been operated since
early 1960s an@ which have since then been used for global
seismology studies. The arrays sponsored by the United
Kingdom Atomic Energy Authority (UKAEA) are operated in
collaboration with the relevant scientific authorities of
the countries in which they were established. They were
installed in Eskdalemair (EKA), Scotland; Yellowknife (YKA),
Canada; Gauribidanur (GBA), India; Warramunga (WRA),
Australia; and Brazilia, Brazil. These medium aperture
linear cross arrays were designed primarily for the recording
ahd analysis of teleseismic events (ranges > 250). These
were 21 element arrays in which the élements were arranged
in two orthogonal crossed lines (usually identified as the
red and blue lines) each of ten éhort periodbvertical com-
ponen£ seismometers and using apertures up to 25 km (Carpenter,
1965) .

The interseismometer spacing of about 2.5 km was found,
from empirical experience, to be small enoﬁgh for teleseismic
signal coherence but large enough to decorrelate noise across
the array (Lacoss, 1975). With this condition, an achieve-
ment of Vn in SNR was aimed at from delay and sum processing

(Birtill and Whiteway, 1965).
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Results achieved by the use of medium aperture seismic
arrays were sufficiently promising to suggest that substantial
further improvements in»SNR'and identification might be
expécted‘from an even larger array having more than an order
of magnitude greater number (n) of seismometers. Such a
large aperture seismic array (LASA) was sponsored by the U.S.
government and installed in Eastern Monfana in 1965. The
location chosen for this array was sparsely populated,
relatively uniform geologically and remote from oceans.

A description of the geometry of LASA at about the time
of its installation is given by Mack (1969) and Forbes et al.
(1965). LASA consists of 21 subarrays or clusters in the
configuration shown in fig. 3.1 and deployed over an aperture
of about 200 km. The subarrays are considered to be located
on 5 non circular rings labelled B, C, D, E and F with a
central subarray labelled AO. Each ring has four subarrays so
that each subarray is identified by a letter and a number.

A subarray consists of 25 short period (SP) vertical seismometers
arranged in six radial arms and has an overall diameter of

about 7 kmi This aperture was chosen to allow suppression of
surface wave modes of velocity lower than about 3.5 km/s and
frequencies above 0.2 hz. The seismometers in each subarray
were placed at the bottom of deep cased and cemented boreholes
(about 152 m for the central hole and about 61 m for the other
holes); this had the effect of further suppressing noise at
higher frequencies.

At the centre of each of the 21 subarrays is a set of
three component set of long period (LP) ihstruments. The

LP instruments respond to frequencies in the range of about
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0.01 to 0.20 hz. On the whole, therefore, LASA consists of
525 SP instruments and 21 three component LP sets.

In a concrete vault near the centre of each subarray,

a subarray electronics module multiplexes and digitizes the
25 seismometer outputs into a single bit stream which is
thenAﬁransmitted to the LASA data centre. At the data centre
the bit streams from the 21 subarrays are combined,.coﬁputer
processed and the results displayed br transmitted to remote
locatioﬁs for fﬁrther processing.

Most processing techniques for array data assume that
the signal does not change within the afea of the array or that
it chénges iﬁ a predictable manner. In the case of LASA this
assumption is not valid for the array as a whole because of
the large aperture involved.

The subarrays are of the right size to reject surface
wave noise propagating at relatively low speeds. The short
period data at each sub-array is prodessed‘as an ensemble to
remove this surface wave noise leaving Eody wave noise coming
across the array with much higher velocities. A second stage
of processing would be to combine the proéessed outputs from
the different sub—arfays to basically get rid of this body
wave noise with the aim of maximising improvement in signal-
to-noise ratio. ’In'principle, applicable prbcessing techni-
ques include beam fbrming, filter and sum processing and
frequency-wave number spectral analysis.

Lacoss (1975) observed that thé desired goal of signifi-
cant improvement in signal to noise ratio has not been achieved

‘with the short period data because assumptions about noise

»
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and signal characteristics are usually not fully satisfied.

The inter seismometer spacing (ébbut 0.5 km) within the sub-
array was, for example, not large enough to decorrelate noise.
Furthermore, crustal heterogeneity results in some loss of
signal coherence. On the other hand, more significant improve-
ment in SNR has been recorded with the LP data.

Experience gained from the operatidn of LASA has been
utilised in the installation of other large aperture arrays.
The Norwegian seismic array (ﬁORSAR) installed in 1970 is
similar to LASA except that there are Zé long period sites
and subarrays; the aperture is about 100 km. The Alaskan long
period ‘array (ALPA) has about<thé same ‘aperture as NORSAR but

éontains 19 LP sets of instruments and no $P instruments.

Review of some array processing techniques

The output of each seismometer in an array is usually
considered to be\a composite waveform made up of the desired
coherent signal perturbed by coherent and /or incoherent
noise. For teleseismic events, the desired signal may be
taken as the first P-wave arrival whose apparent surface
velocity increases from about. 8 km/s t§"24 km/s as the
distaﬂée increases from 2° to 900; this signal is equally
likely to cbme from any azimuth.

' The noise obscuring the signal_ihélude noise generated
locally by the signal from P -Rayleigh wave mode conversions
at the surface near the array (Key, 1967). Also coherent
and propagating mainly as Rayleigh waveé'ére‘ocean micro-

seisms and noise from local sources like factories and land
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vehicular traffic. The surface wave noise mentioned above
sweep through the array with apparent surface velocity of
2.5 to 4.0 km/s. There will also be high velocity coherent
noise from multiple f@@ﬁu&@ti@rﬂi,Rayleigh to pP-wave mode’
conversions and other unwanted coherent pheses. Incoherent
noise arise from sources or scatterers within the array area
including. locally generated wind noise; the instrumental noise
is also incoherent but the amplitudé is usually small compared
with the amplitude of other seismic noise. The signai and
noise cover different frequency bandé, about 2 hz to 20 hz for
signal and about 0.1 hz to 10 hz for low velocity seismic noise°
It is, therefore, sometimes useful to do wide band frequency
filtering of individual seismometer outpﬁts to improve signal/
noisé ratio prior to the array processing.

Usually the range of apparent horizontal surface velocity/
azimuth covered by the coherent noise is different from that
" covered by the desired signal. Advantage is taken of this
difference in array processing techniques designed to improve
signal to noise ratio and confidently meashre signal parameters.

The beam forming concept (Birtill ahd-Whiteway, 1965) is
fundamental to most techniques used forlprocessing cross-
‘linea: array data. In its simplest form, beam-forming (array
phasing, azimuth and velocity filtering) involves the summat-
ion of individual seismoﬁeter channels aftér steering delays
have been inserted to align a group of arrivals with a
particular velocity and'aziﬁuth and then taking the meaﬁ;

Consider an array of n seismometers deployed over a
horizontal surface. The output recorded by seismcmeter, i,

after the insertion of propagation delays, tjr correg-
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ponding to the desired signal with arparent velocity v ancd

azimuth 6 is a time scries with k sampled time opcints and can be

exrressed as »

.= .+ P L. d= oo e 1=1 ..o o
xi._J sj nij elj, i=1 n,j=1 k (3.1)
where

Xij is the th sample of the output of seismometer i

s_i is the jth sample of the desired signal.,, a coherent term
identical on each trace.

nij is the ith sample of the coherent noise at seismometer i
e, is the jth samnle of the inccherent noise at seismometer i

The delay, Tj,:at seismometer i relative to the cooasscover point

of the array (fig. 3.2) is comruted from

‘di cos (8 —~ a,)

_ i
T, = 7 ces (3.2)

where di and a; are the molar coordinates of the site of seismometer
i relative to the origin et the crossover point. Becaurce the traces
have beer. time shifted bv iy sj which is identicel cr all traces,
is in phase across the array.

The beam is then formed from the relation

=3
=

n.. + 7% e, oo (3.3)
j=1 1J

nij will be out of phase across the array since it is evident

that the parameters of the desired signal (6,v) are different from
those of the coherent noise. eij is assumefl random so that its
summed output over all seismometers will have a mean close to
zero. Te resultant effect is the’enhancement of the desired
signal component with respect to noise.

Tn beam—=forming, it is assumed that the desired sigrnal is

a?’\"::’ly

coherent across the , while noise is random. Where this
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o =K

Fig 3-2: A plane wave front crossing a two dimensional
array of seismometers.
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assumption is not valid it becomes necessary to weight the
Cﬁanne:ls prior to delaying and summing (Capon et sl., 1967).
It is also sometimes useful to'fréquency filter the channels
before-beamfforming. |

Muirhead (1968) suggested the Nth rcot beam forming
method as a means of suppressing tﬁe effect, on the beam, of
large noise impulses recorded on cne or more signal channels
of the array. This is a non-linear filtering technique which
involves delaying the various channels ky time lag, Ti’ as
given in equation f3.2) tc align a group of arrivals with a
particular velocity and azimuth, taking the Nth rcot «f the
absolute value cf each individual seismometer output with the
original sign preserved, summing them and then raising the mean
of the resvlt to tke Kth power; N is, in general, any positive
integer (usually 2,4 cr 8). TJf we denote the cutput of the
ith seismometer after the insertion of delay Ti as xgj then

.

the beam rj is given by
N
} ces (3.4)

A

| x, . . X,
ij signum “ij

[ R

1
r. = {=
J o=

Kanasewich et al.(1973) conclude, on the basis cf
aralysis of synthetic signals and real data, that the Nth
root processing offers improvement in signal to noise ratio
(SNR) and proeovided better resolution in velocity and azimuth
than any linear processing methoad previously tried. The
method is also much hetter than linear processing methods at
handling non-Gaussian ncise although at the evvense of signal

distortion (Ram anc Mereu, 1975; Muirhead and’ Ram, 1976).
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The delay-sum-correlate techriique (Birtill and Whiteway,
1965; Whiteway, 1965) is the most cecmmonly used method for
processing the cutiut of cross-linear arrays. In this
method, the partial sums (beams), g and B, of the red and
blue lines after phasing are cross multiplied and the product
averaged over a moving square time window of fixed lergth
corntaining M sample points. This product is the correlation
coefficient the square root of which is desigrnated the time
averaged oroduct (TAP). For a fixed length window containing
M sample pcints and centred at the jth sampnle, the TAP, tj’

can be obtained from the relation

("m® m’} . ceo (3.5a)

where R an¢ B are the partial beams‘forméd from the red and
biue lines reswectively; r = j - M/2, k =3 + M/2 assuming

M is even. 1f M is odd, the reference sample j may be taken
a£ the start of the window and the TAF is then given by

k 5 |

L (]%'Bm)} . (3.5b)
m=7

_ 1
tj = {ﬁ

where k = M + §j -~ 1,

Synthetic and real data studies show that the cross-
correlation method gives hetter resolution in velocity and
azimuth than simple beam forming (Birtill and Whiteway,
1965; Whiteway, 19€5; Somers and Manchee, 1966). The cross
correlation or TAP processing method is extremely useful in
the identification of secondary phases, although it is

incapable ¢f resolving small differences in the values of
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apparént velocity and azimuth of such phases (King et al., 1973).

Cleary et al. (1968) describe a manual technique for measur-
ing relative onset times to 0.0ls thus enabling precise deter-
mination of apparent velocity and azimuth. This ‘eyeball'
technique is not only tedious but also does not make full use:
of the shape of the signal waveform. It is prone to mistakes
even with noise free records and can lead to erroneous
results in the presence of interfering signal pulses.

In the adaptive processing method, precise determination
of relative arrival times is done automatically. The method
was originally developed by Gangi and Fairborn (1968) and
subsequently described and evaluated by Farrel (1971)} angum
and Husebye (1971), King et al. (1973) and ﬁam and Mereu (1975).
In this method, the arrival times of a wavefront at each
seismometer is accurately determined by cross correlating the
observed wavelet of interest with the corresponding wave on the
beam trace. The position of the maximum value of this cross
correlation function is used as the relative arrival time
position of the wave. The new arrival times on the array sensors
are then used to create a new and improved beam and the whole
operation is repeated in an iterative manner until convergence
takes place. The values of apparent velocity and azimuth which
produce a maximum filtered signal are determined as the required
signal parameters. This technique is now widely used for the
processing of teleseismic array data.

Seismic signals recorded at a large seismic array can be
analysed in terms of energy content bf incoming signal as a

function of azimuth and slowness. If the azimuth is known,
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the TAP trace can be used to map power as a function simul-
taneously of slowness and time. This is the principle of
the VESPA, velocity spectral analysis, process (Davies et
al. (1971). These authors have used real data from LASA to
show the effectiveness of this method in»picking out tele-=
seismic signals approaching the station ffom same azimuth
but with different phase velocities. Since information on
time of arrival and dT/dAis available, the method allows for

confident estimation of the source of energy.

Array response

Introduction

Géophysically, crossed linear‘arrays have been primarily
used to study the mantle and the core. Such studies have
used feleseismic events and have concentrated on the Source
window in the range 30° to 90°. Refinements and innovations
in processing techniques are aimed at improving accuracy in
the meas'.urement of signal parameters and consequently

improving the ability to resolve overlapping phases in the

presence of noise. Array response measures the ability of

an array to emphasize the properties of a desired signal at
the expense of those of random and/or coherent noise.
Theoretical responses of arrays of different configurat-
ions are given by Birtill and Whiteway (1965) and Whiteway
(1965) . They considered an array tuned to receive a signal
from azimuth 6, and sweeping through the array with apparent

1

horizontal surface velocity v, and then calculated the-

normalized response of the array to any other signal (6,V).
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The general conclusion from these studies is that the accuracy
of determination of velocity or azimuth depends partly on

the sharpness of the velocity or azimuth response; this in
turn depends upon the dimensions of the array in relation

to the wavelength of the signal, and to the array configurat-
ion concerned.

For cros§ linear arrays and for a single signal component
with high signal to noise ratio, an error of up to about
3° in azimuth and 5% in velocity is feasible wheh the length
of each line is equal to the signal wavelength. Better
accuracy can be achieved for larger dimensions of the array
in relation to the signal wavelength although excessive
dimensions should be avoided because the coherence of the
signal across the array may then be degraded.

In general, for L shaped and symmetrical Cross arrays,
the correlator response is considerably bétter than thé sum -
squared response and the L shaped array gives a better
correlator response than the symmetricél cross. With the
L shaped array, the best azimuth discrimination obtained

from correlator response is at the azimuths ( 6, ) of 45°

1
and 225°. At these azimuths the width of the normalized
azimuth correlator response at the half level point is 26°
if the dimensions of the array equal the signal wavelength.
Birtill and Whiteway (1965) estimate that the error in

20

fhis half level response width; i.e. the error in azimuth

azimuth at these azimuths can not be greater than l—th of

. . . o) o . .
in this case is 1.3 . The corresponding error in azimuth

at the azimuth of 90° is then 1.8°.
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The best velocity discrimination for an L shaped array
using correlator response is at the signal azimuth of 135°,
At this azimuth, %ﬁth the widths of the correlator velocity
response which estimates the error in velocity afe 0.14,
0.16, 0.18 and 0.21 km/s for>signal velocities of 6.0, 7.0,
8.0 and 9.0 km/s respectively. At 90° azimuth, the errors
bin velocity are 0.20, 0.23, 0.26 and 0.30 km/s for signal

velocities'of 6.0, 7.0, 8.0 and 9.0 km/s respectiveiy°
| 'King_et al. (1973) argue that for medium aperture cross
linear arrays, beam forming, TAP and VESPA are limited in
their ability to resolve small differences in slowness and
azimuth of bartially overlapping phases. They showed that
the adaptive processing technique has better resolution than
these methods.

Experiments with synthetic data recorded at 20 samples
per second and applied to a medium aperture array (Gauribi=-
danur) showed that in the case where no interference and
noise were present, values of velocity and azimuth of the
signal computed from adaptive processing differed by no
more than 0.5% from the correct values (Ram and Mereu, 1975).
- Better results could be produced by increasing the sampling
rate.

To illustrate the ability of the array to resolve small
differences in velocity and eeimuth, the authors introduced
two overlapping wavelets of equal amplitude and duration (3.0s)
with an apparent azimuth of 200.0° and apparent velocities of
9.8 km/s and 10.2 km/s respectively across the array; the

overlapping interval was 0.5s. Three sets of this array
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record were produced. The first set was clean or noise free;
the second and the third sets had medium and high seismic
noise introduced. For the clean, medium and high noise
records, adaptive processing gave computed azimuths correct

© and 0.8° respectively of the given

to within O,BQ, 0.3
true azimuth (200.0°). Computed apparent velocities varied
systematically from one value (9.8 km/s) to the next (10.2km/s).
The noisier record produced the greater departure of
measured values of velocity from the corfect given values,
e.g. for the clean record the measured adaptive processed
velocities had values from 9.76 through 9.88 to 10.11 km/s.

The same synthetic data were also ﬁrocessed using Nth
root beam forming method at a constant azimuth of 200.0°,
Values of velocity between 9.5 and 9.6 km/s were obtained
for the.first wavelet (9.8 km/s), and for the second wavelet
(10.2 km/s) the computed values of velocity were between
10.1 and 10.2 km/s.

- was found

Overall, the adaptive processing method 7 more. success-
ful than the Nth root operation for precise and accurate
determination of signal parameters. The adaptive proceggiggi
can resolve differences of 1 to 3° in apparent azimuth of -
interfering signals. The Nth opefation, however, is better
at enhancing signal to noise ratio at the cost of signal
distortion.

Figures estimating array performance at resolution dis-
cussed above reiate to theoretical models of signals and
noise. Experience with medium apertﬁre cross linear arrays
show that beam forming and TAP processing Ao’ not give

adequate resolution in slowness and azimuth for later phases.
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King et al. (1973) showed thét this occcurred because the aper-=
ture (up to about 25 km) of such arrays is not large enough
compared with apparent anelenéth of the incident teleseismic
signalé.A However for Kaptacat the array dimensions are about
2% times the apparent wavelength of the recorded local events
(see section 2.3). Simple beam forming and TAP processing
are, therefore, considered adequate for apparent velocity

and azimuth resolution. The present data are processed using
cross correlation cr TAP processing method.

Because of the shoeort cdistances involved, a desired signal
is often werturbed by onsets of other interfering coherent
and/or rardom ncise. A study of the array response in the
presence of coherent and incoherent noise is, therefore,

escential.

Arry restvonse in the ovresence cof coherent noise.

Consider a plane wavefront crossging a two dimentional array
of a seismometers on the x-y plane (fig. 3.2) with apparent
velocity v, wavelencth A from an azimuth 6. Let the rth
seismometer at point P(x,v) have polar coordinates (dr, ar) with
respect to the origin at 0. Between crossing P and O tke wave-
front travels a distance drcosfe—ar). The phase difference Br

betweenr the outputs at P and O is therefore

-~

= XL 3 —
Br = 27 3 cos (8 ar) oo (3.6)

The output of the rth seismcmeter may be represented by a
vector of amplitude a. and angle Br' The sums X,Y of the

orthogonal comoonents cf the seismometer outputs are
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e
1l
(R R}

n
a, ces B, Y = % ar sin Br

r=1 r r=

The amplitude, An, of the sum of the outputs of all n

seismometers is given by

2 o 2
ar cos Br) + ( a_ sin Br) oo o (3.7)

r=1 r=1
The vhase angle Yh of An with respect to the output at

origin O is

-1 n : n
y_ = tan { = a_ sin Br)/( b a_ cos Br) oo (3.8)
r=1 r=1
If the cutputs of all seismometers are equal (ar = a, say).
we have
2 2 n 2 no 2
AT =a"{ (1 cos B )  + ( r sin B8 )1} coe (3.9)
n r r
r=1 r=1 :

If, in addition, the seismcmeter outputs are all in phase,

Br = 0 and the resultant summed output has amplitude Bn Given

by

This corresponds to infinite signal wavelencth and vertical
incidence. It also correswnonds to a situaticn where the
array has keer correctly tuned to receive a required signal
by insertion of appropriate steering delays to the various
channels. The amplituce Eﬁ (sum squared response) which is
obt.ained by normalizing An te unity with resrect to Bn is

given by
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If the array aperture is D, equation (3.6) can be written as

d

_ _r -
Br = 27 3 ._% cos (o ar),

where D is introduced as a scaling factor to make the response
dependent only on array configuration and not on array size.
Hence from equation (3.10}, contoured sumsquared response, Eh,
can ke cktained in polar form as a function of Y A and azimuth
0.

For L shared array, the correlator resnonse gives better
resolution than the sum squared response (Birtill and Whiteway,
1965). Kaptecgat arrav has the shape of an inverted 'L' with
the two arms called red(r) and yellow(y) arms. 1In the corre-
laticn method, the outruts of the red and yellow lines are summed
(after the insertion of appropnriate steering delays) seperately
to produce partial beams. These two partial beams are then
crosg multiplied. If there are m seismometers on the red arm,
the numbe:r on the vellow arm will be n-m.

Assuming the: outputs of all seismometers are equal(ai = a,
say), then the amplitudes Ar, Ay of the partial sums are given

by

_ m m
Ap = a {( pocos g )" +( ¢ sin B8 )2 (3.11)
r: e

2
2 n sin B (3.12)
By = ? {(rgm+l cos gr) * (psfin ) }

Hence, the correlator output A 'is given by

A=A .A
. r Y

L
cing 20 *JC?® cos Br)z +
1 r) . r=m+1l

I 2

m 2
- a2 {f b cos Br) + r
L r=1 \

[Nl

( © sin Br)j ve. (3.13)
r=m+]}
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If the outouts of all seismometers are in phase, the corres-
ponding resultant output A is given by

A = m(n—m)a2 oo o (3.14)

If the seismometers are equally Aistributed between the two

22

arms,; we have m = n/2 and A = n"&/4. Hence the correlator
response, En, normalized to unity for the inphase condition

becomes
1

2

n 2
n/2 . 2 cos B +
2. 2 S 7 sin B (G r)
o= A 5. cos BT+ (Bl _r)} {r=2+l
n n2 r=1 2

5
( 3 sin Br)2

N (3.15)
=0
__—2+l
From equation (3.15), tte correlator response as a function of

(I/2,08) can be plotted as before in polar form. In applicat-
ions ¢f eguations 3.10 and 2.15, delays are normally inserted
so that the inphase condition corresponds to a desired signal
of apparent velocity Vl from an azimuth 61. The resvonse to

any other signal (LY 2,0) is then required. T¥or the signal

(LY 2,08) the resultant ghase shift for the rth seismometer

outnut at P relative to that at O for this condition is

d
B = 2n Eg D cos (e—ar) - 2w T% : %)cos (91 ar)
r D ° A ]
d
_ r Dcos 6- D ILsin 6-D sin6. )sina
= 27 5 (A 3, sloY:] el) cos a_ + (A 3, 1 r
_ dr D cos (A'-a ) oo s (3.16)
= 27 D_'o —5\, r
D v = Dcos, _Db <
where N cos g' = > 0 3 cos 61 o e (3.17)
D sin ' = l)sine - %‘ sin 6 oo {(3.18)
i A 1 1
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Hence the resultant phase shift produced corresponds to that
which would be nroduced by a signal of azimuth 8' and wave-
lergth ) '. The vector representing this signal is equal to
the difference in the two vectors 0%,9) and (%}q }. The
]

response as a function of (vV,0) when the array is tuned to
(V,,0;) is thus determined by placing the origin at (—‘;;el_w).
The array response does not change; it is the origin that shifts.

- In the above equations, A and Al correspond to the same
frequency. Arreay response is, in general, a function of
frequency. However, for the local earthquakes recorded at
Kaptagat, observed signal frequency variation is small.
Variation of response with frecguency is therefore ignored in
this analysis.

The data in the vpresent study was analysed using the cross
correlation processing technique because; as has been discussed
akove, it gives better resclution than sum squared processing.
The immediate eastern local rift events used in this study have
azimuths and velocities centred around about 90° and 7.0 km/s
respectively. The dominart frequency of the first arrivals is
about 4 to 5 hz. The cross correlator reséonSe (with no
scaling) for Kaptaget array and for a frequency of 5 hz is cal-
culated and illustrated in fig. 3.3 for V1 and 0y taking on the
values of 7.0 km/s and 90° respectively. The illustration covers
a range of velocities (3.2-10.0 km/s) and azimuths (500—1300)
centred at the point representing the signal (7.0 km/s, 900) to
which the array is tuned. Fig. 3.3 shows prominent side lobes
at about (6.0 km/s, 55°) and (5.8 km/s, 123°) which could be

mistaken for genuine second arrivals.
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3.3.3 Array resoponse in the presence of incoherent noise

It can be shown that when the array of n sensors is perturbed

by random noise, beam forming improves signal to ncise ratio by

a factor of Yn .

If the noise is considered white, the amplitude,

a, at each seismometer will be constant but the phase will be

random.

Let the phase angle at the ith seismometer be ¢i’

If

glis the resultent summed noise amplitude and y its phase angle,

then
n
R cos y = a I cos ¢,
n i=1 i
n
R sin y = I sin ¢,
n 1=1 i
K =a?(( 1 ¢cos 9% + ( £ sin ¢p?)
i=1 i=1 )
2 . n 2 n n
= a {( © cos by + 2 L cos ¢, I cos ¢.) +
i=1 i=1 3=1 J
i#3
n n n
( £ sin ¢, *t 2 ¢ sin ¢4 T sin ¢.) .. (3.19)
i=1 i=1 =1 J
i#3

In the typical terms Zsin¢isin¢j and 2cos¢icos¢j of the double

' summations, sin¢i, sin¢j, cos¢i and cos¢j have random values

between + 1 and tke averaged sums of sets of these products is

effectively zero since ¢i is random.

The average

Hence er-, = a’

value of sin2 ¢i

n, _ 2
+5)—na,

cr cos2 ¢i is %.

n
(3

If the signal has amplitude, a, at each of the seismometers,

then the summed signal output for the inphase condition is

R =

na.
S
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Thus without using the array the SNR is unity. But on using

the array, beam forming increased the SNR by a factor of

Data Processing.

Processing facilities.

Local earthquake data recorded at Kaptagat array were used
in the study of the lithosphere in énd around the Gregory rift
at the latitude of about 0.5N. These data were recorded on one
inch analogue field magnetic tapes-stored at the processing
laboratory housed at Durham University's bepartment of Geological
Sciences. |

The pfocessing laboratory consisted Qf one inch EMI tape
deck with supporting electronics for demodulation and flutter
compensation, a l6-channel jet pen recorder, a bank of three
analogue band pass filters (Krohn Hite, and later Kemo) and a
l12-channel oscilloscope. Digital processing was done on a CTL
Modular One computer (Mod 1) with 16K core store and 8 bit word.
Communication to this computer was via a teletvpe terminal. Out-
put from the computer was routed through a matrix board to the
jet vens, the oscilloscope, the teletype or the Hewlett Pakard
X~Y plotter. Analogue signals on the field magnetic tapes were
converted into digital form using an A/D converter. Backing
storage for the computer was provided by attached tape and disk
units.

A part of the core space is occupied by the executive,

compiler and filters (programs). The remaining space is used
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for the storage of the array data in time series channels. Each
seismogram is allocated a time series channel. The process of
velocity filtering involves application of positive and negative
delays to these channels. It is therefore necessary to have
sufficient samples in store at a given time to allow the necessary
delays to be applied. The number of samples required to be

stored is, consequently, in direct proportion to the digitization
rate.

Each of the records used in this study was digitized at
two sampling rates 50 and 100 samples per second. The normal disk
file was 43 pages long and could contain about 13s of 8 channel
array data recorded at a sampling interval .of 0.0ls. However,
several disk files could be concatenated to produce a file of up
to 250 pages corresponding to about 80s of 8 channel array data
recorded at 100s/s. For higher/lower sampling rates, the
length (in time) of the record that can be held is proportionately
less/more.

Flexibility in processing on Modular one computer was
enhanced when records digitized at 50s/s were used although the
resolution in velocity and azimuth was then limited. On the
other hand, flexibility in processing data recorded at 100s/s
was severely limited because of the small storage space available
inAthe machine. However, the velocity and azimuth resolution
for such records was accurate enough without provision for
interpolation between samples. For greater speed and flexibility

the data recorded at 100s/s were all again processed on the NUMAC

I1BM "380/370 computer .
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The Velocity filter program.

Velocity/azimuth filtering on Mod 1 computer was implemented
using a program developed by Forth (1975) and written in a special
language called SERAC (seismic record analysis compiler). This

program is here modified (as listed in appendix A) and used for

~the present analysis to perform a search over ranges of velocity,

v, and azimuth, 0. The operation of the program will be illus-

. trated below for the case whére the azimuth of a single arrival

is knoWn and it is required to determine its apparent surface
velocity.

For the given azimuth, a value of starting velocity is
selected. Steering delay, T (with respect to the crossover
point), for the seismometer, i, at the starting velocity and
the given azimuth is calculated using equation 3.2. The output
of the seismometer, i, is then dalayed in time by amount rg, At
desired time points, the delayed seismometer outputs on thé red
and yellow arms are summed seperately to produce the red and
yellow partial beams. The partial beams are weighted (if
necessary) and then cross multiplied. The square. root of the
magnitude of this cross product is taken with the original sign
of the cross product preserved. The resulting function is
averaged or smoothed over a moving square time window of length-
not exceeding' the uninterrupted duration of the signal. The
operations described above simply implement equation (3.5). The
resulting output (which may sometimes be band pass filtered) is
the time averaged product (TAP) or correlation function for the
starting velocity and the given azimuth. This TAP is plotted on

the X-Y plotter as a function of time along the seismic record.
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The velocity is then incremented and the corresponding TAP produced
and plotted. In this way all the TAP traces for the required
range of velocity are plotted for the given azimuth.

At the given azimuth, one TAP trace is plotted for each
value of velocity in the velocity search range. Final plotter
output then consists of any suitable single seismic channel
shifted in time by amount corresponding to the pit coordinates
of the corresponding seismometer and the measured first arrival
velocity and azimuth, the TAP traces in increasing order of
velocity and a time channel for relative time information. Each
TAP trace has a DC base line from which the trace amplitude is
normally measured, using a half millimeter scale attached to a
magnifying lens. A graph of TAP trace amplitude against apparent
velocity is obtained from measurements on the plotter output.

The location of the maximum TAP amplitude can be obtained by
fitting a parabola to the measured values of amplitude against
velocity. The velocity at which the measured amplitude is
maximum is taken as an estimate of £he signal velocity at the
given azimuth.

If the apparent velocity andrazimuth of an arrival are both
initially unknown, short TAP traces covering the full range of
'azimuth (00—3600) and probable range of velocity are produced
and the corresponding amplitudes.measured. In this case initial
velocity and azimuth increments are made large and only rough
estimates of probable range within which the signal parameters
lie can then be made. Subsequent filtering with finer increments
in velocity and azimuth within this range can be used to give

more precise estimates of the signal parameters.
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On Mod 1 computer the program can also be used in a fully
automatic mode (without pldt option) to calculate TAP amplitudes
for full ranges of azimuth and velocity. The calculated
amplitudes are Stored in a two dihensional array representing
velocify—azimuth space. The position of the maximum amplitude
in this space determines the required apparent velocity and
azimuth of the signal. On this machine, the automatic version
of the program for full ranges of azimuth and velocity takes too
long (several hours) to run for one record. More over, because
of the limited space available in the machine, data sampled at
higher rates than 50s/s could be filtered for only severely
limited ranges of velnacity and azimuth. Use of lower sampling
rates than this results in poor resolution in the determination
of signal velocity and azimuth.

To overcome these problems and to obtain more precise data
on first and later arrivals, a program was written in Fortran
for implementation on the University of Durham's general purpose
IBM 360/370 computer. This program (listed in apmendix C), VFIL,
performs the same functions of delaying, summing and cross
correlating already described abhove. A brief descriotion of the
Fortran program is now given.

At any chosen point in time along the array record, defined
search ranges of azimuth and velocity are swept through starting
from initial vaiues up to stipulated final values in specified
increments. For any given time along the rééord, values of
velocity v, and azimuth, 0, are selected within the given ranges.
Arrival times, T (relative to the crossover point) corresponding

to the signal (v,0) are calculated for the seismometer r assuming
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plane wavefronts and using equation 3.2. The output of seismo-
meter r is then delayed in time by amount T The delayed out-
puts or channels for the red and yellow arms are summed
seperately. These vartial sums are cross ruultinlied ani the
square root of the crossproduct taken with the original sign
preserved. The output is then integrated over a time window

of about one period of the uninterrupted signal.

For an azimuth Oi and velocity vir a value of the corre-
lator output, Cij' is computed. If there are m values of
velocity and n values of azimuth, then mn values of correlator
output are calculated in the 0-v snace. Thése mn values are
smoothed out to reduce the effect of noise bursts. A test is

then carried out to see which of the outputs, ; 1s a maximum

, “i9
or peak in the 0-v space. All identified peaks in the field
(with their corresponding values of o ana v) are then arranged
iﬁ descending order of magnitude in a one dimensional array for
each chosen time point.

The contents of this array can be printed and/or plotted as
desired starting from the first elément. Any desired number
of peaks can thus be plotted/printed for a given point in time,
By trial and error it was established that 1 or 2 peaks gave
the best nlots. The size of the character used in the plot is
chosen proportional to the corresponding computed TAP amplitude.
Four to five peaks were usually printed. The need to search
for more than one peak in the field at a point in time arises
from the fact that two or more seismic phases may overlap in

time at the station.
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Performance tests on the filtering program.

Local earthquakes recorded by Kaptagat array station and
used for the study of the rift structure to the immediate east
of the array station cover a frequency range of about 4 to 5 hz.
After the first-arrival which lasts uninterrupted for no more
than about one period, there may be several vartially overlapping
phases resulting in signal interference. Tests on synthetic
data were, therefore, carried out to estimate the accuracy with
which velocity and azimuth of a single signal vnhase can be
measured and also to determine the ability of the program and the
array to resolve differences in velocity, azimuth and onset times
of interfering signals.

To simulate a seismic wavelet, a decaying sinusoid of
frequency f, amplitude A and duration T was generated as a time
function from the relation

0o,=01

y = (Asin2Iift)Cot (Ol+(
T

)t cee.  (3.19).

07 and 0, are chosen minimum and maximum values of the angle (in
radians) whose cotangent modulates the siné function. By choos-
ing the yalues 5 units, 0.40 rad., 1.45 rad.,‘4 hz and O.SOs_for
A, 01, 09, f and T respectively, about 2 cycles of this decaying_.
4 hz sinusoid lasting 0.50s was generated.

Using Mod 1 computer and the program listed in appendix B,
this simulated wavelet was generated at sampling intervals of
0.02s and 0.01s. This wavelet formed each channel of a ten
channel record (fig. 3.4a) stored on a disk file. These ten
time series channels on the record were linkdd to the 10 co-

ordinates of Kaptagat array seismometer pits. The channels could
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Fig.34a . A decaying 5 hz sinusoid linked to each of the ten kaptagat pits.
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then be given relative dalays corresponding to an arrival at the
station with a given apparent velocity and from a given azimuth.
The accuracyv achieved by the array and the program in the
measurement of velocity and azimuth for a single phase was
studied using this delayed record. Delays corresponding to two
or more arrivals with different apparent surface velocities and
from same or different azimuths could also be introduced. In
this way it was possible to test the ability of the array tQ
seperate two interfering/overlapping arrivals in time and deter-
mine their signal parameters.

For use on Mod 1 computer, the synthetic data recorded at
50s/s were filtered in preference to records produced at lOOs/s
because the former allowed fof coverage of wider ranges in
velocity ahd azimuth. Finer resolution in the estimate of the
éignal parameters for the same event could then be obtained from
data recorded at 100s/s within the narrower limits established
by the previous data.

The delay Ty for the ith channel was calculated for a
signal with velocity 6.0 km/s and from azimuth 225° as before
using equation 3.2 and the coordinates of Kaptagat pits. The
number of samples involved in the delay, Ty is the neafest
whole numberlto 50Ti since there was no provision in the program
for interpolation between samples.., After the application of the
delays, the resulting record (fig. 3.4b) was stored on a disk
file and subsequently filtered using the program listed in
appendix A and discussed in section 3.4.2. - An averaging time
of 0.20s was used. This averaging time has been found by trial
and error (as shown later in this section) to be the best value

for use in filtering of records of the local events.
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Using a,%.mm scale to which a magnifying glass was attached
amplitudes of the correlator outputs were measured for signal
velocities increasing from S.O km/s to 7.0 km/s in stepts of
0.2 km/s and for azimuths increasing from 221° to 227° in steps
of lO,_ These amplitudes normaiized to unity for maximum
amplitudé in the field is shown in table 3.1. The maximum
normalized amplitude was located at the correct velocity of 6.0
km/s but at an azimuth of 224° (instead of 2250). However it is
clear from table 3.1 that the measured azimuth lies between 224°
and 225° suggesting a difference of less than 1° between exnected

measured .
and>\azimuths. This small difference between expected and
measured azimuths could possibly result from the coarse increments
(0.2 km/s) in search velocity and from the quantization errors
due to the sampling interval of 0.02s used.

Fig. 3.5 shows the correlator outputs for an azimuth of
224°. At the top of the record is a single channel; this is
followed by outputs for velocities increasing from 5.0 km/s
to 7.9 km/s in steps of 0.1 kw/s. Normalized correlator amplitudes
measured from these outputs were then plotted against velocity
(fig. 3.6 ). As expected, the curve peaks at 6.Q km/s which is
the correct signal velocity. The corresponding vpeak for azimuth
of 225° is also at 6.0 km/s but the amplitude is then 95% the
peak at 224°,  wWhen steering delays corresponding to a signal
with velocity 7.0 km/s and azimuth 225° were inserted in the ten
channel unphased record, maximum normalized correlator output was
located at 224° and 7.1 km/s.

Tests similar to those described above were also carried

out for azimuths of 90°(270°), 135°(315°) and 180°(0°) when
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221 222 223 224 225 226 227
5.0 n,43 0.45. 0.61 0.69 0.71 0.59
5.2 0.56 0.49 0.72 0.80 0.30 0.67
:§ 5.4 0.39 0.63 0;57 0.81 0.89 0.86 0.75
% 5.6 | 0.46 0.72 0.67 0.90 0.95 0.39 0.74
345 8 0.50 0.83 0.85 0.98 0.93 0.86 0.72
/6.0 [ 0.59 0.93 0.88 1.00 0.95 0.80 0.70
% 6.2 0.75 0.99 0.98 0.96 0.89 0.890 0.54
::6.4 0.81 0.96 0.97 0.92 0.82 0.71 0.52
§~6,6 0.86 0.93 0.94 0.86 0.76 0.67 0.53
- 6.8 0.85 0.89 0.39 0.80 0.70 0.63 0.51
7.0 0.85 0.67 0.63 0.49
Table 3.1 Normalized amplitudes in the neighbourhood

of (6.0 km/s,2250) when the array is tuned

to the signal (6.0 km/s,225°).
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Fig-3-5. TAP traces for data of Fig.34b at dn azimuth of 224°,

Velocity increases from 5 OKin/s to 7- 9 Km/s in steps of O-1Km/s,
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apparent velocity of signal was fixed at 7.0 km/s. The'results
for 270° and 135° are shown in tables 3.2 and 3.3 respectively.
At 27000 velocity and azimuth increments were 0.1 km/s and 1°
respectively and measured azimuth and velocity were 271° and
A7ul km/s. At 135° azimuth, increments of'O;Z km/s and 2° in
search velocity and azimuth were used and the resulting measured
parameters were 6.8 km/s and 130°(fig, 3.7) - From table 3.3 and
fig. 3.7 the peak at 135° occurs at the correct velocity of 7.0
km/s.although this peak is only 0.90 of the peak at 130° At
all a21muths the measured velocity was w1th1n + 0.1 km/s of the
correct velocity. Except for the azimuth of 135° each measured
azimuth was within + 1° of the correct azimuth,

All the measurements discussed above are summarized in
table 3.4. 1In all these discussions we have used synthetic data
recorded at 50s/s to ensure flexibility while using Mod. 1
computer. Better resolution kthan given ébove) in the measure-
ment of'signal parameters may be obtained with data sampled at

100s/s using a bigger machine.
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YInutzy

(soodbap)

apparent velocityv (km/s)

6.4 6.5 6.6 6.7 6.8 6.9 7.0 7.1 7.2 7.3 7.4 7.5 7.6 7.7
266 0.90 0.93 0.91 0.91 0.91 0.78 0.75 0.71 0.62 0.68 0.58 0.58 0.58 0.41
267 0.86 0.94 0.94 0.92 0.94 0,89 0.90 0.86 0.84 0.76 0.68 0.58 0.58 0.59
268 0.89 0.89 0.87 0.96 0.96 0.94 0.91 0.92 O.éO 0.83 0.73 0.73 0.74 0.55
269 0.81 0.88 0.97 0.97 0;97 0.98 0.97 0.89 0.83 0.73 0.81 0.81 0.71 0.63
270 0.68 0.81 9.81 0.94 0.95 0.98 0.99 1.00 0.99 0.98 0.95 0.89 0.89 0.85
271 0.63 0.74 0.86 0.91 0.95 0.99 0.99 1.00 0.99 0.90 0.91 0.9 0.82 0.71
272 0.39 0.59 0.756 0.82 | 0.86 0.92 0.96 0.00 0.00 0.96 0.91 0.91 0.87 C.78
273 0.37 0.37 0.58 0.59 0.64 0.73 0.81 0.86 0.94 0.96 0.96 0.9¢6 0.94 0.88
274 0.36 0.45 0.60 0.64 2.70 0.81 0.81 0.94 0.580 0.97 0.97 0.93 0.92 0.88

Table 3.2 Normalized correlator amplitudes in the
neighbourhood of the signal (7.0 km/s,
2707) to which the. array is tuned.
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(s/wx) AJTOOTDA JUBIRUAY

when Kaptagat array is tuned to (7.00

km/s,135°) .

Azimuth (degreac)
122 124 126 128 130 131 132 133 134 135 136 137 138 139 140 142 144
6.0 0.58 0,56 0.43 0.45 0.41 05.42 0.43 0.39 0.40 0.43 0.42 0.41 0.34 0.30 0.32 0.28 ©0.28
6.2 0.65 0.62 0.64 0.58 0.55 0.55 0.51 0.47 0.43 0.44 0.48 0.43 0.43 0.42 0.35 0.35 0.33
6.4 0.69 0.76 0.82 0.81 0.65 0.65 0.68 0.55 0,55 0.55 0.55 0.51 0.4% 0.49 0.4 0.42 0.41
6.6 0.77 0.77 0.92 0.89 0.8 0.85 0.83 0.78 0.70 0.70 0.81 0.62 0.64 0.64 0.55 0.54 0.45
6.8 0.6 0.78 0.90 0.95 1.00 0.99 0.97 0.8 0.93 0.90 0.92 0.87 0.78 0.79 0.74 0.68 0.56
7.0 0.67 0.72 0.83 0.85 0.91 0.92 0.94 0.96 0.95 0.95 0.94 0.92 0.8 0.83 0.80 0.74 0.64
| 7.2 0.50 0.58 0.66 0.78 0.81 0.81 0.87 0.91 0.89 0.89 0.88 0.83 0.83 0.80 0.80 0.73 0.67
i 7.4 0.39 0.47 0.51 0.48 0.55 0.55 0.52 0.69 0.82 0.77 0.67 0.72 0.67 0.65 0.71 0.61 0.62
1 7.6 0.28 0.31 0.35 0.30 0.40 0.40 0.52 0.32 0.57 0.57 0.46 0.47 0;55 0.55 0.32 0.60 0.56
: 7.8 0.23 0.23 0.17 0.26 0.28 0.28 0.33 0.38 0.45 0.42 0.41 0.41 0.36 0.41 0.46 0.45 0.48
Table 3.32. Wormalised TAP amolitudes for signals in the neighbourhood of (7.0 km/s,lBSoy
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Correct
azimuth
(degrees)
135

180

Table 3.4.

Correct
velocity

(kn/s)

Measured velocities and azimuths at different

are given delays corresponding to a signal

crossing the array with velocity of 7.0 km/s

Measured
azimuth
(degrees)
130
179

224

Measured
velocity
(km/s)

6.9

at each of the given azimuths.

113,

azimuths when the outputs of the array sensors
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Interference problems.

Using a synthetic seismoqgram program, Maguire (1974) showed
that for an zvent at a distance of about 55 km from Kaptagat
sixty arrivals occurred within the first 9.63s of record if
amplitudes within three orders of magnitude including P,S and
mode conversions were considered. Calculated avpparent surface
velocities varied from 3.47 km/s to 13.57 km/s. Although the
number of thése theoretical arrivals wiliibe drastically reduced
when only measurable amplitudes are considered, signal inter-
ference between recorded phases certainly constitutes a |
problem for such small distances.

Distances covered by the immediate eastern local rift
events used in this study range from about 50 km to about 80 km,
Consequently, after the first arrival, superposition or inter-~
ference of two or more recorded signal phases could result in
measured velocities and azimuths which may differ significantly
from those of the original single components.

To illustrate, we consider two simple harmonic waves of
equal amplitude, a, propagating across the array with angular
frequencies w, and w wave vectors, k., and k

1 27 i 2

difference ¢ between them. The displacements, Yy and Yy, are

and with a phase

then given by

<
i

a 81n(wlt—El-£+¢)

Il

Y7 t_li ’E)

a 51p(w2 2

The displacement, y, resulting from interference between the ..
two waves 1s given by

- L ~L (k. - 3
y = 2al%(w +w,)t=%(k, +k,) .r+ 5}X

2)

)e=%(k, k) .x+ £3 ce.. (3.20)

2

I~

/
\

el

Cos{% {w, ~w

1 72 1
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In the present data, frequency variation is small (section
3.4.3). On the other hand, measured apparent veolcities cover
the range 5.6 to‘about 9.4 km/s. . Interference effects in space
are, therefore, more important than those in time. To further
simplify the treatment, we caﬁ therefore assume that the two
waves have the same frequency w, say, so that equation (3.20)
reduces to |

y = 2afwe-}(k +k,) .r+dlcos (=} (k +k,) .rg) e (322D)

If the two waves have different velocities but come from the
same azimuth, then the first term in equation (3.21) represents a
wave travelling in the same direction (i.e. having the same azimuth)
as the two interfering waves but with a wave vector E3 given by

|k

= %
<, = 5k 1+ 1k, D)

Since |k is not equal to |k or |k the apparent velocity of

N | s
the resultant wave is different from that of either of the original
waves. Interference in this case, therefore, results in correct
measured azimuth.but anomalous value for measured velocity.

If v. and v, represent the phase velocities of the interfering

1 2

waves and V3 the phase velocity of the resultant wave, it can be

shown that for the same frequency,

v, = 2V1Y,

3
v,

For normal East African shield crust and for surface focus, Pg and

Pm phase velocities are about 5.8 km/s and 10.8 km/s at a distance

of about 60 km. These two phases coming from the same azimuth can

therefore interfer (if they have the right stepout time) to produce
a new wave crossing the array with a phase velocity of about 7.6

km/s. A superposition of a surface wave (about 4.0 km/s) and a
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Moho reflection {(about 10.8 km/s) produces a wave of velocity
5.8 km/s.

The second term in equation (3.21) represents the interference
envelope and is constant in time. The wavelength, i3, of this

envelope at a frequency, £, is given by

2V1V2
f(vz—vl)

If A3 is large compared with the dimensions of the array, then its

}\3':

effect is negligible. For example at a frequency of 5 hz, the
interference of waves 'of velocities 5.8 km/s and 6.5 km/s from the
same azimuth results&@nterference envelope of wavelength 21.5 km.
This is large compared with the array dimensions of about 5 km

and does not introduce avpreciable error in correlation measurements.
On the other hand, for the same frequency and for velocities vy and

v, of 5.0 km/s and 15.0 km/s, the interference wavelength is 3.0 km

2
which is comparable to the dimensions of the array. The velocity
filtering process may, therefore, correlate the interference envélope
rather than the individual arrivals. This would produce a high
correlation at an anomalous veloqity.but at ﬁhe correct azimuth.

‘In equation (3.21), if tWo waves with different velocities

is given

and azimuths are considered, the resulting wave vector E3

by

ky = %k +k,)

=3 2

Since the magnitude and direction of %(k, +k,) necessarily differ
from those of Eland gz, it follows that the velocity and azimuth

of the resultant wave are different, in general, from those of the

interfering waves. By similar argument it is seen that the inter-
promgates :
ference pattern / with anomalous velocity and anomalous

azimuth.
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It is concluded from the discussions above that two waves
from the same azimuth can interfer to produce correct azimuths
but spurious velocities. Furthermore, interference of waves
from different azimuths can lead to both anomalous velocities
and anomalous azimuths. These observations suggest that caution
should be exercised in the interpretation of velocity énd azimuth
data for later arrivals,

In reality the interference problem may not be as intractable
as the éimple discussions above would suggest. The phases that
can usually be recorded may not have the right time relationships
for interference to take nlace. Time distance graphs for important
phases are plotted in fig. 3.8 for the normal East African shield
crust and for surface focus. 1In the range of distance (about 50
to 90 km) covered by immediate eastern local rift events, the
principal vhases in increasing order of onset times are.%v,PIP,
Pm and surface waves.

As the distance increases from 50 km to 90 km the stepout times
between P_ and P_P decreases from 3.82 to 2.40s, and that between

I

PIP and Pm decreases from 4.62s to 2.79s. The surface waves, mainly

I
Pm by 8.05s, 4.20s and 0.00s resvectively at 50 km distance and

Rayleigh waves with velocity of about 3.0 km/s trail Pg’ P_P and

by 14.55s, 12.10s and 9.40s respectively at 90 km. The S phases
equivalent to the P phases discussed above are expected to come
in with very low amplitudes since they are best recorded by
horizontal instruments; they will, therefore, produce minimal
éffects on correlation amplitudes. It should, therefore, be
possible to seperate partially overlapping arrivals in terms of

time, azimuth and phase velocity.
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An investigation was carried out to test the ability of the
array and the processing technique in seperating interfering arrivals
(from the same azimuth) and in resolving their signal parameters.

The test was carried out for an azimuth of 2250(which approximates
the azimuth of local events from Kavirondo gulf)and for two signals
with phase velocities of 6.0 km/s and 8.0 km/s which are typical
crustal velocities.

The signal wavelet corresponding to each Kaptagat pit was
delayed (relative to the crossover point) by lengths of time corres-
ponding to two arrivals crossing the array with apparent surface
velocities of 6.0 and 8.0 km/s respectively. The two delayed outputs
for each pit were added to give a resultant comvosite signal. The
calculated seperation in time between the onsets of the two arrivals
at each of the ten pits (table 3.5) varies from 0.008s to 0.147s.

The resulting ten channel record was velocity filtered with
the —-azimuth fixed at 225° and velocity swept from 5.0 to 10.0 km/s
in steps of 0.5 km/s. Averaging times of 0.05, 0.10, 0.15, 0.20,
0.30 and 0.40s were used. Two distinct peaks were observed, one
at about 5.5 km/s and the other at about 7.5 km/s independent of
Qindow length used. Fig. 3.9 shows the correlator output for
window length of 0.20s and azimuth of 225° when velocity was
incremented by 0.5 km/s.

The velocity filter program was then run with azimuth fixed at
224° and velocity incremented by le km/s. As shown in section 3.4.3
this is the azimuth at which maximum correlation occurs in azimuth-
velo;ity space. A plot of normalized correlator amplitude against
phase velocity was produced for each averaging time in the range

0.05s to 0.80s. For all values of window length, the interfering
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Seismometer Time severation
Pit (seconds)
R1 0.025
R2 0.045
=3 0.101
R4 : ' 0.130
R5 ' N.181
Y1 ‘ 0.008
Y2 _ '0.061
Y3 | 0.079
Y4 ' 0.110
Y5 0.147

Table 3.5. Step out times of 6.0 km/s and 8.0 km/s arrivals
at Kaptagat pits when the signals come in from

an azimuth of 225°.
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arrivals were seen to be seperated since all the curves show double
peaking. Fig. 3.10shows the velocities at which the peaks occurred
for various averaging times.

bouble peaking and hence signal seperation in time is most
prominent for window length of O,OSSI(fig. 3.11 ). But this size
of averaging time was considered too small to give reliable results;
for example the peaks occurred at velocities of 5.% km/s and 8.8
km/s instead of 6.0 km/s and 8.0 km/s. It is evident from fig. 3.10
that window lengths between 0.15s and 0.30s ga§e both measured
velocities to within 0.1 km/s of the correct velocities. Within
this range, the averaging time of 0.20s gives correct values . :
(6.0 km/s and 8.0 km/s) for both velocities but the double pé;i?ﬁg3zl )
is not as prominent or as well defined as that for 0.05s. Window
length of 0.20s was, therefore, considefed the most appropriate

value to use in filtering records from local events used in the

present analysis where the dominant frequency is about 4 to 5 hz.

Estimates of error in apparent velocity and azimuth measurements.

Error due to assumption of plane wavefront.

In the plane wave front formulation used in the filtering
program (section 3.4.2) the arrival time, tp, of a plane wave front
from an azimuth © at a point P(Xi,yi) Qn thé horizontal earth's
surface with respect to zero time at the origin is

= - j + C
tp (xi51n9 Y, 0s0) /v

This expression is correct for sufficiently large distances from
the source. For small epicentral distances, the curvature of the

wavefront must be considered to see if significant errors in
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measured velocity and azimuth result from the assumption of plane
wavefronts.

Consider a point source, S(fig. 3.12) of spreading spherical
wave fronts. The radial distance, D, from the source to P(xi,yi)
is given by

2.k

D = ((Acogg—yi)2+(fsin6—xi) ) ?

where A is the radial distance from source to the origin or cross-
over noint. Assuming curvature in the wavefront, the arrival time,

tc’ of the wave at P relative to zero at the origin is now

- _ D-A
tc Y/

This expression should give a better estimate of the times used
for inserting delays into the various channels in the velocity fil-
tering process. Because neither A nor D was known sufficiently
accutately,»this expression wes not used. In its place the
expression based on plane.yavefront formulation was used.

Consider a point source S(fig. 3.13) generating spherical
waves. At a radius r, the difference, x, in positions between plane

(PR) and spherical (POR) wavefronts is given by

X = - /2.7

r2—a
where 2a is the aperture pres=ented by the array at the given
azimuth. The difference in arrival times of svherical and plane
wavefronts is XA where V is the apparent surface velocity.
Kaptagat array apertures at azimuths of 45° and 90° are about
7 km and 5 km respectively. The minimum estimated distance, r,
for rift events to the immediate east of Kaptagat is about 60 km.

At this distance the differences in calculated times (between
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Fig. 3-12 . Schematic diagram for a curved wavefront
crossing the array.

R

Fig. 3-13 . A diagram illustraling difference in positions of
plane (PR} and spherical(PQR) wavefronts dt a
‘distance r from source.
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plane and curved wavefront approaches) for a phase velocity of
7.0 km/s are 0.0145s and 0.00744s for azimuths of 45O and 90O
respectively. These time differences are of the order 0.0ls
which is the sampling interval used to digitize the records.
It is clear from this observation that a higher sampling rate
than 100s/s will not necessarily improve the resolution of the

data for this and smaller distances if.the program assumes plane

- wavefronts.

Error due to finite sampling rate.

In the program used to célculate apparent velocity and
azimuth, no provision was made for interpolation between samples
because the data were sampled at 0.0ls intervals anrd the required
accuraby is achieved without need for interpolation. Delays were,
therefore, applied to the nearest digit.

Consider a seismometer located at the point P(xr,yr) in the
x-y plane on a horvizontal carth's surface and at an azimuth C(r
(fig. 3.2). If a nlane wave crosses the array with apparent -
velocity V from an azimuth ¢ , the arrival time, t, at P relative
to zero time at the origin is

t = —(xr51n6+er059)/v

If the seismogram is digitized at S samples per second, the wave
will arrive P at sample N where

N = - (Xr81n6+erose)S

A%

14
and N is the digit nearest to N . For reliable estimation of
velocity/azimuth, it is necessary that for each seismometer these
digits, N, change for a change in velocity/azimuth.
’

The rates of change of N per unit change in azimuth and

velocity are given by
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3N' _ . (-x_Cosn+y_Sin0)s
30 - L o and
! (X cimae :
g% = rSanIYrCOSO) respectively.

V?

Tables 3.6a,b,c also give the number of seismometers, m,
changing whole number of samples, N, at a particular azimuth when
the apparent velocity at that azimuth changes by 1 km/s, 0.5 km/s,
0.2 km/s and 0.1 km/s respectively. Table 3.6b computed for a
phase velocity of 7.0 km/s shows that when the phase velocity
changes by 0.5 km/s, an average of 6 seismometers change samples
at an azimuth of about 90”. Two of these seismometers are on the
red arm and four on the yellow arm of the array. For a change of
0.2 km/s in velocity abt about 90° azimuth, an average of 4 seis-
mometers (all on the yellow arm) change samples. For a change of
0.1 km/s at 7.0 km/s velocity and same azimuth only three seis-
mometer, (y3,y4,y5), all on the yellow arm, (though not all on
a straightline), change integral number of samples.

It is evident, therefore, that in this direction, even when
all seismometers are functioning, phase velocity measurements can
not be made to a precision better than toa km/s if the sampling
interval is 0.0l;. The resolution improves/worsens as the apparent
velocity decreases/increases at the same azimuth.

Table 3.6d shows %% values computed at a phase velocity of
7.0 km/s for different azimuths. The last row on this table gives
the number, m, of seismometers changing samples by whole numbers
when azimuth changes by 19 ana 2° respectively at various azimuths.
For a change of lo, only three seismometers are effective while
four seismometers change samples by whole humbers for a change of

o)

2°. In both cases all the seismometers are on the red arm although

fhey do not lie on a straightline.
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~ 3N! - =1 \
v at 6.0 kms for azimuths of
Pits 75° 60° 85° 90° 95° 1100° {105 [110° | 115°
] 1 I
Rl 0.8] o0.6 0.5 | 0.3] o0.1] 0.1 0.3]0.5] 0.7
R2 1.3 1.0 0.7 0.3 0 0.4 0.70 1.1 1.4
R3 3.2 2.5 1.8 1.0 0.3] 0.5]1.2( 2.0 2.7
R4 4.5 3.6 2.7 | 1.8 0.9! o 0.9} 1.8 2.7
R5 6.2 5.0 3.8 | 2.6 1.3% o 1.3) 2.5| 3.8
Y1 1.1 1.1 1.2 ] 1.2 1.3 1.3 1.3{1.3] 1.3
Yz 501 502 502. 502 502 '502 501 499 408
Y3 7.1 7.2 | 7.3} 7.3 7.3} 7.2 7.1{6.9] 6.7
Y4 10.0 { 10.2 | 10.3 |10.3 10.310.2 10,0} 9.7 ] 9.3
Y5 12.9 | 13.1 13.2 |13.2 13.1 12,9 h2.6 [12.2 ] 11.7
‘m for : ,
1 km/s 10 10 10 8 7 6 9 10 10
change
m for 0.5 _
km/s 9 9 8 8 6 5 7 |9 9
change '
m for 0.2
'km/s 7 7 6 5 4 4 4 |5 7
change :
m for 0.1
km/s
change 5 5 4 4 4 4 4 4 4

Table 3-6a. Values of %%— computed for Kaptagat pits
at signal azimuths in the range 759 to 115°
for an apparent velocity of 6.0 kméEl° mis
the number of seismometers changing samples

by whole numbers for the given velocity change.
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%%L at 7.0 km/s for azimuths of
Pits 75° | 80° | 35° [ 90° | 95°| 100°] 105°| 110°] 115°
R1 0.6 0.5 0.3 0.2 0.1 0.1
R2 1.0 0.7 0.5 0.2 0 0.3 °
R3 1.8 1 1.31 0.71 0.2| 0.4 . . .
R4 3.3 2.7 2.0 1.4 0.7 0 1.3
R5 3.7 2.8 1.9 1.0 0 . 1. o
Y1 0.8 0.9 0.9 0.9 1.0 .
Y2 3.8 3.8 3.9 3.8 3.8 o
Y3 5.2 5.3 5.4 5.4 5.4 5.3 . 5. o
Y4 7.5 7.6 7.6 7.6 7.5 .
Y5 9.5 9.6 9.7 9.7 9.6 9.5 o 8.9 °
m for
1 km/s 10 10 9 8 7 5 9 9 10
change
m for
0.5 km/s o] 7 7 6 5 5 5 8 9
change
m for
0.2 km/s 6 6 5 4 4 4 4 4 5
change '
m for A
0.1 km/s 3 3 3 3 3 3 3 3 2
change

Table 3.6b. Values of %%— conputed for Kaptagat pits at

signal azimuths in the range 75° to 115° for

an apparent velocity of 7.0 km_l.
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gs' at 7.5 km/s for azimuths of

Pits 75° | 80° 1 '85° | 90°| 95° { 100°| 105°] 110°} 115°
R1 0.5 0.4 0.3 0.2 0.1 0.1 0.2 0.3 0.4
R2 N.9 0.6 0.4 0.2 0.0 0.2 0.5 0.7 0.9
R3 2.0 1.6 1.1 N.6 0.2 0.3 0.8 1.3 1.7
R4 2.9 2.3 1.8 1.2 0.6 0.0 0.6 1.2 1.7
R5 4.0 3.2 2.4 1.6 0.8 0.0 0.8 1.6 2.4
Y1 0.7 0.7 0.8 0.8 0.8 0.8 0.8 0.8 0.8
Y2 3.2 3.3 3.3 3.4 3.3 3.3 3.2 3.2 3.0
Y3 4.5 4.6 4.7 4.7 4.7 4.6 4.6 4.4 4,3
Y4 6.4 6.5 6.6 6.6 6.6 6.5 6.4 6.2 6.0
Y5 8.3 8.4 8.5 8.4 8.4 8.2 8.0 7.8 7.5

m for

1 km/s 10 9 8 3 7 5 9 9 9

change

m for

0.5 km/s 7 7 7 6 4 4 4 7 7

change

m for

0.2 km/s 6 5 4 4 4 4 4 4 4

change

m for

0.1 km/s 2 2 2 2 2 2 2 2 2

change

Table

/’

3.6c. Values of %% computed for Kaptagat pits at

signal azimuths in the range 75° to 115° for

an apparent velocity of 7.5 km~l.
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%%u at 7.0 km/s for the azimuths of
0 5 )
75° 85° 90° 95° 105° 115

Pits lochange 2°change lochange 2°change 1°change 2°change lochange Zochange lochange 2°change lochange Zéchange
R1 0.2 0.4 0.2 0.4 0.2 0.4 0.2 0.4 0.2 0.4 0.2 0.4
R2 0.3 0.6 6.4 0.8 0.4 0.8 . 0.4 0.8 0.4 0.8 0.3 0.6
R3 0.7 1.4 0.8 1.6 0.8 1.6 - 0.8 1.6 0.8 1.6 0.7 1.4
R4 6.9 1.8 0.9 1.8 0.9 1.8 0.9 1.8 0.9 1.8 0.9 1.8
R5 1.2 2.4 1.3 2.6 1.3 2.6 1.3 2.6 1.3 2.6 1.3 2.6
Y1 0.1 0.2 0.1 0.2 0.0 0.1 0.0 0.0 0.0 0.0 0.0 0.0
Y2 0.1 0.2 0 0 0.0 0.0 0.0 0.0 0.1 0.2 0.2 0.4
Y3 0.2 0.4 0.1 0.2 0.0 0.0 0.1 0.2 0.2 0.4 0.3 0.6
Y4 0.2 0.4 0.1 0.2 0.0 0.0 0.1 0.2 0.2 0.4 0.4 0.8
¥5 0.2 0.4 0 0 0.1 0.2 . 0.2 0.4 0.4 0.8 0.6 1.2

3 4 3 4 3 4 -3 4 3 5 4 7 ]

Table 3.6d Values of %% comouted for
azimuths in the range 75°
7.0 km/s.

of

Kaptagat pits at signal

to 115° for phase velocity
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The minimum number of insfruments that can measure
velocity/azimuth uniquely is three spread in two dimengions.
From the discussions above, it is therefore concluded that for
a sampling rate of 100s/s the theoretical resolution that can
be achieved by Kaptagat array in the indicated directions is
about 1° in azimuth and 0.1 km/s in velocity when all the ten
seismometers are functioning. The resolution possible from
the record of any event depends on the particular seismometers

that produce usable records of that event.

Determination of centre of the correlator peak.

The accuracy to which azimuth or velocitv can be deter-=
mined devends partly upon the accuracy to which the centre.
of the correlator peak can be estimated (Birtill and Whiteway,

that is
1965L£pn the sharpness of the velocity or azimuth response
which in turn depends on the dimensions of the array in
relation to the wavelength of the signal and the configuration
of the array concerned.

From theoretical studies of responses-of arrays of diffe-
rent configurations, it is concluded that for ideal response
curves, the error in azimuth/velocity should not exceed %Eth
of the response beam width at the half level points (Birtill

and Whiteway, 1965). Velocity and azimuth responses for

Kaptagat array for azimuth . of 90° shown in fig. 3.14 and fig.

3.15 are calculated (for a frequency of 5 hz) from equation
3.15 when the array is tuned to receive a signal with phase
velocity of 7.0 km/s. The widths W, (for velocity) and %%

(for azimuth) of the résponse curves at half level points are
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2.3 km/s and 17O respe,ctively° These figures show that for

an ideal noisefree record, an error of not more than + 0.1

km/s in velocity and £ 1° in azimuth is expected from Kaptagat
array data at this azimuth. This corresponds to the width

of velocity and azimuth responses at the 0.995 and 0.95 levels

respectively.

Errors due to incorrect assumed velocity/azimuth.

Fig. 3.3 gives the correlator response as a function of
signal azimuth and velocity when the array is tuned to
receive a signal cfossing Kaptagat array with velocity 7.0
km/s from an azimuth of 90°, side lobes of amplitudes about
half the maximum in the field are centred around (6.1 km/s,
550) and (5.6 km/s, 1229); this can introduce erroneous
results from velocity/azimuth filtering if search azimuth/
veiocity differ widely from the correct values.

From fig., 3.3, azimuth responses at a discrete number
of velocities can be obtained. From such curves, the magnitude
of the correlg%%¥2%gsponse peak as a function of velocity (figq.
3.16) is determined; the numbers indicate the azimuths at which

the peaks occur. It is assumed that the azimuth of the event

"is initially unknown. Search for event azimuth is then made

at a number of assumed velocities,' If the assumed velocity
is the correct velocity, the measured azimuth will. also be
correct.

From fig. 3.16 it is observed that if the velocity used
in the search for azimuth differs from the correct velocity

by as much as + 0.2 km/s, the correct azimuth is always measured.
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If the search velocity differs from the correct velocity by up
' . . . o)
to + 0.5 km/s, the measured azimuth is within + 1~ of the correct

azimuth. And for an error of + 0.9 km/s in velocity, the measured

azimuth is in error by no more than t 2°, 1t is evident, there-

fore, that accurate knowledge of velocity is not critical to the
determinétion of the azimuth to within 2° of the correct azimuth
at azimuths around 90°.

Similar treatment applied to velocity response is illustrated
in fig. 3.17. If the search azimuth is within t 1° of the correct
azimuth, the measured velocity does not differ significantly from

o} 0 o
the correct velocity. But devartures of + 20, + 37, +5, +7

and + 8° from the correct azimuth result in errors of + 0.1, 0.2,
+ 0.3 and + 0.4 km/s respmectively in measured velocities. Hence

. . o)
for an ideal noise free record at this azimuth an accuracy of + 2

in azimuth is required if velocity is to be measured to within

+ 0.1 km/s of the correct velocity.

Processing of Kaptagat data.

Analogue to digital conversion of the array data.

Events used in the present study were selected from those
used by Arnold (personal communication) in seismicity study of the
region. The analogue field tapes were nlayed back (unfiltered)
with demodulation and flutter compensation at a sweed of 15/16
inch per second which is ten times the recording speed. The
analogue seismic channels and the time channel were displayed on
the 16 channel jet pen recorder and/or on the oscilloscope for
visual insvection. Some of the events played out were then

selected for digitization and subsequent velocity filtering.
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An event was selected if its seismograms had a high signal to
noise ratio, showed little or ho saturation and had a good number
of operétive seismometers evenly distributed between the two arms
of the array. In the selection, preference was given to records
with sharp first arrival P-wave onsets. Only events with P-
surface (or X?) wave times of less than about 30s were selected.

Each selected analogue record was digitized on Mod 1
computer using the ADC. The resulting digital file was copied
onto a disk file from which it was then transferred to a magnetic
tape file for permanent storage. A record to be digitized was
first played out onto the ijet pens at paper speeds of 2.5 mm or
5.0 mm per recorded second for observation of first motion on
each seismic trace. For some records it was found that the first
motions of the outputs of the seismometers were not all in the
same sense. The differences in the direction of the first motion
could have arisen from the polarities of the connections from the
seismometers to the recording system. Where necessary, the inver=
ters were used to get the first motions the same way up in all the
seismic traces. The direction of first motioﬂAis easier to see
on records with sharp onsets. For records with emergent onsets,
the direction of first motion could not be determined with
certainty and the waveform of any well recorded and correlatable
latexr arrival was used.

It was observed that the maximum number of traces that can
be conveniently and confidently digitized on Modular one computer
at 100s/s was eight if the length of each seismogram was about 30s.
At 50s/s, compvarable lengths of all ten seismograms and time

channel could be conveniently digitized without difficulty or
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error. Hence from the analogue record of each event, two digital
files were created, one at 50s/s and the other at 100s/s. Exper-—
ience during subsequent processing showed that a record digitized
at 50s/s allowed greater flexibility (in the ranges of azimuth
and velocity covered) than the same record sampled at 100s/s.

On the other hand, the higher sampling rate provided better
resolution in velocity/azimuth esmecially for velocities higher
than about 6.5 km/s. The two digital files of the same event,
thefefore, complemented each other and were used in a way to
reduce the problems created by limited space within the computer.

If the number of acceptablé seismograms on an analogue array
record was less than 8, a digital file of.8 channels was created.
This digital file included all the unfiltered seismic traces and
the time channel. Band pass filtered (0-10 hz) seismic channels
(ﬁsually Rl and/or Y1) were recorded on any of the remaining unused
channels.

If an event recorded exactly eight acceptable seismograms,
four digital files were produced from it. Two 8 channel digital
files of the 8 seismic traces (excluding the time channelf were
made at sampling.rates of 50s/s and 100s/s respectively. For the
same analogue record, two digital files, each including three band
pass filtered (0-10 hz) seismic traces (usually Rl, R2 and Y1),
these same three traces unfiltered, one other unfiltered seismic
trace and the time channel,were created at sampling intervals of
0.02s and 0.01ls respectively. The time channel was later used to
provide time scales for the set of records with eight seismic
traces. Onsets of later arrivals were identified more easily on

the filtered traces.
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The eight channel record digitized at 50s/s was found
extremely useful in velocity filtering for low velocities (e.g.
3 to 4 km/s) because there would be sufficient storage space for
the relatively smaller number of samples corresponding to the
large system delay required for such low velocities. In the
system, the space occupied by an eight channel data is half that
occupied by a 16 channel data recorded at the same sampling
interval. If the number of channels in an analogue record is
more than 8 but less than 16, the corresponding digital record
occupied the same space as a 16 <thannel record during velocity
filter processing. Hence, in order to leave more space in the
computer store for programs and time delays, 8 channel data were
used even at a samplinag rate of 50s/s unless the number of seismic
channels exceeded 8.

If an event recorded more than eight acceptable seismic
traces, the best eight were selected and four digital files made
of them as described in the preceding varagraphs. Then, in
addition, all the acceptable seismic channels together with a
time channel were digitized at 50s/s.

In all cases, the digital file was copied from disk onto
paper using the jet pen recorder. After inspection to ensure a
satisfactory analogue to digital conversion, the record was copied
onto tape. At the time of digitization, a note was made of the
pit coordinates corresponding tQ each . seismic channel.

Velbcity filtering on Mod 1 computer.

Because of the Stringeat’ requirements which data for reliable

velocity filtering must satisfy, only eleven sets of array data

f;om local rift events to the immediate east of Kaptagat were
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selected as adequate for such processing. Some more distant rift
events to the north and south of Kaptagat and a few local events
originating from the west in the Kavirondo gulf were also processed.

The procedure adopted for the velocity filtering of the
present array data recorded for each event will be described with
reference to a record shown in fig. 3.,.18a° At the time of record-
ing; six seismometers were operéting, four on the red arm and two
on the yellow arm. Using onset time analysis, Arnold (personal
communication) had determined the first arrival azimuth for this
‘event as 99°, This azimuth was. taken as the provisional starting
point° ‘The record of this event digitized at 50s/s was first
filtered (using an averaging time of 0.20s) .to determine the first
arrival azimuth and apparent velocity. For this purpose only a
very short section of the record including the first arrival was
processed as described below.

For the first stage in velocitv filtering of the data from
this event, nine values of azimuth starting from 80° and increas-
ing in steps of 5° up to 120° were used. At each value of azimuth,
velocity was swept from 3.0 km/s to about 10.0 km/s in steps of
0.5 km/s. At the starting azimuth the TAP amplitudes for the first
‘arrival were measured for all values of velocity. This procedure
was repeated for all azimuths in the given range. In this way all
the first arrival correlator amplitudes in the given velocity-
azimuth space were measured. The velocity and azimuth correspond-
ing to the measured maximum amplitude in velocity—azimuth plane
estimated roughly the region within which the event first arrival
velocity and azimuth are located. The search was then concentrated

in smaller ranges of azimuth and velocity centred around the
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correlator amplitude maximum. A more refined maximum was obtained with
increments of 0.2 km/s in velocity and 02° in azimuth leading to better
definition of the region where the first arrival velocity and azimuth
~should lie,

The region in and around the new resulting TAP maximum was further
investigated with data recorded at 100s/s using increments of 0.1 km/s
in velocity and 1° in azimuth. This last stagé ensured improved velo-
city and azimuth resolution. The final refined first arri?al velocity
and azimuth fof this event were finally estimated as 7.6 km/s and 105°
fespectively, Fig.BQBbis the correlator plot output for azimuth of
105° and for velocity increasing from 5.2 km/s to 10.2 km/s in steps
of 0.5 km/s. Other arrivals are indicated on this output and it is

necessary to measure the parameters of all significant arrivals.

‘Close to the rift where lateral variations in structure may be
expected, azimuths of first and later arrivals from the same event
may not, in general, be expected to be the same. However, for the
processing on Mod 1, because of the limitations already discussed,
flexibility is severely limited and azimuths of all arrivals from the
same event are assumed to be the same as the azimuth determined for

the first arrival.

With the azimuth fixed at the value measured for the first
drrival (105° for this event), and using data recorded at 100s/s
velocity was swept from 5.0 km/s to 12.0 km/s in steps of 0.1 km/s.
For each arrival the measured amplitude at each”velocity was normalized
to unity with respect to the maximum amplitude measured for the first
arrival and plotted against the corresponding velocity. Such velocity
response curve for the first arrival is shown in fig. 3.19. The least
squares parabola fitting the data of fig. 3019 from 6.2 kﬁ/s to 8.5
km/s is |

Y = - 16.612 + (4.594%0.597)v~-(0.301%0.041)v?

where Y is the normalized correlator résponse and V is the measured
apparent velocity. Estimates are standard error. The maximum response
occurs when the gradient of this curve is zero, ﬁhat~when V=7.63 km/s
which confirms earlier estimate. Inspection of this curve indicatas
that a smaller amplitude arrival with a velocity of about 5.8 km/s
appears to be recorded at about the same time as the 7.6 km/s
arrival. This subsidiary peak is more clearly indicated in the

filter output from subsequent processing discussed in section 3.6.3.
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The velocity of each later arrival was determined*lnjplotting its
normalized correlator amplitude against velocity. The value of
velocity corresponding to the maximum of this curve was taken as
the best estimate for the apvarent velocity of that arrival. In
this way the apparent velocities of all prominent later arrivals
from the given event were measured. To objectively determine
each peak and the corresponding velocity, it was necessary, in
some cases, to fit a parabola to the measured values of correlation
against phase velocity.

For velocities less than about 5.0 km/s, difficulty was
encountered in filtering data digitized at 100s/s for reasons
already discussed. The severity of this problem depended on the
signal azimuth and the coordinates of the pits of the operating
seismometers. To get over this problem, data of the same event
digitized at 50s/s was filtered with the azimuth fixed at the
value already determined above for the first arrival. A velocity
sweep from about 3.0 km/s to about 6.0 km/s in steps of 0.1 km/s
was then easily implemented. This range of velocity was expected
to provide information on onset.times of S and mode converted
phases. Although 3.0 km/s may be high for some S vhases, it was
not vossible on Mod 1 to go below that velocity even for data
- recorded at 505/5, Fowever, subsequent prdcessing on a bigger
machine.(section 3.6.3) haﬁdled velocities well below 3.0 km/s
without difficulty.

The procedure described for the event mentiohed above was
applied in filtering the digital records'of all the other events
used in this study. Rift events to the north and south of

Kaptagat have longer periods than the local events to the immediate
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east and west. The period of the first arrivals of these north
and ~gputh rift events was about 0.30s. Smoothing time window
of 0.30s was, therefore, used for nrocessing data from these
events.

The resulting data are shown in fig. 3.20. The correlator
amplitude of each later arrival at the velocity determined for
it was normalized to unity with respect to the;corresponding
amplitude of the first arrival at the measured first arrival
velocity. The normalized correlator amplitude was plotted as a
vertical line at the corresponding arrival time (relative to the
first arrival). 'The number below each line is the estimated

apparent velocity of the arrival at that time.

Filtering on IBM 360/370 computer.

The assumption that later arrivals come in from the same
azimuth as first arrival of the same event may not be justified
for all events because of possible lateral variations in the
structure within the rift zone. Such variations will result in
the event rays being deflected in the horizontal as well as in
the vertical directions. Signal components from the same event
may, therefore, arrive Kaptagat from azimuths different from one
another and from the first arrival azimuth. There was, therefore,
the need to determine not just the velocity‘but also the azimuth
of each later arrival. Secondly, more than one arrival may be
recéfded at the station at about the same time. In effect, more
than one peak may exist in the velocity—azimuthnspace at any given
time point along the seiswmic record. TFor example, unwanted large

amplitude low velocity signal generated Rayleigh waves can partially
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Fig. 32.20a : The data (velocity and azimuth) for closein
immediabte eastern rift events ascuming first
and Toter arrival azimuths are the same.
Number below each vertical line is apparent
veleciby in km/s.  Relative onset times are

mart-~1 in apcondn,
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Fig, 3,20b:

The velocity and azimuth data for distant
rift events to the north and south of
Kaptapat. TFor a given event, the azimuths
of the first and later arrivals are assumed
to be the same. The number below each
vertical line is the corresponding phase
velocity in km/s. |
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overlap and mask the desired but low amplitude crustal arrivals.
In a situation such as this, it becomes necessary to determine all
the significant correlator peaks in the field and then select those
relevant to the physical vroblem in hand.

The principles of nperation of the '.program VEIL. (appendix
C) written to perform this task on Durham University's IBM 360/370
computer has been described in section 3.4.2. The data guided
through this program were all digitized at 100s/s, and were exactly
the same as those processed on Mod 1 computer using the earlier
program. For reasons discussed in section 3.6.2, time window of
Q,ZOs was used for local events to the immediate east and immediate
west of the station while window length of 0.30s was used for
filtering rift events to the north and south of Kaptagat. This
brogram was designed to confirm and complement the results obtained

from Mod 1.

Thé implementation of the program will'be illustrated with the
processing of data from event 11 digitized at 100 samples per second
(fig. 3.21). From velocity filtering on Mod 1 computer, the first
arrival velocity and azimuth of this same data were determined as
7.0 km/s and 113° respectively.

The new program was now uéed to repeat the measurement of the
first arrival parameters. Initially filtering covered ranges of
3.0 km/s to 12.0 km/s in velocity and 60° to 160° in azimuth and
started at the 50th sample on the original digital file on tape.
Increments in velocity, azimuth and time were 0.5 km/s, 5° and
0.05s respectively. With this coarse processing the maximum

correlator output in the velocity-azimuth space was located at












































































































































































































































































































































































































































































































































































































































































































































