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Abstract

The development of accurate predictions of the response of the Antarctic Ice Sheet to future

climatic change is a key challenge facing the scientific community. Ice sheet models are typi-

cally evaluated with recourse to how well they can reproduce past ice sheet behaviour, which

is constrained by geological data. However, subglacial topography, an important boundary

condition in numerical ice sheet models, may have evolved significantly through time due to

processes such as tectonics and erosion. It is therefore necessary to use a topographic recon-

struction to more accurately simulate past ice sheet dynamics for a particular time interval.

This will, in turn, engender increased confidence in the models used to predict future ice sheet

behaviour and sea level change.

This thesis develops a workflow tailored towards elucidating changes to Antarctica’s subglacial

topography since glacial inception at the Eocene–Oligocene boundary (ca. 34 million years

ago). The thesis targets three regions in East Antarctica: the Recovery catchment, Wilkes

Subglacial Basin, and Pensacola-Pole Basin. These areas are chosen because each is charac-

terised by extensive areas of topography situated below present-day sea level, which renders

the overlying ice sheet potentially vulnerable to rapid and extensive change. In addition,

each area presents the opportunity to, for the first time, combine recently acquired geophys-

ical datasets with onshore and offshore geological constraints to develop models of long-term

landscape evolution.

The findings of these regional studies are combined and the workflow is expanded across the

continent to produce new reconstructions of Antarctic topography at four climatic intervals:

(1) the Eocene–Oligocene boundary (ca. 34 Ma); (2) the Oligocene–Miocene boundary (ca.

23 Ma); (3) the mid-Miocene climate transition (ca. 14 Ma); and (4) the mid-Pliocene warm

period (ca. 3.5 Ma). These reconstructions reveal that the area of land above sea level at

ca. 34 Ma was ∼25% greater than today. Large areas in West Antarctica and around the

East Antarctic margin subsequently became lower-lying due to glacial erosion and thermal

subsidence. Ice sheet models using these new topographies indicate that the Antarctic Ice

Sheet has become more sensitive to climate and ocean forcing through time as a result of

landscape evolution processes. Use of these topographies in the next generation of ice sheet

models will improve confidence in the understanding of Antarctic Ice Sheet sensitivity to past,

present and future climatic change.
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Chapter 1

Introduction

We do not notice whether it is winter or summer

when we are happy

Anton Chekhov

1
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Antarctica hosts the largest ice sheet on Earth. The Antarctic Ice Sheet (AIS) initially formed

approximately 34 million years ago (Barrett , 1989; Coxall et al., 2005; Drewry , 1975; Hambrey

et al., 1991; Katz et al., 2008; Liu et al., 2009; Scher et al., 2011; Zachos and Kump, 2005;

Zachos et al., 2001), and now covers ∼99.8% of the land surface of Antarctica (Burton-Johnson

et al., 2016). Since its inception, the AIS has become a major component of the global climate

system. The AIS currently contains ∼27 million km3 of ice, which, if entirely melted, would be

sufficient to raise global mean sea level by ∼58 m (Fretwell et al., 2013). The AIS is commonly

sub-divided into the West Antarctic Ice Sheet (WAIS; ∼4.3 m of sea level equivalent) and East

Antarctic Ice Sheet (EAIS; ∼53 m of sea level equivalent).

Long held as terra incognita, Antarctica was thought to exert little influence over the rest of the

planet. However, the past few decades have witnessed a significant shift in our understanding

of how the AIS has responded to climatic change in the past, and how it may respond to a

warming climate in the future. This is largely the result of a substantial increase in observa-

tional data collected across Antarctica, such as satellite altimetry and velocity measurements

(Rignot et al., 2011; Slater et al., 2018), airborne and ground-based measurements of ice thick-

ness and bed elevation using radio-echo sounding (Fretwell et al., 2013), gravity and magnetic

field anomalies (Golynsky et al., 2018; Scheinert et al., 2016), geological and geomorphological

data from numerous field campaigns, and offshore sediment records from Integrated Ocean

Drilling Project, Integrated Ocean Discovery Program, Ocean Drilling Program, and Deep

Sea Drilling Program (IODP/ODP/DSDP) ship cruises.

Observational data can be combined with numerical ice sheet simulations to predict the future

response of the AIS to climatic change, and in turn its contribution to global mean sea level.

The most recent Intergovernmental Panel on Climate Change (IPCC) Assessment Report

(AR5; 2013) predicted that the AIS will contribute up to 20 cm to global mean sea level by

the end of this century, depending on the extent to which anthropogenic carbon emission levels

are mitigated or allowed to persist as normal. These projections are supported by observed

rates of ice sheet thinning and mass loss from Antarctica (Pritchard et al., 2009; Rignot et al.,

2013; Shepherd et al., 2012). Mass balance estimates from satellite altimetry, interferometry

and gravimetry indicate that the Greenland Ice Sheet was losing mass at a rate of 263±30

Gt/yr (Gt = Gigatonnes; 1012 kg) between 2005 and 2010, and the WAIS lost 102±18 Gt/yr

during the same period (Shepherd et al., 2012).

By contrast, the EAIS did not significantly lose or gain mass over this interval. At first

glance, this observation may suggest that the EAIS will remain relatively stable in a warming
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climate. However, this assertion is challenged by records of ice sheet extent and sea level in the

geological past. For example, estimates of global mean sea level based on δ18O records from

benthic foraminifera indicate that sea levels were ∼25 m higher than present during the mid-

Pliocene (ca. 3.5 Ma) (Gasson et al., 2016a; Miller et al., 2012). This period is of particular

significance, since it represents the most recent period in Earth’s history when atmospheric

CO2 concentrations were comparable to those of today. A eustatic sea level rise of 25 m would

require complete loss of the Greenland Ice Sheet, the WAIS, and a significant contribution

from the EAIS. Moreover, geological and geomorphological evidence suggests that parts of the

EAIS did undergo significant retreat during past warm periods (Aitken et al., 2016; Cook et al.,

2013; Wilson et al., 2018; Young et al., 2011). This highlights the importance of understanding

past changes in Antarctica to better comprehend future change (Siegert , 2008). Where simple

extrapolation of recent trends is associated with large uncertainties, it is necessary to use

numerical ice sheet models, constrained by geological records, to simulate the past and future

behaviour of the AIS.

1.1 Rationale

Ice sheet model simulations aim to predict the response of ice sheets to future climatic change

(DeConto and Pollard , 2016; Dowsett et al., 2016; Golledge et al., 2015; Mengel and Lever-

mann, 2014). Ice sheet models are typically evaluated with recourse to how well they can

reproduce past behaviour; the user gauges how well the model simulates past extents of the

ice sheet (as constrained from geological and sea level records) in response to a given climate

forcing. When the match is ‘good’, the model is considered reasonable, and it can then, in

principle, be used to predict the future ice sheet response to projected future climate scenar-

ios. The ability of numerical ice sheet models to reproduce records of palaeo-sea level and

palaeo-ice sheet extent (i.e. hindcasting) therefore engenders increased confidence in applying

them to predict the response of the AIS to future warming scenarios (i.e. forecasting).

The topography beneath the AIS (Figure 1.1) exerts a fundamental influence on the dynamics

of the overlying ice sheet (Colleoni et al., 2018; Gasson et al., 2015; Jamieson et al., 2010; Sun

et al., 2014). Subglacial topography is therefore an important boundary condition in numerical

ice sheet models. The most recent compilation of present-day Antarctic bedrock elevation

is the Bedmap2 dataset (Fretwell et al., 2013). However, since subglacial topography has

evolved significantly through time due to processes such as tectonics, erosion, and isostasy, it is
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Figure 1.1: Bedrock topography of Antarctica. Bed elevations and bathymetry are from
the Bedmap2 dataset (Fretwell et al., 2013). Elevations are in metres above mean sea level
(m.a.s.l.) and contoured at 1000 m intervals. Major geographical and topographical features
are labelled. The dark lines around the edge of the continent denote the modern grounding
line (thinner line) and ice shelf calving front (thicker line). The map is projected in polar
stereographic projection, centred on the South Pole with true scale at 71°S (EPSG 3031).
Unless otherwise stated, all subsequent location plots in this thesis are displayed with this

projection.

unrealistic to use the modern bedrock topography when attempting to model early Antarctic

ice sheets. Instead, it is necessary to use a topographic reconstruction in order to more

accurately simulate past ice sheet dynamics for a particular time interval. This will, in turn,

improve confidence in the models used to predict future ice sheet behaviour and sea level

change. Reconstructing Antarctic topography at certain time slices is therefore a major goal

of the Past Antarctic Ice Sheet dynamics (PAIS) programme of the Scientific Committee on

Antarctic Research (SCAR).

In addition, the morphology of subglacial topography is an important repository of information

pertaining to past dynamics of the ice sheet. In Antarctica, for example, ice-penetrating radar
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data have revealed subglacial landforms and areas of enhanced glacial erosion indicative of

former ice margins within the Aurora Subglacial Basin, several hundred kilometres inland

of the modern ice margin (Aitken et al., 2016; Young et al., 2011). Moreover, while some

regions of the ice sheet bed have been extensively modified by glacial action, some regions

have remained largely preserved beneath non-erosive cold-based ice, and therefore exhibit pre-

glacial or alpine-style landscapes that reflect the behaviour of early ice sheets (Jamieson et al.,

2014; Rose et al., 2013).

1.2 Research aim, questions, and objectives

The overriding aim of this thesis is to understand the long-term landscape evolution of Antarc-

tica and the relationship between subglacial topography and ice sheet behaviour. The anticipated

outcome is a series of reconstructions of Antarctic topography throughout its glacial history.

A series of research questions has been designed in order to achieve this aim:

RQ1 What are the relative contributions of tectonics and erosion to the evolution of the

subglacial landscape across Antarctica?

RQ2 To what extent does the subglacial landscape record processes that occurred prior to,

and during the early stages of, glaciation?

RQ3 How has the rate of landscape evolution varied over time, and how does this relate to

ice sheet dynamics?

RQ4 What did Antarctica’s topography look like at past climate intervals?

RQ5 What is the influence of landscape evolution on the extent and dynamics of the AIS?

A number of requirements must be fulfilled in order to address the above research questions,

and these requirements are addressed in the following sequence of research objectives:

RO1 Identify appropriate study areas that can be used to address the research questions

(Chapter 2).

RO2 Identify new and existing geological constraints that can be used to evaluate models of

landscape evolution (Chapter 2).
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RO3 Develop a modelling framework to test existing (and often contrasting) hypotheses for

the evolution of Antarctic topography at a regional scale (Chapters 3 and 5).

RO4 Characterise the subglacial geomorphology and geology to assess the processes responsi-

ble for the formation of the modern-day subglacial landscape, and in turn the dynamics

and extent of past Antarctic ice sheets (Chapters 4 and 6).

RO5 Develop a workflow for reconstructing topographic change through time (Chapters 5

and 7), and assess the influence of this topographic change on ice sheet extent and

behaviour (Chapter 7).

RO6 Establish the influence of subglacial topography on ice sheet behaviour through time,

and vice versa, by synthesising the findings of this thesis (Chapter 7).

1.3 Thesis structure

The thesis comprises eight chapters following the Introduction. Chapter 2 provides and

overview of previous work on Antarctic landscape evolution and the context of this thesis.

Each of the results chapters (Chapters 3, 4, 5, 6 and 7) are based on separate research pa-

pers that have been published in, submitted to, or prepared for peer-reviewed journals. The

chapters are consequently presented in a self-contained style with an introduction and brief

review of the relevant literature, description of the methods used, presentation of results, and

discussion and conclusions. The papers have been edited for self-consistency within the thesis.

This involved incorporation of supplementary information from the published manuscript into

the main text of this thesis, and some light editing to ensure a consistent style throughout the

thesis. All of the papers are co-authored and so the contributions of the authors are noted

clearly below, with an emphasis on what my role and contribution was in each paper. Chapter

8 then summarises the main findings and implications of this study.

1.3.1 Chapter 2

This chapter provides an overview of the long-term tectonic, climatic, and glacial history of

Antarctica. The history of the exploration of Antarctica’s subglacial landscape is outlined,

as is previous research that has attempted to elucidate the evolution of this landscape. This

chapter also explores the debate surrounding the long-term stability of the AIS, with particular
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emphasis on the role of bedrock topography as a record of, and influence on, past, present and

future ice sheet dynamics.

1.3.2 Chapter 3

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, R. Forsberg, N. Ross,

A. B. Watts, H. F. J. Corr, and T. A. Jordan (2017), Uplift and tilting of the Shackleton

Range in East Antarctica driven by glacial erosion and normal faulting, Journal of Geophysical

Research: Solid Earth, 122(3), 2390–2408, doi: 10.1002/ 2016JB013841

This paper models the evolution of the bedrock topography beneath the Recovery catchment,

a sector of the East Antarctic Ice Sheet characterised by fast-flowing ice streams that occupy

overdeepened subglacial troughs. Previous studies have hypothesised that the uplift of the

Shackleton Range and Theron Mountains was driven predominantly by the isostatic response

to glacial incision beneath the Recovery, Slessor and Bailey ice streams. We use 3D flexural

models to quantify for the first time the isostatic response to erosional unloading and mechan-

ical unloading associated with motion on range-bounding faults in this region. We find that

glacial erosion, and the associated isostatic rebound, has driven only 40–50% of total peak

uplift in the Shackleton Range and Theron Mountains. A further 40–50% can be attributed to

motion on normal fault systems of inferred Jurassic and Cretaceous age. Our results indicate

that the flexural effects of glacial erosion play a key role in mountain uplift along the East

Antarctic margin. They also provide a framework for the continental topographic reconstruc-

tions in Chapter 7, and valuable constraints on the distribution of glacial erosion and flexural

uplift.

In this paper, GJGP undertook the data processing, analysis, modelling, and interpretation,

wrote the manuscript and constructed the figures. FF, RF, HFJC and TAJ were principal

investigators on the ICEGRAV airborne geophysical campaign. SSRJ, FF, MJB, NR, ABW

and TAJ contributed ideas and commented on the text, and all authors approved the final

manuscript. The paper was edited by Uri ten Brink and reviewed by Vincent Strak and a

second, anonymous, reviewer.1

1The published journal article upon which this chapter is based is included in Appendix A.
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1.3.3 Chapter 4

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, N. Ross, E. Armadillo,

E. G. W. Gasson, G. Leitchenkov, and R. M. DeConto (2018), Bedrock erosion surfaces record

former East Antarctic Ice Sheet extent, Geophysical Research Letters, 45(9), 4114–4123, doi:

10.1029/ 2018GL077268

The extent of retreat of the East Antarctic Ice Sheet (EAIS) within large subglacial basins

during past warmer climates remains poorly constrained, making quantifying past and pre-

dicted future contributions to global sea level rise from such marine basins challenging. In this

chapter, geomorphological analysis and flexural modelling within the Wilkes Subglacial Basin

is used to reconstruct the ice margin during warm intervals of the Oligocene–Miocene. Flat-

lying bedrock plateaus are indicative of an ice sheet margin positioned >400–500 km inland

of the modern grounding zone for extended periods of the Oligocene–Miocene, equivalent to

a 2 metre rise in global sea level. Our findings imply that if major EAIS retreat occurs in the

future, isostatic rebound will enable the plateau surfaces to act as seeding points for extensive

ice rises, thus limiting extensive ice margin retreat of the scale seen during the early EAIS.

The geomorphological analysis presented here forms the basis for topographic reconstructions

of the Wilkes Subglacial Basin presented in Chapter 5, and also provides a constraint for the

extent of early ice sheets in this region (Chapter 7).

In this paper, GJGP undertook the data processing, analysis, modelling, and interpretation,

wrote the manuscript and constructed the figures. FF and EA were principal investigators

on the WISE-ISODYN airborne geophysical campaign. SSRJ, FF, MJB and NR discussed

ideas and provided comments on the manuscript. EGWG and RMD provided ice sheet model

output, and GL provided unpublished sediment thickness data. All authors approved the final

manuscript. The paper was edited by Julienne Stroeve and reviewed by Stuart Thomson.2

1.3.4 Chapter 5

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, N. Ross, A. B. Watts,

G. Leitchenkov, E. Armadillo, and D. A. Young (2019a), The role of lithospheric flexure in

the landscape evolution of the Wilkes Subglacial Basin and Transantarctic Mountains, East

Antarctica, Journal of Geophysical Research: Earth Surface, 124(3), 812–829, doi: 10.1029/

2018JF004705

2The published journal article upon which this chapter is based is included in Appendix B.
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In this chapter we bring together the subglacial geomorphology described in Chapter 4 and

the methodology developed in Chapter 3 to reconstruct the evolution of the topography of

the Wilkes Subglacial Basin (WSB) and Transantarctic Mountains (TAM) in East Antarctica.

The spatial distribution of glacial erosion beneath the East Antarctic Ice Sheet is estimated

and restored to the topography, which is also adjusted for associated flexural isostatic re-

sponses. Erosion estimates are independently constrained using newly compiled offshore sed-

iment stratigraphy interpretations. The reconstructions provide a better-defined topographic

boundary condition for modelling early East Antarctic Ice Sheet history. The majority of

glacial erosion and landscape evolution occurred prior to 14 Ma, which likely reflects more

dynamic and erosive early ice sheet behaviour. In addition, closely-spaced 2D flexural models

are used to test previously proposed hypotheses for a flexural origin of the TAM and WSB.

This chapter establishes a methodology that can be expanded to reconstruct topography on a

continental scale (Chapter 7).

In this paper, GJGP undertook the data processing, analysis, modelling, and interpretation,

wrote the manuscript and constructed the figures. FF and EA were principal investigators on

the WISE-ISODYN airborne geophysical campaign. SSRJ, FF, MJB, NR and AWB discussed

ideas and provided comments on the manuscript. GL provided unpublished sediment thickness

data and DAY provided radar data from the AEROTAM geophysical survey. All authors

approved the final manuscript. The paper was edited by Bryn Hubbard and Noah Finnegan

and reviewed by Garry Karner, Frank Lisker, and a third, anonymous, reviewer.3

1.3.5 Chapter 6

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, T. A. Jordan, M. J. Bentley, N. Ross,

R. Forsberg, K. Matsuoka, D. Steinhage, G. Eagles, and T. G. Casal (2019b), Subglacial

geology and geomorphology of the Pensacola-Pole Basin, East Antarctica, Geochemistry, Geo-

physics, Geosystems, 20, doi: 10.1029/ 2018GC008126

In this chapter we analyse newly acquired airborne geophysical data over the Pensacola-Pole

Basin (PPB), a previously unexplored sector of the EAIS. Using a combination of gravity,

magnetic and ice-penetrating radar data, we present the first detailed subglacial sedimentary

basin model for the PPB. Radar data reveal that the PPB is defined by a smooth bowl-shaped

topographic depression situated ∼500 m below sea level. Gravity and magnetic depth-to-

source modelling indicate that the southern part of the basin is underlain by a sedimentary

3The published journal article upon which this chapter is based is included in Appendix C.
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succession 2–3 km thick. This is interpreted as an equivalent of the Beacon Supergroup and

associated Ferrar dolerites that are exposed along the margin of East Antarctica. However,

these rocks appear to be largely absent from the northern part of the basin, close to the

present-day grounding line. In addition, the eastern margin of the basin is characterised by

a major geological boundary and a system of overdeepened subglacial troughs. We suggest

that these characteristics of the basin may reflect the behaviour of past ice sheets and/or

exert an influence on the present-day dynamics of the overlying EAIS. This chapter provides

an improved understanding of the bedrock topography and geology of a previously poorly

surveyed region of East Antarctica. These parameters are incorporated into the reconstructions

in Chapter 7 to provide an improved palaeotopography model in this region.

In this paper, GJGP undertook the data processing, analysis, modelling, and interpretation,

wrote the manuscript and constructed the figures. FF, TAJ, RF, KM, and TGC were principal

investigators on the PolarGAP airborne geophysical campaign team. DS and GE provided

additional geophysical data from the RECISL survey. SSRJ, FF, TAJ, MJB, and NR discussed

ideas and provided comments on the manuscript. All authors approved the final manuscript.

The paper was edited by Claudio Faccenna and John Goodge and reviewed by Carol Finn and

a second, anonymous, reviewer.

1.3.6 Chapter 7

Chapters 3–6 provide improved understanding of modern-day subglacial topography, geology

and geomorphology at a regional scale. They also highlight the major processes that have acted

to evolve the subglacial landscape since glacial inception. In this chapter, we draw on each

of the previous regional-scale studies and apply continent-wide modelling of these processes

to present new reconstructions of Antarctic topography at the Eocene–Oligocene boundary

(ca. 34 Ma), Oligocene–Miocene boundary (ca. 23 Ma), mid-Miocene (ca. 14 Ma), and mid-

Pliocene (ca. 3.5 Ma). These reconstructions provide new boundary conditions for modelling

past Antarctic ice sheets. To reconstruct topography we account for glacial erosion, offshore

sedimentation, thermal subsidence, volcanism, isostatic responses to load redistribution, and

horizontal plate movement. Our results indicate that the area of land above sea level at

ca. 34 Ma was ∼25% greater than today. Large areas in West Antarctica and around the

East Antarctic margin subsequently became lower-lying due to glacial erosion and/or thermal

subsidence. Ice sheet models using these new topographies indicate that the Antarctic Ice
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Sheet has become more sensitive to climate and ocean forcing through time as a result of

landscape evolution processes.

In this chapter, GJGP undertook the data processing, analysis, modelling, and interpreta-

tion, wrote the manuscript and constructed the figures. EGWG carried out the ice sheet

modelling and discussed and interpreted the results with GJGP. KH, KG and GL provided

newly compiled seismic sediment thickness grids. SSRJ, KH, KG, MJB and FF discussed

ideas and provided comments on the manuscript. All authors approved the final manuscript.

This chapter has been prepared for submission as two papers. The first reports the production

and release of the new palaeotopographies (submitted to Palaeogeography, Palaeoclimatology,

Palaeoecology), and the second documents the increased sensitivity of the Antarctic Ice Sheet

to climate and ocean forcing as a result of long-term subglacial topographic evolution (in

preparation, target journal: Nature Geoscience).

1.3.7 Chapter 8

This chapter summarises the major findings of this work in relation to the research questions

outlined in section 1.2. The implications of these results for modelling the dynamics of past

Antarctic ice sheets, and for understanding the co-evolution of ice sheets and landscapes, are

discussed. The chapter concludes with a discussion of directions for future research based on

the findings of this study.





Chapter 2

Background to Antarctic climate

and landscape evolution

I was just guessing at numbers and figures,

pulling the puzzles apart.

Questions of science,

science and progress,

do not speak as loud as my heart.

Coldplay, The Scientist

13
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2.1 Introduction

This chapter provides an overview of Antarctic climate and tectonic history, before moving on

to outline the current debate surrounding the current stability of the AIS and its projected

response to future climatic change. The chapter then provides a framework in which landscape

evolution can be considered, and covers previous efforts to understand long-term landscape

evolution in Antarctica. The chapter concludes by highlighting the importance of subglacial

topography in ice sheet models.

2.2 Climate history of Antarctica

Earth’s climate history over the Cenozoic Era (since ca. 65 Ma) has been deduced largely from

oxygen isotope compositions measured in benthic foraminifera in deep ocean sediments. δ18O

values provide a combined measure of the temperature of the ocean and the volume of ice on

land (Miller , 2005; Zachos et al., 2001, 2008). They reveal that Earth has been experiencing

a long-term cooling trend since the Early Eocene Climatic Optimum (ca. 51 Ma) (Figure 2.1).

This global cooling gave rise to the first ice sheets on Antarctica. The first appearance of

continental-scale ice sheets in Antarctica occurred at the Eocene–Oligocene boundary (ca. 34

Ma). This transition is associated with a step increase of 1.5‰ in the benthic δ18O record

(Coxall et al., 2005; Zachos et al., 2001), and marks the transition between the ‘greenhouse

world’ of the Cretaceous–Eocene and the ‘icehouse world’ that Earth has inhabited since

the start of the Oligocene (Figure 2.1). Stratigraphic records indicate that ice sheet growth

occurred in a stepwise fashion across the Eocene–Oligocene transition, in concert with the

benthic δ18O record (Coxall et al., 2005; Katz et al., 2008; Passchier et al., 2017; Scher et al.,

2011). However, determination of the exact changes in ice volume and sea level around this

time requires the deconvolution of the ice volume and temperature signals from the benthic

δ18O record, which remains an ongoing challenge (Zachos et al., 2001). Moreover, although

this climate transition marks the first appearance of large-scale ice sheets, ephemeral ice sheets

and/or mountain glaciers may have existed on Antarctica at an earlier stage (e.g. Carter et al.,

2017).

The mechanisms behind the precise timing of glaciation remain a matter of ongoing debate.

However, it is widely thought that continental-scale glaciation on Antarctica was triggered

by a combination of atmospheric pCO2 levels dropping below a key threshold (DeConto and
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Figure 2.1: Cenozoic stacked deep-sea benthic foraminifera oxygen isotope curve (modified
from Zachos et al. (2008)). The raw data have been smoothed using a five-point running
mean. δ18O isotope values are given in parts per thousand (‰). The temperature scale is
calculated for ice-free conditions, so only applies to the time interval preceding glaciation
on Antarctica. The formation of large-scale ice sheets on Antarctica coincides with the step
increase in δ18O at ca. 34 Ma. The oxygen isotope record also captures climatic transitions at
the Oligocene–Miocene boundary (ca. 23 Ma) and the mid-Miocene Climatic Optimum (ca.
14 Ma). Abbreviations: PETM = Palaeocene/Eocene Thermal Maximum; ETM1 = Eocene

Thermal Maximum 1; ETM2 = Eocene Thermal Maximum 2.

Pollard , 2003a; DeConto et al., 2008; Pagani et al., 2011; Pearson et al., 2009) (Figure 2.2)

and associated internal feedbacks within the carbon cycle (Reusch, 2011; Scher et al., 2011;

Tripati et al., 2005; Zachos and Kump, 2005). The opening/deepening of ocean gateways

between Antarctica and other continents formerly part of Gondwana, in particular South

America and Australia, likely also played an important, but secondary, role in the timing

of glaciation (DeConto and Pollard , 2003b; Kennett , 1977). The earliest ice sheets likely

formed on high topography in Antarctica, such as the Gamburtsev Subglacial Mountains,

Transantarctic Mountains, Ellsworth Mountains, and Dronning Maud Land (DeConto and

Pollard , 2003a) (Figure 1.1; Figure 2.2).

The change in Antarctic climate at ca. 34 Ma is also reflected in vegetation records. The

fossil plant record suggests that the Antarctic Peninsula supported moist, temperate forests

comprising southern beech (Nothofagus), conifers, ferns, and horsetails during the Palaeocene

and early Eocene (Francis et al., 2008). Palynological records from Wilkes Land also indicate

that the coast of this part of East Antarctica supported diverse, near-tropical forests including
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Figure 2.2: Modelled initiation of Antarctic glaciation at the Eocene–Oligocene boundary
(modified from DeConto and Pollard (2003a)). Glaciation is forced by a gradual lowering of
atmospheric pCO2. Glaciation takes place in a ‘two-step’ fashion in concert with the increase
in benthic foraminiferal δ18O values across the Eocene–Oligocene transition (Coxall et al.,
2005). In the simulation, the first isolated ice caps form on the high topography of the
Gamburtsev Subglacial Mountains, Transantarctic Mountains and Dronning Maud Land in
East Antarctica. As the climate cools further, these isolated ice masses expand and coalesce

to form a continental-scale ice sheet over ∼1.3 million model years.

palm trees during the early Eocene (Pross et al., 2012). This points to a warm early Eocene

climate, with winter temperatures remaining above freezing. As the climate cooled through

the Eocene, near-tropical forests gave way to temperate vegetation (Pross et al., 2012). After

continental glaciation at ca. 34 Ma, southern beech, mosses and ferns, which all prefer cooler

temperatures, dominate the pollen assemblages observed in sediment cores around Antarctica,

but with a progressively reduced diversity and abundance (Francis et al., 2008).

Following the initiation of continental-scale glaciation at the Eocene–Oligocene boundary, ben-

thic δ18O records suggest that ice volumes on Antarctica were paced by orbital cycles (Zachos

et al., 2001, 1997). Drilling from the Cape Roberts Project in the Ross Sea revealed numerous

(∼55) cycles in the sedimentary record that link East Antarctic Ice Sheet (EAIS) extent to

orbital cycles between 34 Ma and 17 Ma (Barrett , 2008; Naish et al., 2001). Temperate ice

sheets waxed and waned dynamically until the mid-Miocene (Hambrey et al., 1991). The Cape
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Roberts record also reveals an erosional hiatus at ca. 23 Ma that indicates a major episode

of global cooling and ice sheet expansion (Naish et al., 2001). Such an event (referred to as

Mi-1) has also been inferred from benthic δ18O data, which show a +1‰ shift that implies a

significant increase in ice volume (Zachos et al., 2001).

Following the mid-Miocene Climatic Optimum, a gradual cooling trend commenced at ca. 14

Ma. Decreasing air and ocean temperatures allowed the Antarctic Ice Sheet (AIS) to expand

significantly under an arid polar climate (Zachos et al., 2001). The mid-Miocene therefore

represents a time of significant ice sheet expansion in Antarctica, and the steady increase

in benthic δ18O over the subsequent six million years (Zachos et al., 2001) indicates that

the oscillatory and more restricted ice masses evolved into a major and persistent ice sheet

(DeConto and Pollard , 2003a). The ice sheet extended to the continental shelf edge, perhaps

on multiple occasions, before retreating and stabilising with dimensions similar to that of the

present-day (Sugden and Denton, 2004). Very little vegetation appeared to survive after ca.

14 Ma (Francis et al., 2008).

Although it is well established that a persistent continental ice sheet developed at ca. 14 Ma,

there has been extensive debate as to the stability of the AIS after this time interval. The past

stability of the AIS is of major interest when attempting to assess the likelihood and extent of

ice sheet change in response to projected future climate warming. This is particularly pertinent

for intervals such as the mid-Pliocene (ca. 3.5 Ma) (Barrett , 2013), where atmospheric pCO2

levels were comparable to those of today, and global temperatures were 2–3°C warmer than at

present, representing a likely climate scenario for the end of the current century (IPCC 2013)

(Figure 2.3). The next section provides an overview of the debate that has surrounded the

stability of the AIS since the late Miocene for the past three decades.
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Figure 2.3: Changes in global atmospheric temperature through the Cenozoic and projected
into the future (relative to the present-day) (Siegert , 2008). Annotations show the timing
of key climatic changes in Antarctica, and how Antarctic conditions relate to past global

temperatures.
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2.3 Past and future stability of the Antarctic Ice Sheet

2.3.1 Marine ice sheet instability

An ice sheet that is grounded below sea level is referred to as a ‘marine ice sheet’. Marine ice

sheets that are grounded on an inland-dipping bed are hypothesised to be particularly vul-

nerable to minor perturbations in external climate and ocean forcing (Mercer , 1978; Thomas,

1979). Initial retreat of the grounding line into deeper water leads to increased flotation, basal

melting, and ice discharge, resulting in further retreat and a self-sustained positive feedback

(Schoof , 2007). This process is known as marine ice sheet instability, and is thought to be

particularly pertinent to the West Antarctic Ice Sheet (WAIS) (Jamieson et al., 2012; Joughin

and Alley , 2011; Mercer , 1978), ∼80% of the volume of which is grounded on a bed below

sea level (Fretwell et al., 2013). Marine-based ice in West Antarctica has the potential to con-

tribute 3.5 m of sea level rise, but East Antarctica contains a much larger sea level equivalent

of 19.2 m of marine-based ice (Fretwell et al., 2013). Much of this ice is located above the

deep Wilkes, Recovery and Aurora subglacial basins (Fretwell et al., 2013).

Numerical ice sheet model simulations indicate that these low-lying basins in East Antarc-

tica, and much of West Antarctica, are the most vulnerable areas of the AIS to retreat in

a warmer climate (DeConto and Pollard , 2016; Golledge et al., 2015, 2017; Mengel and Lev-

ermann, 2014). Marine ice sheet instability also permits a highly non-linear response of the

grounding line to initial climate and ocean forcing, creating the possibility of rapid retreat

or even catastrophic collapse of marine-based ice sheets (Scherer et al., 1998). However, the

amount of forcing that is required to potentially trigger significant retreat in these parts of

the ice sheet, and the rate and magnitude of the retreat, remain unclear. In order to constrain

these unknowns, attention has focussed on records of AIS stability during past warm periods.

2.3.2 Antarctic Neogene glacial history

Much attention has been given to the state of the EAIS during the warm periods of the Pliocene

Epoch (ca. 5.33–2.58 Ma), because these warm periods were characterised by pCO2 values

similar to those of today (∼400 ppm), and projections indicate that global temperatures will be

as warm as those of the Pliocene by the end of the current century (Figure 2.3) (IPCC 2013).

Constraining the extent of the EAIS, and in turn global mean sea levels, during the warm

periods of the Pliocene therefore takes on key scientific and societal importance. However,
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the stability of the EAIS during this time has proved a matter of significant debate (Barrett ,

2013).

The prevailing view in the 1970s, based on early deep-sea stratigraphic and oxygen isotope

records, was that the EAIS had persisted almost unchanged since the start of the global cooling

trend that commenced in the mid-Miocene (ca. 14 Ma) (e.g. Kennett , 1977). However, the

discovery of Pliocene-age marine diatoms within glacial tillites in the Sirius Group high in

the Transantarctic Mountains opened the possibility of significant retreat of the EAIS during

the Pliocene (Harwood and Webb, 1998; Webb and Harwood , 1991; Webb et al., 1984). These

authors argued that the diatoms were deposited in shallow marine embayments that covered

low-lying regions of East Antarctica during the Pliocene, and were subsequently transported

by an advancing ice sheet and deposited and uplifted on the Transantarctic Mountains. The

implication is that large interior seaways were present across East Antarctica as a result of

widespread deglaciation, particularly in the Wilkes Subglacial Basin, which is situated in the

immediate hinterland of the Transantarctic Mountains (Figure 1.1).

However, a glacial transport history of the marine diatoms has been refuted by other authors.

Further analysis of the diatoms in the Sirius Group shows that they are concentrated in the

outer 10 cm of the tillites, which is consistent with aeolian transport and deposition (Stroeven

et al., 1998). Indeed, Neogene diatoms were subsequently discovered on the surface of rocks,

including igneous lithologies, dating to >200 Ma across Antarctica, and aeolian deposition

of diatoms has been documented in a number of locations without a local diatom source

(Kellogg and Kellogg , 1996; Stroeven et al., 1998). The presence of diatoms therefore does

not necessitate widespread deglaciation of the EAIS. A relatively stable Pliocene EAIS is also

evidenced by geomorphological evidence from the McMurdo Dry Valleys in the Transantarctic

Mountains, which is indicative of very little environmental modification since the late Pliocene

(Denton et al., 1993; Sugden et al., 1995).

Although the current consensus is that the Sirius Group diatoms were deposited by aeolian

processes and cannot be used to constrain past ice sheet extent, this does not in itself preclude

the possibility of retreat of the EAIS during Pliocene warm periods (Scherer et al., 2016).

Estimates of Pliocene global mean sea level from benthic δ18O, palaeoshorelines, and other

sea level proxies range from 10 to 40 m above present, with a value of 25 m commonly used in

numerical climate simulations (Miller et al., 2012; Raymo et al., 2011). Since Greenland and

West Antarctica combined can provide ∼12 m of sea level equivalent, these sea level values

have significantly different implications for the contribution from the EAIS.
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Isotopic provenance analysis of offshore marine sediments has been used to infer active ero-

sion of the subglacial bed within the Wilkes Subglacial Basin during warm periods of the

Pliocene and Pleistocene (Bertram et al., 2018; Cook et al., 2013; Wilson et al., 2018). Since

glacial erosion is focussed close to the ice margin, these geochemical data imply that the EAIS

retreated into the Wilkes Subglacial Basin during these time intervals. Ice-rafted debris in

sediment cores in Prydz Bay is indicative of significant discharges of icebergs linked to rapid

grounding line retreat into the Wilkes and Aurora Subglacial Basins during warm intervals of

the Pliocene (Williams et al., 2010). However, these records cannot constrain the amount of

ice sheet retreat, and in turn the associated sea level rise. Oxygen isotope budget modelling

has been used to infer a modest (<13 m) contribution to the Pliocene global eustatic sea level

highstand from the EAIS (Gasson et al., 2016a).

Another potential record of the stability of the EAIS is the morphology of the subglacial

topography. For example, ice-penetrating radar has been used to identify and map a subglacial

fjord landscape within the Aurora Subglacial Basin that records the configuration and flow

regime of earlier ice sheets (Young et al., 2011). Moreover, the distribution of sedimentary

rocks within the Aurora Subglacial Basin, as inferred from airborne gravity and magnetic

data, has been used as evidence for past inland erosion patterns that are indicative of repeated

large-scale retreat and advance of the Totten Glacier up to 350–550 km inland of the modern

grounding line (Aitken et al., 2016). Although these studies cannot directly date the timing

or rate of EAIS retreat, they do point towards dynamic EAIS behaviour. They also provide

potential constraints for numerical models that aim to simulate the behaviour of the AIS under

past and future warmer climates.

2.3.3 Ice sheet models

The past two decades have witnessed a significant expansion in the computational capability of

numerical ice sheet models. The early ice sheet models suggested that significant retreat of the

AIS into low-lying subglacial basins would require an unrealistic atmospheric temperature rise

of 17–20°C (Huybrechts, 1993) or a pCO2 increase to ∼8 times pre-industrial levels (Pollard

and DeConto, 2005). Subsequent models attempted to incorporate ocean forcing, but were also

unable to simulate significant retreat of the EAIS (Pollard and DeConto, 2009) (Figure 2.4).

However, Mengel and Levermann (2014) were able to use improved subglacial topographic data

and more sophisticated ice-dynamic simulations to model significant, self-sustained retreat

of the EAIS in the Wilkes Subglacial Basin (Figure 2.4). Subsequent models were able to
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incorporate more complex physics to simulate the additional processes of hydrofracturing and

ice cliff failure, and as a result were able to simulate significant retreat within low-lying basins

beneath the EAIS under Pliocene conditions (DeConto and Pollard , 2016; Pollard et al., 2015)

(Figure 2.4).

Figure 2.4: Comparison of previously published Antarctic ice sheet configurations for the
mid-Pliocene warm period (Gasson et al., 2016a). Much of the WAIS is lost in each model,
but note the differences in the modelled extent of retreat of the EAIS within deep marine

basins around the margin.

However, given the relative paucity of geological constraints, and the number of variable

parameters in modern numerical ice sheet models, there is still a significant range of uncertainty

as to the extent of past and future retreat of the AIS. Model inter-comparison shows that there

is a range of modelled ice sheet configurations for the Pliocene, with a large range of associated

sea level contributions (Figure 2.4; Table 2.1) (Gasson et al., 2016a). Ensemble model analysis

shows that there are also relatively large uncertainties associated with future projections of the

Antarctic contribution to global mean sea level rise (DeConto and Pollard , 2016). For example,

under the IPCC’s representative concentration pathway (RCP) 8.5 (assuming anthropogenic

carbon emissions continue unabated), state-of-the-art ice sheet models predict a 1.05±0.30 m

sea level contribution from Antarctica by the year 2100 (DeConto and Pollard , 2016).



Chapter 2. Background to Antarctic climate and landscape evolution 23

Study Sea level rise (m) Mass loss (1018 kg)

Pollard and DeConto (2009) 3.7 2.8
Mengel and Levermann (2014) 5.4 3.6
Austermann et al. (2015) 8.8 4.9
Dowsett et al. (2016) 9.1 5.0
DeConto and Pollard (2016) 11.3 6.1
Pollard et al. (2015) 17.8 8.8

Table 2.1: Contribution of the Antarctic Ice Sheet to Pliocene global mean sea level in a
variety of recent modelling studies.

Figure 2.5: Ensemble model analysis of the future Antarctic contribution to global mean sea
level (GMSL) (DeConto and Pollard , 2016). Uncertainties associated with model ensembles
for three RCPs through to 2100 are shown. Ensembles reflect all combinations of model

parameters that satisfy available geological criteria.

One fundamental boundary condition in ice sheet models, and also an important source of

uncertainty, is the bedrock topography. Recent studies have highlighted the sensitivity of ice

sheet models to uncertainties in modern bedrock elevation (Gasson et al., 2015; Sun et al.,

2014). Moreover, since ice sheet models are typically evaluated with recourse to how well they

can produce past behaviour, as constrained by geological data, it is not appropriate to use

the modern bedrock topography when modelling past ice sheets. Since subglacial topography

has evolved significantly through time due to processes such as tectonics, erosion, and isostasy

(Jamieson et al., 2010), it is necessary to use a topographic reconstruction in order to more

accurately simulate past ice sheet dynamics for a particular time interval (Colleoni et al., 2018;

Wilson et al., 2012, 2013). This will, in turn, engender increased confidence in the models

used to predict future ice sheet behaviour and associated global mean sea level change.
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For example, Austermann et al. (2015) demonstrated that by accounting for 100–200 m of

uplift (due to changes in dynamic topography associated with mantle convection) of the Wilkes

Subglacial Basin since the mid-Pliocene, ice sheet models predicted an additional 200–560 km

of grounding line retreat into the basin during the mid-Pliocene (Figure 2.6). This additional

retreat is equivalent to a global mean sea level rise of ∼2 m. There is therefore a necessity to

consider the long-term evolution of Antarctica’s subglacial landscape. The next section reviews

current understanding of landscape evolution in Antarctica, and establishes a framework that

can be used to reconstruct topographic change through time.

Figure 2.6: Pliocene ice sheet configurations with and without changes in dynamic topogra-
phy (Austermann et al., 2015). (a) Simulated Pliocene Antarctic ice sheet elevation computed
using the modern bedrock topography (Fretwell et al., 2013). (b) Simulated Pliocene Antarc-
tic ice sheet elevation computed using a topography that has been adjusted for the impact of
dynamic topography changes since the mid-Pliocene. Blue colours indicate grounded ice and
pink colours mark areas of floating ice. (c) Difference in ice thickness between models (a) and

(b) in the Wilkes Subglacial Basin region.

2.4 Landscape evolution of Antarctica

2.4.1 Modern topography of Antarctica

Just ∼0.18% of Antarctica’s bedrock topography protrudes above the ice sheet; the remainder

is concealed beneath the ice sheet (Burton-Johnson et al., 2016). Since the 1970s, the subglacial

topography of Antarctica has been progressively mapped using ground-based and airborne

radio-echo sounding (RES) surveys. RES surveys measure the thickness of the ice sheet and

the elevation of the subglacial bed. Up to 2013, ∼25 million ice thickness measurements

had been acquired and incorporated into the Bedmap2 digital elevation model (DEM) of

Antarctica’s bedrock topography (Figure 1.1) (Fretwell et al., 2013). Despite these significant

advances in data collection, only approximately one third of cells within Bedmap2 contain at
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least one real ice thickness measurement (the grid is at 5 km horizontal resolution), and some

areas are >200 km away from the nearest real data point.

The centre of East Antarctica is characterised by the high topography of the Gamburtsev

Subglacial Mountains (GSM), which are up to ∼3 km above sea level and exhibit a network

of sharp peaks and valley systems that resemble those of the European Alps (Bell et al., 2011;

Ferraccioli et al., 2011). In Dronning Maud Land, a low relief coastal lowland is situated in

front of a steep escarpment, which rises up to an elongate mountain range that trends parallel

to the coast around to Coats Land (Figure 1.1). The inland flank of the highlands then dips

gently inland towards the Recovery Basin, which is an extensive area situated below sea level.

On the Indian-Antarctic margin, the deep Lambert Graben, situated at < −1 km, extends

inland from Prydz Bay to the GSM. The rift appears to bifurcate around the GSM, although

the flanking regions of the mountains are poorly mapped (Ferraccioli et al., 2011). A coastal

plain extends around much of the East Antarctic margin (Sugden and Jamieson, 2018). The

Australian-Antarctic margin is characterised by the deep Wilkes and Aurora Subglacial Basins,

which both extend ∼1000 km inland of the grounding line (Figure 1.1).

From the Wilkes Subglacial Basin, the topography rises gently to the Transantarctic Mountains

(TAM), an elongate mountain range up to 3 km above sea level. The front of the TAM is a

steep escarpment that flanks the marine basin of the Ross Sea. The mountains are dissected by

a series of deep troughs that underlie fast-flowing outlet glaciers, including the deepest point on

the continent at −2870 m beneath the Byrd Glacier (Fretwell et al., 2013). The mountain range

extends for over 1500 km along the boundary between East and West Antarctica (Figure 1.1).

West Antarctica is characterised by low-lying topography associated with the West Antarctic

Rift System (WARS), which is thought to extend from the Ross Sea to the Bellingshausen Sea

(Jordan et al., 2010a; LeMasurier et al., 1990; LeMasurier and Landis, 1996). The subglacial

troughs within West Antarctica are particularly deep, with the Byrd Subglacial Basin and

Bentley Subglacial Trench situated at 2.5 km below sea level (Fretwell et al., 2013). This

low-lying tract of topography (Figure 1.1) separates three areas of isolated high terrain. The

Ellsworth Mountains contain the highest mountain in Antarctica (Mt. Vinson; 4892 m), which

is situated on the western margin of the Rutford Ice Stream, the base of which is at ∼2200 m

below sea level. The increase in elevation of >7000 m over a distance of 50 km is one of the

largest slopes on Earth. The other highlands in West Antarctica are Marie Byrd Land and the

Antarctic Peninsula, which is the only part of mainland Antartica to extend north of 65°S.
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2.4.2 Tectonic history of Antarctica

An outline of the tectonic history of Antarctica is helpful in explaining the major topographic

features that exist today. East Antarctica is widely thought to be formed of a stable cratonic

core (Heeszel et al., 2013), which has experienced relatively little Mesozoic or Cenozoic tec-

tonic activity. The origin of the Gamburtsev Subglacial Mountains in the centre of Antarctica

is therefore somewhat paradoxical, since their geomorphology resembles that of geologically

‘young’ mountain ranges such as the European Alps (Rose et al., 2013). A number of mech-

anisms have been proposed for the uplift of the Gamburtsevs, including far-field compression

associated with supercontinent collision in the late Palaeozoic (Veevers, 1994), Permian rifting

and Cretaceous strike-slip faulting associated with extension/transtension in the East Antarc-

tic Rift System (Ferraccioli et al., 2011), and uplift above a Cenozoic mantle plume (Sleep,

2006).

Thermochronology and detrital zircon and hornblende dating from sediments in Prydz Bay

indicate that the Gamburtsevs are the remnant of ancient orogenic events, and have survived

due to extremely low long-term erosion rates of 0.01–0.02 mm/yr for the past >250 Myr (Cox

et al., 2010; Thomson et al., 2013; Tochilin et al., 2012; van de Flierdt et al., 2008). The

modern landscape of the GSM is likely the result of Cenozoic fluvial and alpine-style glacial

erosion, which drove renewed isostatic peak uplift (Paxman et al., 2016), and is now preserved

beneath non-erosive cold-based ice (Creyts et al., 2014). The Lambert Graben is part of a late

Palaeozoic – early Mesozoic rift system (Boger and Wilson, 2003; Mishra et al., 1999), that

has been mapped using geophysical data as extending into the interior of East Antarctica and

surrounding the GSM (Ferraccioli et al., 2011).

During the early Mesozoic, East Antarctica was at the centre of the supercontinent of Gond-

wana (Boger , 2011), which also comprised South America, Africa, Madagascar, India, and

Australia (Figure 2.7), until Gondwana began to break up ca. 180–160 Myr ago (Dalziel ,

1997). Break-up began with the separation and movement northwards of South America and

Africa, and proceeded clockwise around East Antarctica with the successive separation of India

and then Australia (Boger , 2011). East Antarctica is now surrounded by oceanic spreading

ridges, which separate the passive margin of East Antarctica from its conjugates in southern

Africa, eastern India, and southern Australia. The geological and topographical structure of

the margins of East Antarctica closely resembles those of its Gondwanan conjugates (Fig-

ure 2.8). For example, the escarpment of Dronning Maud Land is strongly reminiscent of
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the Great Escarpment of South Africa (Eagles et al., 2018). The continuation of the Lam-

bert Graben can be observed today in eastern India (Ferraccioli et al., 2011; Mishra et al.,

1999), and the geophysical properties of Wilkes Land resemble those of southwestern Australia

(Aitken et al., 2014). These continents each contain Jurassic basalts and dolerite sills formed

during volcanic activity associated with the breakup of Gondwana (In Antarctica, these rocks

form the Ferrar Large Igneous Province).

Figure 2.7: Tectonic plate configuration of Gondwana at the early stages of breakup at ca.
120 Ma (Sugden and Jamieson, 2018).

By contrast to East Antarctica, West Antarctica has been more tectonically active in the

Mesozoic and Cenozoic. At the present-day, West Antarctica comprises a series of amalga-

mated micro-plates, including the Antarctic Peninsula, Haag, Ellsworth-Whitmore, Thurston,

and Marie Byrd Land blocks (Figure 2.7) (Dalziel and Elliot , 1982). The origin and relative

motions of these blocks remains a matter of ongoing debate (Dalziel , 2007; Jordan et al., 2017;

König and Jokat , 2006). New Zealand and the Campbell Plateau separated from Marie Byrd

Land at ca. 90 Ma (Behrendt et al., 1991; Larter et al., 2002). Subduction dominated along

the palaeo-Pacific margin during the Cretaceous, and gradually slowed down in the Cenozoic

(Larter et al., 2002). The WARS experienced 300–600 km of extension during the late Cre-

taceous and early Cenozoic (Behrendt et al., 1991; Cande et al., 2000; Wilson and Luyendyk ,

2009). Consequences of this extension were the separation of Marie Byrd Land from East

Antarctica and the opening of the Ross Sea basin (Behrendt et al., 1991; Decesari et al.,
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Figure 2.8: Tectonic domains within Antarctica (Boger , 2011). East Antarctica is subdi-
vided into domains differentiated by their affinities with other Gondwanan continents. Major
geographic place names are are labelled, as are Mawson, Davis and Casey research stations.
Note that the projection has been rotated anticlockwise through 90° compared to the standard

stereographic projection.

2007). This phase of rifting caused widespread subsidence of West Antarctica that persisted

into the Palaeogene and Neogene (Hayes et al., 1975; Wilson and Luyendyk , 2009).

Rifting in the Ross Sea and through central West Antarctica is also tied to the uplift of the

Transantarctic Mountains (TAM), which have been interpreted as an uplifted rift flank of

the WARS (ten Brink and Stern, 1992; ten Brink et al., 1997). However, the contributions

of mechanical, thermal, and erosional (un)loads to TAM uplift, and other processes such as

lithospheric delamination (Shen et al., 2017), have yet to be fully quantified along the length

of the TAM. The WARS is also characterised by thinned crust, a series of horst and graben

structures and Cenozoic volcanism (LeMasurier et al., 1990). The varied tectonic history of

East and West Antarctica provides a number of mechanisms by which the subglacial landscape

could have evolved since glacial inception at the Eocene–Oligocene boundary. The next section
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outlines the processes that need to be considered when attempting to reconstruct topographic

change through time.

2.4.3 Processes of landscape evolution

2.4.3.1 Tectonics

The evolution of Earth’s surface topography reflects the competition between ‘constructional’

processes such as tectonics which act to increase or decrease the elevation of the crust and

‘denudational’ processes such as erosion and sedimentation which modify it. These processes

interact with one another and are modulated by other factors such as lithology, climate and

sea-level. Therefore, any reconstruction of long-term landscape evolution must include an

appraisal of these separate, but interlinked, processes.

Plate tectonics is the first-order control on Earth’s topography. Convergence or divergence

of tectonic plates causes thickening or thinning of the crust and this vertical mass transfer

of the crust causes rock uplift/subsidence—the displacement of rocks with respect to a fixed

datum, such as the geoid (England and Molnar , 1990). In the interior of continents, stresses

in the brittle upper crust are accommodated by movement on faults. Tectonic processes that

cause rock uplift and subsidence therefore include the large-scale plate tectonic motions that

act to thicken or thin the crust, such as continental collision and rifting, and smaller-scale

movements on individual faults that accommodate intraplate stresses. Other ‘solid Earth’

processes that can drive rock uplift include the addition of magmatic material to the base of

the crust (‘underplating’), the heating or cooling of the lithosphere, which drives a transient

phase of uplift or subsidence, and viscous tractions applied to the base of the lithosphere by

flow within the mantle (‘dynamic topography’) (Braun, 2010).

2.4.3.2 Erosion and sedimentation

Erosion (also referred to as ‘denudation’) is a collective term for the physical, chemical and

biological processes that cause removal of rock from the surface of the Earth. Sedimentation

(also referred to as ‘burial’) is the process by which rock is deposited on the Earth’s surface.

These processes are modulated by factors such as climate, lithology, sea-level and the relief

and elevation of the surface on which they act. The balance between denudation and burial
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controls the amount of exhumation—the displacement of rock with respect to the Earth’s

surface due to removal/addition of overburden (England and Molnar , 1990).

The displacement of the Earth’s surface is thus controlled by the competition between rock

uplift (typically driven by tectonics) and exhumation (typically driven by the balance between

denudation and burial), and is given by (England and Molnar , 1990)

surface uplift = rock uplift− exhumation (2.1)

2.4.3.3 Flexural isostasy

The concept of isostasy is fundamental to vertical surface motions on Earth. According to

the Airy-Heiskanen isostatic model, the lithosphere has no lateral strength and the crust is

entirely supported by buoyancy forces imparted on its base by the underlying viscous mantle,

which arise due to the difference in density between crust and mantle (Airy , 1855). In the

continents, gravity anomalies indicate that long-wavelength (>1000 km) topographic features

are in approximate Airy isostatic equilibrium—regions of elevated topography are supported

by a compensating crustal ‘root’ (Figure 2.9).

However, it has been demonstrated that the lithosphere retains a finite strength or rigidity

(Watts, 2001); surface loads of wavelength 100–1000 km are also supported by elastic bending

forces within the lithosphere, a behaviour known as flexure (Figure 2.9). Flexure of the

lithosphere in response to loading—‘flexural isostasy’—occurs in response to the application

and redistribution of a range of geological loads, including both positive loads (e.g. mountain

building) and negative loads (e.g. erosion). Following Turcotte and Schubert (1982), the

one-dimensional flexure equation giving the downward deflection, w, of a thin elastic plate

overlying an inviscid fluid mantle in response to loading, h, is given by

∂2

∂x2

[
D
∂2w

∂x2

]
︸ ︷︷ ︸
elastic forces

+ (ρm − ρdisplace)gw(x)︸ ︷︷ ︸
buoyancy forces

= (ρc − ρinfill)gh(x)︸ ︷︷ ︸
applied load

(2.2)

where

D =
E T 3

e

12 (1− ν2)
(2.3)

The amplitude and wavelength of the flexural response is dependent on the flexural rigidity of

the lithosphere, D (or its proxy, the effective elastic thickness, Te). In the limit that D → 0, the
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Figure 2.9: Isostasy and flexure of the lithosphere. The response of the lithosphere to
loading depends on the wavelength of the load, λ. (a) For long wavelength loads (λ > 1000 km),
columns of rock are supported in local Airy isostatic equilibrium. (b) Intermediate wavelength
loads (100 km < λ < 1000 km) are supported regionally by flexure of the lithosphere. (c)
Short wavelength loads (λ < 100 km) are entirely supported by the rigid lithosphere and are

uncompensated.

lithosphere has no lateral rigidity and any column of rock is in local Airy isostatic equilibrium

supported entirely by buoyancy forces due to the deflection of the Moho (Figure 2.9), which

is given by

w =
(ρc − ρinfill)

(ρm − ρc)
h (2.4)

If the lithosphere has a finite rigidity, the response to (un)loading is distributed over a wider
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Symbol Definition Value/Units

w(x) flexure m
h(x) load m
x horizontal distance m
D flexural rigidity N m
Te effective elastic thickness m
E Young’s modulus 100 GPa
ν Poisson’s ratio 0.25
ρm density of the mantle kg m−3

ρdisplace density of the material displaced by the flexure kg m−3

ρc density of the crust kg m−3

ρinfill density of the material that infills the flexure kg m−3

g acceleration due to gravity 9.81 m s−2

Table 2.2: Definitions of the symbols used in Equations 2.2–2.3. See Figure 2.9 for an
illustration of the definition of the density terms.

region than that over which the (un)load is applied (Watts, 2001) (Figure 2.9). As Te in-

creases, the amplitude of flexure decreases and the wavelength increases as the load becomes

increasingly supported by elastic forces in the lithosphere.

Because of flexural isostasy, all tectonic and surface processes that cause redistribution of mass

on length scales of 100–1000 km (Figure 2.10) induce vertical displacement of Earth’s surface

topography. Flexure is therefore an important component of landscape evolution.

Figure 2.10: Schematic of lithospheric flexure in response to load redistribution (Wickert ,
2016). Flexure occurs in response to a wide range of geological processes that cause (un)loading

of the lithosphere.
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The theoretical framework within which this thesis will operate is one in which landscape

evolution is assumed to be governed by (a) tectonic processes; (b) surface processes; and

(c) flexural isostasy, which occurs in response to the spatial redistribution of mass driven by

tectonic and surface processes. The final section of this chapter reviews our current under-

standing of landscape evolution in Antarctica, and highlights important knowledge gaps and

open questions that this thesis will seek to address.

2.4.4 Review of current understanding of Cenozoic Antarctic landscape

evolution

The present-day landscape of Antarctica contains a record of the processes that have acted

to shape it. Our current knowledge of Antarctica’s bedrock topography is based largely on

RES surveys. Geomorphological analysis of the modern subglacial landscape has been used to

address questions such as ‘does the present-day landscape reflect the actions of current glacial

processes? If so, at what rate is the landscape evolving? If not, how old is the landscape and

what processes were responsible for its formation?’. This is an inverse problem; the aim is to

use age relationships and morphology of landscape features to determine the history of the

landscape and the processes that produced it.

Field-based geomorphological mapping has demonstrated that regions such as the Ellsworth

Mountains and Dry Valleys in the Transantarctic Mountains retain strong fluvial signatures,

such as a dendritic drainage pattern, rectilinear slopes (Figure 2.11), gently undulating plateau

surfaces (Figure 2.11) and sinuous valleys (Beaumont et al., 2000; Sugden and Denton, 2004;

Sugden et al., 1995, 2017). Quantitative geomorphological analysis of valleys in northern Vic-

toria Land, including drainage densities and bifurcation ratios, also supports a fluvial origin of

this valley system (Baroni et al., 2005). Combined with apatite fission track thermochronol-

ogy, which is used to date the timing of upper crustal cooling associated with denudation and

exhumation (Fitzgerald , 1992, 1994), these methods indicate that denudation rates were high

prior to and during the early stages of glaciation in the Eocene and Oligocene, but declined

significantly during the Miocene and that the landscape has remained almost unmodified since

ca. 14 Ma due to the development of a hyperarid polar climate (Sugden and Denton, 2004).

Morphometric analysis in the GSM has been used to constrain pre-glacial and early glacial

landscape evolution. An inherited fluvial landscape, including dendritic valley patterns and

concave valley long profiles, is preserved in the GSM (Figure 2.12). Cirque-like features,



Chapter 2. Background to Antarctic climate and landscape evolution 34

Figure 2.11: Rectilinear fluvial slopes in (a) the Quartermain Mountains and (b) Balham
Valley and Victoria Valley in the Dry Valleys of the Transantarctic Mountains (Sugden and
Jamieson, 2018). Dissected plateau remnants in (c) the Sarnoff Mountains, Marie Byrd Land

(Sugden and Jamieson, 2018) and (d) Stephenson Bastion, Shackleton Range.

hanging valleys, overdeepenings, and truncated spurs are interpreted as landforms resulting

from early alpine-style glaciation (Figure 2.12) (Rose et al., 2013). Ice above the GSM is

now frozen to the bed, and has likely preserved the subglacial landscape for millions of years

(Creyts et al., 2014). Other highlands in East Antarctica such as Dronning Maud Land,

Marie Byrd Land, the Shackleton Range, and the Prince Charles Mountains contain dissected

plateau surfaces (Figure 2.11) up to 2 km above sea level (Krohne et al., 2016; Näslund , 1997,

2001; White, 2013). These plateaus are the remnants of pre-glacial land surfaces, which may

date back to the evolution of the passive margin following Gondwana break-up (Sugden and

Jamieson, 2018) and have remained largely unmodified by glacial action (Kerr and Hermichen,

1999).

Improved mapping of Antarctica’s bedrock using radio-echo sounding has led to the discovery

of landforms that pertain to past ice sheet extent and stability. Fjord-like landscapes within

the Aurora Subglacial Basin are glacial in origin, but are inconsistent with flow-regime of the

present-day EAIS (Young et al., 2011). These landforms are therefore interpreted as recording

a past configuration of the ice sheet, which was more restricted and dynamic than at present
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Figure 2.12: Remnants of a fluvial landscape in the Gamburtsev Subglacial Mountains (Rose
et al., 2013). (a) Drainage basins and river networks. Each of the ten identified drainage
basins exhibits valley patterns, stream orders, and river networks that bear the characteristics
of natural fluvial systems. (b) Valley long-profiles extracted from four of the drainage basins.
Long profiles display a concave upwards profile typical of fluvial valleys, and overdeepenings

(shaded brown) typical of glacial modification.

(Young et al., 2011). The variation of subglacial geology within the Aurora Subglacial Basin,

as inferred from airborne gravity and magnetic data, has also been used to infer large-scale

retreat and advance of the EAIS (Aitken et al., 2016).

On a continental scale, quantitative geomorphological indices such as hypsometry, stream

profiles, relief, slope, and bed roughness have been used to determine the erosive regime

(e.g. selective linear erosion, areal scour, alpine-style glacial erosion, or fluvial incision) under

which the modern subglacial landscape formed, and in turn whether the modern landscape

was formed by erosion beneath the present ice sheet, an earlier ice sheet, or prior to glaciation

(Jamieson et al., 2014; Rippin et al., 2014; Siegert et al., 2005). However, subglacial geomor-

phological features (which account for 99.8% of the continent) cannot be directly dated; the

age of landforms, and therefore the time and rate at which past landscape evolution processes

took place, are difficult to determine. Another issue is equifinality, whereby different processes

can give rise to similar landforms, leading to ambiguity.

Low temperature (e.g. apatite fission track and (U–Th)/He) thermochronology is used to
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quantify the near-surface temperature-time histories of rocks (e.g. Fitzgerald et al., 2006). The

recorded temperature change is assumed to reflect movement of rock up or down the geother-

mal gradient as a consequence of removal/addition of overburden (by denudation/burial).

Temperature change may be converted to exhumation (movement of rock relative to Earth’s

surface) if a geothermal gradient is assumed, although this is often poorly constrained. Apatite

fission track and (U–Th)/He thermochronology have been applied to areas of exposed bedrock

in Antarctica, such as the TAM (Fitzgerald , 1992; Lisker , 2002) and DML (Jacobs and Lisker ,

1999), and to detrital grains in offshore sediment cores such as those in Prydz Bay (Thomson

et al., 2013; Tochilin et al., 2012).

One issue is that heating or cooling of rocks does not necessarily reflect burial or denuda-

tion (it could instead represent a crustal heating/cooling event), and increased denudation

is not necessarily caused by increased surface elevation due to rock uplift, since erosion is

modulated by factors such as climate and lithology (England and Molnar , 1990). Moreover,

fission tracks are only retained below the closure temperature (80–110°C for apatite), mean-

ing thermochronology cannot resolve small amounts of near-surface temperature change and

exhumation. The (U–Th)/He system has a lower closure temperature, so is preferentially

used to quantify smaller amounts of exhumation at shallow crustal levels. The advantage of

thermochronology is that it can be used to establish a temporal history of exhumation, and is

therefore a potentially powerful constraint on landscape evolution.

Early interpretations of thermochronology data indicated that the exhumation of the TAM

occurred in three main stages during the Lower Cretaceous, Upper Cretaceous and Cenozoic

(Fitzgerald , 2002; Lisker , 2002). However, more recent evaluation of the thermochronology

data, combined with thermal history modelling and the observed stratigraphic record, suggests

that TAM uplift was spatially complex and diachronous along the mountain range rather than

organised into three discrete events (Lisker and Läufer , 2013; Lisker et al., 2014). In Prydz

Bay, thermochronology reveals that erosion rates accelerated significantly at ca. 34 Ma, likely

in response to the growth of early ice sheets in central East Antarctica, which drained through

the Lambert Graben (Thomson et al., 2013). Constraints on the timing and magnitude of

exhumation of the Ellsworth Mountains from thermochronology indicate that at least 1.8 km

of topographic relief existed in this area prior to glaciation (Fitzgerald and Stump, 1991, 1992).

Ice sheet-erosion models have been used to quantify the evolution of Antarctica’s subglacial

landscape due to subglacial erosion (Jamieson et al., 2010). The models link erosion to the flow

and basal thermal regime of the ice sheet, and indicate that large regions of the continental
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interior have been subject to relatively little erosion beneath the ice sheet (<200 m). By

contrast, erosion beneath fast-flowing ice streams has eroded the bed by up to 2.8 km (Jamieson

et al., 2010). These models highlight the ability of the AIS to preserve parts of the subglacial

landscape relatively unmodified, while simultaneously overdeepening other areas, often in close

proximity. This behaviour is commonly referred to as ‘selective linear erosion’ (Sugden and

John, 1976). In the Lambert Graben, modelled eroded thicknesses are tied to offshore sediment

volumes, which are progressively ‘backstacked’ onto the continent (Jamieson et al., 2005).

These models lend further support to the notion that the ice sheet has eroded the landscape

selectively, and has exploited pre-existing fluvial and tectonic topography (Jamieson et al.,

2005; Taylor et al., 2004).

Building on the earlier attempts to quantify Antarctic landscape evolution, Wilson et al.

(2012) produced the first continent-wide reconstruction of Antarctic topography at the Eocene–

Oligocene boundary (Figure 2.13). To do so, the authors considered the dominant physical

processes to have affected the landscape since ca. 34 Ma, including ice loading, thermal

subsidence, shelf sedimentation, erosion, isostasy and horizontal plate motion (Wilson et al.,

2012). They incorporated the first estimates of circum-Antarctic sediment volumes, which

were used to constrain models of onshore glacial erosion and modulate the amount of eroded

material restored to the continent. The reconstruction also included corrections for extension

and thermal subsidence of the WARS, domal uplift of Marie Byrd Land, and a simple isostatic

adjustment model.

This reconstruction indicated that the land area of Antarctica was ∼20% greater at the

Eocene–Oligocene boundary than at the present-day, with most of this extra land area lo-

cated in central West Antarctica, which was situated up to 1 km above sea level (Wilson

et al., 2012). The reconstructed topography also exhibited considerably lower topographic

relief than the modern topography. The reconstruction in turn provided an important new

boundary condition for ice sheet models. It enabled new model estimates of the Antarctic Ice

Sheet volume at the Eocene–Oligocene boundary, which revealed that using the reconstructed

topography yielded an ice volume of 33.4–35.9×106 km3, as opposed to 22.7×106 km3 using

the present-day topography (Figure 2.13) (Wilson et al., 2013). Notably, this result implied

that a significant West Antarctic Ice Sheet was initiated at the Eocene–Oligocene boundary

(Figure 2.13). This has important implications for estimates of global ice volume, sea level,

and ocean temperatures at this time interval (based on the benthic δ18O record), suggesting
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that ocean cooling across this climate transition may have been more modest (1–2°C (Wilson

et al., 2013)) than previously thought (3–5°C (Liu et al., 2009)).

Figure 2.13: Reconstruction of Antarctic palaeotopography and ice sheet extent at the
Eocene–Oligocene boundary (Wilson et al., 2013). ALBMAP (left) is a DEM of the present-
day bedrock topography. E–O minimum (centre) and E–O maximum (right) are two DEMs
of the bedrock topography at 34 Ma produced by Wilson et al. (2012). When the different
topographies are input into ice sheet models, the simulated ice extent, thickness and volume

(lower panels) can vary significantly.

The Wilson et al. (2012) reconstruction has also facilitated improved numerical simulations of

AIS retreat and extent during past warmer climate intervals in the Miocene (Colleoni et al.,

2018; Gasson et al., 2016b). These modelling studies find that the AIS is less sensitive to retreat

when the reconstructed topography is used in place of the modern topography (Figure 2.14).

However, to generate a Miocene topography, the authors use a simple linear interpolation

scheme between the Wilson et al. (2012) 34 Ma topography and the modern topography. The

implicit assumption that the rate of landscape evolution has been constant for the past 34 Myr

is likely to be unrealistic; the discussion in this chapter has demonstrated that the evolution

of Antarctic climate and tectonics since ca. 34 Ma has been strongly non-linear.
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Figure 2.14: Mid-Miocene ice thickness in response to different climate forcing using differ-
ent subglacial topographies (Gasson et al., 2016b). The upper row (A, C, E, and G) (scenario
A) uses the modern Bedmap2 bedrock topography (Fretwell et al., 2013); the lower row (B,
D, F, and H) (scenario B) uses an approximate mid-Miocene bedrock topography (based on
Wilson et al. (2012)). The differences in topography/bathymetry between these two scenarios
are shown. Colder interval simulations have atmospheric CO2 of 280 ppm and an astronomical
configuration favourable for Antarctic glaciation (low obliquity, high eccentricity, perihelion
during boreal summer). Warmer interval simulations have atmospheric CO2 of 500 ppm and
an astronomical configuration favourable for Antarctic deglaciation (high obliquity, high eccen-
tricity, perihelion during austral summer) and 2°C of ocean warming. High CO2 simulations
are as the warmer climate simulations but with atmospheric CO2 raised to 840 ppm. All

simulations include climate-ice sheet feedbacks.

Despite these recent advances, a number of issues remain with these early topographic re-

constructions. The reconstruction was based on an early version of the modern topography

(Bedmap1) (Lythe et al., 2001), meaning that features <40 km in size were poorly resolved,

and many areas were lacking in data coverage. Volumes of sediment around the Antarctic

margin, particularly in East Antarctica, were also poorly constrained, leading to large uncer-

tainties (±100%) in the estimate of the amount of erosion to have occurred since ca. 34 Ma.

Moreover, there were a number of issues with the offshore sediment stratigraphy—and correla-

tion around the Antarctic margin—that have subsequently been resolved (e.g. Lindeque et al.,

2016). Additionally, no consideration was given to source or provenance of offshore sediment

used to constrain onshore erosion patterns, nor the rate at which the landscape has evolved

between the Eocene–Oligocene boundary and the present-day. The latter results in ambiguity
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as to which topography to use when modelling ice sheets at any time interval between 34 Ma

and the present-day.

While the early widespread glaciation of West Antarctica implied by the reconstructed 34 Ma

topography can potentially reconcile global ice volume and temperature records (Wilson et al.,

2013), geological evidence indicates that the growth of the WAIS may have predominantly

occurred in the Miocene and Pliocene (De Santis et al., 1999; Kennett and Barker , 1990;

Zachos et al., 2001). Because of the large uncertainty in offshore sediment volumes, and in the

provenance of that sediment, the reconstructed palaeo-elevations in West Antarctica (Wilson

et al., 2012) may be higher than was the case in reality. Moreover, realistic reconstructions

of Antarctic topography at more recent climate intervals, such as the Oligocene–Miocene

boundary, mid-Miocene climate transition, and mid-Pliocene warm period, may also facilitate

more accurate deconvolution of ice volume, sea level, and temperature changes across these

time intervals, which remains an ongoing challenge (Anagnostou et al., 2016; Greenop et al.,

2014, 2019; Lear et al., 2015).

There is therefore a need for (a) updated topographic reconstructions for the Eocene–Oligocene

boundary, incorporating newly acquired datasets such as modern bed elevation measurements,

offshore sediment thicknesses, and geological constraints, and (b) reconstructions of topogra-

phy for intermediate time slices (between 34 Ma and the present-day), based on an under-

standing of how the rate of landscape evolution has changed over space and time. Moreover,

reconstructions of topography require an improved understanding of a range of parameters,

including modern subglacial topography (section 2.4.1), subglacial geology (section 2.4.2), the

processes likely to have modified the landscape over the past 34 Myr (section 2.4.3), and

the elastic properties of the lithosphere (section 2.4.3.3). It is also important to note that

although ∼25 million ice thickness measurements were incorporated into Bedmap2 (Fretwell

et al., 2013), efforts to analyse the present-day subglacial landscape to assess past ice sheet

extent and stability, as well as understand the long-term evolution of the subglacial landscape,

have been relatively limited (e.g. Aitken et al., 2016; Young et al., 2011).

2.5 Summary

Sea level records, subglacial geomorphology, and ice sheet models are indicative of a complex

history of the AIS. The discussion presented in Chapters 1 and 2 highlights the importance of

subglacial topography as a boundary condition in ice sheet models, and also as a record of past
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processes of landscape evolution. Increased understanding of the subglacial landscape—and

how it has evolved through time—therefore has the potential to engender increased confidence

in reconstructions of past Antarctic ice sheet dynamics, and in turn improve predictions of

future ice sheet volume and sea level change.

The early attempts to elucidate changes to Antarctica’s subglacial landscape were hindered in

part by significant uncertainties in poorly surveyed regions of the subglacial landscape, where

the present-day subglacial geology, topography and geomorphology have until recently been

largely unknown. However, the recent acquisition of a burgeoning amount of field and remote

sensing datasets presents an opportunity to better understand the processes that influenced

the formation of the modern-day subglacial landscape of Antarctica, and to quantify long-term

changes to the landscape.

With this in mind, this thesis primarily aims to elucidate the long-term history of landscape

evolution in a number of previously poorly understood regions of Antarctica, with particular

emphasis on the low-lying regions around the margins of East Antarctica, which are thought

to be particularly vulnerable to future ice sheet retreat (Figure 2.4). The thesis uses a series

of recently acquired geophysical datasets to test previously proposed hypotheses for the origin

of major topographic features within the Recovery catchment (Chapter 3), the Wilkes Sub-

glacial Basin and Transantarctic Mountains (Chapters 4 and 5), and the Pensacola-Pole Basin

(Chapter 6). Each of these East Antarctic subglacial basins contains large areas of topogra-

phy below sea level (Figure 2.15), rendering the overlying ice potentially vulnerable to climatic

and oceanographic change. The results of these regional studies are then combined to pro-

duce continental-scale topographic reconstructions, assess the influence of the reconstructed

topographies on past ice sheet extent and behaviour (Chapter 7), and in doing so address the

following research questions:

RQ1 What are the relative contributions of tectonics and erosion to the evolution of the

subglacial landscape across Antarctica?

RQ2 To what extent does the subglacial landscape record processes that occurred prior to,

and during the early stages of, glaciation?

RQ3 How has the rate of landscape evolution varied over time, and how does this relate to

ice sheet dynamics?

RQ4 What did Antarctica’s topography look like at past climate intervals?



Chapter 2. Background to Antarctic climate and landscape evolution 42

RQ5 What is the influence of landscape evolution on the extent and dynamics of the AIS?

Figure 2.15: Study areas in this thesis. Bed elevations and bathymetry are from the
Bedmap2 dataset (Fretwell et al., 2013). Elevations are in metres above mean sea level
(m.a.s.l.) and contoured at 1000 m intervals. The dark lines around the edge of the continent
denote the modern grounding line (thinner line) and ice shelf calving front (thicker line). The
regions studied in this thesis are highlighted by the coloured boxes, and are labelled according

to the relevant chapter number(s).

Chapter 3 begins by combining 3D flexural modelling with constraints from field geomorpho-

logical and thermochronological data to quantify the relative roles of glacial erosion and normal

faulting in generating the significant topographic relief within the Recovery catchment, East

Antarctica.



Chapter 3

Uplift and tilting of the Shackleton

Range in East Antarctica driven by

glacial erosion and normal faulting

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, R. Forsberg, N. Ross, A. B.

Watts, H. F. J. Corr, and T. A. Jordan (2017), Uplift and tilting of the Shackleton Range in

East Antarctica driven by glacial erosion and normal faulting, Journal of Geophysical Research:

Solid Earth, 122(3), 2390–2408, doi: 10.1002/2016JB013841

Some believe it is only great power that can hold evil in check,

but that is not what I have found.

It is the small everyday deeds of ordinary folk that keep the darkness at bay.

Small acts of kindness and love.

Gandalf The Grey, The Hobbit
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Abstract

Unravelling the long-term evolution of the subglacial landscape of Antarctica is vital for un-

derstanding past ice sheet dynamics and stability, particularly in marine-based sectors of the

ice sheet. Here, we model the evolution of the bedrock topography beneath the Recovery

catchment, a sector of the East Antarctic Ice Sheet characterised by fast-flowing ice streams

that occupy overdeepened subglacial troughs. We use 3D flexural models to quantify the effect

of erosional unloading and mechanical unloading associated with motion on border faults in

driving isostatic bedrock uplift of the Shackleton Range and Theron Mountains, which are

flanked by the Recovery, Slessor and Bailey ice streams. Inverse spectral (free-air admittance)

and forward modelling of topography and gravity anomaly data allow us to constrain the effec-

tive elastic thickness of the lithosphere (Te) in the Shackleton Range region to ∼20 km. Our

models indicate that glacial erosion, and the associated isostatic rebound, has driven 40–50%

of total peak uplift in the Shackleton Range and Theron Mountains. A further 40–50% can

be attributed to motion on normal fault systems of inferred Jurassic and Cretaceous age. Our

results indicate that the flexural effects of glacial erosion play a key role in mountain uplift

along the East Antarctic margin, augmenting previous findings in the Transantarctic Moun-

tains. The results suggest that at 34 Ma, the mountains were lower and the bounding valley

floors were close to sea level, which implies that the early ice sheet in this region may have

been relatively stable.

3.1 Introduction

Antarctica’s bedrock topography is an important boundary condition that influences the dy-

namics of the overlying ice sheet (Gasson et al., 2015). In particular, Antarctic ice sheet

stability in regions proximal to the grounding line is heavily dependent on the local ice thick-

ness and bedrock elevation and slope (Pollard et al., 2015). Near-coastal regions of Antarctica

where the ice sheet is marine-based (i.e. the bed is below present-day sea level) are particularly

susceptible to rapid grounding line retreat via marine ice sheet instability (Schoof , 2007) and

calving mechanisms such as hydrofracturing and ice cliff failure (Pollard et al., 2015).

The Recovery catchment in East Antarctica is located on the eastern margin of the Weddell

Sea (Figure 3.1). It is one of the largest and yet least explored marine-based sectors of the East

Antarctic Ice Sheet (EAIS) that may be susceptible to such instability mechanisms (Le Brocq
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Figure 3.1: Regional setting of the Recovery catchment within Antarctica. (a) Ice sheet
velocities (Rignot et al., 2011). EAIS = East Antarctic Ice Sheet. Inset - major Antarctic ice
divides (Rignot et al., 2008); the area bounded by the red coloured polygon is the Recovery
catchment; the black box denotes the area shown in the main figure. (b) Bedrock topography.
Red lines show major onshore basement faults that bound the Shackleton Range and Theron
Mountains (Marsh, 1985). The submarine Thiel Trough is bounded by the Filchner Rift
(magenta lines, ticks point to the downthrown side) (Jordan et al., 2013a, 2017). Black

dashed box marks our main study area.

et al., 2008). The area of the catchment is 1.5 million km2; it drains ∼10% of the EAIS and

contains ∼5 m of sea level equivalent, which is approximately equivalent to the entire West

Antarctic Ice Sheet (Rignot et al., 2008). The regional ice velocity field shows that ice flow in
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the catchment is focussed through three major outlet glaciers—Recovery, Slessor and Bailey—

where velocities reach almost 1000 m/yr at the grounding line (Rignot et al., 2011). These

glaciers are the major arteries that drain the EAIS into the Filchner Ice Shelf (Figure 3.1).

Situated between these outlet glaciers are the Shackleton Range and Theron Mountains, over

which ice velocities are less than 10 m/yr. The strong bimodality in the ice velocity field

is reflected in, and caused by, the bedrock topography (Figure 3.1). The summits of the

Shackleton Range and Theron Mountains protrude above the EAIS as nunataks at up to 1.8

km above sea level, while the bed at the floor of the Recovery, Slessor and Bailey troughs is as

deep as 2.5 km below sea level; the ice thickness in these glaciers exceeds 3 km (Fretwell et al.,

2013). The troughs trend E–W, and are 300–500 km long and 50–100 km wide. This fjord-

like landscape renders the Recovery catchment particularly susceptible to ice sheet retreat in a

warming world (DeConto and Pollard , 2016). However, if the subglacial landscape has evolved

significantly in the past 34 Ma, the response of this sector to climatic and oceanic change in

the past may have been very different compared to that of its modern configuration.

The timing and mechanism(s) responsible for the uplift of the Shackleton Range and Theron

Mountains and the subsidence of the Recovery, Slessor and Bailey troughs remain outstanding

questions. Apatite fission track (AFT) and (U–Th)/He dating indicate multiple phases of

denudation and burial of the Shackleton Range in the Mesozoic before final uplift and formation

of the present landscape since EAIS inception at 34 Ma (Krohne et al., 2016). Previous studies

have suggested that the uplift of the mountain ranges and subsidence of the troughs are

inherently coupled. Sugden et al. (2014) hypothesise that post-Eocene uplift of the Shackleton

Range was driven by the regional isostatic response to glacial overdeepening and erosion within

the Recovery and Slessor troughs. Furthermore, they speculate that the observed tilt of the

Shackleton block, with the highest elevations along the southern escarpment (Figure 3.2),

occurred because excavation of the larger Recovery Trough caused more flank uplift than the

smaller Slessor Trough.

The Recovery, Slessor and Bailey glaciers likely exploited pre-existing fault systems that sep-

arate the metamorphic basement of the Shackleton Range (Tessensohn and Thomson, 1999;

Will et al., 2009, 2010) from the Palaeozoic Beacon sediments and Jurassic dolerite sills exposed

in the Theron Mountains and the isolated Whichaway Nunataks (Brook , 1972) (Figure 3.2).

These fast-flowing glaciers are bounded by ice surface lineaments that reflect the trend of

major subglacial fault systems (Figure 3.1) (Marsh, 1985). These lineaments trend parallel
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Figure 3.2: (a) Perspective image of the bedrock of the Recovery catchment (vertical ex-
aggeration (VE) = 50×). The traces of inferred range-bounding faults (Marsh, 1985) are
marked by the red dashed lines. Arrow marks the direction of grid north in the adopted Polar
Stereographic projection. The inset shows the location of the study area within Antarctica.
(b) Field photograph of a peneplanation surface exposed on Stephenson Bastion in the Shack-
leton Range (location marked by blue star in panel a). (c) Profile X–Y across the Recovery
catchment (VE = 50×). Bedrock (black line) and ice surface (blue line) topography were
assembled from three RES flight lines. Ice flow direction is out of the page. Green dashed
lines highlight the tilting of the mountain blocks. Schematic red lines mark the position of

the faults (arrows show inferred sense of dip-slip motion).

to E–W-trending ca. 500 Ma thrust faults in the Shackleton Range (Tessensohn and Thom-

son, 1999), regional aeromagnetic lineaments interpreted as reflecting major basement faults
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(Jordan et al., 2017), and inferred half-graben basins upstream of the Slessor Glacier (Bamber

et al., 2006; Shepherd et al., 2006). These observations support the hypothesis that the deep

subglacial troughs are structurally controlled (Patton et al., 2016). Jurassic extension and

horst-and-graben formation have been recognised in the adjacent Weddell Sea Rift System

(Jordan et al., 2016 and references therein) and also onshore, in particular in Dronning Maud

Land where the Jurassic Jutulstraumen Rift has been imaged (Ferraccioli et al., 2005a,b). The

Shackleton Range and Theron Mountains may therefore represent fault-bounded horst blocks

that experienced tectonic uplift and tilting (Skidmore and Clarkson, 1972).

The relative roles of erosion-driven and tectonic uplift in driving Shackleton Range and Theron

Mountains uplift have yet to be quantified, in contrast to the Gamburtsev Subglacial Moun-

tains (GSM) (Ferraccioli et al., 2011; Paxman et al., 2016) or the Transantarctic Mountains

(TAM) (Stern et al., 2005), where the relative roles of these processes have been addressed

with the aid of quantitative modelling. In this study, we use 3D flexural isostatic models to

quantify for the first time both the mechanical unloading associated with normal border faults

and erosional unloading associated with Cenozoic glacial incision in the Shackleton Range and

Theron Mountains region. Our results have significant implications for understanding the evo-

lution of palaeotopography in this part of East Antarctica and for assessing how these changes

in topography may have influenced the early history of the EAIS.

3.2 Geophysical datasets

This study utilises bedrock elevation and free-air gravity data acquired during a number of

recent airborne geophysical surveys over the previously unexplored Recovery catchment.

3.2.1 Bedrock topography

We collated onshore ice thickness data from a series of recent airborne radio-echo sound-

ing (RES) surveys over Coats Land and the Recovery catchment, including ICEGRAV (2013)

(Forsberg et al., 2018), Operation IceBridge (2009–2012) (Leuschen et al., 2016), and a 2001/2002

survey of the upper reaches of the Bailey Ice Stream and Slessor Glacier (Bamber et al., 2006;

Rippin et al., 2003; Shepherd et al., 2006). We also include direct ice thickness measurements

that were previously incorporated into Bedmap2 (Fretwell et al., 2013) (Figure 3.3).
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Figure 3.3: Aerogeophysical survey coverage over the Recovery catchment. The bedrock
topography DEM shown was generated by gridding direct ice thickness measurements along
the flight lines shown. In this study we used the original line data from the ICEGRAV 2013
survey (Forsberg et al., 2018), Operation IceBridge (Leuschen et al., 2016), and the Antarctic
Funding Initiative (AFI) survey of Coats Land (Bamber et al., 2006; Rippin et al., 2003;
Shepherd et al., 2006). In addition, we sampled Bedmap2 along the location of additional
flight lines used to generate the original grid (ICEGRAV 2011 and dashed lines) (Fretwell
et al., 2013). All these data were gridded together to produce our updated ice thickness
and bedrock topography grids. The grid was masked to remove values greater than 10 km
from the nearest real datapoint, and these surrounding regions were filled with data taken
directly from Bedmap2. These regions include offshore and the area to the south of the map,
where ice thickness is inferred from satellite-derived gravity field models. Abbreviations: SR
= Shackleton Range; TM = Theron Mountains. Inset shows the location of the figure within

Antarctica.

RES profiles reveal that the Theron Mountains exhibit a lightly dissected mesa-like topography,

whereas the Shackleton Range is more heavily incised (Figure 3.2). The mesas in the Theron

Mountains resemble those observed westwards of the TAM, which are interpreted as the result

of the Ferrar dolerite sills capping Beacon Supergroup sedimentary rocks (Ferraccioli et al.,

2001, 2009a; Studinger et al., 2004). Both lithologies are also present in the Theron Mountains

(Brook , 1972), hinting at a common mode of formation. A number of plateau surfaces are

also exposed at up to 1.8 km above sea level in the Shackleton Range (Figure 3.2) (Kerr

and Hermichen, 1999; Skidmore and Clarkson, 1972). The plateau surfaces in the Shackleton

Range cut different geological units; they do not reflect a stratigraphic dip slope, but instead

are surfaces that experienced erosion and were subsequently uplifted. These plateaux have been

interpreted as remnant fragments of the Devonian Kukri Peneplain, a flat, once-continuous

undulating erosion surface which is extensively observed in the TAM (Fitzgerald , 1994; Stern
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and ten Brink , 1989; Tessensohn et al., 1999a).

We gridded the new flight line data together with the existing direct ice thickness measure-

ments from Bedmap2 (Fretwell et al., 2013) using a 2 km grid mesh with a continuous curvature

tensional spline algorithm (Wessel et al., 2013). The grid was masked to remove interpolated

values more than 10 km from the nearest data point. These grid nodes were replaced by

ice thickness values from the Bedmap2 compilation; while there are no direct ice thickness

estimates in these areas in Bedmap2, approximate ice thicknesses have been computed using

satellite-derived gravity field models (Fretwell et al., 2013). We then subtracted the ice thick-

ness grid from the surface digital elevation model (DEM) (Fretwell et al., 2013) to produce a

bedrock DEM (Figure 3.4). Offshore bathymetry data were taken from Bedmap2.

We took the spectral average (see e.g. Bassett and Watts (2015)) of an ensemble of five profiles

crossing the mountain ranges. The ensemble average enhances the ‘common’ features of the

topographic profiles, such as the tilted plateau surface and the deep U-shaped glacial troughs,

while at the same time suppresses the effects of the more localised dissection of the plateau

surface by cirques and rivers. It can be seen that the Shackleton Range is on average tilted

by 1.2° to the north, and the Theron Mountains are tilted by 0.8° to the south (Figure 3.4).

3.2.2 Free-air gravity anomaly

Our new free-air gravity anomaly (FAA) grid for the Recovery catchment (Figure 3.4) was

generated from flight line data from the Operation IceBridge (Cochran and Bell , 2014) and

ICEGRAV 2011 and 2013 surveys (Forsberg et al., 2018). Continuation to 500 m above the

bedrock elevation, cross-over analysis and leveling of the lines was performed and a satisfactory

standard deviation of 1 mGal at cross-overs between intersecting flight tracks was achieved.

Gravity data were gridded at 2 km horizontal spacing using a continuous curvature tensional

spline algorithm (Wessel et al., 2013). The grid was masked to remove interpolated values

more than 10 km from the nearest data point. Uncertainties in the FAA grid were estimated

to be ±2 mGal. The FAA grid was used in conjunction with the bedrock topography grid to

estimate the regional flexural rigidity of the lithosphere (section 3.3.1).
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Figure 3.4: (a) Bedrock topography DEM. Solid lines show the location of profiles 1–5
used to construct panel c. Red lines show the location of the profiles used in our elastic
thickness forward models (Figure 3.5). (b) Free-air gravity anomaly gridded from IceBridge
and ICEGRAV line data. Red box shows the area of the grids used to compute the free-air
admittance (Figure 3.5). Both grids are projected in Antarctic Polar Stereographic with true
scale at 71°S. (c) Ensemble averaging of bedrock topography. Topographic profiles (coloured
lines) were constructed by sampling the DEM (panel a) along five equally spaced (∼20 km
spacing), parallel lines. The profiles were isostatically rebounded to remove the effect of
present-day ice sheet loading using an elastic plate model with Te = 20 km, which corresponds
to our regional Te estimate (section 3.3.1). Only lines 1, 3 and 5 are shown for clarity. The
black line is an ensemble average of profiles 1–5. The Shackleton Range and Theron Mountains
are tilted (in the absence of ice loading) by ∼1.2°N and ∼0.8°S, respectively. Abbreviations:
BIS = Bailey Ice Stream; TM = Theron Mountains; SG = Slessor Glacier; SR = Shackleton

Range; RG = Recovery Glacier.
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3.3 Methods

3.3.1 Effective elastic thickness estimation

The isostatic response of the lithosphere to (un)loading may be computed by modelling the

lithosphere as a flexed elastic plate overlying an inviscid (non-viscous) fluid (Watts, 2001).

The amplitude and wavelength of the isostatic response is determined by the effective elastic

thickness (Te), a proxy for the integrated strength of the lithosphere (Watts and Burov , 2003).

We employed two independent methods to determine the appropriate Te for the Recovery

catchment to see whether the Te values converged.

3.3.1.1 2D forward modelling

The bedrock topography along two RES flight lines exhibits intermediate-wavelength (100–500

km) warping characteristic of plate flexure in response to surface loading (Figure 3.5). In these

profiles, the Bailey Trough is downwarped towards the elevated Theron Mountains mesa. We

envisage that this topography is largely the product of regional erosion of material from within

the Bailey Trough and normal fault action. Unloading of the material within the trough is

equivalent to the loading of a flat sheet by the mesa. The topography is therefore analogous to

the loading of a seamount on the ocean floor, except the mesa displaces ice rather than water.

We do not explicitly model the mechanism of loading; our 2D forward model comprised a

distributed load approximating the shape of the mountain range (with a topographic density

of 2670 kg m−3) (Figure 3.5), which was applied to a thin elastic plate with a uniform Te

overlying an inviscid fluid mantle (with density 3330 kg m−3) (Equation 3.1). The density of

the material displaced by the load and infilling the flexure was that of ice (915 kg m−3). We

modelled the topography for a series of Te values between 10 and 50 km. The wavelength of

flexure is consistent with Te values of 20–30 km. The best-fitting Te values (24 and 25 km for

the two models) were determined using the root mean square (RMS) misfit (Figure 3.5).

3.3.1.2 3D inverse (spectral) modelling

The gravitational admittance is a transfer function that describes the relationship between

the FAA and the bedrock topography for a range of load sizes (wavelengths) on an elastic

plate with a given Te. The observed admittance was computed by taking Fourier transforms

of our newly compiled bedrock topography and FAA grids over a 900 km × 900 km window
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Figure 3.5: Effective elastic thickness modelling. (a) and (b) Forward modelling of observed
bedrock topography (red lines) along two flight lines (A–A’ and B–B’) crossing the Bailey Ice
Stream and Theron Mountains (locations are marked in Figure 3a). Comparison of predicted
topography from elastic plate models (black lines) with the observed topography indicates a
best-fitting Te of (a) 25 and (b) 24 km. (c) Comparison of the observed free-air gravitational
admittance (red dots with standard error bars) with model curves for Te = 0, 5, 10, 20, and
40 km. The admittance recovers a best-fitting Te of 11 km, which is calibrated to 18 km (see

Figure 3.6).

(Figure 3.4) (following McKenzie (2003); McKenzie and Fairhead (1997)). Theoretical ad-

mittance functions for an elastic plate subject to surface loading were computed for a range
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of Te values (Watts, 2001) and compared to the observed admittance (Figure 3.5), providing

an estimate of the average Te value across the region. This method recovers a best-fitting Te

value of 11 km. However, taking a Fourier transform of datasets with limited lateral extent

causes spectral leakage into the result, downward biasing the recovered Te (Kirby , 2014). A

calibration that accounts for the consequent underestimation of Te (Kalnins and Watts, 2009)

was used to correct the recovered Te to 18 km (Figure 3.6).

Despite the uncertainties associated with the interpretation of the admittance for topogra-

phy/gravity datasets of limited lateral extent, such as spectral leakage and the fact that the

window-based spectral estimates reflect a wide range of spatial and temporal loads (Kirby ,

2014), the corrected Te value of 18 km is broadly consistent with the 24 and 25 km results

from our 2D forward models. In our subsequent flexure calculations, we used a 3D elastic plate

model with a uniform Te of 20 km, which is intermediate between our estimates, and tested

the sensitivity of our model by running the calculations for Te values between 5 and 50 km.

Figure 3.6: Gravitational admittance calibration. The effective elastic thickness (Te) value
recovered by the admittance will be biased towards lower values because the finite window
used for computation artificially shortens the longer wavelengths in the gravity and topogra-
phy fields (Kalnins and Watts, 2009). We calculated synthetic gravity anomalies for known
Te values and recovered Te by computing the admittance between the topography and the
synthetic gravity anomaly. The red line shows the recovered Te (red points with standard
error bars) vs. the input Te. The Te value recovered from the admittance is linearly related
to the actual Te value. The red line is the best-fitting bias correction line. The unbiased Te
value can therefore be recovered by dividing the Te value recovered from the admittance the
gradient of the calibration line (0.6). A recovered Te value of 11 km corresponds to a corrected

Te of 18 km.
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3.3.2 Calculation of erosional unloading

3.3.2.1 Spatial distribution of erosion

In order to determine the 3D distribution of eroded material, we used a peak accordance

method (Champagnac et al., 2007; Stern et al., 2005). This approach involves the identifica-

tion of peaks and flat-topped surfaces in the bedrock topography that are assumed to have

not experienced any erosion and the interpolation of a smooth surface between them. The

resulting ‘peak accordance surface’ represents the restoration of the eroded material to the

topography without accounting for the associated isostatic response. The difference between

the accordance surface and the bedrock topography is the eroded material.

We identified over 80 flat-topped surfaces in the vicinity of the Shackleton Range and Theron

Mountains in RES flight lines (Figure 3.2), Google Earth satellite imagery and field pho-

tographs (Figure 3.2). We assumed that these now high elevation plateau surfaces originally

formed a contiguous, low elevation and flat landscape prior to incision into it and thus have

not experienced erosion since the onset of continental glaciation at 34 Ma. This assumption is

supported by very low (0.10–0.35 m/Myr) long-term cosmogenic nuclide-derived erosion rates

on the plateau surfaces in the Shackleton Range (Fogwill et al., 2004; Sugden et al., 2014),

and also by a lack of glacial modification of these surfaces (Kerr and Hermichen, 1999). If

the peaks have been lowered since 34 Ma, the amount of erosion will be an underestimate. In

addition, we used a spatial filter to identify local highs in the bedrock topography DEM within

a circular moving window with a fixed radius of 15 km (following Champagnac et al. (2007);

Paxman et al. (2016)). Peaks where the present-day ice velocity exceeds 10 m/yr, and have

therefore likely experienced significant erosion, were discarded. The remainder were assumed

to have experienced negligible erosion since 34 Ma; a smooth surface was interpolated between

the peaks and flat-topped surfaces to produce a peak accordance surface that was assumed to

exist just prior to the onset of glaciation at 34 Ma (Figure 3.7).

The accordance surface was constructed by (1) adjusting the DEM to account for the loading

of the present-day ice sheet using our preferred elastic plate model with a Te of 20 km (see

section 3.3.2.3), (2) sampling the adjusted DEM at the location of each peak, and (3) interpo-

lating between peaks using a continuous curvature tensional spline (Wessel et al., 2013). The

eroded material was calculated by subtracting the ice-free bedrock topography from the peak

accordance surface (Figure 3.7).
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The assumption that the difference between the peak accordance surface and the bedrock

topography is entirely due to removal of material by glacial (post-34 Ma) erosion is probably

reasonable within the Theron Mountains and Shackleton Range themselves. However, this may

not be the case over the large troughs, where some of the difference may also be attributable

to tectonic subsidence, due, for example, to movement on the border faults. For this reason

there is uncertainty in the amount of material eroded from the troughs. We envisage two

end-member scenarios for the amount of material that has been eroded from the troughs:

1. Minimum erosion scenario—tectonic subsidence has contributed to trough depth. In this

scenario the peak accordance surface is dipped over troughs (Figure 3.7), representing a

pre-existing depression caused by mechanical subsidence on border faults (section 3.3.3).

We dipped the surface such that when the contributions of erosional unloading and

fault motion were summed (see section 3.3.3), the modelled trough depth matched the

observed trough depth. It is therefore assumed that the tectonic subsidence was not

infilled with sediment.

2. Maximum erosion scenario—subsidence of the trough floors below sea level is entirely

attributable to glacial erosion. In this scenario, the peak accordance surface is stretched

across the tops of the troughs (Figure 3.7) and the difference between the accordance

surface and the bedrock topography is all glacially eroded material. Under this maximum

erosion scenario, it is assumed that any fault movement pre-dated glaciation and the

resulting subsidence of the hanging wall blocks was completely infilled with sediment

(Bamber et al., 2006; Shepherd et al., 2006).

Assuming an average eroded rock density of 2300–2700 kg m−3 (reflecting sedimentary and

basement rock end-members), the minimum and maximum estimated mass of eroded material

were 1.0×1018 kg and 1.5×1018 kg, respectively.
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Figure 3.7: Erosional unloading modelling. (a) Present-day bedrock topography adjusted for
ice sheet loading (Te = 20 km). Dashed lines show traces of range-bounding faults. Symbols
mark points used to construct the peak accordance surface. Blue diamonds = subglacial flat-
topped surfaces (mesas). Green stars = plateau surfaces exposed in the Shackleton Range.
Yellow circles = local maxima within a fixed (15 km) radius. (b) Peak accordance surface.
This represents the maximum erosion scenario (see text for description). (c) Distribution
of eroded material (warm colours) and offshore sediment (cool colours). SR = Shackleton
Range; TM = Theron Mountains. (d) Computed flexural response (Te = 20 km) to unloading
of eroded material and loading of sediment. (e) Maximum and (f) Minimum erosion scenario
along Profile A–B (location marked in panels a–d). Black line = bedrock topography; magenta
= peak accordance surface; yellow shaded region = eroded material; red = modelled flexure.
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3.3.2.2 Offshore sediment estimates

The estimated mass of eroded material was compared to the mass of sediment located offshore

on the continental shelf. Isopach maps for the Weddell Sea shelf north of the calving front

(Figure 3.7) have been constructed by interpolating sediment package thicknesses measured

from seismic reflection lines (Huang et al., 2014). Sediments are divided into pre-glacial (145–

34 Ma), transitional (34–14 Ma) and full-glacial (14–0 Ma) sequences based on correlation

of seismic stratigraphic facies across lines and age constraints from sediment cores (Huang

et al., 2014). Because of the uncertainties associated with the volume, provenance, and post-

depositional reworking of sediment, we determine a maximum and minimum total 34–0 Ma

sediment volume under the following assumptions:

1. Material eroded from the Recovery catchment is now located on the southeastern Weddell

Sea shelf (eastward of 50°W and south of 75°S), including the Crary Fan (Diekmann

and Kuhn, 1999) (Figure 3.7). However, the Support Force Glacier and (during glacial

periods) the Foundation Ice Stream also drain into the southeastern Weddell Sea via the

Filchner Ice Shelf (Figure 3.1), so some fraction of the sediment will have been derived

from this catchment. We assume that between 50 and 100% of the detrital sediment

entered the Weddell Sea via the Recovery, Slessor and Bailey glaciers, since they drain

a larger area than the Support Force and Foundation glaciers.

2. 5–15% of the total offshore sediment is pelagic (biogenic) rather than detrital and there-

fore was not derived from onshore (Wilson et al., 2012).

3. The average bulk density of offshore sediment is between 2100 and 2300 kg m−3 (Wilson

et al., 2012). This accounts for uncertainties in the amount of pore space between the

grains (i.e. the degree of mechanical compaction), and their lithology.

By computing the total volume of sediment and applying these assumptions, the mass of 34–0

Ma Recovery catchment-derived detrital sediment in the Weddell Sea basin was determined

to be 0.66–1.6×1018 kg. The mass of rock eroded from onshore (1.0–1.5×1018 kg) is therefore

within the range of uncertainty of the mass of offshore material. It might be expected that

the mass of eroded material exceeds the mass of offshore sediment, since material has likely

been lost from the shelf and reworked in the Weddell Gyre or by contourite currents, and some

sediment may have instead been deposited within interior sedimentary basins (e.g. Shepherd

et al., 2006) during the early stages of EAIS development. Therefore, even our maximum
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erosion scenario does not obviously overestimate the amount of post-34 Ma erosion from the

region. Due to a lack of constraints, we do not incorporate post-34 Ma sediment deposition

onshore or beneath the Filchner Ice Shelf or the associated isostatic response in our models.

Although this leads to an unrealistic gradient in sediment thickness/erosion at the calving

front (Figure 3.7), sensitivity testing indicates that onshore flexural uplift is insensitive to the

amount of offshore erosion/deposition (Figure 3.10).

3.3.2.3 Flexural isostasy

The flexural isostatic adjustment (w(x, y)) to erosional unloading and sediment loading (Fig-

ure 3.7) was computed by solving the general equation for the (un)loading (h(x, y)) of an

elastic plate overlying an non-viscous fluid (Turcotte and Schubert , 1982).

∇2
[
D(x, y)∇2w(x, y)

]
+ (ρmantle − ρinfill)gw(x, y) = (ρload − ρdisplace)gh(x, y) (3.1)

where

D(x, y) =
E Te(x, y)3

12 (1− ν2)
(3.2)

is the flexural rigidity as a function of spatial dimensions x and y. Density terms represent the

load (ρload), the material infilling the flexure (ρinfill), the material displaced by the (un)loading

(ρdisplace) and the mantle (ρmantle). We assumed values of 9.81 m s−2 for the acceleration due

to gravity (g), 100 GPa for Young’s modulus (E) and 0.25 for Poisson’s ratio (ν). By solving

Equation 3.1, we calculated the flexural uplift/subsidence due to the removal of the modern-

day ice sheet (assuming an ice density of 915 kg m−3), the removal of the eroded material

(assuming an average eroded material density of 2500 kg m−3), and the loading of offshore

sediments (assuming an average sediment density of 2200 kg m−3).

The unloads were our updated ice thickness grid (section 3.2.1) and the grid of eroded material

(section 3.3.2.1); the offshore sediment load was the post-glacial (34–0 Ma) sediment isopach

of Huang et al. (2014). The modelled flexure is most sensitive to Te, since this governs the

amplitude and wavelength of the flexural response; sensitivity testing was carried out by

computing the flexure for Te values between 5 and 50 km, a typical range of values for the

continental lithosphere (Watts, 2001). Since crustal-scale faults may introduce a discontinuity

in the plate where the flexural rigidity is effectively zero (Watts, 2001), we also tested a ‘broken

plate’ scenario where Te was decreased to zero at the plate break along one or more of the

major faults bounding the Shackleton Range and Theron Mountains. We used a fast Fourier
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transform method (Watts, 2001) to solve Equation 3.1 analytically for spatially uniform Te

scenarios, and a numerical centred finite-difference technique (e.g. Stewart and Watts, 1997)

for spatially variable Te scenarios.

3.3.3 Calculation of mechanical unloading

The bedrock topography of the Recovery catchment, with broad valleys bounded by faults and

uplifted flanks, is typical of extensional terranes. Vening Meinesz (1950) proposed a model

for the uplift of rift flanks as a consequence of failure of the lithosphere by normal faulting.

In this case, slip on a normal fault causes unloading of the footwall block by removal of the

hanging wall; the result is flexural isostatic rebound and uplift of the footwall. Concomitant

replacement of footwall crustal rock by the mantle causes isostatic subsidence of the hanging

wall block. Long-term normal fault displacement may therefore be modelled as the flexural

isostatic adjustment to the rigid uplift/subsidence of the footwall/hanging wall blocks, as-

suming that the lithosphere retains a finite flexural rigidity during extension (Weissel and

Karner , 1989). The resulting topography resembles a half-graben, and the footwall is flexu-

rally uplifted. Uplift on the shoulders of normal faults is therefore the result of this so-called

‘mechanical unloading’ of the lithosphere (Watts, 2001; Weissel and Karner , 1989).

To determine the contribution of mechanical unloading associated with the border faults to

Shackleton Range and Theron Mountains uplift, we modelled the displacement across each

fault as the flexural isostatic adjustment to the rigid uplift and subsidence of the footwall

and hanging wall (following Weissel and Karner (1989)) (Figure 3.8). The amount of flexure

depends on the elastic thickness, thickness of the faulted layer (the crust), material densities,

and dip and heave of the faults. We used our preferred uniform Te scenario (20 km), and a

crustal thickness of 35 km (An et al., 2015a). The assumed densities of the crust, infill (air)

and mantle were 2670, 1, and 3330 kg m−3, respectively. For simplicity, we assumed that each

fault is continuous, dips at 60° towards the downthrown side and exhibits a constant vertical

displacement (throw) along-strike. We tested the sensitivity of the results to the elastic and

crustal thicknesses and the fault dip, and found that only Te strongly influences the distribution

of flexure. The amount of extension (heave) was tuned so the modelled displacement matched

the observed topography next to the fault(s).

We also incorporated the diffusion of the scarp due to mass wasting processes, which is given

by (Watts, 2001)

ht(k) = h0(k) e
−
[
1−
(
ρc
ρm

)
φe(k)

]
κ k2 t

(3.3)
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Figure 3.8: Mechanical unloading modelling. (a) Location of profiles used to produce the
3D flexural uplift distribution due to motion on a single fault (dashed line). The 2D flexure
profile (black line in d) was sampled onto each 1000 km-long profile at 1 km spacing. Each
profile trends perpendicular to the fault trace. (b) Gridded flexural uplift due to mechanical
unloading associated with dip-slip motion on the border fault (dashed line). (c) Flexural uplift
due to mechanical unloading on four border faults, calculated by superimposing the individual
displacements (e.g. as shown in b). SR = Shackleton Range; TM = Theron Mountains. (d)
Profile X–Y (location marked in panel b). Dashed line = flexural uplift due to normal faulting
(Weissel and Karner , 1989); Solid line = diffused topography; red line = topography sampled
from the grid (b) along the same profile. Gridding causes a minor reduction in the amplitude
of the topography, but retains the distinct flexed pattern. (e) Profile A–B (location marked
in panel c). Locations of faults, with sense of motion, are shown schematically. Black line =

bedrock topography; red line = modelled flexure due to mechanical unloading.
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where

φe(k) =

[
D k4

ρm g
+ 1

]−1

(3.4)

is the flexural response function, ht(k) is the topography after time t, h0(k) is the initial

topography, κ is the ‘subduing coefficient’, and k is the wavenumber (the computation is carried

out in the frequency domain). This equation assumes that erosion is a diffusive process that

transports mass from the uplifted side of the fault to the subsided region (and the resulting

flexural isostatic adjustment is computed). The result is to smooth the edge of the fault-

generated topography so it is more exponential in form. Values of t and κ were chosen so the

modelled scarp slope matched the observed slopes of the mountain ranges.

The (diffused) flexure was calculated in 2D along a series of 1000 km-long profiles (with 10

km horizontal spacing) trending orthogonal to the faults (Figure 3.8). These profiles were

then gridded to produce a 3D map of flexure driven by mechanical unloading (Figure 3.8).

The displacement on the four major border faults was superimposed in various combinations

to produce the total 3D fault-driven displacement. We estimated the throw on the faults

bounding the Recovery and Bailey troughs by measuring the difference in elevation of the

bedrock on either side of the troughs. Elevation differences of 600–700 m provide first-order

estimates of the cumulative long-term throw on the faults, assuming the flexure associated

with erosional unloading is approximately symmetrical either side of the troughs (Figure 3.7).

3.4 Results

3.4.1 Erosion-driven uplift

We calculated the contribution of erosional unloading to Shackleton Range and Theron Moun-

tains uplift for our minimum and maximum erosion scenarios. For our preferred Te scenario of

20 km, we find that erosion in the Recovery, Slessor and Bailey troughs has driven on average

between 600 m (minimum erosion scenario) and 800 m (maximum erosion scenario) of flexural

uplift throughout the Shackleton Range and Theron Mountains (Figure 3.7). This represents

∼40–50% of the total elevation of the mountain blocks. The greatest amount of flexural uplift

(∼1 km in the maximum erosion scenario) occurs along the southern flank of the Shackleton

Range, which is bounded by the Recovery Trough. The Recovery Trough is deeper and wider

than the Slessor and Bailey trough, resulting in a larger magnitude and longer wavelength ero-

sional unload (Sugden et al., 2014). However, this differential erosional unloading only confers
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a maximum northward tilt of 0.2° on the upper surface of the Shackleton Range, compared to

the observed tilt of 1.2°N (Figure 3.7; Figure 3.9).

The flexure onshore is very insensitive to the amount and distribution of sediment offshore

(Figure 3.10). Offshore sediment loading accounts for <3% of uplift/subsidence in the Shack-

leton Range, Theron Mountains and bounding glacial troughs. We suggest this is because the

locus of sediment loading (the southeastern Weddell Sea) is too distal for significant isostatic

uplift/subsidence to be transmitted to the inland fjord system, even if a flexurally rigid (Te =

50 km) lithosphere is assumed.

We tested the sensitivity of the model to the assumed Te scenario (Figure 3.7; Table 3.1).

However, we found that while the pattern of erosion-driven flexure is sensitive to the assumed

Te, no value between 5 and 50 km was able to produce a satisfactory agreement with the

observed magnitude and wavelength of mountain uplift. Intermediate Te values of 20–30 km

give the best agreement with the observed wavelength of tilting, but the modelled tilt is only

∼0.2°. We also tested a scenario where the elastic plate was broken along faults bounding

the Shackleton Range and Theron Mountains, to investigate whether this could reproduce

the observed tilting of the mountain ranges (Figure 3.10). However, the difference between

continuous- and broken-plate flexure is relatively minor except for regions very close to the

faults.

We find that irrespective of the assumed erosion and Te scenario, erosion-driven flexure ac-

counts for ∼40–50% of the total elevation (and only ∼0.2° of tilting) of the mountain blocks

(Figure 3.9). The misfit between the modelled and observed topography is small on the flanks

of the mountain ranges bounding the Slessor Trough, but increases towards the flanks of the

Recovery and Bailey troughs, where flexure underestimates the topography by up to 800 m

(Figure 3.9).

3.4.2 Fault-driven uplift

Erosional unloading due to the removal of material (rock) from the troughs cannot account

for the total observed elevations of the northern Theron Mountains and southern Shackleton

Range, nor the observed tilt of the mountain surfaces (Figure 3.9). We therefore invoked

mechanical unloading due to the unloading of the footwall by normal faults bounding the Bai-

ley and Recovery troughs (Figure 3.11). For the maximum erosion scenario, the depressions

created due to subsidence of the hanging wall blocks were assumed to be filled to sea level.
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Figure 3.9: Contribution of erosional unloading and mechanical unloading to Shackleton
Range and Theron Mountains uplift. (a) Rebounded bedrock topography. (b) Sum of glacial
erosion and associated isostatic rebound (maximum erosion scenario). (c) Normal fault-driven
uplift (mechanical unloading). (d) Total model uplift (sum of (b) and (c)). A continuous elastic
plate model with a Te of 20 km was used. SR = Shackleton Range; TM = Theron Mountains.
(e) Profile A–B across the Shackleton Range and Theron Mountains for the maximum erosion
scenario, whereby fault-driven hanging wall subsidence was filled to sea level. The sum of
the modelled erosion- and fault-driven uplift (blue line) compares well with the observed
topography (black line). (f) Profile A–B for the minimum erosion scenario, whereby hanging
wall subsidence was not infilled, meaning the contribution of erosion was reduced. The match
between observed and modelled topography is worse than the maximum erosion scenario, but

the relative contributions of erosional and mechanical unloading remain similar.
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Figure 3.10: Sensitivity of uplift due to erosional unloading to variable parameters in our
flexural models. (a) Sensitivity to effective elastic thickness (Te). Solid red line shows our
preferred model with a continuous (unbroken) plate with a uniform Te of 20 km. Solid magenta
line shows a model where the plate is broken (Te is reduced to zero) along two faults (location
marked by the arrows). (b) Sensitivity to the radius of the moving window used to select
additional peaks, which are used to construct the peak accordance surface. Solid blue line
shows the flexure for our assumed radius of 15 km. (c) Sensitivity to eroded material density
and sediment loading. Eroded material densities between 2300 and 2700 kg m−3 were tested
to reflect typical surface rocks, but the impact on the magnitude of flexural uplift is minor.
Sediment loading has negligible impact on the flexure; the only deviation occurs to the left
(northern) end of the profile, which is closest to the coast. Profile location (A–B) is shown in

Figure 3.7.

For the minimum erosion scenario, the subsidence was not filled. The throw on the faults

was estimated as 600–700 m (section 3.3.3). Incorporating mechanical unloading on these two

major fault systems significantly improved the match between the observed and modelled flex-

ural uplift and tilting of the Shackleton Range and Theron Mountains (Figure 3.9). modelled
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Figure 3.11: Sensitivity of fault topography (due to mechanical unloading of the lithosphere)
to variable parameters in the model of Weissel and Karner (1989). Solid lines show the
dependency on variations in (a) fault dip, (b) elastic thickness (Te), and (c) the thickness of
the crust (i.e. the faulted layer) (Tc). The thick line shows our preferred model, in which dip

= 60°, Te = 20 km, and Tc = 35 km.

tilts agree very well with the 1.2°N and 0.8°S tilting of the Shackleton Range and Theron

Mountains, respectively (Figure 3.9). We find that erosional unloading accounts for 40–50%

of the uplift of the mountains and mechanical unloading accounts for a further 40–50%. There

is a small residual misfit; some of the topographic signature is likely the result of non-flexural

processes, such as brittle deformation on faults. The maximum erosion scenario, where tec-

tonic subsidence is infilled, produces a better overall fit with the observed topography that the

minimum erosion scenario (Figure 3.9; Table 3.1). This suggests fault activity and subsequent

sedimentation pre-dated glaciation (section 3.5.2).
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In order to calculate a 34 Ma palaeotopography, we restored the eroded material to the ice-

rebounded topography, and computed and subtracted the associated isostatic response (Fig-

ure 3.12). This calculation was based on the assumption that fault activity mostly pre-dated

the onset of Antarctic glaciation at 34 Ma (section 3.5.2), and has therefore not contributed to

mountain uplift or trough subsidence since glacial inception. Since we determined a maximum

and a minimum erosion scenario, which differ in their respective assumptions of how deep the

troughs were prior to glaciation, we present a minimum and a maximum palaeotopography

(Figure 3.12).

Our key finding is that the model scenario that produces a best fit between process-oriented

model topography and the observed modern topography requires major contributions from

both erosion- and mechanically-driven flexure (as well as slope diffusion, which is needed to

explain the regrading of the fault scarps). Both processes, operating together, are necessary

to achieve a satisfactory agreement with the observed elevation and tilt of the Shackleton

Range and Theron Mountains. None of the processes alone can satisfactorily explain these

observations. The model results are summarised in Table 3.1.
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Flexural uplift scenario Minimum erosion
scenario
RMS misfit (m)

Maximum erosion
scenario
RMS misfit (m)

Erosional unloading only; continuous elastic plate; Te = 20 km 590 540
Erosional unloading and sediment loading; continuous elastic plate; Te = 20 km 580 530
Erosional unloading and sediment loading; continuous elastic plate; Te = 5 km 640 650
Erosional unloading and sediment loading; continuous elastic plate; Te = 50 km 610 570
Erosional unloading only; broken elastic plate; Te = 20 km 570 520
Mechanical unloading only; faults bounding Recovery and Bailey only; Te = 20 km 580 580
Mechanical unloading only; faults bounding Recovery, Bailey, and Slessor; Te = 20 km 620 620
Erosional unloading, sediment loading, and mechanical unloading;
faults bounding Recovery and Bailey only; Te = 20 km

330 240

Table 3.1: Misfit between observed and modelled bedrock topography for various erosion and flexural uplift scenarios. The root mean square (RMS)
misfit is the average misfit along five parallel and equally spaced 2D profiles (the five ensemble profiles in Figure 3.4) crossing the Shackleton Range

and Theron Mountains.
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Figure 3.12: Reconstructions of pre-glacial topography in the Shackleton Range region.
(a) Maximum palaeotopography prior to the onset of continental glaciation at 34 Ma. This
reconstruction corrects for glacial erosion and the resulting flexure assuming the minimum
erosion scenario and no fault movement since 34 Ma. (b) Minimum 34 Ma palaeotopography.
This reconstruction corrects for glacial erosion and the resulting flexure assuming the maxi-
mum erosion scenario and no fault movement since 34 Ma. Bedrock elevations are relative to
present-day sea level. Blue lines show estimated pathways of pre-glacial river networks. RL =
Recovery Lakes; SR = Shackleton Range; TM = Theron Mountains. (c) Profile A–B across
the Shackleton Range and Theron Mountains. Black line = present-day (ice free) topography,
red line = maximum 34 Ma palaeotopography; blue line = minimum 34 Ma palaeotopography.
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3.5 Discussion

3.5.1 Other mechanisms for Shackleton Range and Theron Mountains uplift

Glacial erosional unloading combined with mechanical unloading provides a simple and elegant

model for the asymmetric uplift (tilting) of the Shackleton Range and Theron Mountains. Our

results indicate that the flexural effects of glacial erosion have driven 40–50% of mountain

uplift in this region near the Antarctic margin, which is similar to previous findings in the

TAM (Stern et al., 2005). Ongoing glacial erosion of the Recovery, Slessor and Bailey troughs

and associated flexural isostatic uplift also provides a simple explanation for the emergence of

the Shackleton Range from beneath the EAIS at 2.5 Ma (Sugden et al., 2014). Are there other

processes that could account for the observed asymmetric pattern of uplift of the Shackleton

Range and Theron Mountains (Figure 3.2)?

Bedrock uplift in the Recovery catchment could be linked to rift flank uplift on the margin

of the Jurassic Weddell Sea Rift System. Such a mechanism has been suggested for the early

Cenozoic uplift of the TAM on the flank of the West Antarctic Rift System (ten Brink and

Stern, 1992; ten Brink et al., 1997). However, the TAM are very wide (∼300 km) for a rift flank,

which is in part attributed to a major inferred contrast in Te across the lithospheric boundary

between East (Te = 85 km) and West Antarctica (Te = 5 km) (ten Brink et al., 1997). In

contrast, this study indicates that the Recovery catchment is characterised by Te values of ∼20

km). Moreover, the highest elevations of the Shackleton Range are >300 km from the Filchner

Rift, which marks the easternmost extent of the Weddell Sea Rift System (Jordan et al., 2013a,

2017) (Figure 3.1). In addition, the trends of the faults inferred flanking the Shackleton Range

are approximately orthogonal to the Weddell Sea Rift System. Together, this suggests that

although Jurassic rift flank uplift and passive margin development can explain the uplift of

the Antarctic margin (e.g. in Coats Land north of the Bailey Ice Stream (Figure 3.1)), it is

unlikely that they can explain the observed patterns and extent of uplift farther inland in the

Recovery catchment.

Another option is that the observed asymmetry in the topography is the result of spatially

variable erosion rather than spatially variable uplift. However, this is unlikely to be the case,

since the tilt is observed in the mesa/plateau surfaces (Figure 3.2), which have experienced

negligible incision and cut different geological units (Kerr and Hermichen, 1999; Krohne et al.,

2016; Sugden et al., 2014). The presence of surfaces that all tilt away from the region of un-

loading and have slopes that are not the same as geological dip slopes is strong evidence for
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flexural tilting (Watts et al., 2000). Krohne et al. (2016) have proposed a model in which

thick (up to 3.4 km) sedimentary basins formed in the region following the opening of the

Weddell Sea. Post-Jurassic sediments are not observed in the regional outcrops, suggesting

these sequences have been eroded. Could erosion of this overburden, which is not considered

in our models, have driven isostatic uplift of the Shackleton Range and Theron Mountains?

Erosion of sediments would indeed drive isostatic uplift of the underlying bedrock. However,

removal of a spatially uniform overburden is not capable of driving spatially variable (asym-

metric) bedrock uplift as is observed. Moreover, if the top of the sedimentary basin were close

to sea level (Krohne et al., 2016), sediment erosion could not uplift the top of the bedrock (i.e.

the basin floor) to above sea level, because the unload (the sediment) is less dense than the

material it displaces (the mantle).

3.5.2 Timing of fault activity

While the timing of glacial incision is well constrained to the last 34 Ma (Coxall et al., 2005;

Krohne et al., 2016; Thomson et al., 2013), the timing of fault activity remains a source of

uncertainty. The inferred faults that bound the Shackleton Range and Theron Mountains

lie approximately parallel to major Pan-African age thrust faults and proposed crustal-scale

transpressional shear zones recognised within the Shackleton Range itself and in western Dron-

ning Maud Land (e.g. Jacobs et al., 2015). Recent thermochronology studies indicate a period

of significant exhumation in the Shackleton Range area at ca. 190–180 Ma, which is attributed

to the onset of crustal extension in the Weddell Sea Rift System (Jordan et al., 2013a, 2017)

and widespread mafic magmatism associated with Ferrar Large Igneous Province (Krohne

et al., 2016). A renewed period of exhumation at ca. 120–100 Ma is attributed to a change

in spreading direction in the oceanic crust north of the Weddell Sea Rift System, which may

have triggered oblique transtension onshore (Krohne et al., 2016).

Because 120–100 Ma is the most recent episode of exhumation prior to glaciation at 34 Ma

(Krohne et al., 2016), it is the most likely time at which the faults inferred to bound the

Shackleton Range and Theron Mountains were last active. The time between the conclusion

of fault activity and the onset of glaciation was likely relatively short in order to preserve the

(asymmetric) topography associated with faulting (Figure 3.2). Although the faults may have

been moving since 34 Ma, as has been inferred in other regions of East Antarctica (Cianfarra

and Salvini , 2016), there is no geological evidence for this in the Shackleton Range region.

Furthermore, the presence of fluvial valley slopes flowing towards the Slessor Trough close
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to sea level would appear to rule out significant post-34 Ma tectonic uplift (Sugden et al.,

2014). However, valley incision can have a strong positive feedback on the growth and life-

span of major range-bounding normal faults in extensional systems (Olive et al., 2014). The

offsets on the range-bounding faults in the Shackleton Range region may therefore, in part,

be the result of glacial or pre-glacial (fluvial) erosion within the troughs. We speculate that

the ongoing process of erosion-driven isostatic uplift is accommodated on these faults, as has

been suggested for the Lambert Glacier region (Phillips and Läufer , 2009). The resultant

unloading of the footwall by the hanging wall would also contribute to the total flexural uplift,

highlighting that the faults were likely the cause and effect of uplift.

3.5.3 Landscape evolution

The landscape evolution of the Shackleton Range region since Gondwana break-up was likely

dominated initially by rifting in the Weddell Sea (commencing at ca. 180 Ma (Jordan et al.,

2017)), uplift of the passive continental margin, and dissection of the landscape by continental

river systems (Krohne et al., 2016; Sugden et al., 2014). With the locus of uplift along the

continental margin, it is likely that Jurassic–Cretaceous river systems initially flowed east-

wards. At some stage, the passive margin was breached at the location of the present-day

confluence of the Recovery, Slessor, and Bailey glaciers; this could have occurred prior to or

after glaciation. The modern ice streams exploit this breach today—it is the point through

which the entire catchment drains into the Filchner Ice Shelf (Figure 3.1).

Plate reorganisation at ca. 120–100 Ma triggered activity on the faults inferred to flank

the Shackleton Range and Theron Mountains, and drove exhumation of the region (Krohne

et al., 2016). Our models indicate that the fault systems that drove the majority of mountain

uplift were those bounding the Recovery and Bailey troughs. However, magnetic modelling

indicates that further upstream the Slessor Glacier is underlain by a sediment-filled half-graben

(Shepherd et al., 2006). Because the topography prior to faulting is unconstrained, our models

cannot be used to estimate the total amount of uplift on the faults. Our models suggest that

the amount of uplift driven by the Recovery and Bailey faults was ∼600–700 m greater than

by the Slessor faults. As well as following the location of the pre-existing fault systems (see

below), the location of the Slessor Glacier was likely controlled by the flexural downwarping

induced by mechanical unloading on the faults bounding the Recovery and Bailey troughs

(Figure 3.9).
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Assuming fault activity had ceased by the late Cretaceous, significant (500–1000 m) topog-

raphy must have existed in the Shackleton Range region prior to glaciation (Figure 3.12;

Figure 3.13). During or shortly after faulting, the grabens bounded by the faults were likely

infilled with sediment (Krohne et al., 2016) and rivers exploited the structurally-controlled

topography and cut the valley floors to base level (Sugden et al., 2014) (matching our ‘max-

imum erosion scenario’; Figure 3.7). These river networks (Figure 3.12; Figure 3.13) would

have flowed westwards if the passive margin had been breached by this time; near the head of

the Recovery Trough, rivers may have drained east into the Recovery Lakes (Bell et al., 2007)

(Figure 3.12).

From 34 Ma onwards, the landscape has been shaped significantly by glaciation. The modern

landscape of the Recovery catchment bears the hallmarks of selective linear erosion (Sugden

and John, 1976) by the EAIS. For selective linear erosion to occur, an existing (lower am-

plitude) topographic feature must have existed prior to glaciation (Sugden and John, 1976;

Wilson et al., 2012). The Recovery, Bailey and Slessor glaciers therefore likely exploited pre-

existing depressions controlled by the faults flanking by the mountains and occupied by rivers

prior to glaciation (Figure 3.13). The focussing of ice through the pre-existing troughs initi-

ated a strong positive feedback whereby the troughs were rapidly overdeepened by fast-flowing,

warm-based erosive ice, while the peaks of the neighboring mountain blocks were protected

(and isostatically uplifted) beneath slow-moving, cold-based non-erosive ice (Kessler et al.,

2008). We estimate that ∼2 km of rock has been eroded from the Recovery, Slessor and Bai-

ley troughs. This implies long-term average vertical erosion rates of ∼0.06 mm/yr, which is

consistent with observed erosion rates beneath modern polar glaciers (Koppes et al., 2015).

3.5.4 Implications for past ice sheet dynamics

The evolution of the bedrock topography of the Recovery catchment has significant implica-

tions for the dynamics and stability of past Antarctic ice sheets. With more subdued topo-

graphic relief at 34 Ma (Figure 3.12), topographic steering of the ice sheet would have been

less effective during the early stages of glaciation. Early ice sheets may therefore have sim-

ply overridden the mountains and troughs. As the bed within the troughs was progressively

overdeepened, topographic steering will have become more effective, allowing ice and subglacial

erosion to be focussed through the troughs (Kessler et al., 2008). Gradually, ice thicknesses

and flow velocities will have increased in the troughs, and decreased over the mountain blocks

(Sugden et al., 2014).
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Figure 3.13: Cartoon showing the proposed landscape evolution of the Shackleton Range
region. The geometry of the region has been simplified to two elongate, sub-parallel mountain
ranges bounded by three sub-parallel troughs. (a) Fault activity in the Jurassic/Cretaceous
uplifted the Shackleton Range (SR) and Theron Mountains (TM) blocks. The troughs were
filled with sediment. Large river networks drained the continental interior, flowing westwards
towards the Jurassic-age passive margin. (b) After 34 Ma, the region was covered by the
early East Antarctic Ice Sheet (EAIS). Valley floors subsided due to the loading effect of the
ice sheet. (c) By the Quaternary, the EAIS had grown to continental-scale, and three large
ice streams had excavated large overdeepened troughs. The location of these troughs was
controlled by the pre-existing fault structure and river networks. Ice flow is from east to west.
Erosional unloading in the troughs drove isostatic bedrock uplift of the Shackleton Range and
Theron Mountains, causing the peaks to emerge from beneath the EAIS as nunataks (Sugden
et al., 2014). As a result of ice sheet loading and glacial erosion, the floors of the glacial

troughs now lie up to 2.5 km below sea level.

By correcting for erosion and erosion-driven uplift, we have shown that the Shackleton Range

and Theron Mountains were ∼700 m lower at the time of EAIS inception at the Eocene–

Oligocene climate transition (34 Ma) than today (Figure 3.12). Furthermore, the Bailey,
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Slessor and Recovery trough floors were likely close to sea level at this time (Figure 3.12),

compared to almost 2.5 km below sea level today. This palaeotopography therefore provides a

new input for models of early ice sheet initiation and evolution. Crucially, the implication of

the reconstructed topography is that the early ice sheets were less responsive to climate and

ocean forcing, because the bed was not significantly overdeepened below sea level.

3.6 Conclusions

In this study, we have presented new compilations of radar and gravity data over the previously

largely unexplored Recovery catchment, and used the datasets to quantify for the first time

the roles of erosion-driven and tectonic uplift. 2D forward and 3D inverse (spectral) modelling

indicates that the Recovery catchment is characterised by Te values of around 20 km. Our 3D

flexural models show that erosion-driven uplift has driven a substantial amount (∼700 m) of

post-Eocene uplift of the Shackleton Range and Theron Mountains, augmenting the previous

study of Sugden et al. (2014). However, the model results show that erosion alone cannot

account for the elevation nor the tilt of the Shackleton Range and the Theron Mountains. We

propose that the Recovery, Slessor and Bailey glaciers are structurally controlled. The glacially

overdeepened troughs were superimposed on pre-existing fault-bounded half-grabens that may

have been active during Jurassic rifting and Cretaceous intraplate faulting as proposed from

independent recent thermochronology studies (Krohne et al., 2016). Overall, our results in-

dicate that the Shackleton Range and Theron Mountains were likely ∼700 m lower and the

bounding valley floors were close to sea level at the Eocene–Oligocene climate transition at 34

Ma. This has important implications for developing more robust models of the dynamics and

stability of the early EAIS.

3.7 Summary

The work presented in this chapter has demonstrated that glacial erosion and normal faulting

provided an equally important role in driving bedrock uplift of the Shackleton Range and

Theron Mountains. Our modelling results suggest that glacial erosion and the associated

flexural isostatic uplift are the predominant processes to have modified the topography of this

low-lying region of Antarctica throughout its glacial history. This chapter also emphasises

the value of the present-day geomorphology as a constraint in models of landscape evolution.
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However, since ∼99.8% of Antarctica’s bedrock is currently obscured beneath the ice sheet,

terrestrial geomorphological constraints are currently sparse. Chapter 4 therefore seeks to use

radio-echo sounding data to characterise the subglacial landscape within the Wilkes Subglacial

Basin, and assess the potential implications for the past behaviour and extent of the East

Antarctic Ice Sheet.
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Abstract

East Antarctica hosts large subglacial basins into which the East Antarctic Ice Sheet (EAIS)

likely retreated during past warmer climates. However, the extent of retreat remains poorly

constrained, making quantifying past and predicted future contributions to global sea level

rise from these marine basins challenging. Geomorphological analysis and flexural modelling

within the Wilkes Subglacial Basin is used to reconstruct the ice margin during warm intervals

of the Oligocene–Miocene. Flat-lying bedrock plateaus are indicative of an ice sheet margin

positioned >400–500 km inland of the modern grounding zone for extended periods of the

Oligocene–Miocene, equivalent to a 2 metre rise in global sea level. Our findings imply that if

major EAIS retreat occurs in the future, isostatic rebound will enable the plateau surfaces to

act as seeding points for extensive ice rises, thus limiting extensive ice margin retreat of the

scale seen during the early EAIS.

4.1 Introduction

Ice thickness measurements from ice-penetrating radar surveys show that ∼40% of the Antarc-

tic Ice Sheet (AIS) is marine-based (Fretwell et al., 2013). This includes much of the West

Antarctic Ice Sheet, but also large subglacial basins around the margin of the East Antarctic

Ice Sheet (EAIS). These low-lying subglacial basins are thought to be vulnerable to rapid ice

sheet retreat in response to ocean and climate warming (DeConto and Pollard , 2016; Li et al.,

2015; Mercer , 1978; Pollard et al., 2015; Schoof , 2007). Loss of all marine-based ice in East

Antarctica would raise global mean sea level by ∼20 metres (Fretwell et al., 2013). However,

there is currently no consensus regarding the amount of ice sheet retreat during past warmer

climates (DeConto and Pollard , 2016), and consequent uncertainty as to the likely magnitude

and rate of future retreat of the EAIS into these marine-based subglacial basins.

The Wilkes Subglacial Basin (WSB) has attracted attention as a potential area of substantial

ice sheet retreat, because the EAIS is grounded >500 m below sea level across much of the

1400 km-long × 200–600 km-wide basin (Fretwell et al., 2013; Mengel and Levermann, 2014)

(Figure 4.1). However, significant variation remains between numerical ice sheet model pre-

dictions of EAIS retreat within the WSB during past warmer periods such as the mid-Pliocene

(ca. 3 Ma) and mid-Miocene (ca. 14 Ma) (Austermann et al., 2015; DeConto and Pollard ,
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2016; Mengel and Levermann, 2014; Pollard et al., 2015). Moreover, despite attempts to elu-

cidate the likely stability of the EAIS within the WSB from geological, geomorphological and

oceanographic evidence (Barrett , 2013; Cook et al., 2013; Gasson et al., 2016a; Sugden et al.,

1995), the location, amount, and rate of ice sheet retreat within the WSB during warmer

climates such as the Pliocene remain poorly understood.

Figure 4.1: Regional setting of the Wilkes Subglacial Basin in East Antarctica. (a) Per-
spective image of the regional bedrock topography (Fretwell et al., 2013). Bedrock elevations
have not been isostatically adjusted for ice sheet loading. Vertical exaggeration = 150 x. Inset
shows the study region within East Antarctica; black box shows the extent of panel b. (b)
Bedrock topography of the main survey grid (Ferraccioli et al., 2009a; Fretwell et al., 2013).
Black lines show basin margins (Ferraccioli et al., 2009a; Jordan et al., 2010b). Red lines
and solid boxes show locations of profiles and panels in Figure 4.4. Abbreviations: EA =
East Antarctica; WA = West Antarctica; CB = Central Basin; EB = Eastern Basin; WB =

Western Basin.
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An important but largely untapped record of the stability of the EAIS is the morphology of the

bedrock topography within the WSB. Subglacial geomorphology, as unveiled by airborne radar

surveys, has been used to infer the configuration, basal thermal regime, and marginal zone

locations of past and present ice sheets (Jamieson et al., 2014). For example, ice-penetrating

radar has revealed subglacial landforms and areas of enhanced glacial erosion indicative of

former ice margins within the Aurora Subglacial Basin (Aitken et al., 2016; Young et al., 2011).

We analyse airborne radar data to investigate the subglacial landscape within the WSB and

assess its relationship with past EAIS dynamics. Combining geomorphological interpretation

and flexural modelling, we constrain the ice sheet extent during warm intervals in the early

stages of EAIS development in Oligocene–early Miocene times, and identify how the bedrock

topography could influence the future dynamics of this part of the ice sheet.

4.2 Data and methods

4.2.1 Present-day subglacial topography

In the 2005/06 austral summer, a UK-Italian airborne geophysical survey acquired >60,000

line-km of radio-echo sounding (RES) data across the northern part of the Wilkes Subglacial

Basin (Ferraccioli et al., 2009a; Jordan et al., 2010b, 2013b) (Figure 4.1; Figure 4.2; Figure 4.3).

We subtracted the radar-derived ice thickness from the ice surface elevation for each radar line

in order to determine the bedrock elevation. A digital elevation model (DEM) of the northern

WSB (Figure 4.1) was produced by interpolating the bedrock elevation line data onto a 1 km

grid (Wessel et al., 2013). We computed the hypsometry (elevation-frequency distribution),

along-track roughness of the radar-derived topography (Shepard et al., 2001), and bedrock

slope in order to characterise the subglacial landscape.

4.2.1.1 Bedrock elevation data acquisition and gridding

The main aerogeophysical survey grid was flown over the northern WSB with a line spacing

of 8.8 km and a tie line interval of 44 km. The survey comprised 68 flights, and acquired

approximately 60,000 line kilometres of radio-echo sounding (RES), gravity and magnetic

data. The survey was largely flown at 2350 m altitude, with exploratory lines flown at up

to 3750 m. Differential GPS provided position to an accuracy of <5 cm. RES data were

acquired using a coherent system with a 12 MHz bandwidth and 150 MHz carrier frequency,
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Figure 4.2: Airborne geophysical data coverage over the Wilkes Subglacial Basin. Displayed
are aircraft flight paths for the 2005/06 WISE-ISODYN survey (red), 2009–12 ICECAP field
campaigns (blue), Operation IceBridge flights (yellow), the 1999 WLK corridor survey (thick
black), and radio-echo sounding surveys completed by the SPRI-NSF-TUD consortium (thin
black). The solid lines in the northern WSB show the margins of the major sub-basins
(Ferraccioli et al., 2009a). Abbreviations: CB = Central Basin; EB = Eastern Basin; WB =

Western Basin.

providing an approximate 10 m along-track sampling interval. Ice thickness was calculated

from the two-way travel time of the bed pick using a velocity of 0.168 m ns−1 coupled with

a firn layer correction of 10 m (Ferraccioli et al., 2009a; Jordan et al., 2010b, 2013b). Bed

elevations were then calculated by subtracting ice thickness measurements from ice surface

elevations. Crossover analysis yields a standard deviation of ∼33 m at crossovers between all
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Figure 4.3: Bedrock topography and ice velocity in the Wilkes Subglacial Basin. (a) Bed
topography of the WSB region (Fretwell et al., 2013) and aerogeophysical survey flight lines
(black) (Ferraccioli et al., 2009a); dashed box shows the main survey grid. (b) Ice surface
velocity with the 25 m/yr contour shown. Selected ice surface elevation contours (Fretwell
et al., 2013) are labelled. Sub-basin outlines are marked by the solid lines. Plateau surface
remnants are shown by the dashed line outlines. Abbreviations: CB = Central Basin; CIS
= Cook Ice Shelf; EB = Eastern Basin; TAM = Transantarctic Mountains; WB = Western

Basin; WSB = Wilkes Subglacial Basin.

intersecting flight tracks in the survey grid. The largest misfits are associated with the rugged

topography of the Transantarctic Mountains. In the WSB, which is characterised by flatter

and smoother topography, the standard deviation is ∼10 m.

The bedrock elevation line data were interpolated onto a 1 km grid mesh using a continuous

curvature spline algorithm (Wessel et al., 2013) with a tension factor of 0.35. The resulting

bedrock topography DEM was masked to remove any interpolated values more than 5 km

from the nearest data point. For isostatic calculations that require a full DEM with no

missing values, these data gaps were filled with data from Bedmap2 (Fretwell et al., 2013).

The bedrock DEM forms the basis for our geomorphological and geomorphometrical analysis

of the topography, our estimation of bedrock erosion, and 3D flexural isostatic modelling used

to reconstruct palaeo-elevations of the flat surfaces.

4.2.1.2 Geomorphometry

The bed slope grid was determined by computing the scalar magnitudes of the gradient vectors

of the bedrock topography DEM (Wessel et al., 2013). The hypsometry (elevation-frequency

distribution) of the flat surfaces was determined by assigning each bed elevation measurement
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point over the flat surfaces to one of 50 equally-spaced bins (corresponding to a bin width of

∼40 m), as has been applied to other areas of the Antarctic ice sheet bed (Jamieson et al.,

2014). The elevation distribution was normalised to the total number of observations, such

that the sum of the bar heights was 100%. Along-track basal roughness (ν) was determined

by computing the root mean squared (RMS) deviation (Shepard et al., 2001) of the bedrock

elevation, over a discrete length scale of 1600 m (Young et al., 2011).

ν(∆x) =

[
1

N

N∑
i=1

[z(xi)− z(xi + ∆x)]2
] 1

2

(4.1)

where z is the bedrock elevation, x is the along track distance, and ∆x is the step size between

bed elevation measurements.

4.2.2 Reconstructing past subglacial topographic elevation

We used 3D flexural models to reconstruct the elevation of the northern WSB since EAIS

inception at ca. 34 Ma. We isostatically adjusted the bedrock topography for the removal

of the modern ice load. Redistribution of surface material by erosion and sedimentation also

induces a flexural response from the lithosphere that drives vertical surface displacement.

The net amount of glacial erosion across the basin was estimated by assuming that flat-

lying bedrock topographic highs are remnants of a formerly continuous pre-erosion surface,

which is reconstructed by interpolation between these topographic highs (Champagnac et al.,

2007; Stern et al., 2005). We estimated the distribution of eroded material by subtracting the

observed topography from this ‘peak accordance surface’. The seismically-mapped distribution

of offshore post-34 Ma sediment was used to determine the flexural response to sediment

loading, and to constrain our erosion estimate by comparing the mass of sediment to the mass

of eroded material.

4.2.2.1 Isostatic correction for ice sheet loading

We calculated the isostatic correction for the removal of the Antarctic Ice Sheet load using

a model that calculates the flexure of a thin elastic plate (lithosphere) overlying an inviscid

fluid (mantle), which represents an good approximation of the behaviour of the lithosphere over

geological timescales (see section 4.2.2.3) (Watts, 2001). We computed the isostatic adjustment

associated with the removal of the entire grounded Antarctic Ice Sheet using the ice thickness



Chapter 4. Wilkes Subglacial Basin plateau surfaces 84

grid from the Bedmap2 continental compilation (Fretwell et al., 2013). We assumed typical

densities for ice and mantle of 915 and 3330 kg m−3, respectively. The free parameter in the

model is the effective elastic thickness of the lithosphere (Te). For simplicity, we use a uniform

Te value of 35 km for the entire continent, reflecting a realistic average of East and West

Antarctica (Wilson et al., 2012). In reality, the width of the ice sheet (>1000 km) exceeds

the typical flexural wavelength of the lithosphere. The result is that the ice sheet resides

in approximate Airy (local) isostatic compensation (effective Te = 0 km) regardless of the

rigidity of the lithosphere; the magnitude of the isostatic rebound due to ice sheet removal is

insensitive to the chosen Te value.

After the removal of the ice sheet load, areas of the continent that lie below sea level will

be flooded by the ocean. We calculated and subtracted the flexural response to the resulting

water load in an iterative manner (Jamieson et al., 2014) using a water density of 1030 kg

m−3 and five iterations, after which the load changes were <2 m in magnitude. We assumed a

uniform eustatic sea-level rise of 60 m to represent the addition of the Antarctic Ice Sheet to

the global ocean, and accounted for the resulting change in geoid shape due to the change in

the local gravity field associated with the melting of a large ice sheet mass (Whitehouse et al.,

2012). The flexural responses to ice sheet removal and water loading over the entire continent

were summed, and added to the regional bedrock DEM to produce an isostatically rebounded

topography in the absence of the AIS.

The viscoelastic nature of the mantle results in a delay of around 30 kyr between a change in

the ice sheet load and the bedrock topography reaching a new isostatic equilibrium. Because

isostatic equilibrium is not reached instantaneously, the adjusted bedrock topography reflects a

time 30 kyr after the change in ice loading. For example, if the ice sheet were to retreat from its

modern configuration to a retreated state such as that of the mid-Pliocene, the plateau surfaces

would reside below sea level immediately after removal of the ice, and over a timescale of ca.

30 kyr would be uplifted to their final isostatic equilibrium position. However, the viscoelastic

relaxation timescale is short compared to the timescales of erosion and surface planation,

which typically require hundreds of thousands to millions of years to form such large erosional

features (Wilson and Luyendyk , 2006). Therefore, the viscoelastic delay does not significantly

affect our reconstructed bedrock elevations or estimated timing of surface planation, since the

planation surfaces would spend comparatively little time close to sea level during post-14 Ma

glacial-interglacial cycles compared to the protracted period between 34 and 14 Ma.
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4.2.2.2 Estimation of glacial erosion and sediment distribution

A 3D erosion restoration model was applied in order to correct the bedrock elevation for the

isostatic response to glacial incision beneath the EAIS. The distribution of eroded material

was estimated using a peak accordance method, as has been used in a number of settings in

Antarctica and globally (Champagnac et al., 2007; Paxman et al., 2016; Stern et al., 2005).

This approach is based on the assumption that the pre-incision topography can be represented

by a continuous low relief surface that subsequently experienced incision, and the bedrock

plateaus are the remnants of this surface. We also used a circular sliding window (with a

radius of 10 km) (Champagnac et al., 2007) to identify local topographic highs in regions of

the DEM where there are no plateau surfaces (e.g. in the Transantarctic Mountains). We

then interpolated a smooth surface between the plateau surfaces and other local topographic

highs (i.e. mountain peaks) using a continuous curvature spline with a tension factor of 0.5

(Wessel et al., 2013). The interpolation between the ‘accordant peaks’ was carried out at 5

km horizontal resolution, and produced a smooth ‘peak accordance surface’. This method

assumes that the relic flat surfaces have not experienced significant glacial erosion. The 3D

distribution of eroded material was determined by subtracting the bedrock DEM (Figure 4.1)

from the peak accordance surface.

Offshore sediment thickness grids determined from seismic reflection data were used to com-

pute the effect of offshore sediment loading. The estimated volume of onshore eroded material

was 2.5×105 km3, and the volume of post-34 Ma offshore sediments was 4.3×105 km3. These

volumes correspond to masses of ∼6×105 Gt (Gigatonnes; 1012 kg) of eroded material, assum-

ing an average eroded rock density of 2500 kg m−3 (a realistic average of Beacon Supergroup

sedimentary rocks and Ferrar dolerites (Ferraccioli et al., 2009a)) and 7–9×105 Gt of shelf

sediment, assuming offshore sediment densities of 1950–2150 kg m−3 and 5–15% biogenic (non-

detrital) content (Wilson et al., 2012). These values are in reasonable agreement, indicating

that our erosion model is robust to first order.

Ordinarily, the peak accordance method yields a minimum estimate of erosion, since it as-

sumes that the accordant peaks have not been lowered over the time frame being considered

(Champagnac et al., 2007). However, in this instance the estimated eroded volume may be

an overestimate, since the Eastern, Central and Western Basins of the WSB are likely su-

perimposed on pre-existing fault systems (Ferraccioli et al., 2009a; Jordan et al., 2013b). A

component basin-floor lowering may therefore be attributable to tectonic subsidence due to

motion on these fault systems. However, the majority of basin-floor lowering is likely due to
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erosion rather than tectonic subsidence for a number of reasons. Firstly, there is no evidence

for major post-34 Ma tectonic activity or crustal thinning in the WSB. Secondly, the volume

of post-34 Ma WSB-derived sediment offshore is sufficient to account for the amount of ‘miss-

ing’ eroded material onshore, even assuming trough depths are entirely the result of erosion.

Finally, in the Lambert Graben system, which is an analogue for the glacially overdeepened,

tectonically controlled troughs of the WSB, thermochronology, flexural modelling and geo-

logical evidence suggest that almost the entirety of trough floor lowering and flank uplift are

attributable to post-34 Ma glacial erosion and the associated flexural response (Hambrey and

McKelvey , 2000; Hambrey et al., 2007; Paxman et al., 2016; Thomson et al., 2013; Tochilin

et al., 2012).

4.2.3 Flexural response to erosion and sedimentation

We computed the flexural response to erosional unloading and sediment loading using a 3D

isostatic model that calculates the flexural adjustment (w) to loading of a thin elastic plate

overlying an inviscid fluid (Watts, 2001)

D∇4w(x, y) + (ρmantle − ρinfill)gw(x, y) = (ρload − ρdisplace)gh(x, y) (4.2)

where

D =
E T 3

e

12 (1− ν2)
(4.3)

is the flexural rigidity of the lithosphere, which is assumed to be spatially constant, E = 100

GPa is Young’s modulus, ν = 0.25 is Poisson’s ratio, and Te is the effective elastic thickness

of the lithosphere. The magnitude of the vertical load is given by h, and the loading effect

was determined using the acceleration due to gravity (g = 9.81 m s−2) and the densities of

the load (ρload), mantle (ρmantle), and material infilling and displaced by the flexure (ρinfill

and ρdisplace). The flexure (w) due to erosional unloading and sediment loading was computed

assuming a uniform Te of 35 km, an eroded rock density of 2500 kg m−3, sediment density of

2000 kg m−3 and water density of 1030 kg m−3 (Wilson et al., 2012). The 34 Ma topography

of the WSB was reconstructed by filling the basins with the eroded material, and removing

the flexural responses to erosional unloading and sediment loading since 34 Ma.
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4.2.4 Erosion chronology

We aimed to produce palaeo-elevation reconstructions at three important time slices asso-

ciated with EAIS development: (1) the Eocene–Oligocene boundary (ca. 34 Ma), (2) the

mid-Miocene Climatic Optimum (ca. 14 Ma), and (3) the mid-Pliocene warm period (ca. 3

Ma). In order to reconstruct the elevation of the planation surfaces at these time slices, an ap-

proximate temporal history of glacial erosion was established. IODP drill cores (Escutia et al.,

2011; Tauxe et al., 2012) and un-published offshore sediment thickness estimates from Russian

seismic lines indicate that ∼70% of the glacial (post-34 Ma) sediment had been deposited by

14 Ma, and ∼90% by 3 Ma, and that long-term (million year average) sedimentation rates

were approximately linear between these times. We therefore assume that 70% of the total

source-area glacial erosion (and concomitant flexural uplift) occurred between 34 and 14 Ma,

a further 20% occurred between 14 and 3 Ma, and the remaining 10% between 3 Ma and the

present-day.

Evolving dynamic topography (i.e. surface displacement by mantle dynamics) may have af-

fected regional bedrock elevations during the Oligocene–Neogene. However, the magnitude of

these changes is still poorly known and hence we do not incorporate them. We note, however,

that dynamic topography models predict that during the mid-Pliocene the bedrock elevation

was ∼100–200 m lower on the western and northern margins of the WSB (Austermann et al.,

2015).

4.3 Results

4.3.1 Bedrock topography and geomorphology

The radar data image extensive flat bedrock surfaces within the northern WSB. We identify

these plateau-like surfaces (Figure 4.4) by their remarkably constant elevation, bright reflec-

tivity, small-scale surface roughness, and steep edges. The new DEM (Figure 4.1) reveals that

the plateau surfaces are laterally continuous over tens to hundreds of kilometres (∼30% of

the survey grid), but are not observed in exploratory radar survey lines located to the north

or south (Figure 4.2; Figure 4.5). The flat surfaces are separated by a complex network of

sub-basins up to 80 km wide, wherein the ice sheet bed lies up to 2.1 km below sea level (Fer-

raccioli et al., 2009a) (Figure 4.1). Three major sub-basins are defined: the Eastern, Central,

and Western Basins (Ferraccioli et al., 2009a) (Figure 4.1).
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Figure 4.4: Flat-topped plateau surfaces within the Wilkes Subglacial Basin. (a) Radar
echogram along profile A–A’ crossing the flat plateau surfaces. Profile is oriented E–W and
ice flow is out of the page. (b) Profile B–B’ running S–N along an extensive plateau surface
showing a gentle landward dip. Profile locations shown in Figure 4.1b. Dashed yellow lines
highlight the horizontal extent of the plateau surfaces. Red arrow marks the break in slope
between surfaces. (c) Location of plateau surfaces, coloured according to the present-day
elevation of subglacial topography. Dashed red line shows the break in slope. Black lines
show sub-basin outlines (Ferraccioli et al., 2009a). The black dashed lines mark the extent
of the plateau surface remnants. Dashed box indicates the area shown in Figure 4.9. (d)
Histogram of plateau surface elevations (hypsometry), expressed as a % frequency of the total
flat surface area. Yellow = present-day elevation; red = elevation isostatically adjusted for
removal of the present-day ice load. Hypsometric peaks corresponding to the upper and lower
plateau surfaces are indicated. (e) Map of part of the upper plateau surface in the eastern
WSB. (f) Map of part of the lower plateau surface in the western WSB. Contour interval is
100 m. Dashed yellow outlines show particularly flat areas of the plateau surface (also shown

in panel c).
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The elevations of the flat plateau-like surfaces are broadly uniform across the basin, with

a modal elevation of 560 m below sea level (Figure 4.4). If the topography is isostatically

rebounded for the removal of the present-day ice sheet, the modal plateau surface elevation

is 200 m above sea level. When rebounded for ice loading, the plateaus are remarkably flat-

lying over their entire extent; the hypsometric curve is unimodal, with a standard deviation of

∼150 m (Figure 4.4). The only clear tilt observed on the surfaces is a gentle inland (north to

south) dip of 0.1° (Figure 4.4c), attributed to inland thickening of the ice sheet. The plateaus

are incised by small-scale valleys, with local relief of ∼100 m (Figure 4.4a,b). Some areas of

the plateau surfaces have a very low slope (<1°), minor basal roughness and no evidence of

incision (Figure 4.6). Our mapping reveals two plateau levels, separated by a ∼200 m break

of slope or escarpment (Figure 4.4). The plateau surface remnants south of the break of slope

are rougher and ∼200 m higher than the remnants north of the break of slope (Figure 4.6).
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Figure 4.5: Variation of bedrock topography along the Wilkes Subglacial Basin. Schematic
diagram showing bedrock topography derived from four RES lines crossing the WSB and one
tie line. Inset shows the location of the five flight lines superimposed on Bedmap2 (Fretwell
et al., 2013). Flight lines are from the ICECAP (1 and 4) and WISE-ISODYN (2, 3 and
5) surveys. Thin dashed lines indicate sea level under modern (black) and ice-free (blue)
conditions. The approximate direction of fast ice flow through the troughs is marked by
red dashed lines, with arrows indicating flow direction. Ice flow is from south to north and
is topographically controlled. The ice is diverted around the flat bedrock plateau surfaces
observed in lines 2, 3 and 5. The profiles show that these flat surfaces are confined to the
central-to-northern parts of the basin. Dashed black lines mark the mapped extent of the
plateau surfaces. To the south, the basin is defined by a single, long-wavelength depression
(line 1). Ice flowing through the Eastern and Central Basins converges near the coast to form
ice streams that drain into the Cook Ice Shelf (Figure 4.2). Ice flowing through the Western
Basin drains into the Ninnis Glacier (Figure 4.2). Inset shows the location of the RES profiles.

Plateau surface remnants are shown by the dashed line outlines.
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Figure 4.6: Plateau surface geomorphometry. (a) Slope of subglacial topography. White
polygons indicate areas of the plateau surfaces with a particularly low slope (<1°). (b) Along-
track basal roughness (bed elevation RMS deviation (Shepard et al., 2001)) of the plateau
surfaces. Blue polygons indicate areas of low basal roughness (<50 m), corresponding to
areas of low slope. Red dashed line marks break of slope. Black lines mark sub-basin outlines.
Magenta dashed lines show outlines of plateau surface remnants. Figure location is the same

as in Figure 4.4c.

4.3.2 Flexural modelling

Our erosion estimate shows that >1 km of material has been selectively eroded from the

overdeepened sub-basins within the WSB since the latest Eocene. Removal of this material

has driven 200–300 m of flexural uplift of the plateau surfaces between these sub-basins (Fig-

ure 4.7). We estimated a total eroded mass of ∼6×105 Gt, which compares well with the

observed mass of post-34 Ma WSB-derived detrital sediment on the Wilkes Land margin of

∼7–9×105 Gt (Figure 4.8).

Our flexural models show that at the Eocene–Oligocene boundary, the plateau surface rem-

nants below the break of slope restore to a modal elevation of −100 m (Figure 4.9). By the
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Figure 4.7: Estimation of glacial erosion within the Wilkes Subglacial Basin and the as-
sociated flexural response. (a) Estimated thickness of eroded material. Panel extent is the
same as in Figure 4.4c. Plateau surface remnants are shown by the dashed line outlines. (b)
Computed amount of flexural uplift resulting from the removal of the eroded material from an
elastic plate above a non-viscous fluid mantle. Contour interval is 50 m and contour labels are
in metres. Plateau surface remnants are shown by the dashed line outlines. (c) Profile X–Y
(location marked in panels a and b) showing the bedrock topography (black line) and amount
of erosion across the WSB. The magenta line shows the peak accordance surface, which joins
pre-incision ‘accordant’ surfaces observed in the bedrock topography. The yellow region is the
eroded material. Dashed blue line shows the computed amount of flexural uplift associated
with erosional unloading. The amount of flexure varies from 600 m over the edge of the TAM

to 250–350 m across the WSB.
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Figure 4.8: Offshore sedimentation on the Wilkes Land margin. (a) Offshore post-34 Ma
sediment thickness estimates derived from seismic reflection data. The total mass of glacial
sediment is in good agreement with our estimated mass of glacially-eroded material. Black
lines mark sub-basin outlines. Dashed lines show outlines of plateau surface remnants. (b)
Schematic of sediment thicknesses in IODP (Leg 318) drill cores (locations shown by red circles
in panel a). Down-core depths of the boundaries between sediment packages (34–14 Ma, 14–3

Ma, and 3–0 Ma) are labelled.

mid-Miocene, these surface remnants had been flexurally uplifted above sea level and were sit-

uated at a modal elevation of 110 m (Figure 4.9). During the mid-Pliocene, the plateaus were

170 m above sea level when free of ice cover (Figure 4.9), although this is likely an overestimate

due to potential dynamic uplift since the mid-Pliocene (Austermann et al., 2015). When free

of ice cover, the remnants of the plateau surface below the escarpment were within ±100 m of

sea level between the Oligocene and early Miocene, whereas the surface above the escarpment

(when ice free) has remained above sea level since 34 Ma (Figure 4.10 and Table 4.1).
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Figure 4.9: Bedrock elevation reconstruction. (a) Latest Eocene, immediately prior to EAIS
inception at the Eocene–Oligocene boundary (34 Ma). Plateau surface remnants are shown by
the dashed line outlines. Red dashed line marks the escarpment at the limit of the remnants
of the lower plateau surface, which constrains the maximum extent of the EAIS margin during
sustained and extended periods of the Oligocene–Miocene. (b) mid-Miocene (14 Ma). The
sub-basins (solid lines) have been glacially overdeepened by a dynamic and fluctuating EAIS.
(c), mid-Pliocene (3 Ma). coloured dashed lines show modelled mid-Pliocene warm period
(MPWP) ice margins (Austermann et al., 2015; DeConto and Pollard , 2016; Mengel and
Levermann, 2014; Pollard et al., 2015). White lines denote the sea level (0 m) contour. Insets
show the hypsometry of the plateau surfaces at each time interval. Quoted values denote the

modal plateau surface elevation relative to present-day sea level (vertical dashed line).
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Figure 4.10: Plateau surface palaeo-elevation reconstruction. (a) Eocene–Oligocene bound-
ary (34 Ma), (b) mid-Miocene (14 Ma), and (c) mid-Pliocene (3 Ma) reconstructed bedrock
elevations. Black lines show sub-basin outlines (Ferraccioli et al., 2009a). Red dashed line
shows the break of slope. Plateau surface remnants are shown by the dashed line outlines.
White lines denote the sea level (0 m) contour. Panel extent is the same as in Figure 4.9. (d),
(e), and (f) show the corresponding bedrock elevations at each time interval along the profile
X–Y, crossing the plateau surfaces and overdeepened sub-basins. Yellow lines indicate plateau
surfaces. (g), (h), and (i) show the corresponding bedrock hypsometry distributions of the
plateau surfaces for each time interval. Elevations in all time intervals are under ice-free con-
ditions. As the basins are progressively overdeepened, the flexural response of the lithosphere

to erosional unloading drives uplift of the intervening plateau surfaces.

4.4 Discussion

4.4.1 Mechanism of plateau surface formation

The plateaus identified in the WSB resemble subglacial bedrock erosion surfaces previously

mapped along the Siple Coast (Wilson and Luyendyk , 2006) and the Weddell Sea Embay-

ment (Rose et al., 2015) (Figure 4.11). Planation surfaces (the Crohn erosion surface) are

also exposed in the Prince Charles Mountains in the Lambert Glacier region, >1 km above

sea level (Wellman and Tingey , 1981; White, 2013). Three reasons lead us to propose that

the WSB plateaus are also the remnants of a once continuous erosion surface, rather than
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depositional topographic features. Firstly, glacial sedimentary deposition predominates at the

ice sheet margin, whereas the plateau surfaces are 300–500 km inland of the modern margin.

Second, interpretations of aeromagnetic anomalies suggest that this area of the WSB com-

prises Devonian–Triassic Beacon Supergroup rocks and intrusive Ferrar dolerites (Ferraccioli

et al., 2009a), and does not contain thick Cenozoic sedimentary deposits (Ferraccioli et al.,

2009a; Jordan et al., 2013b). Thirdly, the small-scale roughness of the surfaces, as observed in

radar echograms, is consistent with valley incision into a bedrock surface, as opposed to the

smoother topography of depositional sediment-filled subglacial basins (Bingham and Siegert ,

2009).

One possible explanation for plateau surface formation is that the WSB was characterised by

long-lived low-lying coastal plains immediately prior to and during the early stages of EAIS

development. The plateau remnants we have mapped and reconstructed in the WSB are

analogous to the low-elevation Nullarbor Plain and Murray Basin planation surfaces along the

conjugate South Australian passive margin, which are inferred to have formed during Eocene–

Miocene times (Quigley et al., 2010; Sandiford et al., 2009). These planation surfaces cover

a horizontal extent of 100s of km, are situated <200 m above sea level, and bounded at the

inland margin by 100–200 m-high escarpments, which are interpreted as marking Miocene

palaeo-shorelines (Quigley et al., 2010). These observations are directly comparable to the

lower-level WSB planation surface, implying a similar timing and mode of formation.

Alternatively, the lower WSB planation surface may have formed by fluvial and hillslope pro-

cesses and/or wave action at sea level in front of a retreating escarpment following Gondwana

breakup, analogous to Gondwanan passive margins such as eastern Australia and southern

Africa (Beaumont et al., 2000; Jamieson and Sugden, 2008; Sugden and Denton, 2004). How-

ever, these passive margins exhibit escarpments >1000 m in elevation, compared to the 200

m escarpment in the WSB. Moreover, apatite fission-track data from the Wilkes Land coast

show ages of >250 Ma, implying very little erosion along the margin since the Triassic, which

is inconsistent with major escarpment retreat concomitant with Gondwana breakup in the late

Cretaceous (Arne et al., 1993).

A final possibility is that the plateaus are remnants of a much older terrestrial erosion surface

formed prior to Gondwana break-up. However, potential field models indicate that the sub-

basins of the WSB are superimposed on pre-existing fault systems, which were likely active

during Cretaceous–early Cenozoic upper crustal extension and/or transtension at the margin

of the East Antarctic Craton (Cianfarra and Salvini , 2016; Ferraccioli et al., 2009a). If the
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Figure 4.11: Ice rises and bedrock plateaus/platforms around the Antarctic margin. Bedrock
topography of Antarctica (Fretwell et al., 2013), with present-day ice rises and rumples shown
in red (Matsuoka et al., 2015). (a) Weddell Sea Embayment and the Institute and Moller
Ice Streams (IMIS). Bedrock planation surfaces shown by semi-transparent white polygon
with solid outline (Rose et al., 2015). (b) Siple Coast ice rises (red) and bedrock platforms
(white polygons) within the Ross Sea Embayment (Wilson and Luyendyk , 2006). (c) Wilkes
Subglacial Basin (WSB) plateau surfaces. All three sets of plateau surfaces exhibit similar
bedrock elevations (∼200–800 m below sea level) and horizontal extents. All three inset panels
are shown at the same horizontal scale, and are magnified from the main image by a factor
of two. Abbreviations: ASB = Aurora Subglacial Basin; GSM = Gamburtsev Subglacial

Mountains; IMIS = Institute and Moller Ice Streams; TAM = Transantarctic Mountains.

plateaus were older than Cretaceous–early Cenozoic, we would expect to observe faulting and

high-angle tilting of the plateau blocks, as is recognised in association with the West Antarctic
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Rift System (LeMasurier and Landis, 1996). Moreover, flexure associated with TAM uplift

(occurring episodically through the mid Cretaceous to Palaeogene (Fitzgerald , 2002; Lisker

and Läufer , 2013)) would also be expected to induce subtle tilting of the plateau surfaces

(Jordan et al., 2013b). As such systematic tilts are not observed (Figure 4.6), our preferred

interpretation is that the surface planation continued after faulting and flexure.

The model that best fits the observed morphology and palaeo-elevation reconstructions of the

planation surface remnants within the WSB is one in which surface planation began close

to sea level following Gondwana breakup, Cretaceous–early Cenozoic transtension and TAM

uplift (i.e. since the Eocene). We propose that low-lying vegetated coastal plains, shallow

inland seas, and/or brackish marshes likely dominated the landscape of the northern WSB

shortly prior to and during the early stages of EAIS development (Figure 4.12). Given the

large horizontal extent (∼300 km) of the plateaus, a protracted period of time (millions to

tens of millions of years) would be required for surface planation. This implies that surface

planation was analogous to the South Australian passive margin, and likely occurred from the

Eocene onwards and during the Oligocene–early Miocene, at which time the plateaus were

situated at elevations within 100 m of sea level (Figure 4.9).

4.4.2 Past East Antarctic Ice Sheet behaviour and extent

Our combined geomorphological and flexural modelling analysis indicates that the WSB plateau

surfaces were situated close to sea level in Oligocene–early Miocene times. Near-coastal sur-

face planation in the absence of ice during the Oligocene–early Miocene would have required a

restricted ice sheet for extended periods during this time, with a terrestrial margin >400–500

km inland of the modern grounding line (Figure 4.12). Retreat of the ice sheet margin from

the modern grounding line to this restricted configuration would be associated with a global

sea level rise of >2 metres from the WSB alone. A restricted and dynamic Oligocene–Miocene

AIS is also evidenced by marine oxygen isotope and sea level records (Miller , 2005; Zachos

et al., 2001) and recent ice sheet model simulations (Gasson et al., 2016b).

Wilkes Land offshore sediment records indicate that erosion rates decreased by a factor of

∼2 following the mid-Miocene climate transition at ca. 14 Ma (Figure 4.8). This slowdown

in glacial erosion rates at 14 Ma is also indicated by detrital thermochronology in the Lam-

bert Glacier catchment to the west (Thomson et al., 2013; Tochilin et al., 2012). Geological

constraints (uplifted Oligocene–Neogene fjordal sediments) and flexural models that constrain



Chapter 4. Wilkes Subglacial Basin plateau surfaces 99

the history of erosion-driven isostatic uplift in the Lambert Glacier region also support this

slowdown in erosion-driven uplift rates at ca. 14 Ma (Hambrey and McKelvey , 2000; Ham-

brey et al., 2007; Paxman et al., 2016). Our estimated history of glacial erosion, offshore

sedimentation, and flexural uplift/subsidence since 34 Ma is shown in Table 4.1.

Glacial erosion was focussed within the relict WSB sub-basins (Figure 4.7). The scale of

these basins, alongside potential field modelling, implies that they are superimposed on pre-

existing tectonic features (Aitken et al., 2014; Ferraccioli et al., 2009a; Jordan et al., 2013b).

These sub-basins were likely overdeepened beneath dynamic ice sheets that expanded over the

northern WSB during cooler periods during the Oligocene–Neogene (Jamieson et al., 2010;

Mengel and Levermann, 2014; Pierce et al., 2017), and exploited the pre-existing topographic

depressions.

Because this fjord-and-plateau landscape would have required millions of years to form, we

assert that the ice margin resided >400–500 km inland of its modern location for prolonged

periods of time from the late Eocene to mid-Miocene, and periodically advanced and re-

treated across the northern WSB. The plateaus have likely been subsequently preserved be-

neath non-erosive cold-based ice, while enhanced glacial flow and incision are focussed in

adjacent tectonically-controlled topographic depressions (Sugden and John, 1976). The sim-

ilarity between the elevation and extent of the WSB plateaus and those observed along the

Siple Coast (Wilson and Luyendyk , 2006) and Weddell Sea Embayment (Rose et al., 2015)

(Figure 4.11) is indicative of similar dynamic ice sheet behaviour in West Antarctica and East

Antarctica, at least up to Miocene times.
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Time Ice loading Erosional unloading Modal elevation Average isostatic uplift rate

Eocene–Oligocene boundary (34 Ma) 0 0 −100 -
mid-Miocene (14 Ma) 0 +210 +110 10.5 (34–14 Ma)
mid-Pliocene (3 Ma) 0 +270 +170 5.45 (14–3 Ma)
Modern (0 Ma) −750 +300 −550 10.0 (3–0 Ma)

Table 4.1: Elevation history of the planation surfaces. Estimated amount of vertical displacement experienced by the planation surfaces within the
WSB over the past 34 Ma. The estimated modal planation surface elevations over this time period indicate that the surfaces were situated close to sea
level in the Oligocene–early Miocene, and have been uplifted by approximately 300 m since the Eocene–Oligocene boundary. Also indicated are average

isostatic uplift rates of the planation surfaces.
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Figure 4.12: Schematic landscape and ice sheet configurations within the Wilkes Subglacial
Basin. (a) An ice-free late Eocene (immediately prior to EAIS inception at 34 Ma) landscape,
characterised by low-elevation coastal plains. The EAIS margin was situated inland of the
coastal plains for sustained periods during Oligocene–Miocene times. (b) mid-Pliocene warm
period (or potential future) ice sheet. Ice sheet retreat into the WSB is steered along the
fault-bounded sub-basins that have been selectively eroded by dynamic ice sheets. Ice rises
are grounded on the plateaus that represent remnants of the coastal planation surfaces. These

ice rises may slow further retreat of the margin.
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4.4.3 Plateau surface influence on ice sheet dynamics

After formation in the Eocene–Miocene, the flat surfaces may have played a role in subsequent

EAIS behaviour. The present-day Siple Dome, Engelhardt and Berkner Island ice rises are

grounded on extensive shallow seabed plateaus (Paxman et al., 2017; Wilson and Luyendyk ,

2006) akin to those we have described within the WSB, and the lateral extent and bedrock

elevation of these ice rises are also comparable (Matsuoka et al., 2015) (Figure 4.11). Our

flexural models show that the plateau surfaces were close to sea level when free of significant

ice cover (Figure 4.9), which would facilitate ice rise formation. Furthermore, the plateaus

have been flexurally uplifted due to glacial erosion since 34 Ma (Figure 4.9), which suggests

that ice rise formation has become more likely over time. We propose that the WSB plateau-

like surfaces hosted extensive ice rises within an ice shelf during interglacial periods when

the EAIS retreated into the WSB and the plateaus were unloaded and isostatically uplifted

(Figure 4.12).

The plateaus lie along the southern margin of the predicted retreated region of the EAIS in

numerical simulations for the mid-Pliocene warm period (Austermann et al., 2015; DeConto

and Pollard , 2016; Mengel and Levermann, 2014; Pollard et al., 2015) (Figure 4.9). Numerical

models indicate that the presence of ice rises inhibits ice margin retreat through an increased

buttressing effect (Favier and Pattyn, 2015; Matsuoka et al., 2015). These plateau surfaces

may therefore have slowed EAIS retreat during recent interglacials such as the mid-Pliocene,

and also formed important nucleation points for ice sheet regrowth during glacial periods,

although the rate of bedrock rebound following deglaciation may have been relatively slow

owing to the high viscosity of the mantle beneath East Antarctica (Whitehouse et al., 2012).

This provides a potential analogue for future ice sheet response in a warming world; if the

EAIS were to retreat into the WSB in the future, isostatic rebound would enable the plateau

surfaces to act as seeding points for ice rises, thus potentially delaying further retreat of the

EAIS and/or facilitating a temporary re-advance of the ice sheet margin (Matsuoka et al.,

2015).

4.5 Conclusions

We conclude that the newly mapped bedrock plateau surfaces within the WSB provide (a)

a constraint on the extent of the EAIS during Oligocene–Miocene warm intervals and (b) an

improved understanding of the processes that likely operated at the ice sheet margin during
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subsequent retreat phases, and may operate in the future. Plateau surface formation by fluvial

erosion requires an ice sheet margin situated >400–500 km inland of the modern grounding

zone during prolonged periods of the Oligocene–Miocene. These near-sea level plateaus likely

facilitated ice rise formation when exposed during subsequent warm interglacials, potentially

buttressing the margin against further retreat (Matsuoka et al., 2015). The glacial dynamics

associated with the plateau surfaces may therefore exert considerable influence over EAIS

behaviour (Favier and Pattyn, 2015; Gudmundsson, 2013). Improving numerical models to

incorporate feedbacks related to these bedrock topographic features may significantly influence

predictions of future ice sheet retreat, and contribute to our understanding of the overall long-

term stability of this part of the EAIS.

4.6 Summary

This chapter has presented the first characterisation of the subglacial landscape within the

Wilkes Subglacial Basin, along with the implications for the behaviour and extent of ice sheets

during warmer climates of the past and/or future. The findings of this chapter will be built

upon in Chapter 5, which aims to develop a quantitative model of landscape evolution of

the Wilkes Subglacial Basin and the associated Transantarctic Mountains using additional

constraints from offshore sediment records.
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Abstract

Reconstructions of the bedrock topography of Antarctica since the Eocene–Oligocene bound-

ary (ca. 34 Ma) provide important constraints for modelling Antarctic ice sheet evolution.

This is particularly important in regions where the bedrock lies below sea level, since in these

sectors the overlying ice sheet is thought to be most susceptible to past and future change.

Here we use 3D flexural modelling to reconstruct the evolution of the topography of the Wilkes

Subglacial Basin (WSB) and Transantarctic Mountains (TAM) in East Antarctica. We esti-

mate the spatial distribution of glacial erosion beneath the East Antarctic Ice Sheet, and

restore this material to the topography, which is also adjusted for associated flexural isostatic

responses. We independently constrain our post-34 Ma erosion estimates using offshore sedi-

ment stratigraphy interpretations. Our reconstructions provide a better-defined topographic

boundary condition for modelling early East Antarctic Ice Sheet history. We show that the

majority of glacial erosion and landscape evolution occurred prior to 14 Ma, which we in-

terpret to reflect more dynamic and erosive early ice sheet behaviour. In addition, we use

closely-spaced 2D flexural models to test previously proposed hypotheses for a flexural origin

of the TAM and WSB. The pre-34 Ma topography shows lateral variations along the length of

the TAM and WSB that cannot be explained by uniform flexure along the front of the TAM.

We show that some of these variations may be explained by additional flexural uplift along

the south-western flank of the WSB and the Rennick Graben in northern Victoria Land.

5.1 Introduction

The Transantarctic Mountains (TAM) are a >3000 km-long mountain range that separates

East Antarctica and the West Antarctic Rift System (Figure 5.1). The peaks of the TAM

protrude from beneath the East Antarctic Ice Sheet (EAIS) and rise to elevations >3 km

above sea level. The Wilkes Subglacial Basin (WSB) is an extensive, low-lying region of the

bedrock concealed beneath the EAIS in the hinterland of the TAM (Figure 5.1). Airborne

radio-echo sounding (RES) surveys reveal that this sector of the EAIS is largely marine-based

(grounded on bedrock that lies below sea level). These surveys show the WSB to be a ∼1400

km long and 200–600 km wide, south-to-north trending, subglacial depression, with bedrock

elevations on average 500 m below sea level (Ferraccioli et al., 2009a; Fretwell et al., 2013).

The northern WSB contains deep sub-basins (up to 80 km wide), wherein the bed is situated

up to 2.1 km below sea level (Ferraccioli et al., 2009a; Jordan et al., 2010b) (Figure 5.1).
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Figure 5.1: Regional setting of the Transantarctic Mountains and Wilkes Subglacial Basin
within East Antarctica. (a) New DEM of subglacial topography. Contour interval is 1 km
and elevations are relative to sea level. Red lines are proposed major crustal faults (Aitken
et al., 2014; Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003; Ferraccioli et al., 2009a;
Jordan et al., 2013b). Black lines denote outlines of sub-basins within the WSB (Ferraccioli
et al., 2009a). Yellow dashed lines mark the outline of flat bedrock plateaus (Paxman et al.,
2018). Abbreviations: AST = Adventure Subglacial Trench; AsST = Astrolabe Subglacial
Trench; BSH = Belgica Subglacial Highlands; CB = Central Basin; CT = Concordia Trench;
EB = Eastern Basin; MSZ = Mertz Shear Zone; PAF = Prince Albert Fault; RG = Rennick
Graben; RSH = Resolution Subglacial Highlands; WB = Western Basin. Inset shows the
study area within Antarctica. EA = East Antarctica; WA = West Antarctica. (b) Ice surface
velocity field (Rignot et al., 2011). The 25 m/yr contour (thin black line) highlights regions of
fast ice flow. Thick black lines represent major drainage basins (Rignot et al., 2013). Major

outlet glaciers and ice shelves are labelled.

The WSB is one of a number of large topographic basins that reach the coast of East Antarctica

wherein large tracts of the EAIS are marine-based. This renders the ice sheet above the

WSB potentially vulnerable to significant retreat in predicted future warmer climates (Pollard

et al., 2015) as a result of marine ice sheet instability processes. Such processes have long

been hypothesised for West Antarctica (Mercer , 1978; Schoof , 2007), but the importance of

low-lying East Antarctic subglacial basins, which contain a much larger integrated volume

of grounded ice (Fretwell et al., 2013), has only recently been more fully appreciated (Aitken

et al., 2016; Bamber et al., 2009; DeConto and Pollard , 2016; Golledge et al., 2017; Mengel and

Levermann, 2014; Pollard et al., 2015). The northern WSB hosts the fast-flowing (velocities

>25 m/yr) Cook, Ninnis and Mertz outlet glaciers, which together drain an EAIS catchment

area of ∼600,000 km2, equating to ∼5 m of eustatic sea level rise (Rignot et al., 2011).

Despite the importance of the WSB as a control on the future behaviour of the EAIS, the

topographic evolution of this region prior to and following EAIS inception at the Eocene–

Oligocene boundary (ca. 34 Ma) remains poorly understood (Gasson et al., 2015; Wilson
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et al., 2013). Unravelling the tectonic and erosional evolution of the TAM and WSB will

facilitate more accurate simulations of the behaviour of past Antarctic ice sheets, and in turn

improve predictions of future ice sheet change under projected ocean and climate warming

scenarios (DeConto and Pollard , 2016; Pollard et al., 2015).

5.2 Background and aim

The mechanisms responsible for the formation and evolution of the WSB, and the closely

associated TAM, remain subject to debate. A number of authors have interpreted the TAM

as the uplifted flank of the West Antarctic Rift System, which is situated beneath the Ross

Sea (Figure 5.1) (Brenn et al., 2017; Hansen et al., 2016; Stern and ten Brink , 1989; ten Brink

et al., 1997). The WSB is in turn interpreted as the product of flexural ‘back-bulge’ subsidence

induced by TAM uplift (Stern and ten Brink , 1989; ten Brink et al., 1997). This interpretation

is supported by successful comparisons between 2D flexural models and observed topographic

profiles across the southern TAM and WSB (ten Brink et al., 1997). The magnitude and

pattern of flexure is also constrained using apatite fission track thermochronology (Fitzgerald ,

1992), and the observed westward dip of a Palaeozoic erosion surface known as the Kukri

Peneplain (Stern et al., 2005). Seismically-derived crustal thickness estimates also lend support

to a flexural origin for the TAM and WSB, indicating that the crust is of constant thickness

and warps upwards at the TAM and downwards at the WSB (Hansen et al., 2016).

Early interpretations of thermochronology data indicated that the exhumation of the TAM

occurred in three main stages during the Lower Cretaceous, Upper Cretaceous and Cenozoic

(Fitzgerald , 2002; Lisker , 2002). However, more recent evaluation of the thermochronology

data, combined with thermal history modelling and the observed stratigraphic record, suggests

that TAM uplift was spatially complex and diachronous along the mountain range rather than

organised into three discrete events (Lisker and Läufer , 2013; Lisker et al., 2014). These

thermochronology data indicate that the region was buried beneath a sedimentary basin dur-

ing the Jurassic–Cretaceous, referred to as the Mesozoic Victoria Basin, which was removed

by erosion following basin inversion and TAM uplift in the Palaeogene (Lisker and Läufer ,

2013; Prenzel et al., 2018). However, no deposits from this now-vanished basin have yet been

described, and the uplift history of the TAM remains subject to ongoing debate.

Existing flexural models match: (i) the observed height of the TAM; (ii) the width of the

WSB, and (iii) geological constraints; if a free (broken) edge is assumed along the front of the
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TAM and the lithosphere of interior East Antarctica is assumed to be flexurally rigid (with

an effective elastic thickness of ∼85 km) (Stern et al., 2005). However, 2D flexural modelling

has only been carried out along single profiles and narrow corridor surveys across the southern

WSB and TAM (Studinger et al., 2004; ten Brink et al., 1997) and the effects of flexure have

yet to be fully quantified in 3D. It therefore remains unclear whether the flexure model is

valid along the >1000 km length of the TAM and WSB. Moreover, 3D flexural modelling has

shown that uplift driven by glacial valley incision within the central TAM—a process that was

not incorporated into the original 2D models—can account for between 32% and 50% of the

observed peak elevations (Stern et al., 2005). The role of erosion-driven uplift in the WSB

has yet to be quantified, in contrast to the Recovery Basin, where quantitative modelling has

demonstrated that glacial erosion and flexure have, in combination, driven substantial relief

generation (Paxman et al., 2017).

Other workers have proposed that the geometry of the WSB is structurally controlled in light of

potential field and ice-penetrating radar datasets, which reveal that the WSB is fault-bounded

and appears to follow the geometry of the underlying tectonic architecture in the basement

(Figure 5.1) (Aitken et al., 2014; Chiappini et al., 2002; Ferraccioli and Bozzo, 2003; Ferraccioli

et al., 2009b; Jordan et al., 2013b). Aeromagnetic interpretations also indicate the presence of

Jurassic tholeiites and post-Jurassic graben-like features within the WSB (Ferraccioli et al.,

2009a). However, there are no high amplitude magnetic anomalies in the WSB comparable

to those observed over Cenozoic rift related rocks over the adjacent TAM or within the West

Antarctic Rift System (Ferraccioli et al., 2009b). Based on aeromagnetic and airborne gravity

data interpretations, crustal extension associated with a Ross-age (ca. 500 Ma) back-arc

setting and Jurassic–Cretaceous Gondwana break-up has been proposed to have affected the

basement of the WSB (Ferraccioli et al., 2009a; Jordan et al., 2013b). However, passive seismic

data arrays currently only sample the eastern edge of the basin and these observations do not

reveal large-scale crustal thinning beneath the WSB, but rather a marginally thicker crust with

respect to the adjacent TAM (An et al., 2015a; Hansen et al., 2016). Overall, the influence of

the inherited basement architecture on the evolution of the modern topography of the WSB

remains unclear.

The aim of this study is twofold. First, we aim to reconstruct the palaeotopography of the

TAM and WSB from 34 Ma to present by estimating the spatial distribution of glacial erosion

and using 3D flexural modelling to determine the associated flexural response. Using our new

reconstruction of 34 Ma topography, we then aim to use 2D flexural models to re-evaluate
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previously published hypotheses that invoke a flexural origin of the TAM and WSB (Stern

and ten Brink , 1989; ten Brink et al., 1997) in light of more recently acquired radar datasets,

and in so doing assess the role of lithospheric flexure in shaping the topography along the full

length of the TAM-WSB system prior and subsequent to EAIS inception.

5.3 Methods

5.3.1 Bedrock elevation gridding

This study uses RES datasets acquired during a number of airborne geophysical campaigns

over the previous two decades. During RES surveys, ice-penetrating radar waves are reflected

at the ice-bed interface; the two-way travel time of the bed echo, combined with the velocity

of radar in ice, is used to calculate the ice thickness, from which the bedrock elevation can

be computed. We combined over 200,000 line-km of radar data from the WISE-ISODYN

(Wilkes Basin/Transantarctic Mountains System Exploration - Icehouse Earth: Stability Or

Dynamism?) (Ferraccioli et al., 2009a; Jordan et al., 2010b, 2013b), ICECAP (International

Collaborative Exploration of the Cryosphere through Airborne Profiling) (Blankenship et al.,

2017), Operation IceBridge (Leuschen et al., 2016) and AEROTAM (Studinger et al., 2004)

surveys (Figure 5.2).

The bedrock elevation line data were initially referenced to the WGS84 ellipsoid. We applied an

ellipsoid-geoid conversion to reference the elevations to mean sea level, matching the Bedmap2

compilation (Fretwell et al., 2013). We then interpolated the bedrock elevation data onto

a 2 km grid mesh using a continuous curvature spline algorithm (Wessel et al., 2013) with

a tension factor of 0.35. The resulting bedrock topography digital elevation model (DEM)

was masked to remove any interpolated values more than 10 km from the nearest data point

(Figure 5.2), and these empty nodes were replaced with bedrock elevation values from the

Bedmap2 compilation (Fretwell et al., 2013), which includes data from other sources including

rock outcrop elevations and thin-ice models over the TAM. The DEM (Figure 5.1a) forms

the basis for our estimation of bedrock erosion and 3D flexural modelling used to reconstruct

palaeotopography.
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Figure 5.2: Compilation of airborne radio-echo sounding (RES) datasets over the
Transantarctic Mountains and Wilkes Subglacial Basin. (a) Airborne radar survey airborne
flight coverage. The aircraft flight paths for the WISE-ISODYN (red), ICECAP (blue), Op-
eration IceBridge (yellow), AEROTAM (magenta), and SPRI-NSF-TUD consortium (black)
surveys are displayed. (b) New compilation of bedrock topography derived from the RES sur-
veys shown in panel a. Points in the digital elevation model >10 km from the nearest raw data
point have been masked. Contour interval is 1000 m and elevations are relative to mean sea
level. For the complete grids, offshore bathymetry data were taken from Bedmap2 (Fretwell
et al., 2013), as were onshore bedrock topography data in regions of poor RES coverage (i.e.

the masked regions in panel b).

5.3.2 Effective elastic thickness grid

In order to quantify flexural uplift within the TAM and WSB, we employed 2D and 3D elastic

plate flexure models (see e.g. section 5.3.3). The free parameter in these models is the effective

elastic thickness of the lithosphere, Te, which is a proxy for the depth-integrated strength of

the lithosphere. We set up a simple Te model for the TAM, WSB and surrounding regions

based on existing constraints.

Forward and inverse (spectral) modelling suggests that Te increases from 5 km at the front

of the TAM to high values in interior East Antarctica (Chen et al., 2017; Ji et al., 2017; ten

Brink et al., 1997). However, the exact value of this ‘high’ Te varies between different methods.

Forward models require Te values of up to 85 km under the southern WSB in order to match

the observed long-wavelength and low amplitude downwarp of the basin (Stern et al., 2005; ten

Brink et al., 1997). However, this estimate was determined using a single 2D model across the

southern TAM and WSB (Figure 5.3), and does not account for any lateral variation along the

mountain range or basin. Inverse spectral methods (gravitational admittance and coherence)
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indicate that Te increases from ∼30 to ∼60 km westwards across the WSB (Chen et al., 2017;

Ji et al., 2017).

Constraints on the regional Te can also be garnered from smaller-scale features of the landscape.

For example, the fault-bounded Eastern, Central and Western Basins within the WSB are likely

to have been the locus of erosional and mechanical unloading within the WSB and are separated

by extensive, flat-lying plateaus (Paxman et al., 2018). The absence of short-wavelength tilting

of the flanking plateau regions is therefore indicative of relatively high regional Te values (>20

km) within the WSB (Figure 5.3).

Figure 5.3: Effective elastic thickness model of the Transantarctic Mountains and Wilkes
Subglacial Basin. (a) Grid of effective elastic thickness (Te), consistent with forward topogra-
phy and gravity models and spectral analysis (Chen et al., 2017; Close et al., 2009; ten Brink
et al., 1997). The locations of the East-93 traverse and AEROTAM corridor survey, along
which 2D flexural and gravity modelling has previously been carried out (Studinger et al.,
2004; ten Brink et al., 1997), are shown. Yellow dashed lines mark the outline of flat bedrock
plateaus (Paxman et al., 2018). Red lines are major crustal faults. (b) Sensitivity of modelled
flexural uplift due to incisional unloading (section 5.3.3) to the elastic thickness, Te. The
low-angle tilting associated with higher Te values (>20 km) is consistent with the observed
dip of the plateau surfaces. The sensitivity of the flexure to Te value decreases with increasing
Te. (c) Modern-day bedrock topography along profile X–Y (location shown in Figure 5.1).

We assumed a Te of 15 km for the Ross Sea, reflecting the relatively weak lithosphere underlying

the West Antarctic Rift System (Chen et al., 2017; Ji et al., 2017; Jordan et al., 2010a; Stern

and ten Brink , 1989). Te was then increased from 5 km at the TAM front to 50 km in the

interior of East Antarctica, which reflects an average of the values recovered using forward

and inverse modelling techniques. Te is smoothly graded across the continental margin to 35

km, reflecting values reported for the oceanic lithosphere beyond the continental slope (Close

et al., 2009). This spatially variable Te model (Figure 5.3) was used in our 3D flexural models
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(section 5.3.3). However, given the range of reported Te values for the TAM and WSB, we

carried out sensitivity testing to evaluate the effect of different Te scenarios on the modelled

flexure.

5.3.3 Valley incisional unloading

Removal of material from Earth’s surface by glacial and/or fluvial erosion causes unloading

of the lithosphere. Consequently, buoyancy forces from the mantle and elastic bending forces

within the lithosphere drive isostatic uplift of the Earth’s surface (Watts, 2001). Because the

lithosphere has a finite flexural rigidity, isostatic uplift is distributed over a wider horizontal

extent than the localised incision (Figure 5.3c). Areas that are not eroded therefore experience

net surface uplift, even though the average elevation of the region will decrease (Molnar and

England , 1990).

In order to estimate the 3D distribution of glacial incision within the TAM and WSB, the

bedrock DEM was first rebounded for the removal of the modern ice sheet load (Figure 5.4).

To estimate the spatial distribution of erosion, we used RES profiles and the DEM to identify

bedrock peaks interpreted as remnants of a pre-glacial landscape. We then interpolated a

smooth continuous surface between these summits, which are assumed to have not experienced

significant erosion since EAIS inception at 34 Ma. This summit accordance surface is therefore

a reconstruction of the pre-erosion landscape, and represents the restoration of eroded material

to the topography without accounting for the associated isostatic response (Champagnac et al.,

2007; Stern et al., 2005). The difference between the summit accordance surface and the ice-

free bedrock topography represents our estimate of glacial incision (Figure 5.4).

The flexural response of the lithosphere to ice loading and valley incision was computed using

an isostatic model that calculates the flexural adjustment (w) to loading (h) of a thin elastic

plate overlying an inviscid fluid (Watts, 2001)

∇2
[
D(x, y)∇2w(x, y)

]
+ (ρmantle − ρinfill)gw(x, y) = (ρload − ρdisplace)gh(x, y) (5.1)

where

D(x, y) =
E Te(x, y)3

12 (1− ν2)
(5.2)

is the flexural rigidity of the lithosphere as a function of spatial dimensions x and y. E (Young’s

modulus; 100 GPa) and ν (Poisson’s ratio; 0.25) are elastic constants and the density terms
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Figure 5.4: Isostatic response to valley incision and sediment loading. (a) Topography ad-
justed for removal of modern ice load. Red lines are major crustal faults (Aitken et al., 2014;
Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003; Ferraccioli et al., 2009a; Jordan
et al., 2013b); black lines show sub-basin outlines (Ferraccioli et al., 2009a); dashed magenta
lines mark the outline of flat bedrock plateaus (Paxman et al., 2018). (b) Peak accordance
surface. (c) Eroded material (warm colours), computed by subtracting the rebounded topog-
raphy (panel a) from the peak accordance surface (panel b). Offshore sediment (cool colours)
34–0 Ma in age derived from seismic sediment thickness datasets. (d) Cumulative flexural
response to incisional unloading (warm colours) and sediment loading (cool colours) since 34
Ma. Contour interval is 0.2 km onshore and 1 km offshore, and selected contours are labelled
in kilometres. (e) Profile X–Y crossing the northern WSB (location show in panels a–d).
Bedrock topography is adjusted for ice sheet loading. The summit accordance surface joins
mountain peaks, mesas and plateaus, which are all assumed to have experienced negligible
glacial (post-34 Ma) erosion. The thickness of eroded material is the difference between the

accordance surface and the bedrock topography.
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(ρ) depend on the particular loading or unloading situation being considered. Equation 5.1

was solved numerically using a centred finite difference technique, with the Te scenario as

shown in Figure 5.3 and a range of other possible scenarios (Figure 5.5). For ice loading

we assumed a load density of 915 kg m−3, and for erosional unloading a density of 2500 kg

m−3 (reflecting Beacon Supergroup sediments and Ferrar dolerites (Ferraccioli et al., 2009a)).

Densities of 3330 kg m−3 were assumed for the mantle, and 0 kg m−3 for the material infilling

(and displaced by) the flexure. We evaluated the flexure outputs from our numerical model

by comparison with analytical solutions (Figure 5.6).
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Figure 5.5: Sensitivity testing of the influence of the elastic thickness on flexure in the
Transantarctic Mountains (TAM) and Wilkes Subglacial Basin (WSB). (a) Flexural response
to incisional unloading (warm colours) and sediment loading (cool colours) since 34 Ma for a
Te varying from 5 km at the front of the TAM to 50 km across the WSB. Contour interval
is 0.2 km onshore and 1 km offshore. Dashed box shows the outline of the region covered in
Figure 5.6. (b) Flexural response for a spatially constant Te value of 35 km (Wilson et al.,
2012). (c) Flexural response for a scenario where Te varies from 5 km at the front of the TAM
to 20 km across the WSB. (d) Flexural response for a scenario where Te varies from 5 km at
the front of the TAM to 80 km across the WSB. The variation in the calculated flexural uplift
between these end-member scenarios is <200 m in the WSB and <400 m along the TAM. Red
lines are major crustal faults (Aitken et al., 2014; Cianfarra and Salvini , 2016; Ferraccioli and
Bozzo, 2003); black lines show sub-basin outlines (Ferraccioli et al., 2009a); dashed magenta
lines mark the extent of flat bedrock plateaus (Paxman et al., 2018). Abbreviations of major
fault systems: AF = Adventure Fault; CF = Concordia Fault; MSZ = Mertz Shear Zone;
PAF = Prince Albert Fault; RG = Rennick Graben; WARS = West Antarctic Rift System
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Figure 5.6: Bench testing the numerical computation of flexural uplift for an elastic plate
with a spatially variable elastic thickness. Panel location covers Victoria Land in the northern
TAM and is shown in Figure 5.5a. (a) Flexural response to incisional unloading (warm colours)
and sediment loading (cool colours) since 34 Ma for a Te varying from 5 km at the front of the
TAM to 50 km across the WSB. Contour interval is 0.1 km onshore and 0.5 km offshore. The
flexure in this model is computed numerically using a centred finite difference approach. (b)
Flexural response for a spatially constant Te value of 10 km, approximately corresponding to
the values assumed for the Ross Sea and edge of the TAM (Figure 5.3). (c) Flexural response
for a spatially constant Te value of 50 km, corresponding to the values assumed for the WSB
(Figure 5.3). The flexure in panels b and c was computed analytically using a fast Fourier
transform method (Watts, 2001). The flexure in panel a closely approximates the low (10 km)
Te scenario in the Ross Sea and along the front of the TAM, and then approaches the high Te
scenario into the hinterland of the TAM and the WSB, indicating that the numerical solution

is performing as expected.
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As well as valley incision into basement, material may also have been removed from the TAM

and WSB by the initial downwearing of the terrestrial deposits of the Mesozoic Victoria Basin

(Lisker and Läufer , 2013; Prenzel et al., 2018). However, aside from at geographically confined

localities in the TAM, the palaeo-thickness of these deposits, and the amount removed by

erosion after 34 Ma across the study area is unconstrained. As a result, it is difficult to model

the effects of the removal of any pre-existing sedimentary overburden. We therefore assumed

a simplistic geometry of the possible eroded overburden based on largely qualitative scenarios

proposed by previous authors (Prenzel et al., 2018) (Figure 5.7). We computed the flexural

response to the erosion of this sedimentary basin assuming a load density of 2350 kg m−3 to

reflect the proposed unconsolidated nature of the deposits (Figure 5.7) (Lisker and Läufer ,

2013; Prenzel et al., 2018).

Figure 5.7: Downwearing of post-Ferrar (ca. 180–35 Ma) sediments and the associated
flexural response. (a) Assumed thickness of the ‘Mesozoic Victoria Basin’ (Prenzel et al.,
2018). The sediment thickness grid is derived from thermochronological and geophysical data
(Prenzel et al., 2018), but is largely qualitative in nature. Contour interval is 0.5 km. These
basin deposits are assumed to have been rapidly removed by erosional downwearing in the
late Eocene / early Oligocene (Lisker and Läufer , 2013; Prenzel et al., 2018). The total basin
volume is 1.7×106 km3, which corresponds to a mass of 3.90 Pt assuming a sediment density
of 2350 kg m−3. (b) Flexural response to the removal of the sediment load in panel a using
our standard scenario where Te varies from 5 km at the front of the TAM to 50 km across
the WSB. Contour interval is 0.3 km. Blue lines are major crustal faults (Aitken et al., 2014;
Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003); black lines show sub-basin outlines
(Ferraccioli et al., 2009a); dashed magenta lines mark the extent of flat bedrock plateaus

(Paxman et al., 2018).

5.3.4 Offshore sediment thickness

The distribution of sediment located on the continental shelf was used to (1) calculate the

flexural response to sediment loading since 34 Ma, and (2) compare the mass of offshore
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sediment to the estimated mass of eroded material in order to assess whether this estimate is

realistic. The glacially-eroded material (Figure 5.4c) was likely routed through the TAM or

northern margin of the WSB and deposited in offshore basins on the Ross Sea shelf and Wilkes

Land margin (Figure 5.8), although some may have been deposited in onshore depocentres

(Jamieson et al., 2014). We used glacial (34–0 Ma) sediment thickness grids for the Ross Sea

shelf (Lindeque et al., 2016) and the Wilkes Land margin northward of the mouth of the WSB

(Paxman et al., 2018) (Figure 5.8).

Figure 5.8: Comparison of volumes of erosion and sediment. (a) Offshore sediment isopachs
indicate the thickness of sediment determined from seismic reflection surveys (Lindeque et al.,
2016). Red lines show mapped (solid) and inferred (dashed) sediment provenance boundaries
for material routed through the TAM into the Ross Sea, and through the WSB onto the
Wilkes Land margin (Cook et al., 2013; Naish et al., 2009; Zattin et al., 2012). Blue lines
denote divides between ice sheet catchments, which govern the direction of transport of eroded
material (black arrows) (Rignot et al., 2011). Volumes of eroded material and offshore sediment
within the different catchments are shown. (b) Schematic sediment columns based on ocean
sediment drill cores and seismic reflection profiles in the Ross Sea and Wilkes Land (locations
shown by red circles in panel a) (Escutia et al., 2011; Lindeque et al., 2016; Naish et al., 2001).
Down-core depths of the boundaries between sediment packages (34–14 Ma, 14–3.5 Ma, and

3.5–0 Ma) are labelled.

5.3.4.1 Flexure due to sediment loading

Sediment loading offshore has the potential to cause bedrock subsidence offshore and uplift

onshore. Our elastic plate model (Equation 5.1) was used to compute the flexural response

to sediment loading, assuming an average sediment (load) density of 2200 kg m−3 (Wilson

et al., 2012) and infill and displacement densities of 1030 kg m−3 to represent seawater. The

resulting flexural response was combined with the flexural uplift due to valley incision into a

complete grid of flexural isostatic adjustment (Figure 5.4d).
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Our models do not explicitly take into account onshore sediment loading since 34 Ma. Although

magnetic depth-to-source modelling (Frederick et al., 2016) and spectral roughness calculations

(Siegert et al., 2005) indicate a significant coverage of sediment within the WSB, potential field

modelling indicates that the majority of this sediment is likely composed of Beacon Supergroup

strata (Devonian–Triassic) or Neoproterozoic metasedimentary rocks, and that negligible (<1

km) Cenozoic sediments are preserved within the basin (Ferraccioli et al., 2009a; Studinger

et al., 2004). Because the summit accordance method (section 5.3.3) estimates the net amount

of onshore erosion (i.e. the difference between erosion and sedimentation), any replacement of

eroded bedrock by deposited sediment within the deep onshore basins of the WSB is implicitly

incorporated into our models.

5.3.4.2 Mass balance of sediment and eroded material

The volume of eroded material (Figure 5.4c) was compared to the volume of offshore sediment

(Figure 5.8). We divided the eroded material into two fractions: (1) material derived from the

TAM and southern WSB, routed through the valleys of the TAM and deposited on the Ross

Sea shelf, and (2) material eroded from within the subglacial troughs of the northern WSB

and routed to the Wilkes Land margin via the George V Coast (Figure 5.8). To make this

division, we assumed that eroded material has consistently followed the modern day flow-lines

of the EAIS and cannot cross the major drainage divides (Rignot et al., 2011) (Figure 5.8).

The location of the corresponding offshore sediment was established using offshore sediment

provenance studies (Cook et al., 2013; Zattin et al., 2012) (Figure 5.8). The volume of eroded

material was converted to a mass assuming an average density of 2500 kg m−3, reflecting

a realistic average of Beacon Supergroup sedimentary rocks, Ferrar dolerites, and younger

sediments. The mass of offshore sediment was computed using a density of 2200 kg m−3 and

accounting for typical fractions (5–15%) of biogenic (non-detrital) material within the offshore

sediment (Wilson et al., 2012).

5.3.5 Palaeotopography model: 34 Ma to present

We followed a series of steps to produce an estimate of palaeotopography for 34 Ma:

1. Adjust the modern bedrock topography (Figure 5.3a) for the removal of the modern ice

sheet load (section 5.3.3 and Figure 5.4a).
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2. Remove the 34–0 Ma sediment from the continental shelf, and add the eroded material

to the land surface (Figure 5.4c).

3. Subtract the flexural isostatic response to sediment loading and incisional unloading

(Figure 5.4d).

4. Gaussian filter at 10 km resolution to remove short-wavelength artefacts introduced by

the reconstruction process.

The resulting reconstruction of 34 Ma bedrock topography (Figure 5.9), from which the effects

of (post-34 Ma) ice loading, incisional unloading and sediment loading have been removed, is

hereafter referred to as the ‘residual topography’. We note while that the palaeobathymetry

of the Ross Sea is shown for completeness (Figure 5.9), this has been influenced by extension

and subsidence within the West Antarctic Rift System (Wilson et al., 2012), which is not

accounted for in our models.

In order to produce a continuous model of the evolution of bedrock topography from 34 Ma

to present, an approximate temporal history of sediment deposition was established. We used

existing offshore sediment thickness data from drill cores on the Wilkes Land margin (Escutia

et al., 2011; Tauxe et al., 2012) and in the western Ross Sea (Naish et al., 2001). Using

three separate drill cores, we established the thickness of offshore sediment deposited between

key climate transitions: the Eocene–Oligocene boundary (ca. 34 Ma), mid-Miocene Climatic

Optimum (ca. 14 Ma), and mid-Pliocene warm period (ca. 3.5 Ma) (Figure 5.8). Assuming

that the rate of sedimentation is a direct proxy for the rate of onshore erosion, these thicknesses

provide a chronology for the rate of erosion and flexure since 34 Ma, and enable us to produce

reconstructions of palaeotopography at the times of these key climate transitions (Figure 5.9).

An important caveat is the presence of unconformities in the sedimentary records (Escutia

et al., 2011), which indicate that material has been periodically removed from the shelf. Since

it is unclear how much shelf material has been removed, apparent sedimentation rates may

not be directly correlated to ‘true’ onshore erosion rates.
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Figure 5.9: Regional palaeotopography from 34 Ma to present. (a) Bedrock topography at
the Eocene–Oligocene boundary (34 Ma). Red lines are major crustal faults (Aitken et al.,
2014; Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003); black lines show sub-basin
outlines (Ferraccioli et al., 2009a); dashed magenta lines mark the extent of flat bedrock
plateaus (Paxman et al., 2018). Abbreviations: AF = Adventure Fault; CF = Concordia Fault;
MSZ = Mertz Shear Zone; PAF = Prince Albert Fault; RG = Rennick Graben; WARS =
West Antarctic Rift System. (b) Bedrock topography at the mid-Miocene Climatic Optimum
(ca. 14 Ma). (c) Bedrock topography during the mid-Pliocene warm period (ca. 3.5 Ma). (d)
Modern bedrock topography. All elevations are relative to the geoid (present-day sea level) in
the absence of any ice loading. Black lines indicate flight paths of the RES lines used for our
six 2D flexural models. RES lines were obtained from the ICECAP (1), AEROTAM (2), and

WISE-ISODYN (3–6) surveys.
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5.3.6 2D flexural modelling of TAM uplift and WSB subsidence

The original models for the pre-glacial evolution of the TAM and WSB invoke broad flexure

of the East Antarctic lithosphere (section 5.2) (Stern and ten Brink , 1989; ten Brink et al.,

1997). We reappraise these models along the length of the TAM and WSB using more recent

ice thickness and bedrock elevation constraints (Figure 5.1), which have been adjusted for the

effects of ice loading, valley incision and sediment loading (Figure 5.9). We model the topog-

raphy along six 700–1100 km-long RES profiles that extend from the Ross Sea coast across the

TAM and WSB into the interior of East Antarctica. The six profiles are approximately evenly

spaced and span a ∼1000 km length of the TAM and WSB, thereby significantly expanding the

coverage of the early models of ten Brink et al. (1997). In order to re-evaluate these previous

studies, we incorporate into our flexural model the following loading mechanisms:

1. A buoyant erosional unload associated with denudation at the front of the TAM

2. A buoyant thermal load due to conduction of heat from West Antarctica to East Antarc-

tica.

3. An ‘isostatic end load’, which is required to match the amplitude of rock uplift at the edge

of the TAM. This simplified load represents mechanical unloading due to lithospheric

thinning and extension within the Ross Sea (Stern and ten Brink , 1989).

The geometry of the modelled loads is shown in Figure 5.10. We employed the Te model

used by ten Brink et al. (1997), with a single plate break along the length of the TAM and

Te linearly increasing from 5 km at the TAM front to a constant ‘high’ value at a distance

of 130 km inland. The modelled topography was compared to the residual topography along

the six RES profiles (Figure 5.13). We carried out sensitivity testing by varying the ‘high’

value of Te assumed for the WSB, in order to determine whether there existed a range of Te

values for which the flexure model could (or could not) satisfactorily account for the observed

topography (Figure 5.14).

Where this first-order model could not explain features of the residual topography, we incor-

porated the effects of other major crustal faults. We incorporated fault locations that have

been independently mapped in this region using geological data, magnetic lineaments, gravity

anomalies, ice surface lineaments and bedrock topography profiles (Aitken et al., 2014; Cian-

farra and Salvini , 2014; Ferraccioli et al., 2009a; Jordan et al., 2013b; Scheinert et al., 2016).

We modelled these faults as drivers of uplift along their flanks due to mechanical unloading
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Figure 5.10: Geometry of the loads and elastic thickness used in our 2D models of TAM
uplift. Load geometries follow those of ten Brink et al. (1997). (a) Comparison between flexure
computed using a spatially variable Te model (panel f) with a plate break along the front of
the TAM (black line) ten Brink et al. (1997) and an analytical solution for a rectangular load
on the end of a semi-infinite beam using Hetényi functions (Watts, 2001) for two constant
Te values. This shows that the variable Te model performs as expected along the profile.
(b) Flexure profiles. The black line represents the total flexural uplift, which is the sum
of three components arising from separate driving loads (these lines are coloured to match
the corresponding loads in panels c, d and e). (c) Erosional unload due to the removal of a
‘wedge’ of material at the front of the TAM. An upper crustal density of 2670 kg m−3 is used
for the eroded material. (d) Thermal load arising from lateral heat conduction from West
Antarctica to East Antarctica. (e) Isostatic end load which represents mechanical unloading
due to extension in the Ross Sea. Densities are given as negative values to reflect the fact
that each ‘load’ is buoyant (acts upwards) and therefore drives surface uplift. (f) Variation in
elastic thickness (Te) from the coast into the interior of East Antarctica, following ten Brink

et al. (1997).

of the lithosphere during extensional faulting and concomitant flexural rebound (Watts, 2001;

Weissel and Karner , 1989). In order to compute this flexural response, we used our standard
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Te model (Figure 5.3), and assumed a crustal thickness of 40 km, and crust and mantle den-

sities of 2800 and 3330 kg m−3, respectively. Each fault was assumed to dip at 60° towards

the downthrown side. The amount of cumulative displacement across the faults was tuned to

match the amplitude of the adjacent topography. We experimented with a series of combi-

nations of increasing complexity, and computed the root mean square misfit between residual

and modelled topography to determine the most parsimonious model that could adequately

account for the observed large-scale geometry of the TAM and WSB by minimising the misfit

(Figure 5.13). Since there was likely some inherited topography prior to flexural warping (ten

Brink et al., 1997), we focus on the long-wavelength patterns of uplift as well as the absolute

elevations.

5.4 Results

The bedrock DEM shows that the northern WSB contains deep sub-basins (up to 80 km wide

and 2.1 km below sea level) that extend over 300 km inland from the grounding line (Ferraccioli

et al., 2009a; Jordan et al., 2010b) (Figure 5.3). These deep basins are superimposed on pre-

existing tectonic features (Ferraccioli et al., 2009a; Jordan et al., 2013b) and are separated by

elevated, flat-lying, dissected plateau surfaces that are interpreted as remnants of a widespread

low-lying erosion surface (Paxman et al., 2018). The WSB also contains smaller-scale flat-

topped bedrock highs, which resemble mesas or buttes (Studinger et al., 2004). The peaks of

the TAM rise to >3 km above sea level, and have been incised by deep glacial valleys, the

floors of which are in places more than 2 km below sea level (Figure 5.3). The peaks of the

TAM (Stern et al., 2005), bedrock plateau surfaces within the northern WSB, and smaller-

scale mesas and buttes were used to reconstruct the ‘pre-incision’ landscape of the TAM and

WSB and estimate the distribution of glacial erosion (section 5.3.3). In total, we estimate

that ∼106 km3 (∼2×1018 kg) of material has been removed from the region by glacial valley

incision since 34 Ma. More than 1 km of material has been removed from the deep glacial

troughs within the northern WSB, and >3 km of erosion has occurred within some of the deep

valleys that cut through the TAM (Figure 5.4c, Figure 5.11).

Removal of this material has driven 600–900 m of flexural uplift along the front of the TAM,

which on average accounts for approximately one third of the present-day elevation of the

mountain peaks (Figure 5.4d). In parts of the central and southern TAM, flexure accounts for

up to 40–50% of the observed peak elevations, supporting the findings of previous modelling
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(Stern et al., 2005). In the northern WSB, flexure has driven 200–300 m of uplift (Figure 5.4d),

which is broadly distributed owing to the high flexural rigidity of the underlying lithosphere

(Figure 5.3). Sensitivity testing indicates that the magnitude of flexural uplift in the WSB

does not vary significantly (<200 m) for a realistic range of Te values (Figure 5.5). At 34 Ma,

the relief within the northern WSB was much less dramatic that at the present-day, because

the sub-basins were significantly shallower prior to being glacially overdeepened (Figure 5.9).

Figure 5.11: Changes in the bedrock elevation of the Transantarctic Mountains and Wilkes
Subglacial Basin since 34 Ma. (a) Change in bedrock topography between the Eocene–
Oligocene boundary (34 Ma) and the mid-Miocene (14 Ma). Warm colours denote positive
surface displacement (e.g. due to uplift or sedimentation); cool colours denote negative sur-
face displacement (e.g. due to subsidence or erosion). Contour interval is 500 metres. (b)
Change in bedrock topography between the mid-Miocene (14 Ma) and mid-Pliocene (3.5 Ma).
(c) Change in bedrock topography between the mid-Pliocene (14 Ma) and the present-day (0
Ma). (d) Total change in bedrock elevation from EAIS inception at ca. 34 Ma to present
(excluding isostatic subsidence due to ice loading). Red lines are major crustal faults (Aitken
et al., 2014; Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003); black lines show sub-
basin outlines (Ferraccioli et al., 2009a); dashed magenta lines mark the extent of flat bedrock
plateaus (Paxman et al., 2018). Abbreviations of major fault systems: AF = Adventure Fault;
CF = Concordia Fault; MSZ = Mertz Shear Zone; PAF = Prince Albert Fault; RG = Rennick

Graben; WARS = West Antarctic Rift System.
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The volume of material eroded by incision within the subglacial troughs of the WSB and

subsequently routed through the George V Coast is ∼2.5×105 km3, which compares well to

the volume of post-34 Ma sediment on the Wilkes Land margin: ∼4.3×105 km3. These values

correspond to masses of 0.63 Pt (Petatonnes; 1018 kg) of eroded material and 0.80–0.90 Pt of

shelf sediment. The volume of material eroded from TAM and southern WSB is ∼6.9×105

km3 (1.7 Pt), and the volume of post-34 Ma sediment on the Ross Sea shelf is ∼6.5×105 km3

(1.1–1.3 Pt). Offshore sediment cores (Figure 5.8) show that, on average, 72% of the glacial

(post-34 Ma) sediment had been deposited by 14 Ma, and 92% by 3.5 Ma, and sedimentation

rates were approximately constant between these time slices.

Although uncertainties propagate in the erosion model and in the seismic sediment isopachs,

as well as the unknown amount of material lost from the shelf due to reworking by ocean

currents, the volumes and masses of offshore sediment and eroded material agree to within a

factor of two. This result indicates that our erosion model is realistic to first order and that

it is unlikely that large volumes of post-34 Ma sediment are situated in onshore depocentres.

We encapsulate the ±∼50% uncertainty in our erosion/sedimentation estimate, as well as the

uncertainty associated with the regional Te used to determine the associated flexural responses

(Figure 5.5), by producing minimum and maximum reconstructions of the palaeotopography

at each time slice (Figure 5.12).

The volumes and masses given above do not include the possible extra thickness of eroded

material due to the downwearing of the Mesozoic Victoria Basin (section 5.3.3). The simple

basin thickness scenario shown in Figure 5.7 contains 3.90 Pt of material. The notably smaller

observed mass of post-34 Ma offshore sediment (1.90–2.20 Pt, most of which can be accounted

for by the estimated valley incision) indicates that if such thicknesses of terrestrial sediment

were deposited in the Mesozoic Victoria Basin, they were largely eroded prior to ca. 34 Ma.

Alternatively, the sequence may have been much thinner and/or more restricted than the

scenario in Figure 5.7. Because of the uncertainty regarding the amount of Mesozoic Victoria

Basin overburden removed after 34 Ma, and because thermochronology data indicate that this

downwearing occurred over a short space of time (ca. 5 Myr) (Prenzel et al., 2018), we restore

the overburden to the only the maximum topography for the Eocene–Oligocene boundary as

a possible end-member scenario (Figure 5.12). We do however note the potentially important

implications of now-vanished sedimentary basins for Cenozoic palaeotopography, and highlight

the necessity for more sophisticated basin modelling techniques and improved constraints in

order to fully understand the consequences for topographic reconstructions.
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Figure 5.12: Minimum and maximum reconstructed topography maps. Palaeotopography
maps are shown for the Eocene–Oligocene boundary (ca. 34 Ma; panels a and b), the mid-
Miocene (ca. 14 Ma; panels c and d), and the mid-Pliocene (ca. 3.5 Ma; panels e and f).
Contour interval is 500 metres. The estimated eroded thicknesses (and associated flexure) for
the minimum and maximum topographies are 50% lower and higher than the average estimate
(Figure 5.4), respectively. The maximum ca. 34 Ma topography also incorporates a correction
for the downwearing of the ‘Mesozoic Victoria Basin’ (Figure 5.7). Red lines are major crustal
faults (Aitken et al., 2014; Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003); black
lines show sub-basin outlines (Ferraccioli et al., 2009a); dashed magenta lines mark the extent
of flat bedrock plateaus (Paxman et al., 2018). Abbreviations of major fault systems: AF =
Adventure Fault; CF = Concordia Fault; MSZ = Mertz Shear Zone; PAF = Prince Albert

Fault; RG = Rennick Graben; WARS = West Antarctic Rift System.
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Our 2D flexural modelling results show that the model of ten Brink et al. (1997) can account

for the width and amplitude of the TAM at the southern end of the study area (Figure 5.13a

and b). However, this simple one-dimensional model fails to account for a number of first-

order observations of the geometry of the residual topography. Firstly, it fails to account for

the upwarping of the topography in the southwest of the WSB, where the basin takes on an

approximately symmetrical profile, which cannot be explained by a flexural model in which

unloading is entirely concentrated at the eastern end of the basin (Figure 5.13a and b). Our

modelling shows that one way to better account for this pattern of uplift and subsidence is

to incorporate flexural uplift due to mechanical unloading along the Adventure Fault and the

Concordia Fault (Figure 5.13a and b) and high Te values along the western margin of the WSB

(Figure 5.14).

The original model (ten Brink et al., 1997) is also unable to account for the observed increase

in width of the TAM and the WSB in the northern part of the basin and Victoria Land

(Figure 5.13e and f). One way in which to account for this widening would be an increase

in regional Te, but to match the observed width of the TAM and WSB here would require

unrealistically large values (>120 km) and would stand in stark contrast to values of 40–85

km reported for the WSB (Chen et al., 2017; Ji et al., 2017; ten Brink et al., 1997) and 35

km reported for the continental margin just offshore of the WSB (Close et al., 2009). Instead,

the geometry of the TAM and WSB in this area may have been influenced by vertical flexural

displacement driven by mechanical unloading along the Rennick Graben (Figure 5.13e and

f), the orientation of which mirrors the trend of the underlying architecture of the WSB

(Figure 5.15) (Ferraccioli et al., 2009a).

Our sensitivity testing shows that the best-fitting Te value for the WSB is ∼60 km. The range

of permissible values around this best-fit is approximately ±25 km, because the pattern of

flexure is relatively insensitive to Te at higher values (Figure 5.5; Figure 5.15). Our results

indicate that relatively large Te values (>35 km) are necessary if the WSB was originally a

flexural ‘back-bulge’ feature (ten Brink et al., 1997). Lower Te values produce a better fit with

the residual topography along the TAM and the eastern WSB, whereas higher values give a

better fit for the western WSB (Figure 5.14), indicating that Te increases from east to west

into the continental interior.
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Figure 5.13: 2D flexural models along six radar profiles crossing the Transantarctic Moun-
tains (TAM) and Wilkes Subglacial Basin (WSB). Profile locations (1–6, shown in panels a–f)
are displayed in Figure 5.9 and Figure 5.15. The names of the lines, as given in the individual
geophysical surveys, are provided. The bedrock is shown by the black line and shaded region.
Bed elevations have been adjusted for the effects of ice sheet loading, incisional unloading,
and sediment loading. The eroded material has not been filled in so as to retain the clarity of
the original topography. Our models therefore attempt to match the elevations of the peaks,
which are assumed not to have been eroded. Blue line shows the original flexural model of ten
Brink et al. (1997), with a single plate break along the front of the TAM. Red line shows the
best-fitting model in this study; flexural uplift due to mechanical unloading along other faults
(labelled with black arrows) is incorporated. The root mean square (RMS) misfits between
the residual and modelled peak elevations for each model are quoted in each panel. Abbre-
viations: AF = Adventure Fault; CF = Concordia Fault; MSZ = Mertz Shear Zone; PAF =

Prince Albert Fault; RG = Rennick Graben.
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Figure 5.14: Effect of Te variations within the Wilkes Subglacial Basin. 2D flexural models
along six radar profiles crossing the Transantarctic Mountains (TAM) and Wilkes Subglacial
Basin (WSB). Profile locations (1–6, shown in panels a–f) are displayed in Figure 5.9d. RES
lines were obtained from the ICECAP (1), AEROTAM (2), and WISE-ISODYN (3–6) surveys.
The names of the lines, as given in the individual geophysical surveys, are provided. The
bedrock is shown by the black line and shaded region. Bed elevations have been adjusted for
the effects of ice sheet loading, incisional unloading, and sediment loading. Coloured lines show
the modelled topography for different Te models. Te is assumed to increase from 5 km at the
eastern edge of the TAM (left edge of profiles) (following ten Brink et al. (1997)), to a constant
higher value beneath the WSB. We experimented by varying the higher value of Te between
10 and 120 km. Lower Te values (10–35 km) produce a better fit for the western TAM and
eastern WSB, whereas higher Te values (∼70 km) give a closer match in the western WSB,
indicating that Te gradually increases westwards across the basin. Abbreviations of major
faults: AF = Adventure Fault; CF = Concordia Fault; MSZ = Mertz Shear Zone; PAF =

Prince Albert Fault; RG = Rennick Graben.
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Figure 5.15: Elastic plate modelling results. (a) Present-day bedrock elevation (rebounded
for ice sheet loading). Black lines indicate flight paths of the RES lines used for our six 2D flex-
ural models (Figure 5.13). Red lines show major faults along which plate breaks and motion
are modelled to account for the geometry of the TAM and WSB. Blue lines show additional
faults, which influence the regional structure and topographic geometry (Aitken et al., 2014),
but do not have significant flexural effects. Black lines show sub-basin outlines (Ferraccioli
et al., 2009a); dashed magenta lines mark the extent of flat bedrock plateaus (Paxman et al.,
2018). Abbreviations: AF = Adventure Fault; CF = Concordia Fault; MSZ = Mertz Shear
Zone; PAF = Prince Albert Fault; RG = Rennick Graben; WARS = West Antarctic Rift Sys-
tem. (b) Root mean square (RMS) misfit between the residual topography and the flexurally
modelled topography (Figure 5.13) as a function of the effective elastic thickness, Te, assumed
beneath the WSB. Gridlines indicate the best-fit average elastic thickness and band of <100
m greater than the minimum RMS, used to define a region of permissibility. Estimates of Te

from previous studies are shown for context.

5.5 Discussion

5.5.1 Cenozoic landscape evolution model

5.5.1.1 Palaeocene–Eocene

Our flexural modelling shows that the variations in width, amplitude, and pattern of the

34 Ma palaeotopography of the TAM and WSB (Figure 5.13) cannot be fully accounted for

by previously proposed flexural uplift models (Stern and ten Brink , 1989; ten Brink et al.,

1997). We have shown that incorporating vertical flexural displacement due to mechanical

unloading along the Rennick Graben, Adventure Fault and Concordia Fault can improve the

overall match between the modelled and observed topography (Figure 5.13). It has also been

proposed that the Adventure and Concordia faults are part of a Cenozoic extensional corridor
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within East Antarctica (Cianfarra and Salvini , 2016; Cianfarra et al., 2009); coeval uplift along

these faults and in Victoria Land (Lisker and Läufer , 2013; Prenzel et al., 2018) during the

Palaeocene–Oligocene may therefore have initiated the formation of the modern topographic

configuration of the TAM and WSB (Figure 5.16).

Significant discrepancies remain, however, between the observed geometry of the TAM and

WSB and the flexural models (Figure 5.13). One explanation may be lateral variability in

the magnitude of thermal and erosional unloading along the edge of the TAM, as is indi-

cated by seismic tomography (Brenn et al., 2017) and apatite fission track thermochronology

(Fitzgerald , 2002), and/or lateral variations in Te. Moreover, flexural uplift due to mechani-

cal unloading during extension in the Ross Sea, which may have played a significant role in

driving TAM uplift during the Cretaceous (Wannamaker et al., 2017), is not included in the

original models beyond the simplified ‘isostatic end load’ (ten Brink et al., 1997). We suggest

that more detailed determination of the 3D geometry of extensional, thermal and erosional

(un)loads at the front of the TAM, and the associated flexural responses, is required to fully

quantify the role of flexure in the origin of the TAM and WSB. The TAM and elevated hin-

terland are up to 500 km wide in northern Victoria Land and close to the South Pole, which

is difficult to reconcile with a flexural model in which unloading is focussed along the edge

of the TAM, even for a highly rigid lithosphere. Seismic tomography indicates foundering

of the lithosphere beneath the southern TAM, and (at least partial) support of the broad,

high-elevation hinterland plateau by incursion of buoyant asthenospheric mantle (Shen et al.,

2017). The contributions of thermal, tectonic, and mantle dynamic processes to the regional

elevation of the mountain range therefore also require more detailed investigation.

Our 34 Ma palaeotopography reconstruction shows that the peaks of the TAM were ∼800

m lower in the late Eocene than at present (Figure 5.9). The early TAM were dissected by

river systems (Figure 5.16), the geomorphic remnants of which are observed within the Dry

Valleys (Sugden et al., 1995). The landscape of the northern WSB at 34 Ma was that of

a low-relief region situated within 100 m of sea level and bounded by highlands to the east

and west. Extensive, flat-lying bedrock plateau surfaces beneath the EAIS are observed in

radargrams over the northern WSB, and are interpreted as remnants of this low-lying coastal

plain formed by fluvial erosion close to sea level (Paxman et al., 2018). These plains, analogous

to those observed along the conjugate South Australian margin (Quigley et al., 2010; Sandiford

et al., 2009), would have likely hosted major continental river networks, brackish marshes and

swamps, and shallow inland seas (Figure 5.16). If sedimentary basins existed in the vicinity of



Chapter 5. Landscape evolution of the Wilkes Subglacial Basin 134

the modern-day TAM between the Permian and Eocene, as is indicated by thermochronological

data (Lisker and Läufer , 2013; Prenzel et al., 2018), the TAM were likely situated at relatively

low elevations during much of the Mesozoic, and we note the possibility that some of these

cover rocks persisted into the early Oligocene.

5.5.1.2 Oligocene–Holocene

Following glacial inception at 34 Ma, erosion beneath the early EAIS was controlled by

the inherited structure of the WSB. The early ice sheets were likely steered along existing

fault-controlled topographic depressions and/or structural weaknesses in the bedrock (Bing-

ham et al., 2012), which had likely also been exploited by pre-glacial river networks (Fig-

ure 5.16). These regions—the Eastern, Central and Western Basins—were selectively eroded

and overdeepened beneath the EAIS (Figure 5.11). The majority (∼70%) of glacial sedi-

mentation and erosion (and resulting flexural isostatic adjustment) occurred between 34 and

14 Ma (Figure 5.8), and comparatively little (∼30%) landscape change has occurred since

14 Ma (Figure 5.9). The rate of glacial erosion and sedimentation prior to 14 Ma was ap-

proximately double the rate after 14 Ma, assuming that the rate of sediment loss from the

shelf has been constant over time. Since the offshore sedimentary record contains several un-

conformities (Escutia et al., 2011), this assumption is likely to be over-simplistic. However,

this scenario, showing a marked slow-down in source-area erosion rates at ca. 14 Ma, closely

matches the history of erosion and isostatic uplift in the Lambert Graben region, where it

is further constrained by geological evidence (uplifted Oligocene–Neogene fjordal sediments),

thermochronology, and flexural models (Hambrey and McKelvey , 2000; Hambrey et al., 2007;

Paxman et al., 2016; Thomson et al., 2013; Tochilin et al., 2012).

Glacial incision into basement in the TAM has driven 600–900 m of flexural uplift of the

mountain peaks since 34 Ma, assuming the peaks themselves have not experienced significant

denudation over this time. Using thermochronology datasets, it has been proposed that the

TAM region was buried beneath 2–4 km of post-Jurassic overburden, which has subsequently

been removed (Lisker and Läufer , 2013; Lisker et al., 2014; Prenzel et al., 2018). While the

presence of erosion of a spatially uniform overburden would not drive differential peak uplift,

this scenario does have implications for the palaeo-elevations of the TAM. However, the mass

balance between our post-34 Ma onshore erosion estimates and offshore sediments is in close
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Figure 5.16: Schematic diagram showing the landscape evolution of the Wilkes Subglacial
Basin and Transantarctic Mountains. (a) Prior to EAIS inception at 34 Ma, the WSB region
was situated close to sea level, with vegetated low-lying plains being drained by continental
river networks, which exploited the existing fault systems (red lines). The Transantarctic
Mountains were flexurally uplifted along the flank of the West Antarctic Rift System during
the Eocene, and dissected by river systems. The geometry of the TAM and WSB was controlled
by inherited fault systems on the eastern and western margins. (b) During the Oligocene–
Miocene, the northern WSB was overdeepened by oscillatory and erosive ice sheets, which
deposited large volumes of sediment offshore. The inherited tectonic structure and river
networks of the basin controlled the location of glacial overdeepening. The remnant bedrock
plateaus between the overdeepened basins were flexurally uplifted due to erosional unloading.
(c) Since the mid-Miocene Climatic Optimum (ca. 14 Ma), decreasing surface temperatures
allowed full expansion of the EAIS. Bedrock erosion rates decreased, and large regions of the

bed were protected beneath cold-based ice.

agreement when basement incision alone is considered. This indicates that erosion of any post-

Jurassic overburden largely occurred prior to glaciation at 34 Ma, and this process therefore

does not influence our Oligocene–Pliocene topographic reconstructions.
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Comparisons between our estimated onshore glacial erosion and the observed mass of post-34

Ma offshore sediments indicates that the mass of eroded material routed through the TAM

and deposited in the Ross Sea exceeds the mass of post-34 Ma sediment, whereas the reverse

is true for the Wilkes Land margin. While each mass balance is associated with uncertainties,

this discrepancy may, in part, reflect transport of material by westward-flowing ocean currents.

Alternatively, it may be that during the early stages of glaciation in the Oligocene, before large

outlet glaciers had fully breached through the TAM, more material from the western side of

the TAM was routed through the WSB. Drainage analysis indicates a reversal of the Byrd and

Beardmore drainage systems in the central TAM after glaciation (Huerta, 2007), suggesting

that the drainage divide has shifted north and westwards since 34 Ma to its present-day

position (Figure 5.8).

Together, the total amount of glacial valley incision (Figure 5.4) and offshore sedimentary

records (Figure 5.8) imply long-term average vertical erosion rates beneath the outlet glaciers

of 0.04–0.07 mm/yr between 34 and 14 Ma, and 0.02–0.04 mm/yr after 14 Ma. These values are

consistent with estimates from the Recovery Catchment (Paxman et al., 2017), and observed

erosion rates beneath modern polar glaciers (Koppes et al., 2015). The change in erosion rates

likely reflects the change in basal ice dynamics associated with the expansion of the EAIS after

the mid-Miocene Climatic Optimum and the establishment of polar conditions and cold-based

non-erosive ice across large parts of East Antarctica (Sugden et al., 1995). Additionally, erosion

rates may have slowed if relatively erodible Cenozoic sedimentary material and graben infill

within the Eastern, Central and Western Basins were removed first, and then the underlying—

more consolidated—Beacon sandstones and/or Ferrar dolerites became exposed.

Because the TAM and WSB are long wavelength (∼103 km) features of Earth’s surface topog-

raphy, the landscape evolution of this part of interior East Antarctica may have been influenced

by changes to normal tractions applied to the base of the lithosphere by viscous mantle flow

(dynamic topography). However, the magnitude of these changes is still poorly known, be-

cause of the uncertainties in seismic tomographic models in Antarctica, which largely result

from sparse seismic station coverage (An et al., 2015a). There are therefore large uncertainties

associated with the mantle convection simulations used to estimate past and present dynamic

topography, and we therefore do not attempt to reconstruct these changes here. However, the

subglacial geomorphology of the WSB (Paxman et al., 2018) and palynological proxies (San-

giorgi et al., 2018) both indicate that the WSB was situated at low elevations near sea level
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throughout the late Eocene, Oligocene and Miocene. Our reconstructions produce a palaeoto-

pography (Figure 5.9) that is in close agreement with a palaeo-landscape of this type, without

the need to infer major secular change in dynamic topography throughout the Oligocene–

Neogene. We note, however, that recent dynamic topography models predict that the bedrock

on the western and northern margins of the WSB has been dynamically uplifted by ∼100–200

m since the mid-Pliocene (Figure 5.17) (Austermann et al., 2015).

5.5.2 Implications for past ice sheet dynamics

Given the slow-down in glacial erosion rates after 14 Ma, most of the overdeepening of the

Eastern, Central and Western Basins occurred in the Oligocene to early Miocene (Figure 5.16).

During this time, the EAIS was likely fluctuating in extent and eroding the landscape as it

advanced and retreated across the northern WSB (as has been proposed for the Lambert

Graben (Hambrey and McKelvey , 2000; Hambrey et al., 2007; Thomson et al., 2013). The

presence of oscillatory and erosive ice sheets between 34 and 14 Ma, which were strongly

sensitive to climate forcing, has also been inferred in the Aurora Subglacial Basin, where inland

fjord systems associated with a dynamic early EAIS have been described (Aitken et al., 2016;

Young et al., 2011). Oscillatory behaviour of the EAIS during warm periods of the Miocene

is supported by ice sheet model results (Gasson et al., 2016b), and the age and provenance of

terrigenous sediment on the Wilkes Land margin (Pierce et al., 2017). In addition, terrestrial

palynomorphs and soil material in offshore sediment cores indicate the presence of temperate

vegetation in the absence of ice near the WSB coast during the mid-Miocene Climatic Optimum

(Sangiorgi et al., 2018). The geometry of the sub-basins within the WSB is not consistent with

formation beneath the modern-day EAIS; they are situated ∼300 km inland of the enhanced

ice flow near the modern grounding zone, and ice surface velocities above the sub-basins are

relatively slow (<25 m/yr) (Figure 5.1). They therefore likely also date from the time of the

early, dynamic ice sheets of the Oligocene–Miocene (Figure 5.16).

In the WSB, glacial erosion has been controlled by the underlying architecture of the basin.

The early ice sheets were likely directed along existing fault-controlled topographic depres-

sions and/or structural weaknesses in the bedrock. These regions were selectively eroded and

overdeepened, and bedrock erosion rates increased, driving a positive feedback of selectively

enhanced glacial flow and erosion. The removal of eroded material would have driven flexural
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Figure 5.17: Effect of dynamic topography change in the Wilkes Subglacial Basin. (a)
Change in dynamic topography in Antarctica since 3 Ma (Austermann et al., 2015). (b) Dy-
namic topography change in the TAM and WSB. Contour interval is 50 metres. The northern
WSB has been dynamically uplifted by ∼100 m, and the TAM in Victoria Land have been
uplifted by ∼200 m. (c) Reconstruction of palaeotopography during the mid-Pliocene without
accounting for changes in dynamic topography. (d) Reconstruction of palaeotopography incor-
porating changes in dynamic topography. Correcting for dynamic topography change results
in a deeper WSB, with topography situated below sea level extending further inland. The
implication is that the EAIS in this region would have experienced a larger amount of retreat
than predicted if changes in dynamic topography are not included in palaeotopographic recon-
structions (Austermann et al., 2015). Red lines are major crustal faults (Aitken et al., 2014;
Cianfarra and Salvini , 2016; Ferraccioli and Bozzo, 2003); black lines show sub-basin outlines
(Ferraccioli et al., 2009a); dashed magenta lines mark the extent of flat bedrock plateaus
(Paxman et al., 2018). Abbreviations of major fault systems: AF = Adventure Fault; CF
= Concordia Fault; MSZ = Mertz Shear Zone; PAF = Prince Albert Fault; RG = Rennick

Graben; WARS = West Antarctic Rift System.

uplift of the plateau surfaces situated in between the troughs (Paxman et al., 2018). As the re-

lief evolved, more ice would be drained from the plateaus into the outlet glaciers, thereby thin-

ning the ice at higher elevations and lowering subglacial temperatures, preserving the plateau
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surfaces beneath cold-based ice. Since 14 Ma and the inferred expansion of a continental-scale,

polar EAIS (Sugden et al., 1995), erosion/sedimentation rates have been comparatively low

(Figure 5.8), and relatively little landscape change has occurred (Figure 5.9; Figure 5.16).

Although global cooling since 14 Ma led to expansion of the EAIS, the gradual overdeepening

below sea level of the bedrock of the northern WSB has likely rendered the overlying EAIS

more susceptible to rapid inland retreat in response to ocean forcing than the early ice sheets.

These implications may be tested using our palaeotopographic reconstructions, which provide

new boundary conditions for models of ice sheet initiation and evolution.

5.6 Conclusions

We draw the following conclusions from this study:

1. Our erosion model shows that ∼2×1018 kg of material has been removed from the TAM

and WSB by glacial incision. This is in close agreement with the mass of post-34 Ma

sediment located offshore. The removal of the eroded material has driven on average

600–900 m of uplift along the TAM, and 200–300 m of uplift in the WSB.

2. The rate of glacial erosion, as inferred from offshore sediment records, decreased by a

factor of ∼2 following the mid-Miocene Climatic Optimum (ca. 14 Ma), confirming

the findings of previous studies in other regions of Antarctica (Hambrey and McKelvey ,

2000). This indicates that the early EAIS was more dynamic and erosive, an interpreta-

tion which is supported by geomorphological evidence in the WSB and other subglacial

basins around the EAIS margin (Aitken et al., 2016; Young et al., 2011).

3. The regional palaeotopography at 34 Ma was characterised by an elevated (but less

heavily dissected) TAM, and an extensive, low-relief WSB with bedrock elevations close

to sea level. This scenario is supported by independent evidence from vegetation records

within offshore sediment cores (Sangiorgi et al., 2018) and the subglacial geomorphology

preserved beneath the modern EAIS (Paxman et al., 2018). The dynamics of the early

EAIS situated on this palaeotopography would likely differ significantly from those at

the present-day.

4. The 2D flexural model of ten Brink et al. (1997) cannot alone account for the full 3D

topographic character of both the TAM and WSB. Quantifying the 3D geometry of the

driving (un)loads and associated flexural responses, as well as explicitly incorporating
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processes such as mechanical unloading due to Ross Sea extension, will facilitate a rig-

orous assessment of the role of flexure in the origin of the TAM and WSB. For example,

our modified flexure model can better account for the overall regional topography of the

WSB and TAM by incorporating displacements along additional major fault systems,

including those flanking the Rennick Graben and the western margin of the WSB, and

by employing a spatially variable Earth model where Te increases westwards across the

TAM and WSB to values of up to ∼60 km.

5.7 Summary

This chapter has developed a methodology to link bedrock topography and offshore sediment

records to reconstruct the temporal evolution of the landscape of the Wilkes Subglacial Basin

and Transantarctic Mountains. Combined with onshore and offshore constraints, these new

topographic reconstructions characterise the past and present landscape of one of the largest

East Antarctic subglacial basins. Chapter 6, aims to use recently acquired airborne geophysical

data to characterise for the first time the Pensacola-Pole Basin, a recently discovered subglacial

basin linking the Weddell Sea to the South Pole.
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Abstract

The East Antarctic Ice Sheet (EAIS) is underlain by a series of low-lying subglacial sedi-

mentary basins. The extent, geology and basal topography of these sedimentary basins are

important boundary conditions governing the dynamics of the overlying ice sheet. This is

particularly pertinent for basins close to the grounding line wherein the EAIS is grounded

below sea level, and therefore potentially vulnerable to rapid retreat. Here, we analyse newly

acquired airborne geophysical data over the Pensacola-Pole Basin (PPB), a previously unex-

plored sector of the EAIS. Using a combination of gravity, magnetic and ice-penetrating radar

data, we present the first detailed subglacial sedimentary basin model for the PPB. Radar

data reveal that the PPB is defined by a topographic depression situated ∼500 m below sea

level. Gravity and magnetic depth-to-source modelling indicate that the southern part of the

basin is underlain by a sedimentary succession 2–3 km thick. This is interpreted as an equiv-

alent of the Beacon Supergroup and associated Ferrar dolerites that are exposed along the

margin of East Antarctica. However, we find that similar rocks appear to be largely absent

from the northern part of the basin, close to the present-day grounding line. In addition, the

eastern margin of the basin is characterised by a major geological boundary and a system

of overdeepened subglacial troughs. We suggest that these characteristics of the basin may

reflect the behaviour of past ice sheets and/or exert an influence on the present-day dynamics

of the overlying EAIS.

6.1 Introduction

Low-lying subglacial topography across West Antarctica and around large tracts of the margin

of East Antarctica is hypothesised to render the overlying sectors of the Antarctic Ice Sheet

vulnerable to rapid retreat or even catastrophic collapse in a warming world (Mercer , 1978;

Schoof , 2003; Thomas, 1979). In addition, the presence of deformable sediment within topo-

graphic basins beneath the West Antarctic Ice Sheet is thought to influence ice sheet dynamics

by promoting streaming flow (Anandakrishnan et al., 1998; Bell et al., 1998; Studinger et al.,

2001). Recent numerical ice sheet simulations indicate that the majority of East Antarctic

Ice Sheet (EAIS) retreat in the near-future will be focussed within the Wilkes, Recovery and

Aurora Subglacial Basins (DeConto and Pollard , 2016; Golledge et al., 2015, 2017; Mengel and

Levermann, 2014; Pollard et al., 2015), from which ice mass loss will potentially contribute

9–15 m of sea level rise in a warming world (Gasson et al., 2015).
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Exploration of these basins using airborne geophysics has brought about increased understand-

ing of their extent, subglacial topography, geology, and tectonic architecture (Aitken et al.,

2016; Diez et al., 2018; Ferraccioli et al., 2009a; Frederick et al., 2016; Maritati et al., 2016;

Paxman et al., 2017; Ross et al., 2012). These parameters lead to improved understanding

of the tectonic and surface processes responsible for shaping the modern-day topography of

subglacial East Antarctica, and in turn the dynamics of the overlying EAIS. Hence, character-

isation of subglacial basins has the potential to improve future ice sheet projections, and can

also inform models of EAIS dynamics in past warmer climates (Aitken et al., 2016; Paxman

et al., 2018; Young et al., 2011), which may represent an analogue for a future warmer world.

The presence of a deep subglacial basin extending from the southeastern Weddell Sea to the

South Pole has been hypothesised since the 1980s (Drewry , 1983), but until recently this part

of Antarctica remained largely unexplored, with very few direct ice thickness measurements

(∼5000 line-km) included in the Bedmap2 compilation (Fretwell et al., 2013). Consequently,

the region has been highlighted as one of high uncertainty in ice sheet models and future

sea level rise predictions (Gasson et al., 2015). In 2015–16, the European Space Agency

PolarGAP project (Jordan et al., 2018; Winter et al., 2018) collected >38,000 line-km of new

aerogeophysical data around South Pole (Figure 6.1a). The primary focus of this survey was

collecting airborne gravity data to fill the polar gap in both satellite and existing airborne

gravity coverage south of 83.5°S (Scheinert et al., 2016). In addition, airborne radio-echo

sounding (RES) and magnetic data were acquired to improve understanding of the subglacial

landscape and geology around South Pole. These aerogeophysical datasets confirmed the

presence of a large subglacial depression known as the Pensacola-Pole Basin (PPB), extending

from the grounding line near the Pensacola Mountains to the South Pole (Jordan et al., 2018).

By analogy with similar subglacial basins around the East Antarctic margin, the PPB is

a potential locus of significant EAIS retreat under warmer climate scenarios. The basin is

overlain by the fast-flowing Support Force and Academy Glaciers, which drain into the Ronne-

Filchner Ice Shelf (Figure 6.1b) (Bingham et al., 2007; Rignot et al., 2011), which may become

unstable in a warming world (Bingham et al., 2015; Hellmer et al., 2012; Ross et al., 2012).

Ice shelf collapse has been shown to directly lead to glacier acceleration and thinning, causing

sea level rise (Scambos et al., 2004), and numerical models indicate that mass flux across

the grounding line at the Support Force and Academy Glaciers is particularly sensitive to

ice shelf mass (Reese et al., 2018). Ice sheet simulations indicate that the ice stored in the

PPB and surrounding catchment could contribute up to 2 m of sea level rise in a warmer
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Figure 6.1: Regional setting. (a) Airborne geophysical data coverage over the South Pole region. Blue radial lines indicate paths flown during the
2015–16 PolarGAP survey, which was used to fill the gap in satellite gravity coverage south of 83.5°S (red circle). Yellow lines show flight lines from
other aerogeophysical surveys. Coloured polygons denote rock outcrops (Figure 6.2). Inset shows the study region within Antarctica (CL = Coats Land;
VL = Victoria Land). (b) Ice surface velocity (Rignot et al., 2011). The 20 m/yr ice surface velocity contour (black line) outlines regions of enhanced
ice flow. The white line marks the grounding line, black line marks the outer ice shelf edge, grey lines mark islands. Filled red circles show the location
of seismic stations. Light blue polygon shows the location of a geothermal heat flux anomaly near South Pole (Jordan et al., 2018). White arrows show
major glacier outlets that flow into the Weddell Sea. AG = Academy Glacier; BIS = Bailey Ice Stream; FIS = Foundation Ice Stream; IIS = Institute
Ice Stream; MIS = Möller Ice Stream; SFG = Support Force Glacier; SG = Slessor Glacier; RFIS = Ronne-Filchner Ice Shelf; RG = Recovery Glacier.
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climate, although there is large uncertainty due to poorly constrained bedrock elevations in

the Bedmap2 dataset (Gasson et al., 2015). The aim of this study is to use airborne geophysical

datasets to characterise the PPB by constraining the subglacial topography and geology of the

basin and surrounding regions. In so doing we aim to examine the relationship between basal

conditions and the dynamics of the overlying EAIS, and facilitate improved ice sheet models

for this catchment.

6.2 Regional geological setting

The PPB is surrounded by highlands, including (starting from grid north and moving clock-

wise around the South Pole) the Polargap Subglacial Highlands, Recovery Subglacial High-

lands, southern Transantarctic Mountains (TAM), Thiel Mountains, and Pensacola Mountains

(Patuxent, Neptune, Forrestal, and Argentina Ranges). The southern TAM, Thiel Mountains,

and Pensacola Mountains protrude above the EAIS as nunataks, and bedrock is also ex-

posed in the Whichaway Nunataks, Shackleton Range and Theron Mountains to the northeast

of the PPB. The geology of the southern TAM (Figure 6.2c) comprises a Neoproterozoic–

Cambrian metasedimentary basement complex; these rocks were deformed during the Cambro–

Ordovician Ross Orogeny (Storey et al., 1996), at which time the granites/granodiorites of the

Granite Harbour Intrusives were emplaced (Stump, 1995). The basement rocks were truncated

to form the Kukri Peneplain, a widespread erosion surface upon which Devonian–Triassic al-

luvial, fluvial, glacial, and shallow-marine sediments of the Beacon Supergroup were deposited

(Barrett , 1991). The Beacon strata are intruded and overlain by Jurassic dolerites associated

with the Ferrar Large Igneous Province (Elliot and Fleming , 2004).

The Pensacola and Thiel Mountains are made up of a Neoproterozoic and Cambrian phyllitic

metasedimentary sequence (Figure 6.2a), including interbedded greywacke slates, limestones

(Evans et al., 2018), sandstones and shales, as well as Cambro–Ordovician granites, rhyolites

and quartz monzonite porphyries (Schmidt and Ford , 1969). In the Pensacola Mountains,

Ordovician–Silurian terrestrial sandstones and conglomerates are also exposed (Schmidt and

Ford , 1969). Here, the Kukri Peneplain is represented by a nonconformity or angular uncon-

formity, above which lie Devonian–Permian limestones, sandstones, siltstones, mudstones and

shales, which are thought to be equivalent to the Beacon Supergroup in the southern TAM

(Schmidt and Ford , 1969). These rocks are intruded by Jurassic Ferrar dolerite sills, which

are exposed at Lewis Nunatak and along the Pecora Escarpment (Figure 6.2a). This Jurassic
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episode of magmatism is also represented by the extensive layered gabbro intrusion of the

Dufek Massif (Ferris et al., 1998).

The Shackleton Range likewise dominantly comprises Neoproterozoic–Cambrian basement

rocks, with small isolated outcrops of younger Palaeozoic sediments (Figure 6.2b) (Tessensohn

et al., 1999b). The mountains are hypothesised to represent an uplifted basement horst block

bounded by faults that trend parallel to the Recovery and Slessor Glaciers (Paxman et al.,

2017). Rock outcrops in the Theron Mountains and Whichaway Nunataks are represented by

Beacon Supergroup strata and Ferrar dolerites (Brook , 1972).

Figure 6.2: Geology of the study region. (a) Simplified outcrop geology of the Pensacola
and Thiel Mountains. Abbreviations: AR = Argentina Range; PPB = Pensacola-Pole Basin
(outlined in black); NR = Neptune Range; PR = Patuxent Range; PE = Pecora Escarp-
ment; LN = Lewis Nunataks. (b) Simplified outcrop geology of the Shackleton Range and
Theron Mountains. Abbreviations: SR = Shackleton Range; WN = Whichaway Nunataks.
(c) Simplified outcrop geology of the southern Transantarctic Mountains (TAM). Note that
areas mapped as comprising Beacon Supergroup rocks may also contain sills of Ferrar dolerite.
The locations of panels a, b and c are shown in Figure 6.1a. Locations of flight lines used in
this study are shown in each panel (blue lines indicate PolarGAP flights; yellow lines indicate
previous surveys). Simplified outcrop geology is sourced from American Geographical Soci-
ety Folio 12 Antarctic geology maps and other regional studies (McGregor and Wade, 1969;

Mirsky , 1969; Schmidt and Ford , 1969; Tessensohn et al., 1999b).
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6.3 Methods

6.3.1 Subglacial topography characterisation

The large-scale geomorphology of Antarctica’s subglacial topography is an important reposi-

tory of information relating to geology and past processes of landscape evolution (Aitken et al.,

2016; Jamieson et al., 2014; Paxman et al., 2018; Young et al., 2011). Antarctic ice thickness

and bedrock elevation are determined using (predominantly airborne) RES surveys. In order

to produce an updated ice thickness grid and bedrock DEM for the South Pole region, it

was necessary to compile ice thickness measurements from a number of airborne geophysical

campaigns, including PolarGAP (Jordan et al., 2018; Winter et al., 2018), FISS, RECISL

(Humbert et al., 2018), ICEGRAV (Forsberg et al., 2018; Paxman et al., 2017), IMAFI (Je-

ofry et al., 2018; Ross et al., 2012), ICECAP (Blankenship et al., 2017), AGAP (Bell et al.,

2011), Operation IceBridge (Leuschen et al., 2016), AFI-Coats Land (Bamber et al., 2006),

PPT (Studinger et al., 2006), DUFEK (Ferris et al., 2003), CASERTZ (Bell et al., 1998), and

SPRI-NSF-TUD (Drewry , 1983). Detailed information on the acquisition and processing of

the RES data from each survey can be found in the respective references listed above.

We assembled all available ice thickness point data from each survey and merged these into a

single database. Crossover analysis (independent measurements of ice thickness at the same

position) yielded a standard deviation of 57.7 m at line intersections, with no systematic line-

to-line biases. This value is skewed by a relatively small number of high crossover misfits

over rough topography, where the bed elevation is more difficult to determine. We used a

recently updated ice surface DEM derived from CryoSat-2 satellite radar altimeter measure-

ments (Slater et al., 2018). The satellite surface elevation data coverage contains a gap south

of 88°S, which we filled with laser- and RES-derived surface elevation data from the relevant

airborne surveys listed above. The ice thickness point data were then subtracted from the

ice surface elevation and interpolated onto a 2.5 km grid mesh using a continuous curvature

spline algorithm with a tension factor of 0.35, an appropriate value for steep topography data

(Wessel et al., 2013). The resulting bedrock topography DEM (Figure 6.3) was masked to

remove any interpolated values more than 10 km from the nearest data point. The surface

and bedrock elevations were referenced to the GL04C geoid, as is used in Bedmap2 (Fretwell

et al., 2013). The difference between our new bedrock topography DEM and Bedmap2 shows

good agreement where the same data were used in both grids, but significant differences where

new datasets have been included (Figure 6.4).



Chapter 6. Subglacial conditions of the Pensacola-Pole Basin 148

Figure 6.3: New bedrock topography digital elevation model (DEM) of the South Pole
region. Bedrock elevations are contoured at 1 km intervals. Black polygon shows the outline
of the Pensacola-Pole Basin. Filled red circles show the location of seismic stations. Red star
marks the Pecora Escarpment, where Ferrar dolerites are exposed (and a seismic station is also
present). Major topographic features are labelled. Abbreviations: BI = Berkner Island; AR
= Argentina Range; NR = Neptune Range; PR = Patuxent Range; SP = South Pole. Dashed
black box shows the main study area, which defines the extent of subsequent figures. Red
circle marks the polar gap south of 83.5°S. Inset shows the study region within Antarctica.

Along certain sections of some PolarGAP flight lines, the bed reflection is not clearly imaged

by RES, likely due to the attenuation of radar energy in (warm) ice >3 km thick, due to steep

bedrock topography, and/or due to a lack of a distinct interface between ice and the underlying

material. Other surveys such as Operation IceBridge and PPT, which carry different radar

platforms (Leuschen et al., 2016; Studinger et al., 2006), also show data gaps in the same

places. Within the PPB, these gaps most likely indicate areas where the bed is particularly
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Figure 6.4: Comparison of the new bedrock DEM for the South Pole region with Bedmap2.
(a) Bedmap2 bedrock elevation (Fretwell et al., 2013). (b) Bedmap2 bedrock elevation, masked
to remove interpolated values >10 km away from the nearest RES-derived bed elevation data
point. (c) New bedrock DEM, masked to remove any data >10 km away from the nearest raw
RES-derived bed elevation data point. (d) Differences in bed elevation between the new DEM
and Bedmap2. The largest differences occur where the PolarGAP, RECISL and ICEGRAV

airborne surveys have filled former gaps in the RES data coverage.

deep; corresponding gravity anomaly ‘lows’ support this interpretation. Whilst the continuous

curvature gridding algorithm can be expected to interpolate the locations of these deep areas,

the gravity data offer an independent constraint on their depth. To profit from this, we inverted

the gravity anomaly data to estimate the bedrock elevation along sections of the profiles not

imaged by RES (Figure 6.5) under the assumption that the gravity anomalies solely reflect

the subglacial topography and not bedrock density variations. Where no radar picks were

available, we included these inverted bedrock elevations in our bedrock DEM.
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Figure 6.5: Inversion of bedrock elevation from gravity data. (a) Airborne geophysical data
coverage over the South Pole region. Blue radial lines indicate paths flown during the 2015–16
PolarGAP survey. Red sections of these flight lines indicate areas where radio-echo sounding
did not image the bed, and so the gravity inversion was used to estimate the bedrock elevation.
Yellow lines show flight lines from other aerogeophysical surveys. White polygon shows the
outline of the Pensacola-Pole Basin. Small gaps (up to 10 km) in the bed in the Recovery
Lakes region are likely the result of a lack of a distinct interface between ice and water in
this area (Bell et al., 2007; Humbert et al., 2018; Langley et al., 2011). (b) Free-air gravity
anomaly along profile X–X’ (location shown in panel a). (c) Ice surface (black line) and bed
(blue line) picks from radio-echo sounding are shown along with the bed inverted from the
free-air gravity anomaly (red line). In our profiles and grids, we use bed picks derived from
the radar data wherever they exist, and use the inverted bed from the gravity wherever there

is no bed pick.
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As well as providing a boundary condition for ice sheet models, our new bed DEM forms the

basis for characterising the subglacial topography of the PPB and surrounding areas. The

original radargrams and bed picks were also used to aid mapping and interpretation of macro-

scale geomorphological features within the subglacial landscape. The elevation of the bed

under ice-free conditions is also of interest for assessing the roles of pre-glacial erosional and

depositional processes. We used a flexural isostatic model (see section 6.3.2.1) to rebound our

bedrock DEM for the removal of the modern ice load (assuming ice and mantle densities of

920 and 3330 kg m−3 respectively; see Figure 6.6). This rebounded DEM (Figure 6.7b) gives

an indication of the pre-glacial elevation of the basin, although we note that glacial erosion

and the associated isostatic responses have likely also driven vertical topographic displacement

since 34 Ma (Paxman et al., 2016).

Figure 6.6: Isostatic rebound due to ice sheet unloading. (a) Ice thickness grid, masked to
remove any data >10 km away from the nearest raw RES-derived ice thickness data point.
Contour interval is 500 m. (b) Isostatic rebound due to the removal of the modern ice sheet
load assuming flexural isostasy with an effective elastic thickness of 30 km. Contour interval
is 100 m. Rebounding for ice sheet loading increases the difference in elevation between the
higher southern PPB (sPPB) and lower-lying northern PPB (nPPB). Black outline marks
the edge of the Pensacola-Pole Basin. Filled red circles show the location of seismic stations.
White filled polygons outline plateau surfaces outcropping in the mountain ranges surrounding
the PPB. White lines mark the outlines of overdeepened graben-like features trending along

the eastern margin of the PPB.
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Figure 6.7: (a) Surface elevation (Slater et al., 2018). (b) Bedrock elevation, isostatically
rebounded for the removal of the present-day ice load. White lines mark the outlines of
overdeepened graben-like features trending along the eastern margin of the PPB. In each
panel, the black polygon shows the outline of the Pensacola-Pole Basin. Red star marks the
Pecora Escarpment, where Ferrar dolerites are exposed. White filled polygons outline plateau
surfaces outcropping in the mountain ranges surrounding the PPB. The northern (nPPB) and
southern (sPPB) regions of the basin, as described in the text, are indicated. Profile X–X’ is

shown in Figure 6.9.

6.3.2 Basin thickness modelling

In this section, we describe several methods used to determine the thickness of sedimentary

rocks within the PPB from gravity and magnetic data.

6.3.2.1 Gravity modelling

We assembled gravity line data from relevant surveys in order to produce an updated gravity

anomaly map of the South Pole region. The profile data were upward or downward continued

to a constant altitude of 3400 m above the Bedmap2 geoid, to compensate for differences in

flight elevations. Downward continuation can introduce high-frequency artefacts, which we

removed using a 10 km low-pass filter in recognition of the fact that the filtering required to

smooth aircraft accelerations limits the shortest resolvable wavelength of the FAA to ∼9 km.

Remaining systematic biases between the surveys were accounted for by levelling the data,

after which the root mean square crossover error between all flight intersections was reduced
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to 5 mGal. The levelled free-air anomaly (FAA) data were then gridded together at 2.5

km horizontal resolution using a continuous curvature spline with a tension factor of 0.3, an

appropriate value for potential field data (Wessel et al., 2013) (Figure 6.8a).

We computed a Bouguer correction incorporating the gravity effects of our ice surface and

bedrock topography DEMs (section 6.3.1). For each surface, we used Parker’s fast Fourier

transform (FFT) method for determining the gravity effect of an undulating topographic in-

terface with a uniform density contrast, assuming typical densities of 0, 920 and 2670 kg m−3

for air, ice and rock, respectively (Parker , 1972). Each correction was calculated at an alti-

tude of 3400 m above the geoid, and then summed to give a total Bouguer correction. The

total Bouguer correction was filtered with a 9 km half-wavelength Gaussian filter to match

the resolution of the FAA, and then subtracted from the FAA to yield a Bouguer anomaly

(Figure 6.8b). We determined an isostatic gravity correction using a flexural model to define

the Moho. The flexural model used an effective elastic thickness (Te) of 30 km, reflecting a

realistic average for lithosphere near the boundary between West and East Antarctica (Pax-

man et al., 2017; Studinger and Miller , 1999). The absolute modelled Moho depth was tied

to estimates from teleseismic receiver functions made at three seismic stations surrounding

the PPB (Chaput et al., 2014; Winberry and Anandakrishnan, 2004). The flexural isostatic

correction was computed at 3400 m above the geoid and subtracted from the Bouguer anomaly

to yield a flexural isostatic anomaly (Figure 6.8c).

We used 2D forward gravity modelling to estimate the thickness of any potential sedimentary

succession within the PPB. This method has been previously applied to constrain sediment

thickness in regions of Antarctica lacking active-source seismic reflection data (Aitken et al.,

2016; Studinger et al., 2004). For each PolarGAP flight line crossing the PPB, we set up

an initial model comprising three layers: ice sheet, crust, and mantle, for which we assumed

uniform densities of 920, 2670, and 3300 kg m−3, respectively. The ice surface and bedrock

interfaces were taken from the laser/RES line data, and the Moho was defined using the

flexural model described in the previous paragraph.

The gravity effects of the ice surface, ice-bed, and Moho density interfaces were computed

using a FFT (Parker , 1972), summed and compared to the observed FAA. Before forward

modelling, the observed FAA was filtered to remove the long wavelength (>1200 km) signal,

which reflects mantle dynamics rather than plate processes such as flexural isostasy (Watts and

Moore, 2017). Where the modelled gravity anomaly was consistently more positive than the

observed anomaly, we introduced a fourth layer representing low-density sedimentary rocks,
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with a density of 2400 kg m−3. We forward modelled the geometry of the sediment layer to

minimise the misfit between the observed and modelled FAA. The resulting model provides

an estimate of the 2D geometry of the sedimentary basin along the profile. We interpolated

the modelled sediment thickness across all lines using a tensional spline (Wessel et al., 2013)

to produce a 3D sediment thickness map for the PPB.

Forward gravity models are non-unique, and it is therefore important to quantify the un-

certainty associated with the resulting estimate of sediment thickness. We determined the

uncertainty in sediment thickness associated with a reasonable range of sediment densities

(2250–2550 kg m−3) and elastic thicknesses used in the isostatic model of the Moho (10–50

km). In sections of the profile where the bed is not imaged and is inverted from the FAA

(Figure 6.5), there is ambiguity in the contributions of the bedrock topography and the den-

sity deficit of the sedimentary basin towards the total gravity anomaly, such that the basin

thickness in these areas cannot be reliably recovered using gravity modelling alone.

6.3.2.2 Gravity power spectra regression

Gravity power spectra provide a means of estimating the depth to major near-surface and intra-

crustal density discontinuities, such as the boundaries between ice and sediments, sediments

and crystalline basement, and around mid-crustal bodies and at the Moho (Damiani et al.,

2014; Frederick et al., 2016). For a discrete number of density boundaries, the power spectra

of the FAA will show an equal number of linear sections, each reflecting a different crustal

density boundary. If the natural logarithm of power is plotted against the wavenumber, k (=

1/wavelength), the gradient of the resulting straight line is given by (Fairhead and Okereke,

1988; Karner and Watts, 1983).

∆ ln [power] = −4πd∆k (6.1)

∆ ln [power]

∆k
= s = −4πd (6.2)

d = − s

4π
(6.3)
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Where d is the mean separation between the gravity continuation altitude (3400 m) and the

density boundary whose power spectrum slope is given by s. With the minimum resolvable

wavelength of the FAA of ∼9 km, the lower resolution limit of the power spectra is therefore

k = 1/9 = 0.1111 km−1.

To determine sediment thickness using gravity power spectra, a 200 km × 200 km moving

window (Damiani et al., 2014; Frederick et al., 2016) was passed over the PPB. For each of

twenty evenly spaced (but overlapping) windows, the gravity data were mirrored along both

grid axes to produce 600 km × 600 km grids to more accurately recover long-wavelength signals

associated with deep intracrustal interfaces. The drawback of using a large window size is that

the results represent average values for large areas. The results are however suitable as a means

of independently constraining the results of the 2D forward gravity models (section 6.3.2.1)

and magnetic models (section 6.3.2.3), and identifying broad patterns in sediment thickness

variation across the basin. A radial power spectrum was computed for each 200 km × 200 km

window in our newly assembled FAA grid using a fast Fourier transform (Wessel et al., 2013).

The power spectrum was plotted as the natural logarithm of power against radial wavenumber.

We fitted a straight line to each linear segment of the spectrum using least squares regression

(section 6.4.2). The gradient of each straight line was computed and used to estimate the

depth to the corresponding crustal density interface (Equation 6.3).

6.3.2.3 Magnetic depth-to-source modelling

Sediment thickness can also be independently estimated from magnetic data. Within a sedi-

mentary basin, the depth to the source of magnetic anomalies is commonly interpreted as an

estimate of the depth to the magnetic basement that underlies the non-magnetic sedimentary

succession (Frederick et al., 2016; Karner et al., 2005; Shepherd et al., 2006; Studinger et al.,

2004, 2006). We derived the depths to the magnetic sources beneath the PPB using multiple

passes of Werner deconvolution along PolarGAP magnetic profile data (Ku and Sharp, 1983).

In Werner deconvolution, a moving window is passed along the magnetic anomaly line data.

The magnetic anomaly is detrended by removing the linear trend within the moving window.

Detrended anomalies smaller than 5 nT are removed to eliminate solutions arising from noise

in the dataset. An upper limit (5 km) is placed on the permitted horizontal distance between

the centre of the moving window and the solution. Solutions outside this limit are commonly

spurious and so are removed.
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To determine depths from magnetic anomalies of a range of wavelengths, the size of the moving

window can be incrementally increased and repeatedly passed along the profile. We used

moving windows with widths of between 10 and 100 km, which correspond to the wavelengths

of the highest and lowest frequency anomalies observed along the profiles. In each case, the

window was shifted along the line in increments of 2.5 km. Solutions were sought at depths

between the ice-bed interface and a depth of 20 km to encapsulate the structure of the upper

crust. The depth-to-source solutions were compared to the depth of the base of the sedimentary

succession determined using 2D gravity modelling.

6.3.3 Magnetic anomalies

The relationship between subglacial topography and corresponding magnetic anomalies can be

used to inform regional interpretations of subglacial geology in regions of Antarctica that lack

surface rock exposures (Aitken et al., 2014; Ferraccioli et al., 2009a; Studinger et al., 2004).

We therefore examined the relationship between bedrock topography and magnetic anomalies

along flight tracks over surface rock exposure, where the bedrock geology is known, and over

ice-covered areas, where the geology must be inferred.

For visualisation, we re-gridded the recent Antarctic magnetic anomaly compilation (ADMAP2.0)

(Golynsky et al., 2018) together with the PolarGAP magnetic anomaly data at 2.5 km hori-

zontal resolution using a continuous curvature spline with a tension factor of 0.3 (Wessel et al.,

2013) (Figure 6.8d). The standard deviation of PolarGAP crossover errors was 47 nT, with

the largest errors associated with long wavelength discrepancies on flights far from magnetic

base stations during periods of extreme solar activity. Along-track errors are likely to be

significantly lower in magnitude. We high-pass filtered the magnetic anomaly line data with

a cut-off wavelength of 20 km, and also computed the horizontal derivative of the magnetic

anomaly; these products were used to aid our geological interpretations. Where high-frequency

magnetic anomalies were correlated with subglacial topography, we employed a simple 2D

object-oriented magnetic model (Studinger et al., 2004) to determine the depth, geometry and

likely lithology of the causative body.
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6.4 Results

6.4.1 Bedrock topographic features and associated gravity anomalies

New PolarGAP RES data reveal that the PPB is a 700 km × 250 km elongated topographic

depression, spanning an area of ∼150,000 km2 (Figure 6.3; Figure 6.7b). Present-day bedrock

elevations within the basin range from −2160 m to +310 m (relative to modern-day sea level),

with an average elevation of −490 m. A major system of deep subglacial valleys forms a left-

stepping en echelon pattern along the eastern margin of the basin (Figure 6.7b). The valley

floors are observed at depths of at least 1.5 km below sea level, although they are often not

imaged by RES (Figure 6.9). The average ice thickness in the basin is 2.84 km, and the ice

thickness commonly exceeds 3 km across inland parts of the basin (Figure 6.6). The total

volume of ice within the basin is 3.9×105 km3, of which 3.1×105 km3 lies above present-day

sea level. The sea level equivalent of this volume is ∼80 cm.

Gravity anomalies show that the PPB is characterised by a broad low FAA, which largely

reflects the subglacial topography (Figure 6.8a; Figure 6.9c). The presence of deep troughs

within the basin is confirmed by FAA ‘lows’ of up to −100 mGal (Figure 6.8a). These troughs

raise no signal in the Bouguer and isostatic anomalies in locations where the FAA was inverted

for bedrock elevation under the assumption of a purely-topographic source (section 6.3.1);

‘back-filling’ these troughs with rock-equivalent densities for the Bouguer correction removes

most of the signal beyond that arising from the difference between the correction density and

the true density of the rocks the troughs intersect. The PPB as a whole is characterised

by a broad Bouguer anomaly ‘low’. The Bouguer and isostatic anomalies both show steady

increases along the basin?s long axis (Figure 6.8b,c).

When the bedrock elevations are isostatically rebounded for the removal of the modern ice load,

the southern (upstream) region of the basin is situated on average at +500 m elevation, whereas

the northern end of the basin lies close to or just below sea level (Figure 6.7b). Hereafter,

we refer to the ‘southern’ and ‘northern’ PPB, which we define as being separated by the

profile X–X’ (shown in Figure 6.7b), approximately coincident with the sea level contour in

the rebounded bedrock topography (Figure 6.7b). Across the higher-elevation southern PPB,

we mapped a series of steep-sided, flat-topped topographic ‘highs’ that resemble mesas or

buttes. These features typically extend over length scales of <20 km, with elevations of up

to 500 m and steep flanks commonly >60°, and often correspond to high-frequency magnetic

anomalies (see section 6.4.3). In the northern PPB, this mesa-like topography is not observed;
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the ice sheet bed is instead characterised by a smooth-topped topographic block approximately

60 km across that tilts downwards to the east at an angle of ∼0.5°, and which is bounded on

both sides by deep subglacial troughs (see section 4.3).
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Figure 6.8: Gravity and magnetic anomalies in the South Pole region. (a) Free-air anomaly
compilation contoured at 25 mGal intervals. Gravity anomalies from multiple airborne surveys
are merged and levelled, and upward continued to 3400 m above the geoid. (b) Bouguer
anomaly at 3400 m above the geoid contoured at 50 mGal intervals. (c) Flexural isostatic
anomaly (Te = 30 km) at 3400 m above the geoid contoured at 25 mGal intervals. (d) Magnetic
anomaly contoured at 50 nT intervals. Black polygon shows the outline of the Pensacola-Pole
Basin. Red star marks the Pecora Escarpment, where Ferrar dolerites are exposed. White
filled polygons outline plateau surfaces outcropping in the mountain ranges surrounding the
PPB. Coloured lines (white in panels a and b, yellow in panel c, and blue in panel d) mark the
outlines of overdeepened graben-like features trending along the eastern margin of the PPB.
The northern (nPPB) and southern (sPPB) regions of the basin, as described in the text, are

indicated. Profile X–X’ is presented in Figure 6.9.
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Figure 6.9: Subglacial topography, gravity anomalies, magnetic anomalies, and surface ve-
locity across the PPB (line P12/1; profile X–X’ in Figure 6.7). (a) Ice surface velocity (Rignot
et al., 2011). (b) Magnetic anomaly (black) and its horizontal derivative (blue). The mag-
netic anomaly changes abruptly across the eastern edge of the PPB, dividing the Polargap
Subglacial Highlands, which exhibit high amplitude (∼100 nT), high-frequency anomalies,
from the Pensacola-Pole Basin and Patuxent Range, which show much lower amplitude (<20
nT) high-frequency anomalies. (c) Free-air (red), Bouguer (blue) and flexural isostatic (grey)
gravity anomalies. (d) Elevation of the ice surface and bed. Solid lines indicate picks observed
in the radargram (panel e); dashed lines indicate areas where the bed is not visible in the RES
data and the elevation is inferred from the free-air gravity anomaly (assuming no change in
bedrock density along the profile). Arrowed lines (also shown in panel b) indicate flat-topped
bedrock surfaces in the Patuxent Range, which coincide with high-frequency (∼10 km wave-
length) magnetic anomaly ‘highs’. The red star marks the location of the Pecora Escarpment,
where Jurassic Ferrar dolerites crop out at the surface. Vertical dashed lines demarcate the
eastern and western boundaries of the PPB. (e) Radar echogram. Elevations are given relative

to the WGS84 ellipsoid.
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6.4.2 Sedimentary basin thickness

Our forward gravity models indicate that the PPB hosts a significant thickness of sedimentary

rocks (Figure 6.10; Figure 6.11; Figure 6.12). The average thickness of sedimentary rocks is

1.6 km, and the maximum thickness is 3.7 km (Figure 6.13a). The forward modelled sediment

thickness estimates are associated with a margin of error due to individual uncertainties in

the assumed sediment density and effective elastic thickness. We find that the associated

uncertainties in the modelled sediment thickness are ±700 m (Figure 6.10). However, this is a

systematic uncertainty, which applies to the magnitude of sediment thickness rather than the

pattern.

Figure 6.10: Gravity model along profile X–X’ (line P12/1). (a) Observed and calculated
gravity anomalies, including modelled gravity effects of the ice and bedrock topography, the
Moho, and the sedimentary basin. A long-wavelength (>1200 km) signal has been removed
from the gravity field. All gravity effects were computed at 3400 m, corresponding to the
maximum flight altitude / upward continuation datum for the gravity surveys (marked by the
black dashed line in panel b). The root mean square (RMS) error between the observed and
modelled gravity anomaly is 6.3 mGal. (b) Results of the model, showing the thickness of
sedimentary rocks required to match the observed gravity ‘low’ over the basin. The dashed
lines show the range of uncertainty of the depth of the basin based on expected variability in
sediment density and effective elastic thickness. Magenta circles are estimates of the depth
to magnetic source. Note that there is uncertainty in the modelled sediment thickness where
the bed is not imaged by the radar data, and consequently the relative gravity effects of the

topography and the sedimentary basin are ambiguous.
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Figure 6.11: Gravity model along profile C–C’ (location shown in Figure 6.8) crossing the
northern PPB. (a) Observed and calculated gravity anomalies, including modelled gravity
effects of the ice and bedrock topography, the Moho, and the sedimentary basin. A long-
wavelength (>1200 km) signal has been removed from the gravity field. All gravity effects
were computed at 3400 m, corresponding to the maximum flight altitude / upward continu-
ation datum for the gravity surveys (marked by the black dashed line in panel b). The root
mean square (RMS) error between the observed and modelled gravity anomaly is 8.1 mGal.
(b) Results of the model, showing the thickness of sedimentary rocks required to match the
observed gravity ‘low’ over the basin. The dashed lines show the range of uncertainty of
the depth of the basin based on expected variability in sediment density and effective elastic
thickness. Magenta circles are estimates of the depth to magnetic source. The assumed den-
sities of the different layers are 920 kg m−3 for ice (blue), 2400 kg m−3 for sedimentary rock
(yellow), and 2670 kg m−3 for basement (grey). Note that the sediment thickness in this part
of the basin is within the uncertainty range associated with the gravity model; gravity data
are unable to resolve a significant infill of sedimentary rock in the northern PPB. We also note
that there are misfits between the observed and modelled gravity anomaly near the western
end of the profile, which may be indicative of similar minor (<1 km) infills of sedimentary

rock, which we do not model for simplicity.

The isopachs define an elongate-bowl shape, with the greatest thicknesses located in the central

and southern PPB (Figure 6.13a). We note however that these maxima occur in a region of

relatively sparse coverage in RES and gravity data (Figure 6.3; Figure 6.7). Our modelling

indicates that the subglacial topography alone is approximately sufficient to account for the

observed gravity over the northern PPB; the gravity data indicate sediment thicknesses of <1

km, which is close to the resolvable limit due to the uncertainties inherent in the modelling
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process (Figure 6.11). Moreover, the observation that the southern PPB is situated ∼500 m

higher than the northern PPB (Figure 6.3), but associated with an equally low free-air gravity

anomaly (Figure 6.8a), implies the presence of lower density rocks across the southern PPB,

as does the decrease in the isostatic anomaly over the southern PPB (Figure 6.8c).

Figure 6.12: Gravity model along profile D–D’ (location shown in Figure 6.8) crossing the
southern PPB. (a) Observed and calculated gravity anomalies, including modelled gravity
effects of the ice and bedrock topography, the Moho, and the sedimentary basin. A long-
wavelength (>1200 km) signal has been removed from the gravity field. All gravity effects
were computed at 3400 m, corresponding to the maximum flight altitude / upward continu-
ation datum for the gravity surveys (marked by the black dashed line in panel b). The root
mean square (RMS) error between the observed and modelled gravity anomaly is 2.9 mGal.
(b) Results of the model, showing the thickness of sedimentary rocks required to match the
observed gravity ‘low’ over the basin. The dashed lines show the range of uncertainty of
the depth of the basin based on expected variability in sediment density and effective elastic
thickness. The assumed densities of the different layers are 920 kg m−3 for ice (blue), 2400 kg
m−3 for sedimentary rock (yellow), and 2670 kg m−3 for basement (grey). Magenta circles are
estimates of the depth to magnetic source. Shallow sources in the southern half of the profile
may reflect intrusive Ferrar dolerites (see section 6.5.1). Note that there is uncertainty in the
modelled sediment thickness where the bed is not imaged by the radar data, and consequently

the relative gravity effects of the topography and the sedimentary basin are ambiguous.

Linear regression of the FAA power spectra reveals three distinct density boundaries (e.g. Fig-

ure 6.13b). The depth of the boundaries varies spatially, with ranges of 2.8–4.4 km (boundary

1), 5.6–8.7 km (boundary 2), and 12–15 km (boundary 3) below the gravity continuation da-

tum. The depths to the three density interfaces were converted to elevations relative to sea
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level by subtracting the depths from the continuation altitude (3400 m). The first (shallowest)

interface is interpretable as the base of the ice sheet. Its elevation is comparable to that of

the radar-derived bedrock surface (Figure 6.3; Table 6.1). The second interface resides at

depths of 2.2–5.3 km below sea level, and is interpretable as the base of the sedimentary basin

because it broadly corresponds to that feature as determined by forward gravity modelling

and magnetic depth-to-source estimation. The third interface likely represents a mid-crustal

boundary (e.g. the base of the upper crust). The window size was likely insufficient to capture

the long-wavelength signals associated with deeper crustal interfaces or the Moho.

Figure 6.13: Thickness of the sedimentary rocks within the PPB. (a) Isopach map produced
by gridding sediment thicknesses determined using 2D forward gravity models (Figure 6.10).
Contour interval is 1 km. Coloured circles denote the sediment thickness determined within
a 200 km × 200 km moving window using the spectral method (panel b). Circles are located
at the centre of each window. Filled red triangles show the locations of seismic stations.
The background shows the present-day bedrock elevation, using the same colour scale as in
Figure 6.3. (b) Sediment thickness determination using power spectra (corresponding to red
box in panel a). The observed gravity spectrum within each window (moving window outlines
are shown by black lines in panel a) comprises three linear sections separated by breaks of
slope. The gradient of these sections reveals the depth to the corresponding crustal interface

(below the gravity continuation altitude of 3400 m).

With these interpretations, the height between boundaries 1 and 2 is interpretable as the

average thickness of sedimentary rocks within the moving window. The spectrally derived

sediment thickness varies from 0.70±0.90 to 4.3±1.1 km across the basin (Figure 6.13a; Ta-

ble 6.1). We emphasise the significant qualitative uncertainty in these estimates, which is

related to a number of factors: (i) breaks of slope in the power spectra are identified by eye

(and are often relatively gradational; Figure 6.13b), (ii) scatter in the power spectra, (iii) the

uneven distribution of survey lines across the basin (Figure 6.1a), and (iv) the spectral con-

tents of some of the windows are likely to be influenced by geology outside the sedimentary
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basin (Figure 6.13a).

Despite this, there are a number of reasons why we expect the spectral results to be gener-

ally reasonable. Firstly, in nineteen of the twenty windows, the power spectrum recovered

the elevation of the ice-bed interface to within ±500 m of the average RES-derived eleva-

tion (Table 6.1), indicating that the spectrum can reliably recover the depth of this interface.

Secondly, the spectrally-derived sediment thickness falls between the average and the maxi-

mum sediment thickness determined from forward gravity modelling in sixteen of the windows

(Table 6.1). Finally, the results of both gravimetric approaches exhibit a consistent pattern

whereby thicknesses are largest in the central and southern PPB, and decrease towards the

northern end of the basin (Figure 6.13a).

Window
Centre
(Eastings,
Northings
km)

Power
spectrum
ice thick-
ness (km)

Mean
RES-
derived
ice thick-
ness (km)

Power
spectrum
sediment
thickness
(km)

Mean
forward
model
sediment
thickness
(km)

Maximum
forward
model
sediment
thickness
(km)

(−25, 50) 2.9±0.25 3.0 1.3±0.45 1.5 3.1
(30, 70) 3.6±0.20 3.1 1.8±0.40 1.7 3.1
(0, 0) 3.3±0.25 2.9 1.4±0.45 1.3 3.1
(60, 40) 3.5±0.30 3.0 0.80±0.50 1.7 3.1
(−25, 110) 3.2±0.50 3.1 2.2±0.75 1.8 3.2
(20, 140) 3.3±0.40 3.2 2.0±0.60 1.9 3.2
(10, 180) 3.4±0.70 3.2 2.7±0.90 1.9 3.4
(−50, 180) 3.5±0.80 3.1 2.5±1.1 2.1 3.6
(−50, 220) 2.2±0.90 3.1 2.8±1.2 2.2 3.7
(−100, 220)∗ 3.3±0.40 3.0 3.6±1.1 2.2 3.7
(−100, 260) 3.0±0.60 2.9 3.6±1.0 2.3 3.7
(−150, 260) 3.4±0.70 2.9 4.3±1.1 2.3 3.7
(−150, 280) 2.3±0.55 2.8 3.8±0.80 2.2 3.7
(−200, 280) 2.6±0.55 2.7 3.4±0.80 2.1 3.7
(−250, 300) 2.4±0.40 2.6 3.0±0.70 1.8 3.4
(−280, 340) 2.3±0.35 2.4 3.0±0.60 1.5 3.4
(−300, 340) 2.4±0.35 2.4 2.4±0.55 1.1 3.0
(−340, 340) 2.1±0.65 2.2 1.6±0.90 0.80 3.0
(−380, 340) 2.0±0.30 2.1 1.8±0.50 0.50 2.5
(−420, 340) 2.2±0.75 2.0 0.70±0.90 0.30 1.8

RMS
difference

0.30 RMS
difference

1.0 1.1

Table 6.1: Comparison of ice thickness in the PPB as determined using gravity power spectra
and radio-echo sounding, and sediment thickness determined using power spectra and forward
gravity models. Power spectra-derived values are given for each 200 km × 200 km window
(window locations are listed from south to north, and are shown in Figure 6.13a). The window

marked with the asterisk (∗) corresponds to the spectrum shown in Figure 6.13b.
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We also compared the gravimetric sedimentary basin base to the depth of magnetic sources

isolated using Werner deconvolution. In an idealised sedimentary basin, all of whose basement

rock is sufficiently magnetic to be detected as a source of observed anomalies, magnetic sources

represent the base of the sedimentary succession. In reality, however, the basement may

comprise weakly or non-magnetic metasedimentary rocks, which do not have a strong magnetic

signature, and intrusive igneous rocks within the basin-fill may give shallow depth-to-source

solutions. We find that magnetic sources cluster at the ice sheet bed over the highlands to

the east of the PPB, indicating that basement rocks are ‘exposed’ at the bedrock surface.

Moving westwards over the PPB, the source depth tends to increase, and significant clustering

of magnetic sources is observed within 1 km of the modelled base of the sedimentary basin

(Figure 6.10). Although significant scatter is evident in the solutions, the overall pattern of the

depth-to-source estimates lends broad independent support to our modelled basin geometry.

6.4.3 Magnetic anomaly features

Over the basement complex exposed in the southern TAM, the magnetic field exhibits a

series of high amplitude (up to 300 nT), short wavelength (up to 30 km) magnetic ‘highs’

and ‘lows’ (Figure 6.14a). Across the Thiel and Pensacola Mountains, basement rocks are

associated with magnetic anomaly ‘highs’ with (peak-to-trough) amplitudes of up to 150 nT

(Figure 6.14b). The Ferrar dolerites exposed at Lewis Nunatak and the Pecora Escarpment

are associated with high-frequency magnetic anomaly ‘highs’ of 10–50 nT with wavelengths of

∼10 km (Figure 6.14b).

Moving inland over ice-covered East Antarctica, the amplitudes of the magnetic anomalies

are generally lower than those observed above rock exposures. Within the southern PPB, the

magnetic field comprises a series of high-frequency anomaly couplets with amplitudes of 10–30

nT (Figure 6.14d). These high-frequency anomalies commonly coincide with mesas observed

in the subglacial topography (Figure 6.14d). 2D object-oriented magnetic modelling indicates

that these anomalies can be explained by the presence of thin magnetic sills situated close to

the ice sheet bed (Figure 6.15). Consistent with this, depth-to-source solutions derived from

Werner deconvolution (Figure 6.15) indicate that the causative bodies associated with these

magnetic anomalies are situated at shallow depths (within 1 km of the ice sheet bed). In the

northern PPB, the association of high-frequency magnetic anomalies with topographic mesas

are not widely observed. Instead, the magnetic anomaly within the northern PPB exhibits

long wavelengths (80–100 km) and up to 300 nT peak-to-trough amplitudes (Figure 6.14c).



Chapter 6. Subglacial conditions of the Pensacola-Pole Basin 167

Figure 6.14: Magnetic anomalies in the PPB and surrounding highlands. (a) Profile
A–A’ (Pensacola-Pole Transect line WyY10b (Studinger et al., 2006)) across the southern
Transantarctic Mountains. Upper panel shows the magnetic anomaly (blue line); lower panel
shows the ice sheet surface and bed (solid lines) and the flight altitude (dashed line). The
exposed Neoproterozoic–Cambrian basement rocks of the southern TAM (100–240 km along
the profile) are characterised by high amplitude, short wavelength (<30 km) magnetic anoma-
lies superimposed on a broad ‘high’. (b) Profile B–B’ (PolarGAP line P22/2) from the Thiel
Mountains to South Pole. A high-frequency (10–20 km) magnetic anomaly high of ∼50 nT
is observed over the Lewis Nunatak, where Ferrar dolerites crop out. Similar high-frequency
anomalies corresponding to mesa-like subglacial topography are indicated by the shaded re-
gions. (c) Profile C–C’ (PolarGAP line P14/1) crossing the northern PPB. The magnetic
anomaly over the basin (160–300 km along the profile) is dominated by a long-wavelength
‘high’ of up to 250 nT. High-frequency anomalies are absent over the basin. (d) Profile D–D’
(PolarGAP line P27/3) crossing the southern PPB. Shaded regions indicate correlated ∼50
nT high-frequency (<20 km) magnetic anomalies and topographic mesas. The bed is not
imaged along the northeastern margin of the basin (320–400 km along the profile), where the
FAA is indicative of deep subglacial topography. This section of the line is notable for the
absence of high-frequency magnetic anomalies. All profile locations are shown in Figure 6.8d.

We mapped the association of high-frequency magnetic anomalies and topographic mesas

across the study region and assigned a ‘confidence factor’ from 1 to 3, reflecting the likelihood

that each mapped feature reflected a magnetic sill (Figure 6.16). A factor of 3 indicates a

magnetic ‘high’ whose location corresponds closely to a clear topographic mesa; a factor of
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2 indicates a high-frequency magnetic ‘high’ which is not clearly correlated to a subglacial

topographic feature; and a factor of 1 indicates a mesa that is not associated with a clear

magnetic anomaly. The eastern margin of the basin is demarcated by an abrupt change in the

signature of the magnetic anomaly between the PPB and the Polargap Subglacial Highlands

(Figure 6.9b). The Polargap Subglacial Highlands exhibit high amplitude (up to ∼150 nT),

high-frequency magnetic anomalies and large horizontal magnetic gradients (Figure 6.9b).
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Figure 6.15: High-frequency magnetic anomalies and mesa topography in the PPB. (a)
and (c) Observed and modelled magnetic anomalies along profiles Y–Y’ and Z–Z’. The blue
line shows the magnetic anomaly, and the magenta line shows the anomaly after high-pass
filtering. (b) and (d) Magnetic models in which the observed magnetic anomaly ‘highs’ of
10–20 nT over topographic mesas are explained the presence of magnetic sills at the ice sheet
bed (orange polygons). For comparison, we model the effect of a magnetic body at 1 km below
the bed along Y–Y’ (in panel b). Magenta circles show the location of Werner deconvolution
‘depth-to-source’ solutions. Placing the causative bodies at the bed yields a close match with
the observed wavelength of the magnetic anomaly ‘high’. Depth-to-source solutions also show
clustering near the bed. This suggests that the mesas arise due to the presence of shallow
magnetic bodies of erosion-resistant igneous rocks, as in the commonly-observed association
of Ferrar dolerites intruded into Beacon Supergroup sedimentary rocks. Apparent magnetic
susceptibilities (χ) are in SI units, and are typical values for ice, weakly- or non-magnetic
bedrock (e.g. Beacon Supergroup sedimentary rocks), and Ferrar dolerites (Studinger et al.,

2004). Profile locations are shown in Figure 6.16.
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6.5 Discussion

6.5.1 Geology of the Pensacola-Pole Basin

Our gravity and magnetic analyses indicate that the PPB contains a succession of sedimentary

rocks 2–3 km in thickness (Figure 6.10; Figure 6.13). Modelled sediment thicknesses show a

decrease from as much as 3.7 km in the southern PPB, to ∼1 km in the northern PPB and 1–2

km close to South Pole. Independent seismic reflection and refraction constraints on sediment

thickness in East Antarctica are sparse. However, a seismic refraction survey (Bentley , 1991)

and electrical resistivity data from a magnetotelluric survey (Wannamaker et al., 2004) carried

out close to the South Pole indicate the presence of a 1–2 km-thick layer of sedimentary rocks.

These values are in good agreement with our gravimetric sediment thicknesses in this vicinity

(Figure 6.13). Additionally, Studinger et al. (2006) suggest that the subdued expression of

a magnetic lineament close to the South Pole may be attributed to an infill of non-magnetic

sedimentary rocks. Some authors (Bentley , 1991; Wannamaker et al., 2004) conjecture that

this sediment is an inland extension of the Beacon Supergroup, which is exposed in the southern

TAM and Victoria Land. However, the age and stratigraphy of the sedimentary succession

within the PPB remain unknown.

Apatite fission track (AFT) and (U–Th)/He thermochronology data, alongside thermal history

modelling, have been interpreted as reflecting two phases of burial of the basement along the

East Antarctic margin from Victoria Land to Coats Land by sedimentary successions since the

mid-Palaeozoic (Krohne et al., 2016; Lisker and Läufer , 2013; Lisker et al., 2014; Prenzel et al.,

2018). The first phase was associated with the deposition of Beacon Supergroup strata along

the subduction-dominated Panthalassan margin of Gondwana in a series of basins referred

to collectively as the Transantarctic Basin (Collinson et al., 1994). The second commenced

in the Jurassic following emplacement of the Ferrar Large Igneous Province, the onset of

rifting in the Weddell Sea, and the subsequent breakup of Gondwana and onset of seafloor

spreading between Africa and East Antarctica (Jordan et al., 2017; Leinweber and Jokat ,

2012). AFT data indicate that up to 4 km of post-Jurassic sediments were deposited in a

‘Mesozoic Victoria Basin’ that extended from Coats Land to Victoria Land (Krohne et al.,

2016; Lisker and Läufer , 2013; Lisker et al., 2014; Prenzel et al., 2018), although such rocks

have not been directly observed in East Antarctica.
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The strong correlation of mesa-like topography with high-frequency magnetic anomalies ob-

served within the southern PPB (Figure 6.14; Figure 6.15; Figure 6.16) resembles those gen-

erated by sills of Jurassic Ferrar dolerite capping siliciclastic Beacon Supergroup strata, as

observed in the Theron Mountains, western Dronning Maud Land, central Transantarctic

Mountains, Victoria Land and Wilkes Subglacial Basin (Chiappini et al., 2002; Ferraccioli and

Bozzo, 1999, 2003; Ferraccioli et al., 2005b, 2009a; Forsberg et al., 2018; Goodge and Finn,

2010; Studinger et al., 2004). Moreover, the amplitudes (10–30 nT) and wavelengths (<20 km)

of the magnetic anomalies across the southern PPB are consistent with those observed where

Ferrar dolerites crop out in the study area—at the Pecora Escarpment and Lewis Nunatak

(Figure 6.16). This indicates that Beacon and Ferrar rocks may also be preserved within the

southern PPB, where they may constitute a significant fraction of the total sediment thickness.

Magnetic anomaly modelling and depth-to-source estimates (Figure 6.15) indicate that mag-

netic bodies consistent with Ferrar dolerite sills are situated close to (within 1 km of) the

bed across the southern PPB. The presence of mesa-like topography there also indicates that

Beacon/Ferrar rocks lie at depths sufficiently shallow to exert an influence on the geomorphol-

ogy of the ice sheet bed. This precludes the presence of significant thickness of post-Jurassic

sediments in the southern PPB, suggesting that any post-Jurassic sediment is relatively thin

and spatially limited.

Since the PPB is situated between two known major Beacon Supergroup depocentres in Vic-

toria Land and Coats Land (Barrett , 1991; Collinson et al., 1994), it is realistic to expect

that Beacon sedimentary rocks were also deposited in this region. Offshore sediment εNd val-

ues (the deviation of the measured 143Nd/144Nd ratio from the chondritic value of 0.512638 in

parts per 10000) in the southeastern Weddell Sea range between −7 and −10 (Roy et al., 2007;

Walter et al., 2000). These values are consistent with the mixing of onshore source material

from Beacon Supergroup rocks, the Lower Palaeozoic rocks from which the Beacon is derived

(Goodge and Finn, 2010), and Ferrar dolerites (Cook et al., 2013). Moreover, heavy mineral

assemblages in glaciogenic sediments in the Weddell Sea are consistent with derivation from

Beacon sediments and mafic igneous rocks (e.g. Ferrar dolerites and Dufek gabbros) (Diek-

mann and Kuhn, 1999), which are also exposed in the Theron Mountains and Whichaway

Nunataks (Brook , 1972).

Magnetic anomalies and subglacial topography in the northern PPB do not resemble those of

the Beacon/Ferrar (Figure 6.16). Moreover, airborne gravity data do not resolve a significant

(>1 km) thickness of sediment in this region (Figure 6.13). The en echelon system of subglacial
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Figure 6.16: Geology of the Pensacola-Pole Basin overlain on the present-day subglacial
topography. Coloured lines show the location of high-frequency magnetic anomalies and mesa
topography as observed along flight lines. Lines are coloured according to the ‘confidence
factor’ (from ‘high’ to ‘low’ confidence: red = 3; blue = 2; yellow = 1; see text for details).
Abbreviations: NR = Neptune Range; PR = Patuxent Range; SP = South Pole. White
and black dashed outlines show the northern (nPPB) and southern PPB (sPPB), which are
distinguished by their subglacial topography, sediment thickness, and presence/absence of
Ferrar-like magnetic anomalies. Black solid line marks the 20 m/yr ice surface velocity contour
(Rignot et al., 2011). Subglacial and subaerial features of interest are labelled in the legend.
Major subglacial fault systems (magenta lines) (Ferraccioli et al., 2011; Jordan et al., 2018;
Lough et al., 2018), the geothermal heat flux anomaly near South Pole (blue polygon) (Jordan
et al., 2018), and ‘active’ subglacial lakes (turquoise) (Smith et al., 2009) have been previously
documented. The locations of profiles Y–Y’ and Z–Z’ and (shown in Figure 6.15) are indicated.

troughs along the eastern margin of the PPB also lacks high-frequency magnetic anomalies

(Figure 6.14d), suggesting that Beacon/Ferrar rocks are not preferentially preserved within

these basins, although it is possible that magnetic sources are present at significant depth,

such that high-frequency magnetic anomalies have been attenuated.
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The Polargap Subglacial Highlands also exhibit high-frequency magnetic anomalies, but the

amplitudes of these anomalies exceed those observed where Ferrar dolerites crop out in the sur-

vey area (Figure 6.8d). These anomalies are instead more consistent with those observed over

basement rock outcrops in this region. Gravity anomalies over these highlands (Figure 6.8a,b,c)

are similarly inconsistent with a significant cover of lower-density Beacon Supergroup rocks.

The Recovery Subglacial Highlands truncate the PPB close to South Pole (Figure 6.3). High-

frequency magnetic anomalies appear to be absent from the South Pole Basin (north of the

South Pole along 90°–120°E; Figure 6.3; Figure 6.16), although we note that this region is

only sampled by six PolarGAP flight lines (Figure 6.1). The basin may instead be underlain

by Proterozoic basement and granitoids (Jordan et al., 2018). This change in geology and

the step-change in the frequency content of the magnetic anomaly across the eastern margin

of the PPB (Figure 6.9b) are consistent with the hypothesis that the Polargap and Recovery

Subglacial Highlands are bounded by a major geological boundary or fault system (Ferracci-

oli et al., 2011; Jordan et al., 2018), demarcating the PPB from the East Antarctic interior

(Figure 6.16). Earthquake focal mechanisms indicate that range-flanking faults remain active

at the present-day (Lough et al., 2018).

Although difficult to resolve with the available geophysical data, the asymmetric geometry

of the PPB resembles that of half-graben basins in the East African Rift System (Ebinger

et al., 1991). The asymmetry of the PPB suggests that its eastern margin is fault-bounded

and its western margin is defined by flexure and tilting of the fault?s hanging-wall block

(Figure 6.16). We suggest that, in the future, increased coverage of geophysical data and more

sophisticated 2D or 3D geophysical modelling (e.g. simultaneous inversions of gravity and

magnetic anomalies) along key profiles could lead to improved understanding of the tectonic

and geological evolution of the PPB.

6.5.2 Influence of topography and geology on ice sheet dynamics

If the sedimentary succession within the PPB is predominantly coeval with the Beacon Su-

pergroup, the basin is a long-lived tectonic and topographic feature. We suggest that this

means the basin is likely to have influenced the behaviour of this sector of the EAIS since

its inception. Notably, the subglacial troughs along the eastern margin of the PPB do not

clearly correlate with the modern-day ice surface velocity field (Figure 6.1b; Figure 6.9a,d),

implying they are not currently being actively incised beneath the modern EAIS. There is also

no clear relationship between the locations of these troughs and of ‘active’ subglacial lakes
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(Figure 6.16) mapped from repeat-pass satellite altimetry (Smith et al., 2009). Each of the

mapped lakes is located in the nPPB (although it should be noted that satellite tracks do not

cover the area south of 86°S. Together these observations suggest that, if the troughs are ero-

sional features, then they were likely selectively eroded beneath an earlier, more restricted, ice

sheet that was steered along the pre-existing geological structure of the eastern margin of the

basin, as has been suggested for a range of tectonically-controlled subglacial troughs/grabens

across Antarctica (Bingham et al., 2012; Ferraccioli et al., 2011; Jordan et al., 2013b; Paxman

et al., 2017) (Figure 6.16).

Figures 6.3 and 6.7 show that, once formed, these deep troughs would have been situated

below sea level regardless of the extent of ice overlying them. The implication of this is that

during a period of ice sheet retreat and marine incursion, the possibility would arise for the

deposition of marine sediments in the areas situated below sea level, which extend to 800

km inland of the modern grounding line. Although geophysical data rule out any significant

thickness of such sediments within the PPB, they do not preclude the presence of a relatively

thin, unresolvable (<1 km) drape of marine sediment. In West Antarctica, the distribution of

deformable subglacial sediments is thought to influence the onset zones and lateral margins of

ice streams (Bell et al., 1998; Ross et al., 2012; Studinger et al., 2001). In the PPB however,

there is little evidence for enhanced flow or onset of streaming focussed above areas of the bed

that are situated below sea level after rebounding for ice unloading (Figure 6.1b; Figure 6.7b).

This suggests that these regions do not contain deformable marine sediment that is capable of

modulating ice flow. Thermodynamic modelling and analysis of internal layers within the EAIS

indicate that under full glacial conditions during the Last Glacial Maximum, ice streaming

may have occurred as far inland as South Pole (Beem et al., 2018), which may have caused

erosion of deformable sediment.

Aside from the distribution of deformable subglacial sediment, a number of other mechanisms

are hypothesised to control the onset of ice streams, including topographic focussing (Diez

et al., 2018), topographic steps, topographic roughness (Bingham and Siegert , 2009; Rippin

et al., 2014), geothermal heat flux, subglacial geology, and subglacial meltwater distribution

and routing (Langley et al., 2014; Winsborrow et al., 2010). Indeed, drawdown of englacial

layers ∼150 km grid southeast of South Pole (Figure 6.1) indicates the presence of a region of

enhanced basal melting due to anomalously high geothermal heat flux, which likely exerts an

influence on regional subglacial hydrology and ice sheet dynamics (Jordan et al., 2018).
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It is therefore noteworthy that subglacial geomorphology and the gravity and magnetic anoma-

lies presented in this study indicate that Beacon and Ferrar rocks are preserved in the southern

PPB, where ice is slow-moving, but are largely absent in the northern PPB, where ice is fast-

flowing. The onset of streaming approximately coincides with the transition in subglacial

geology from the southern PPB to the northern PPB (Figure 6.16). We note two possible

hypotheses that could explain this observation. One possibility is that enhanced flow in the

northern PPB has eroded much of the Beacon/Ferrar material, and thus that the change in

geology is a result of the ice velocity field. Alternatively, it is possible that no Beacon Su-

pergroup rocks were ever deposited in the northern PPB due to a lack of accommodation

space, and thus that a pre-existing change in subglacial geology influences the location of ice

streaming onset. We highlight that these hypotheses are testable with further geophysical

data acquisition and analyses, and the tests may yield significant insight into the potential

subglacial controls on the dynamics of this sector of the EAIS.

6.6 Conclusions

Based on our analysis, we make the following conclusions:

1. Our new bedrock topography compilation reveals that the PPB is situated on average

490 m below sea level, with a system of overdeepened troughs trending along the eastern

margin of the basin (∼1.5 km below sea level). These troughs follow a major geological

boundary, and extend to 800 km inland of the grounding line. However, overlying ice

velocities are not strongly elevated, indicating that these troughs were likely eroded

beneath an earlier EAIS, with a grounding line situated inland of its present-day position.

2. Forward gravity modelling, spectral analysis, and magnetic depth-to-source estimates

suggest that the PPB is underlain by a 2–3 km-thick sedimentary succession. The geo-

physical characteristics of the PPB are consistent with the presence of Palaeozoic Beacon

Supergroup and intermittently preserved Jurassic Ferrar dolerites across the southern

part of the basin. The northern part of the PPB does not contain a significant thickness

of sedimentary cover, although airborne gravity data do not preclude the presence of a

thin (<1 km) drape of (marine) sediment on top of underlying basement rocks.
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3. Our findings indicate that the PPB is a long-lived geological and topographic feature that

may have exerted an influence on the behaviour of the EAIS throughout the Oligocene–

Neogene. Although there is no clear correspondence between ice sheet velocity and

subglacial topography and geology based on the data acquired, it may be possible in

the future to test whether enhanced flow in the northern PPB has eroded much of the

Beacon/Ferrar material, or instead whether a pre-existing change in subglacial geology

influences the onset of ice streaming.

6.7 Summary

This chapter has characterised the subglacial landscape of the Pensacola-Pole Basin, and

produced the first detailed model of the basin geology. These improved constraints on the

present-day regional bedrock topography and geology, along with the implications for the

behaviour and extent of past ice sheets, can be incorporated into continental-scale reconstruc-

tions of Antarctic landscape evolution. Chapter 7 aims to integrate the findings of Chapters

3–6 to develop new reconstructions of Antarctic-wide palaeotopography at key past climatic

intervals, and evaluate the influence of this topography on ice sheet behaviour and extent.
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Abstract

Accurate models of past Antarctic ice sheets require a realistic reconstruction of bedrock to-

pography at the time interval of interest. However, other than a preliminary attempt to recon-

struct Antarctic topography at the Eocene–Oligocene boundary, the evolution of Antarctica’s

subglacial topography throughout its glacial history has not previously been quantified. Here,

we present new reconstructions of Antarctic topography at four key time slices in Antarctica’s

climate and glacial history: the Eocene–Oligocene boundary (ca. 34 Ma), the Oligocene–

Miocene boundary (ca. 23 Ma), the mid-Miocene climate transition (ca. 14 Ma), and the

mid-Pliocene warm period (ca. 3.5 Ma). To reconstruct past topography we consider a series

of processes including ice sheet loading, volcanism, thermal subsidence, horizontal plate mo-

tion, erosion, sedimentation and isostatic adjustment, and validate our models using onshore

and offshore geological constraints. Our reconstructions show that the land area of Antarc-

tica situated above sea level was ∼25% larger at the Eocene–Oligocene boundary than at

the present-day. Offshore sediment records and terrestrial constraints indicate that the inci-

sion of deep subglacial topographic troughs around the margin of East Antarctica occurred

predominantly in the Oligocene and early Miocene, whereas in West Antarctica erosion and

sedimentation rates accelerated after the mid-Miocene. Changes to the topography after the

mid-Pliocene were comparatively minor. Ice sheet models using these new topographies indi-

cate that the Antarctic Ice Sheet has become progressively more sensitive to climate and ocean

forcing as a result of landscape evolution processes, particularly in the vicinity of deep near-

coastal subglacial basins around the margin of East Antarctica. Our new palaeotopographies

provide an important boundary condition for models seeking to understand past behaviour of

the Antarctic Ice Sheet, and have implications for changes in global ice volume, temperature,

and sea level across major climate transitions of the Cenozoic.

7.1 Introduction

Numerical ice sheet model simulations are widely used as a means of predicting the response

of Earth’s continental ice sheets to future climatic change, and in turn their contribution to

global sea level rise (e.g. DeConto and Pollard , 2016; Golledge et al., 2015). These models are

typically evaluated with recourse to their ability to reproduce past ice sheet behaviour during

periods of warmer climate and likely ice sheet volume loss, which is constrained by geological

and oceanographic data. A model that can successfully reproduce past ice sheet conditions can
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then, in principle, be used to improve predictions of future ice sheet response over timescales

greater than the next few decades.

The Antarctic Ice Sheet (AIS) is the largest (containing ∼58 m of sea level equivalent (Fretwell

et al., 2013)) and most long-lived ice sheet on Earth. Although parts of the subglacial topog-

raphy of Antarctica have not been extensively modified by glacial erosion over the past 34

million years (Cox et al., 2010; Jamieson et al., 2010; Rose et al., 2013), other areas have been

extensively modified by tectonics, erosion and isostatic adjustment (Jamieson et al., 2010;

Krohne et al., 2016; Paxman et al., 2017; Wilson et al., 2012). Past AIS simulations have

tended to rely on the modern bedrock topography, but in recent years it has become increas-

ingly recognised that subglacial topography exerts a fundamental influence on the dynamics

of the AIS (Austermann et al., 2015; Colleoni et al., 2018; Gasson et al., 2015; Wilson et al.,

2013). It is therefore necessary to use a reconstruction of past bedrock topography in order

to accurately simulate past AIS dynamics for a particular time interval (Wilson et al., 2012).

Using a more realistic subglacial topography has the potential to increase the robustness of

ice sheet model results, and in turn engender increased confidence in predictions of future ice

sheet behaviour and sea level change.

7.2 Background and aim

The aim of this study is to produce new reconstructions of Antarctic topography since glacial

inception at the Eocene–Oligocene boundary (ca. 34 Ma). We aim to produce topographic

reconstructions at the following time slices, which correspond to important climatic transitions

that are commonly the focus of ice sheet modelling studies, because of their potential as

analogues for future change:

• The Eocene–Oligocene boundary (ca. 34 Ma); the approximate time at which palaeocli-

mate records indicate major ice sheets first formed on Antarctica (Zachos et al., 2001).

• The Oligocene–Miocene boundary (ca. 23 Ma); time of a major episode of global cooling

and ice sheet expansion (Naish et al., 2001; Zachos et al., 2001)

• The mid-Miocene climate transition (ca. 14 Ma); after which palaeoclimate records

indicate a major intensification of glaciation (Zachos et al., 2001) and the development

of a persistent continental AIS (Siegert , 2008).
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• The mid-Pliocene warm period (ca. 3.5 Ma); an interval when atmospheric pCO2 values

were comparable to the present-day (∼400 ppm), global temperatures were 2–3°C higher

than pre-industrial values (Dutton et al., 2015), and the AIS may have experienced

significant retreat (Barrett , 2013).

We build upon previous work by Jamieson et al. (2005), Wilson and Luyendyk (2009) and

Wilson et al. (2012) by using models to reverse a series of geological processes that have acted

to modify Antarctic topography since ca. 34 Ma. We incorporate a number of onshore and

offshore datasets acquired or improved since these earlier reconstructions (section 7.3), and give

consideration to the rate at which the landscape has evolved through time, rather than applying

a simple linear interpolation between ca. 34 Ma and the present-day (Gasson et al., 2016b). For

each time slice, we produce a separate reconstruction of minimum and maximum topography,

which provide end-member scenarios that encapsulate the cumulative uncertainties associated

with each stage of the reconstruction process, and a median topography representing a ‘middle-

ground’ between the two end-members (section 7.4). We refrain from addressing the evolution

of the oceanic realm (i.e. beyond the modern continental shelf edge), since this is the main

focus of on-going work on the reconstruction of the palaeobathymetry of the Southern Ocean

(Hochmuth et al., 2018).

We then perform some simple ice sheet model experiments on our reconstructed topographies

and compare these with simulations using the modern topography. This is done in order

to understand the importance of topography in controlling potential ice sheet sensitivity to

climate warming scenarios (section 7.5).

7.3 Datasets and boundary conditions

In this section, we outline the main datasets that are used as the basis for the reconstructions

presented in this chapter, and used throughout the reconstruction process.

7.3.1 Modern topography

The starting point for our topographic reconstructions is the modern Antarctic topography

(Figure 7.1). We assembled ice thickness data from the continental Bedmap2 dataset (Fretwell

et al., 2013), and incorporated ice thickness data from more recent airborne geophysical surveys

into our database. These include ice thickness data from the PolarGAP (Jordan et al., 2018),
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ICEGRAV (Forsberg et al., 2018), and FISS surveys around the eastern margin of the Weddell

Sea, and surveys carried out by the Alfred Wegener Institute in Dronning Maud Land (DML)

and the Recovery Basin (Eagles et al., 2018; Humbert et al., 2018; Karlsson et al., 2018).

Figure 7.1: Present-day bedrock topography of Antarctica. Major topographic features
referred to throughout the text are labelled. Italicised labels denote major floating ice shelves.
Topography is given as elevation above mean sea level, and is contoured at 1 km intervals.
The smooth area in Princess Elizabeth Land is indicative of a data-poor region. Black lines
demarcate the modern grounding line and ice calving front. Red polygons highlight pre-glacial
land surfaces exposed above the ice sheet or preserved beneath the ice (section 7.4.6.1). Yellow
polygons highlight regions characterised by alpine topography with a clear fluvial signature
(Baroni et al., 2005; Rose et al., 2013; Sugden et al., 2017). Numbered orange stars mark
the locations of palaeo-elevation / uplift markers (section 7.7.1). Dashed black polygons
mark subglacial trenches of possible tectonic origin considered in our erosion model (section
7.4.6.3); 1 = Lake Vostok; 2 = Adventure Subglacial Trench; 3 = Astrolabe Subglacial Trench.
Abbreviations: BI = Berkner Island; EM = Ellsworth Mountains; LG = Lambert Graben; PM
= Pensacola Mountains; SR = Shackleton Range; TM = Thiel Mountains. Dashed magenta

outline marks the approximate location of the West Antarctic Rift System (WARS).

We used a recent ice surface DEM derived from CryoSat-2 satellite radar altimeter measure-

ments (Slater et al., 2018). The satellite surface elevation data coverage contains a gap south
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of 88°S, which we filled with laser- and RES-derived surface elevation data from airborne

surveys (Jordan et al., 2018; Studinger et al., 2006). All available ice thickness point data

(Figure 7.2) were subtracted from the ice surface DEM and interpolated onto a 5 km grid

mesh using a continuous curvature spline algorithm with a tension factor of 0.35, which is an

appropriate value for topographic data (Wessel et al., 2013). The resulting bedrock elevation

DEM was referenced to the GL04C geoid as used in Bedmap2 (Fretwell et al., 2013). This

DEM (Figure 7.1) formed the starting point for our topographic reconstructions. The only

major onshore gap in the radar coverage used to construct our DEM is in Princess Elizabeth

Land (Figure 7.1). We also note that the bathymetry beneath large floating ice shelves such as

Ronne-Filchner and Ross remains poorly constrained. The modern-day bedrock topography

and subsequent topographic reconstructions are all gridded at 5 km horizontal resolution.

Figure 7.2: Radar coverage and effective elastic thickness model for Antarctica. (a) Cover-
age of radio-echo sounding measurements used to construct the modern bedrock topography
DEM (Figure 7.1). Red lines denote surveys that were included in the Bedmap2 compilation
(Fretwell et al., 2013); blue lines denote more recently acquired survey data. (b) Effective
elastic thickness (Te) grid used in our elastic plate model. West Antarctica (WA) is charac-
terised by relatively low Te values (10 km), with a gradual transition to relatively high values
in East Antarctica (EA; 50 km). The East Antarctic Rift System (EARS) is assumed to be
associated with intermediate Te values (20 km), which are necessary to match the observed

uplift of fjordal sediments on the Fisher Massif (blue star) (section 7.7.1).

7.3.2 Sediment thicknesses

The most direct constraint on the distribution and magnitude of onshore erosion is the thick-

ness of sediment deposited around the continental margin. Offshore sediment thicknesses

around the Antarctic margin are predominantly determined using shipboard seismic reflection
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surveys. Updated sediment thickness grids have been recently produced by re-examining all

available circum-Antarctic seismic data (Hochmuth et al., 2018; Huang and Jokat , 2016; Huang

et al., 2014; Lindeque et al., 2016; Whittaker et al., 2013). Seismic horizons are correlated,

if possible, with dated sediment records from Integrated Ocean Drilling Program / Ocean

Drilling Program / Deep Sea Drilling Program (IODP/ODP/DSDP) drill cores (Hochmuth

et al., 2018).

Uncertainties in the seismic sediment thickness arise from uncertainties in the age estimate

owing to lack of drill core records, sparse coverage of seismic lines leading to interpolation un-

certainties, and uncertainties inherent in the seismic data acquisition and processing. Sediment

thickness uncertainty varies from ±5% to ±20% around the margin (Hochmuth et al., 2018),

with the largest uncertainties associated with the large floating ice shelves such as Ronne-

Filchner and Ross, below which the sediment thickness is almost entirely unconstrained.

These sediment thicknesses are used to constrain the distribution and volume of onshore glacial

erosion by making assumptions about the ice drainage catchment from which it originated

(section 7.4.6), and also to constrain variations in the rate of onshore erosion in space and

time, facilitating our reconstructions of Antarctic topography time slices between ca. 34 Ma

and the present-day.

7.3.3 Flexural isostasy

Landscape evolution involves the redistribution of material across Earth’s surface (e.g. through

erosion and sedimentation). The response of the lithosphere to the redistribution of surface

loads over geological timescales approximates that of a flexed elastic plate overlying an inviscid

substrate (the mantle) (Watts, 2001). We therefore used a flexural isostatic model to determine

the vertical displacement of the Earth’s surface (w) in response to surface load redistribution

(h). Computing the steady-state flexure requires solution of the general 2D flexure equation

(Watts, 2001)

∇2
[
D(x, y)∇2w(x, y)

]
+ (ρmantle − ρinfill)gw(x, y) = (ρload − ρdisplace)gh(x, y) (7.1)

where

D(x, y) =
E Te(x, y)3

12 (1− ν2)
(7.2)
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is the flexural rigidity of the lithosphere as a function of spatial dimensions x and y. E (Young’s

modulus; 100 GPa) and ν (Poisson’s ratio; 0.25) are elastic constants, g is the acceleration

due to gravity (9.81 m s−2), and the density terms (ρ) depend on the particular loading or

unloading situation being considered. The flexural rigidity of the lithosphere is commonly

expressed in terms of its effective elastic thickness (Te). Since we are dealing with timescales

of millions of years, we assume that any isostatic adjustment reaches final elastic steady state,

and do not consider transient viscoelastic responses to ongoing changes in ice, sediment or

water loads.

We assumed that the flexural rigidity is spatially variable, and therefore solved Equation 7.1

numerically using a centred finite difference technique. The flexural rigidity of Antarctica is

poorly constrained, and establishing a complex 3D model is beyond the remit of this study.

Instead, we adopt a simple model in which the effective elastic thickness is set to 10 km

below West Antarctica and 50 km below East Antarctica; with a smooth gradational increase

across the boundary (Figure 7.2). This variation reflects the first-order difference between the

ages and physical properties of the lithosphere beneath West and East Antarctica (An et al.,

2015b; Ebbing et al., 2018), and is supported by regional constraints on Te ascertained from

gravity and topography data (Chen et al., 2017; Ji et al., 2017; Jordan et al., 2010a; Paxman

et al., 2017). In addition, Te is set to 20 km below the East Antarctic Rift System (EARS),

reflecting lower values compared to the rest of East Antarctica previously reported for this

region (although still higher than those in West Antarctica) (Chen et al., 2017; Paxman et al.,

2016).

There is, however, considerable uncertainty in the spatial variation of the effective elastic

thickness across Antarctica. We therefore use the above Te model for our median reconstruc-

tion, and use spatially uniform Te values of 10 km and 50 km for our maximum and minimum

reconstructions, respectively. We use these end-member scenarios each time our flexural model

is utilised in the reconstruction process.

7.4 Reconstruction methods

In this section we describe the steps involved in our topographic reconstruction in the order in

which they were performed (as summarised in Figure 7.3). We also incorporate estimates of

uncertainty associated with each step so as to construct minimum and maximum topographies.

The values of each parameter assumed in our minimum, median and maximum reconstructions
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are shown in Table 7.1 at the end of this section. The final topography was smoothed with

a 20 km Gaussian filter to remove short wavelength artefacts arising from the reconstruction

process.

7.4.1 Ice unloading

We determined the flexural response to the removal of the modern grounded ice sheet load

using our updated ice thickness grid (Figure 7.4). We solved Equation 7.1 assuming ice and

mantle densities of 920 and 3330 kg m−3 respectively using our flexural model described in

section 7.3.3. We assumed a uniform 58 m sea level rise due to ice sheet removal, and computed

the flexural response to water loading. Adjusting the topography for the removal of the ice

sheet load modifies the geometry of the water load. Changes to the water load were iteratively

calculated five times, whereupon the magnitude of the load change drops below 2 m (Jamieson

et al., 2014; Wilson et al., 2012). For each time slice, we reconstruct elevations under ice-free

conditions so as to avoid circularity when modelling ice sheets on the topography.
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Figure 7.3: Flow diagram of the topographic reconstruction process. Symbology: blue
rectangles = input grids; red rhombs = elastic plate model used to compute flexural responses
to load redistribution; yellow rectangles = outputs of flexural models; green rectangles =
evolving bedrock topography DEMs. Note that the iteration scheme for calculating subsidence
due to water loading is illustrated for the thermal subsidence step, but is also applied in each

instance the elastic plate model is used.
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Figure 7.4: Effect of ice loading on Antarctic topography. (a) Ice surface elevation (Slater
et al., 2018). Elevations of grounded ice are shown relative to mean sea level, and contoured
at 1 km intervals. (b) Ice thickness (the difference between ice surface (panel a) and bedrock
(Figure 7.1) elevation). The thickness of grounded ice (i.e. excluding floating ice shelves) is
shown, and contoured at 1 km intervals. (c) Flexural isostatic rebound due to the removal
of the present-day grounded ice load, contoured at 200 m intervals. (d) Bedrock topography
after isostatic rebound due to the removal of the present-day ice load. Bedrock elevations
are relative to mean sea level and contoured at 1 km intervals. Yellow lines show boundaries
between sectors/catchments of the continent used to determine the balance between onshore
erosion and offshore sedimentation. Each catchment is numbered for reference to Table 7.2.

7.4.2 Volcanism

Volcanoes have been documented in Victoria Land, Marie Byrd Land, and across the West

Antarctic Rift System (WARS) (LeMasurier et al., 1990). Dating of volcanic edifices and as-

sociated deposits indicates that the majority of this volcanism commenced in the mid-Miocene

(ca. 14 Ma) (LeMasurier and Landis, 1996; Rocchi et al., 2006; Shen et al., 2017; Stump et al.,

1980). We therefore removed the volcanic edifices from our topographic reconstructions for
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ca. 34 Ma, ca. 23 Ma, and ca. 14 Ma, but retain all edifices in our ca. 3.5 Ma reconstruction.

To remove the volcanoes from our topographies, we determined the approximate geometry of

each edifice using a recent inventory of the distribution, height, and diameter of subglacial

volcanic cones across West Antarctica (van Wyk de Vries et al., 2018) (Figure 7.5), and then

subtracted these cones from the topography. Since the wavelength of these features is typi-

cally shorter than the flexural length scale of the lithosphere, we do not account for flexural

isostatic compensation of the edifices. Because the timing of volcanism is relatively well dated,

we apply the same correction to each of our minimum, median and maximum reconstructions.

Figure 7.5: Thermal subsidence and volcanism in West Antarctica. (a) Magnitude of post-34
Ma thermal subsidence associated with the West Antarctic Rift System (Wilson and Luyendyk ,
2009; Wilson et al., 2012). Filled red circles denote volcanic edifices across West Antarctica;
circle size is proportional (4× true scale) to the basal diameter of the cone (van Wyk de Vries
et al., 2018). Open black circle marks the location of Deep Sea Drilling Project (DSDP)
Site 270 (Hayes et al., 1975). (b) Thermal subsidence history since 34 Ma based on a simple
1D cooling model (McKenzie, 1978; Wilson and Luyendyk , 2009). Cumulative subsidence is
measured as a fraction of the total post-34 Ma subsidence; the magnitude of subsidence is
spatially variable (see panel a). A simplified geological timescale is provided for reference.
Abbreviations: E = Eocene; PL = Pliocene; PE = Pleistocene; H = Holocene; Q = Quater-
nary. The cumulative amount of subsidence from 34 Ma to each subsequent time slice used in
this study (marked by vertical dashed lines) is noted as a percentage of the total subsidence.
The approximate duration of the main episode of Miocene–Pliocene volcanism is also labelled.

7.4.3 Horizontal plate motion

Although the relative motion between East and West Antarctica since 34 Ma is relatively

minor, it is fairly well constrained by magnetic anomaly offsets of ∼75 km in the Ross Sea

(Cande et al., 2000). We follow Wilson and Luyendyk (2009) and Wilson et al. (2012) by

applying a simple finite rotation to West Antarctica relative to East Antarctica of 1.14° about
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a fixed Euler pole (71.5°S, 35.8°W) (Figure 7.6). This horizontal plate motion largely occurred

in the Oligocene (Cande et al., 2000), so we apply the rotation to our ca. 34 Ma reconstruction,

but not to subsequent time slices, since post-23 Ma rotations were likely negligible (Cande

et al., 2000). The rotation was applied to each of our minimum, median and maximum

reconstructions.

Figure 7.6: Rotation of West Antarctica relative to East Antarctica since ca. 34 Ma. (a) Our
median topography reconstruction for ca. 34 Ma prior to rotation. Magenta outline denotes
the plate boundary between West and East Antarctica (Wilson et al., 2012). Red circle marks
the rotation pole. (b) Our median topography reconstruction for ca. 34 Ma following rotation
to ‘undo’ relative plate motion since ca. 34 Ma. The plate boundary between West and East
Antarctica has also been rotated for reference. Red circle marks the rotation pole. There is
relative motion between East and West Antarctica since ca. 34 Ma, with ∼75 km of opening

visible in the western Ross Sea (rotation vectors marked by magenta arrows).

7.4.4 Thermal subsidence

We restore the topography of West Antarctica for the effects of thermal subsidence in the

WARS following previous studies (Wilson and Luyendyk , 2009; Wilson et al., 2012). The

WARS is assumed to comprise five non-overlapping regions, each with a uniform stretching

factor (β) and an instantaneous age of extension. These assumptions permit the use of a simple

1D cooling model to predict the amount of post-34 Ma thermal subsidence across the WARS

(Figure 7.5) (McKenzie, 1978; Wilson and Luyendyk , 2009). We then iteratively computed

the flexural isostatic response to the flooding of the subsided area with water using our elastic

plate model (see section 7.4.1).
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We also account for thermal subsidence of the East Antarctic passive margin due to residual

cooling following Gondwana break-up. We assigned a uniform β value and age of rifting to

each sector of the margin (section 7.4.5.3). The age of rifting is well constrained from the

age of the sea floor around the Antarctic margin (Müller et al., 2016), and we assumed a

uniform β value of 4, which is typical for passive margins (Watts, 2001). Using the 1D cooling

model (McKenzie, 1978), we calculated the amount of thermal subsidence to have occurred

between 34 Ma and the present-day for each sector and then added this to the topography

(Figure 7.7). The thermal subsidence grid was smoothed using an arbitrary 50 km Gaussian

filter to approximate horizontal heat conduction. For our thermal subsidence models for the

WARS and the passive margins, we applied ±10% uncertainty for our minimum and maximum

reconstructions to encapsulate the range of realistic β values and rifting ages.

Figure 7.7: Thermal subsidence of the continental shelves around the Antarctic margin
since ca. 34 Ma. Subsidence was calculated using a 1D cooling model assuming a uniform
stretching factor and rifting age for each sector of Antarctica (McKenzie, 1978; Müller et al.,
2008). Since thermal subsidence decays exponentially with time, the largest values of post-
34 Ma subsidence reflect regions with the most recent rifting ages. Subsidence of the West
Antarctic Rift System (Figure 7.5) is also shown (Wilson and Luyendyk , 2009). Since we do
not attempt to reconstruct deep-water bathymetry (i.e. beyond the modern continental shelf

edge), we have not incorporated subsidence of the ocean floor beyond the shelf.
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Application of the 1D cooling model also permits calculation of the temporal history of sub-

sidence. The cumulative amount of thermal subsidence (as a fraction of the total subsidence)

at any location is an exponential function of time and is independent of the stretching factor

(Figure 7.5). We therefore added the cumulative amount of subsidence from 34 Ma up to each

time interval to the respective topographic reconstruction.

7.4.5 Offshore sedimentation

Sediment thicknesses on the continental shelf and in the deep sea were gleaned from a recent

compilation of reflection seismic data (Hochmuth et al., 2018) (Figure 7.8; Figure 7.9). The

thickness (and mass) of offshore sediment can be used to (a) reconstruct the palaeobathymetry

of the continental shelf, and (b) constrain the mass of onshore erosion (section 7.4.6). To

produce each of our reconstructions, we removed all stratigraphic units younger than the

time slice of interest, and subtracted or added the associated sediment thickness uncertainty

(Figure 7.10) in our minimum and maximum topographies respectively.

Sediment thicknesses are fairly well constrained where there is a dense coverage of seismic lines

(Figure 7.9), but are poorly constrained beneath floating ice shelves, where seismic determi-

nation of sediment thickness is impeded. Under the smaller ice shelves, we smoothly tapered

the sediment thickness from seismically determined values outwith the shelf to zero at the

grounding line (as defined in Bedmap2 (Fretwell et al., 2013)). Any uncertainties associated

with these small ice shelves are minor compared to the larger ice shelves, which require more

careful consideration. A deep trough underlies the Amery Ice Shelf (Fretwell et al., 2013),

indicating that the prevailing glacial regime has been erosive rather than depositional. We

therefore assume that a negligible volume of glacial sediment is present beneath the ice shelf.

Similar troughs also underlie the Ronne-Filchner Ice Shelf (RFIS) at its western and eastern

margins (Fretwell et al., 2013). However, an unknown amount of post-34 Ma sediment may

be present beneath the centre of the RFIS. Sediment thickness beneath the Ross Ice Shelf has

been extrapolated using gravity anomalies and bathymetry (Wilson and Luyendyk , 2009), but

the age of this sediment remains unconstrained. Given the large uncertainties, we used previ-

ously published end-member sediment thicknesses for our minimum and maximum scenarios

of sub-ice shelf sediment thickness (following Wilson et al., 2012) (Figure 7.10).

We also acknowledge the possibility that a significant quantity of post-34 Ma sediment was

deposited in onshore depocentres (Jamieson et al., 2014), which may lead to underestimation
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Figure 7.8: Estimated post-34 Ma erosion and sediment thickness maps and associated
isostatic responses. (a) Median eroded thickness scenario, with 1 km contour intervals. Ma-
genta lines show boundaries between numbered sectors/catchments of the continent used to
determine the balance between onshore erosion and offshore sedimentation. Each catchment
is numbered for reference to Table 7.2. (b) Modelled flexural isostatic response to erosional
unloading, contoured at 250 m intervals. Unloading of eroded material has driven isostatic
uplift since 34 Ma; this component is subtracted from the modern-day topography to recon-
struct past topographies. Coloured circle marks the magnitude of uplift of the Fisher Massif
(FM; ∼1500 m since 34 Ma) as constrained by geological data (Hambrey and McKelvey , 2000;
White, 2013). (c) Post-34 Ma sediment thickness map for the Southern Ocean south of 60°S
(Hochmuth et al., 2018). Sediment thicknesses are contoured at 1 km intervals. (d) Modelled
flexural isostatic response to sediment loading, contoured at 500 m intervals. Loading of sedi-
ment has driven isostatic subsidence since 34 Ma; this component is added to the modern-day

topography to reconstruct past topographies.

of the mass of eroded material. However, gravity and magnetic anomalies over large interior

basins in East Antarctica, such as the Wilkes, Aurora, and Pensacola-Pole Basins, appear to

preclude significant thicknesses of recent sediment (cf. Chapter 6), and also indicate that the

sedimentary rocks preserved are significantly older than 34 Ma (Aitken et al., 2014; Ferraccioli
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Figure 7.9: Locations of seismic lines in the Southern Ocean. Blue lines show seismic lines
from which sediment thickness isopachs have been determined (Hochmuth et al., 2018; Straume
et al., 2019). Seismic coverage is concentrated over the continental shelf and continental slope,
where sediment thicknesses are greatest; sediment thicknesses in the pelagic realm are gleaned
from global compilations (e.g. Straume et al., 2019; Whittaker et al., 2013). Magenta lines
show boundaries between numbered sectors/catchments of the continent used to determine

the balance between onshore erosion and offshore sedimentation.

et al., 2009a; Studinger et al., 2004). Although West Antarctica may host a wider coverage of

basal sediment (Studinger et al., 2001), we do not attempt to incorporate this into our recon-

struction, since the distribution and thickness of sediment is largely unconstrained, and these

uncertainties are likely accounted for by our conservative range of minimum and maximum

reconstructions.
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Figure 7.10: Antarctic sediment thickness uncertainty. (a) Uncertainty in seismic post-34
Ma sediment thickness around the continental shelf (Hochmuth et al., 2018). Red box shows
the coverage of panels b and c. (b) Minimum sediment thickness beneath the Ross Ice Shelf
(Wilson et al., 2012), contoured at 1 km intervals. (c) Maximum sediment thickness beneath

the Ross Ice Shelf (Wilson et al., 2012), contoured at 1 km intervals.

7.4.5.1 Compaction model

We solved Equation 7.1 to compute the flexural isostatic response to sediment loading. The

density of shelf sediments varies with depth owing to mechanical compaction and reduction of

porosity due to the overburden pressure. We used a simple compaction model to estimate the

variation of sediment density with depth, whereby the decrease in sediment porosity (φ) with

increasing depth in the column (z) is given by an empirical exponential function (Sclater and

Christie, 1980)

φ(z) = φ0 exp
(
− z

λ

)
(7.3)

where φ0 is the initial porosity and λ is the compaction decay length scale. We then deter-

mined the depth-averaged effective density (ρeff ) of sediment around the Antarctic margin by

removing the contribution of pore water, which is not restored to the continent.

ρeff (x, y) = ρs(x, y)

[
1− λφ0

zmax(x, y)

(
1− exp

(
− zmax(x, y)

λ

))]
(7.4)
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where ρs is the density of the sediment grains, and zmax is the total thickness of sediment being

considered. For our median scenario, we assumed a grain density of 2600 kg m−3 for sediment

on the continental shelf, and 2400 kg m−3 for deep-sea sediments (Sclater and Christie, 1980).

We used values of 0.7 for the initial porosity and 1.0 km for the compaction decay length scale,

based on empirical porosity-depth curves for Antarctic shelf sediments (Barker and Kennett ,

1988; Escutia et al., 2011). We then used a realistic range of values for these parameters in

our minimum and maximum reconstructions (Table 7.1).

7.4.5.2 Terrigenous fraction

We estimated the fraction of offshore sediment that was derived from the continent as op-

posed to biogenic or pelagic material. We compared smear slide analysis from a IODP/OD-

P/DSDP drill cores around the Antarctic margin representing the main sedimentary envi-

ronments within the Southern Ocean (e.g. Barker and Kennett , 1988; Barker , 1999; Escutia

et al., 2011). These data indicated that on the continental shelf, ∼5% of material was bio-

genic, and the remaining ∼95% was terrigenous in origin. In the deep ocean realm, ∼70% of

material from the Miocene to present is terrigenous, but this fraction increases to ∼95% in the

Oligocene. Although the spatial coverage of drill cores is sparse, and some localised variability

is observed, this general trend is consistently observed. We therefore used the above average

values, with ±5% uncertainty bounds to encapsulate the majority of the spatial variability,

around the entire margin. This is a more detailed terrigenous fraction model than that used

in the earlier reconstructions by Wilson et al. (2012).

7.4.5.3 Catchment boundaries

When restoring sedimentary material to the continent and comparing the mass balance be-

tween erosion and sedimentation, it is important to consider the provenance of the offshore

sediment. We therefore investigated whether offshore sediment around the Antarctic margin

could be spatially sub-divided based on its geographic origin. We sub-divided the sediment

into ten sectors/catchments based on (a) boundaries mapped using geochemical provenance

tracers such as 40Ar/39Ar ages and Nd isotopic compositions (e.g. Cook et al., 2013); (b)

bathymetric ‘highs’ that form natural boundaries between separate basins on the continental

shelf, such as Gunnerus Ridge and Astrid Ridge (Figure 7.1) (Eagles et al., 2018); and (c)
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structural/basement highs observed in seismic data that may reflect geological boundaries,

such as the Ross Sea Central High (Decesari et al., 2007).

We traced our assumed catchment boundaries over these previously documented features, and

continued the boundaries inland based on observed ice surface velocity (Rignot et al., 2011)

and bedrock (Jamieson et al., 2014) drainage divides (Figure 7.4; Figure 7.8). Our approach

was to sub-divide only if the boundary clearly met one of the above three criteria. The area of

the sub-divided catchments therefore varies by up to one order of magnitude. We computed

the minimum, median and maximum mass of post-34 Ma sediment for each catchment for

comparison with our erosion estimate (section 7.4.6).

7.4.6 Erosion restoration

7.4.6.1 Identification of pre-glacial landscapes

The morphology of the Antarctic landscape is a record of the surface processes that have acted

upon it over geological timescales. To estimate the spatial distribution of glacial erosion across

the continent, it is necessary to identify landscapes or ‘reference’ relict surfaces that have been

largely unmodified by large-scale glaciation, and have therefore experienced negligible erosion

since ca. 34 Ma (Figure 7.1).

A series of smooth, undulating land surfaces are exposed in highlands across Antarctica

(Gleadow and Fitzgerald , 1987; Krohne et al., 2016; Näslund , 2001; White, 2013). Cirques

and alpine-style valley glaciers often incise these high elevation topographic plateaus, which

are likely the remnants of fluvial peneplains dating from before glaciation; the Kukri Pene-

plain in Victoria Land is Devonian–Triassic in age (Gleadow and Fitzgerald , 1987), and the

Crohn Surface in the Prince Charles Mountains is covered by Eocene lava flows (White, 2013).

Extensive subglacial bedrock plateaus have also been reported around the margin of Antarc-

tica (Paxman et al., 2018; Rose et al., 2015; Wilson and Luyendyk , 2006). While the mode

and timing of formation of these surfaces is unclear, and may have been spatially variable,

the surfaces are typically overlain by slow-moving and/or cold-based ice and their setting and

geomorphology are inconsistent with modification beneath ice.

Alpine landscapes are preserved in the Gamburtsev Subglacial Mountains (GSM) (Rose et al.,

2013), DML (Näslund , 2001), and the Transantarctic Mountains (TAM) (Sugden et al., 1999).
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In these areas, the landscape is inconsistent with continental-scale ice flow, with valley orien-

tations and scales not aligned with modern ice flow velocity. These landscapes instead reflect

localised ice flow and erosion under more restricted glacial conditions likely dating from the

early stages of AIS development (Jamieson et al., 2014). In these regions, it is realistic to

assume that the preserved mountain peaks have not experienced significant denudation or

modification since ca. 34 Ma. Moreover, relatively unmodified fluvial valley systems are pre-

served in the TAM (Baroni et al., 2005; Sugden et al., 1995) and Ellsworth Mountains (Sugden

et al., 2017), and the large-scale continental fluvial structure is still visible in the landscape

today (Jamieson et al., 2014; Sugden and Jamieson, 2018).

7.4.6.2 Summit accordance

We consider glacial erosion to comprise two components: (1) selective linear erosion (val-

ley/trough incision), and (2) uniform surface lowering via areal scour (Molnar and England ,

1990; Sugden and John, 1976).

To estimate the spatial distribution of glacial valley incision, we assumed that pre-glacial

landscape features identified across Antarctica once formed part of a contiguous surface prior

to glacial incision. We therefore interpolated a smooth continuous surface between these

summits, which are assumed to have not experienced significant erosion since AIS inception

at 34 Ma. Since the geomorphologically identified summits are sparsely distributed, we also

identified local topographic ‘highs’ within a circular moving window (Champagnac et al., 2007)

and incorporated these peaks into our constructed accordance surface. The diameter of the

moving window was set to 30 km to capture the width of large subglacial troughs. The

summit accordance surface (Figure 7.11) represents the restoration of eroded material to the

topography without accounting for the associated isostatic response (Champagnac et al., 2007).

The difference between the summit accordance surface and the bedrock topography represents

our estimate of selective glacial incision.

In parts of Antarctica, a pre-existing fluvial landscape has been modified by alpine-style glacia-

tion, and is now preserved beneath non-erosive ice. Such landscapes have been documented

in high mountain ranges such as the GSM, TAM, and Ellsworth Mountains (Baroni et al.,

2005; Paxman et al., 2016; Rose et al., 2013; Sugden and Jamieson, 2018; Sugden et al., 2017).

By completely filling the valleys in these regions, we would likely overestimate the amount of

post-34 Ma erosion, and therefore produce an unrealistically smooth palaeolandscape. Map-

ping of glacial overdeepenings within the GSM indicates that glacial erosion accounts for—to
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Figure 7.11: Summit accordance surface construction. (a) Summit accordance surface.
Blue circles mark isolated peaks in the modern bedrock topography used to construct the
accordance surface. Red polygons highlight pre-glacial land surfaces exposed above the ice
sheet or preserved beneath the ice. A smooth summit accordance surface was interpolated
between these peaks and pre-glacial surfaces. The surface is masked at the modern continental
shelf edge, since we do not attempt to determine the evolution of deep-water bathymetry.
Yellow polygons highlight regions characterised by alpine topography with a clear fluvial
signature (Baroni et al., 2005; Rose et al., 2013; Sugden et al., 2017); black polygon marks the
location of Subglacial Lake Vostok. We reduced the amount of erosion over these regions by
50% to account for a component of pre-glacial fluvial and/or tectonic valley deepening. (b)
Profile X–Y across the modern bedrock topography (rebounded for ice loading; shaded grey)
and the summit accordance surface (magenta line). The difference between these two surfaces
denotes the distribution of eroded material (yellow shaded area). This profile represents our
median erosion scenario (profile location is shown in panel a). (c) Magnitude of erosion (blue

line) and associated modelled flexural uplift (red line).

first order—approximately 50% of the total volume of valley incision (Rose et al., 2013). We

therefore decreased the predicted thickness of valley incision in these alpine landscapes by 50%

in our erosion model. The result is a pre-glacial landscape that preserves the inherited fluvial

valley network that was subsequently exploited by early ice sheets (Sugden and Jamieson,

2018; Sugden and John, 1976).

Accounting for valley incision alone will produce a minimum estimate of erosion, since it

assumes that the peaks between the valleys have not been eroded. However, uniform surface

lowering of the peaks since ca. 34 Ma is largely unconstrained by geomorphology and is poorly

resolved by thermochronological data. As a simple solution, we tuned the magnitude of uniform

surface lowering to achieve as close a match as possible between the mass of eroded material and

offshore sediment within each catchment for our minimum, median and maximum scenarios,

while avoiding abrupt ‘steps’ in eroded thickness across catchment boundaries (Figure 7.8;

Figure 7.12; Table 7.2; Table 7.3).
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Figure 7.12: Minimum and maximum erosion scenarios. (a) Minimum erosion scenario. (b)
Maximum erosion scenario. The total mass of eroded material in these scenarios is approxi-
mately ±20–30% that of the median scenario (see Table 7.3). Erosion maps are contoured at
1 km intervals; magenta lines show boundaries between sectors/catchments of the continent
used to determine the balance between onshore erosion and offshore sedimentation. Each

catchment is numbered for reference to Table 7.3.

7.4.6.3 Eroded bedrock density and flexure

The geology of Antarctica, and therefore the density of the eroded bedrock, is largely uncon-

strained. However, East Antarctica can be broadly considered to comprise a suite of rocks from

higher-density Proterozoic metamorphic basement to lower-density Palaeozoic sandstones. We

therefore assumed a range of densities in East Antarctica from 2400 to 2800 kg m−3 for our

minimum and maximum reconstructions, and 2600 kg m−3 as a realistic average. In West

Antarctica, we assumed a range of 2200 to 2600 kg m−3 to reflect the higher proportion of

Mesozoic or younger sedimentary rocks, with 2400 kg m−3 as a realistic average. We then

computed the flexural isostatic adjustment to erosional unloading using Equation 7.1. To

correct the topography for the effects of erosion, we added the estimated post-34 Ma eroded

thickness to the topography, and subtracted the associated flexural response.

East Antarctica hosts several deep subglacial troughs that are likely tectonically controlled.

It is often ambiguous as to how much of the topographic relief across these troughs is due to

tectonic displacement (e.g. along fault systems), and how much is the result of focussed glacial

erosion due to topographic steering (e.g. Kessler et al., 2008) or ice thickening as a result of

the topographic relief. In some cases, the tectonic history of the trough is well understood.

For example, the Lambert Graben is part of the Mesozoic EARS, extending from the Amery

Ice Shelf into the interior of East Antarctica (Ferraccioli et al., 2011). The Pagodroma Group,



Chapter 7. Reconstructions of past Antarctic topography and ice sheet behaviour 200

Parameter Minimum Median Maximum

Effective elas-
tic thickness
(Te)

uniform Te of 50 km spatially variable Te
(Figure 7.2)

uniform Te of 10 km

Thermal subsi-
dence

median scenario −
10%

scenario shown in
Figure 7.7

median scenario +
10%

Sediment
thickness

median scenario mi-
nus uncertainty (Fig-
ure 7.10)

scenario shown in
Figure 7.8

median scenario
plus uncertainty
(Figure 7.10)

Ice shelf sedi-
ment thickness

minimum scenario
from Wilson et al.
(2012) (Figure 7.10)

mean of the mini-
mum and maximum
scenarios

maximum scenario
from Wilson et al.
(2012) (Figure 7.10)

Initial porosity 0.8 0.7 0.6

Compaction
decay length
scale

1500 m 1000 m 500 m

Sediment grain
density

2500 kg m−3

(shelf); 2300 kg
m−3 (pelagic)

2600 kg m−3

(shelf); 2400 kg
m−3 (pelagic)

2700 kg m−3

(shelf); 2500 kg
m−3 (pelagic)

Terrigenous
fraction

90% (shelf); 65%
(pelagic)

95% (shelf); 70%
(pelagic)

100% (shelf); 75%
(pelagic)

Eroded thick-
ness

scenario shown in
Figure 7.12

scenario shown in
Figure 7.8

scenario shown in
Figure 7.12

Eroded density 2800 kg m−3 (EAnt);
2600 kg m−3 (WAnt)

2600 kg m−3 (EAnt);
2400 kg m−3 (WAnt)

2400 kg m−3 (EAnt);
2200 kg m−3 (WAnt)

Table 7.1: Model parameters used for our minimum, median, and maximum topographic
reconstructions. EAnt = East Antarctica; WAnt = West Antarctica.

a succession of Oligocene–Pleistocene glaciomarine sediments, are exposed on the flank of the

graben, and are interpreted to have been deposited in a fjordal environment close to sea level

(Hambrey and McKelvey , 2000; Whitehead et al., 2003). We therefore assumed that the graben

was filled to sea level immediately prior to glaciation in the late Eocene. We iteratively filled

the graben and adjusted for flexural isostasy until the surface was restored to sea level.

Lake Vostok is situated within an inherited tectonic depression which likely exhibited signif-

icant relief prior to glaciation (Studinger et al., 2003). We therefore reduced the estimated

amount of erosion within the trough by 50% to preserve the pre-glacial topography. Although

this reduction is arbitrary, we note that because of the relatively short (100–200 km) wave-

length of this feature, the change in eroded thickness has a minimal impact on the modelled

amount of regional flexural displacement. We also identified other subglacial troughs, such as

Astrolabe and Adventure (Figure 7.1), which are isolated from the modern near-coastal sub-

glacial valley network and are bounded by major fault systems (Cianfarra and Salvini , 2016).

In cases such as this, it is not possible to deconvolve the amount of tectonic displacement and
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glacial erosion, and the timing of any fault activity remains unresolved (Aitken et al., 2014;

Cianfarra and Salvini , 2016; Ferraccioli et al., 2009a). Since it is ambiguous as to how to

apportion glacial erosion in these troughs, we filled them completely in our median and maxi-

mum erosion scenarios, but left them unfilled in our minimum reconstruction, allowing for the

possibility that the troughs already existed in their modern form prior to glacial inception.

7.4.6.4 Rates of erosion and sedimentation

To reconstruct topography at intermediate time slices, it is necessary to quantify the variation

in erosion and sedimentation rates over time. We collated constraints on sedimentation rates

from seismic reflection profiles and ocean sediment drill cores (Barker and Kennett , 1988;

Escutia et al., 2011), assuming that sediment thickness depends on sedimentation rate alone,

which in turn is a proxy for onshore erosion rates. Where available, we also used onshore ero-

sion rate constraints. We used these constraint data to estimate an erosion and sedimentation

history for each of the ten catchments (Table 7.2), which we then used to restore the appropri-

ate amount of eroded material / sediment between each time slice. We assumed that onshore

and offshore catchment boundaries have remained constant over time, since the first-order

topographic controls on Antarctic drainage patterns (e.g. the GSM and TAM) predate ice

sheet inception (Rose et al., 2013), and the overall subglacial drainage pattern is continentally

radial, and therefore drainage re-organisation is not expected to have occurred on a large scale

(Sugden and Jamieson, 2018).

7.4.7 Dynamic topography

Long wavelength changes in bedrock elevation in Antarctica may, in part, be driven by ver-

tical tractions exerted on the base of the lithosphere by the convecting mantle (i.e. dynamic

topography). Changes in dynamic topography since the Eocene have been inferred in parts

of Antarctica such as the Ross Sea, Wilkes Subglacial Basin and Marie Byrd Land (Auster-

mann et al., 2015; LeMasurier and Landis, 1996). However, models of past mantle convection

patterns are currently poorly constrained in space and time, and we do not attempt to incor-

porate these changes here. We note however that when robust models of post-34 Ma dynamic

topography change are developed, these displacements can readily be added to (or subtracted

from) our reconstructions as required.
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Catchment Mass of
post-34
Ma off-
shore
sedi-
ment
(Pt)

Mass of
post-34
Ma
eroded
ma-
terial
(Pt)

Onshore
area
(106

km2)

Average
eroded
thick-
ness
(m)

Cum.
fraction
of post-
Eocene
deposi-
tion by
23 Ma

Cum.
fraction
of post-
Eocene
deposi-
tion by
14 Ma

Cum.
fraction
of post-
Eocene
deposi-
tion by
3.5 Ma

Average
34–23
Ma
erosion
rate
(m/Myr)

Average
23–14
Ma
erosion
rate
(m/Myr)

Average
14–0
Ma
erosion
rate
(m/Myr)

1. Western Ross Sea 2.53 2.51 2.03 406 0.45 0.75 0.95 16.6 13.5 7.25
2. Eastern Ross Sea 2.14 1.90 1.05 566 0.30 0.50 0.95 15.4 12.6 20.2
3. Amundsen Sea 1.09 1.06 0.718 663 0.30 0.50 0.90 18.1 14.7 23.7
4. Bellingshausen Sea∗ 1.35 0.711 0.687 542 0.25 0.45 0.90 12.3 12.0 21.3
5. Weddell Sea >3.88 4.47 3.98 469 0.25 0.40 0.92 10.7 7.82 20.1
6. DML margin 0.568 0.579 0.583 369 0.25 0.35 0.90 8.39 4.10 17.1
7. Riiser-Larsen Sea 0.491 0.559 0.560 373 0.35 0.65 0.90 11.9 12.4 9.33
8. Prydz Bay 3.25 3.31 2.81 450 0.35 0.65 0.92 14.3 15.0 11.3
9. Wilkes Land margin∗ 3.48 2.20 1.66 507 0.35 0.70 0.92 16.1 19.7 10.9
10. George V Land 1.15 2.12 0.816 555 0.35 0.70 0.93 17.7 21.6 11.9

Total 19.9 18.4 14.9 481 0.32 0.57 0.92 14.0 13.1 14.9

Table 7.2: Comparison between the mass of post-34 Ma offshore sediment and estimated onshore / shelf erosion for each catchment around Antarctica.
Eroded masses and thicknesses listed refer to our median erosion scenario. Masses are given in Petatonnes (Pt; 1018 kg). Asterisks (∗) mark the two
sectors where the observed mass of sediment significantly exceeds realistic erosion estimates. The mass of sediment in the Weddell Sea is likely to
be a minimum estimate, since the thickness of sediment beneath the Ronne-Filchner Ice Shelf is entirely unconstrained. The erosion / sedimentation
chronology is also provided for each catchment. The amount of erosion / sedimentation within the given time interval is given as a cumulative (cum.)
fraction of the total amount of deposition between 34 Ma and the present-day, as measured in offshore sediment cores (Barker and Kennett , 1988;
Castelino et al., 2016; Eagles et al., 2018; Escutia et al., 2011; Hayes et al., 1975; Huang and Jokat , 2016; Huang et al., 2014; Lindeque et al., 2016;
Tauxe et al., 2012). Catchment averaged erosion rates are determined from the average eroded thickness and the fraction of erosion within each time

interval.
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Catchment Minimum
mass of
post-34
Ma off-
shore
sediment
(Pt)

Minimum
mass of
post-
34 Ma
eroded
material
(Pt)

Maximum
mass of
post-34
Ma off-
shore
sediment
(Pt)

Maximum
mass of
post-
34 Ma
eroded
material
(Pt)

1. Western Ross Sea 1.63 1.70 3.15 3.23
2. Eastern Ross Sea 1.27 1.25 2.76 2.63
3. Amundsen Sea 0.779 0.749 2.62 1.51
4. Bellingshausen Sea 0.850 0.653 1.64 1.10
5. Weddell Sea >2.53 2.97 >4.62 4.68
6. DML margin 0.480 0.514 0.815 0.776
7. Riiser-Larsen Sea 0.303 0.342 0.596 0.587
8. Prydz Bay 2.04 2.46 4.00 3.98
9. Wilkes Land margin 2.35 2.19 4.13 2.46
10. George V Land 0.775 0.720 1.35 1.31

Total 13.0 13.5 24.7 22.3

Table 7.3: Minimum and maximum masses of post-34 Ma offshore sediment and estimated
onshore / shelf erosion for each catchment (calculated using the parameters listed in Table 7.1).
Masses are given in Petatonnes (Pt; 1018 kg). Note that in the Weddell Sea the estimated mass
of sediment is likely to be a minimum value, owing to the unknown extra mass of sediment

beneath the Ronne-Filchner Ice Shelf.

7.5 Ice sheet models

To examine the influence of topography on ice sheet volume and sensitivity, we performed

some simple numerical ice sheet simulations at 10 km resolution using our new reconstructed

topographies. The purpose of these simulations is simply to examine the differences in ice

sheet extent and volume on the different topographies under constant climatic conditions and

thereby quantify the sensitivity of the AIS to bedrock topography. We emphasise that the

climate conditions used in these simulations are somewhat arbitrary, and do not correspond to

‘true’ climates appropriate to the particular age of each topography. The resulting modelled ice

sheets are therefore not intended to be reconstructions of specific ice sheets at any particular

time period.

We use a ice sheet model that has been extensively employed to model past, present and

future Antarctic ice sheets (e.g. DeConto and Pollard , 2016; Gasson et al., 2016b). The model

includes ice cliff failure and ice shelf hydrofracture, which are recently proposed mechanisms

for ice sheet retreat (Pollard et al., 2015). We note that this ice sheet model is one of a

number used to simulate the behaviour of the AIS, with each employing a distinct set of
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model physics. The model was forced using a General Circulation Model pertaining to the

Miocene (Gasson et al., 2016b), reflecting the mean age of the different topographies. We

performed three sequential model experiments on each reconstructed topography (minimum,

median, and maximum) for each of the four past time intervals, and on the modern topography:

1. An ice sheet was grown from scratch under a ‘colder climate’ scenario, with atmospheric

CO2 concentrations of 280 ppm, an astronomical configuration favourable for Antarc-

tic glaciation (low obliquity, high eccentricity, perihelion during boreal summer), and

modern ocean temperatures (Gasson et al., 2016b). The ice sheet is allowed to reach

steady-state equilibrium.

2. The existing equilibrium ice sheet from the end of experiment 1 is then subjected to a

shift to a ‘warmer climate’ scenario, with an increase in CO2 concentrations to 500 ppm,

an astronomical configuration favourable for Antarctic deglaciation (high obliquity, high

eccentricity, perihelion during austral summer), and a uniform 5°C of ocean warming

relative to modern (Gasson et al., 2016b). The ice sheet is allowed to reach steady-state

equilibrium.

3. The existing equilibrium ice sheet from the end of experiment 1 is also subjected to

a shift to a ‘high CO2’ scenario, with an increase in CO2 concentrations to 840 ppm,

an astronomical configuration favourable for Antarctic deglaciation (high obliquity, high

eccentricity, perihelion during austral summer), and a uniform 5°C of ocean warming

relative to modern (Gasson et al., 2016b). The ice sheet is allowed to reach steady-state

equilibrium.

The atmospheric CO2 concentrations for the two deglaciation experiments are based on palaeo-

climate records for warm intervals of the Miocene (Foster et al., 2012; Greenop et al., 2014;

Zhang et al., 2013). Both of these runs start from a fully glaciated state (from the end of the

280 ppm CO2 run for each respective topography).

7.6 Results

7.6.1 Landscape evolution

The results of our reconstruction process are new topographies at four time slices between

the Eocene–Oligocene boundary and mid-Pliocene warm period (Figure 7.13). We find that



Chapter 7. Reconstructions of past Antarctic topography and ice sheet behaviour 205

the average bed elevation of Antarctica has decreased by ∼200 m between ca. 34 Ma and

the present-day (Table 7.4), and the interquartile range of bed elevations (a rough measure

of topographic relief) has increased by ∼200 m (Table 7.4). These changes are attributed

largely to thermal subsidence, focussed erosion in deep subglacial troughs, and concomitant

flexural uplift of the flanking regions. The increase in topographic relief is visible in the new

palaeo-DEMs (Figure 7.13), with an increasing fraction of the bed dropping below sea level

(Figure 7.14). The area of land above sea level at ca. 34 Ma is 12.3×106 km2, with ∼6%

of the bed situated below sea level, as opposed to 9.85×106 km2 and ∼19% respectively at

the present-day (Table 7.4). These values refer to the median topographies in each case; the

minimum and maximum topographies are shown in Figure 7.15 and Figure 7.16.

The most significant changes in elevation in East Antarctica occur within the Wilkes, Aurora,

Recovery and Lambert basins, which were low-lying but predominately situated at 0–500

m above sea level prior to glacial inception (Figure 7.13). Prior to thermal subsidence and

erosion, a significant area of West Antarctica underlain by the WARS was also situated up to

500 m above sea level (Figure 7.13). The Weddell Sea was a 500–1000 metre-deep embayment,

the shallow extremities of which may have extended up to a few hundred km inland of the

modern-day grounding line. The Ross Sea comprised a series of elongate horst and graben-like

features, with topographic ‘highs’ such as the Central High situated at or just above sea level

(Figure 7.13). Our reconstruction retains the major highlands within East Antarctica, such

as the GSM, TAM, and the escarpment in DML, with the GSM the highest feature at up to

2.5 km above sea level at ca. 34 Ma (Figure 7.13). Because we only partially filled the valleys

within the GSM, the pre-existing fluvial network can be seen in the ca. 34 Ma reconstruction.

However, the through-cutting troughs that characterise the modern TAM were absent, having

been filled in our reconstruction (Figure 7.13).

In seven of the ten catchments, we were able to achieve a close match (within ±10%) between

the mass of eroded material and mass of offshore sediment (Table 7.2) using our median

erosion scenario (section 7.4.6.2). By filling the deep subglacial troughs around the Weddell

Sea Embayment, we estimate a mass of erosion that exceeds the mass of offshore sediment by

∼20% (Table 7.2). This mismatch indicates that we may be missing an appreciable volume of

sediment beneath the RFIS. More significant mismatches occur for the Bellingshausen Sea and

Wilkes Land sectors, where the eroded mass is ∼50% less than the mass of offshore sediment

(Table 7.2). However, there does not appear to be sufficient accommodation space onshore to

account for this excess sediment.
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Figure 7.13: Reconstructed topography maps for different time slices. For each time slice,
the median topography is shown (minimum and maximum topographies are displayed in
Figure 7.15 and Figure 7.16). (a) Antarctic topography at the Eocene–Oligocene boundary
(ca. 34 Ma). (b) Antarctic topography at the Oligocene–Miocene boundary (ca. 23 Ma).
(c) Antarctic topography at the mid-Miocene climate transition (ca. 14 Ma). (d) Antarctic
topography at the mid-Pliocene (ca. 3.5 Ma). In each panel, elevations are given relative
to present-day mean sea level, and contoured at 1 km intervals. Note that in each panel

elevations are for fully isostatically relaxed ice-free conditions.

One explanation may be that the mass of offshore sediment has been overestimated due to the

comparatively sparse coverage of seismic lines (Straume et al., 2019) (Figure 7.9). Alterna-

tively, since the geomorphology of Wilkes Land and the western Antarctic Peninsula does not

provide a clear reference level of the palaeo-landscape (e.g. plateau surfaces; Figure 7.1), the

summit accordance surface may be too low and the magnitude of erosion may have been un-

derestimated. We speculate that these mismatches may also be attributed to redistribution of
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Figure 7.14: Hypsometry of Antarctic palaeotopographies. Elevations are divided into 50
m bins, and plotted against the fraction of land surface area occupied by each bin. In each
case, the hypsometry is computed for the domain inland of the modern-day grounding line,
allowing for direct comparison between different time slices. (a) Eocene–Oligocene boundary
topography. (b) Oligocene–Miocene boundary topography. (c) mid-Miocene topography. (d)
mid-Pliocene topography. As topography evolves, the fraction of land situated below sea level
progressively increases. In each case, the median topography is used, and elevations are for
fully isostatically relaxed ice-free conditions. The two hypsometric maxima in each panel
pertain to the preponderance of land situated at elevations of 0–500 m and ∼1000 m above

sea level (when rebounded for ice sheet loading) (O’Donnell and Nyblade, 2014).

sedimentary material around the margin by contourite currents, a higher fraction of biogenic

material, particularly near the Antarctic Peninsula (Barker , 1999), or a contribution from

other sources including Large Igneous Provinces such as the Kerguelen Plateau. We note also

that in Princess Elizabeth Land the modern-day bedrock topography is poorly constrained

and the landscape is artificially flat (Figure 7.1). Deeper subglacial topographic features in

Princess Elizabeth Land have recently been identified (Jamieson et al., 2016), indicating that

erosion is likely underestimated in this region.

Constraints on long-term changes in erosion and sedimentation rates from seismic sediment
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Figure 7.15: Minimum palaeotopographies for different time slices. (a) Minimum Antarctic
topography at the Eocene–Oligocene boundary (ca. 34 Ma). (b) Minimum Antarctic topog-
raphy at the Oligocene–Miocene boundary (ca. 23 Ma). (c) Minimum Antarctic topography
at the mid-Miocene climate transition (ca. 14 Ma). (d) Minimum Antarctic topography at
the mid-Pliocene (ca. 3.5 Ma). In each panel, elevations are given relative to present-day
mean sea level, and contoured at 1 km intervals. Note that in each panel elevations are for

fully isostatically relaxed ice-free conditions.

thickness, drill core, thermochronology and stratigraphic data (Table 7.2) show a broadly

consistent temporal pattern around the East Antarctic margin. These records indicate that

65–75% of the erosion and sedimentation between DML and the western Ross Sea occurred

prior to the mid-Miocene climate transition (ca. 14 Ma). By contrast, these proxies indicate

that in West Antarctica (between the Weddell Sea and eastern Ross Sea), sedimentation rates

were initially lower in the Oligocene and early Miocene, before accelerating after ca. 14 Ma

(Table 7.2). While spatial coverage of these records is patchy, and some local variability is
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Figure 7.16: Maximum palaeotopographies for different time slices. (a) Maximum Antarctic
topography at the Eocene–Oligocene boundary (ca. 34 Ma). (b) Maximum Antarctic topog-
raphy at the Oligocene–Miocene boundary (ca. 23 Ma). (c) Maximum Antarctic topography
at the mid-Miocene climate transition (ca. 14 Ma). (d) Maximum Antarctic topography at
the mid-Pliocene (ca. 3.5 Ma). In each panel, elevations are given relative to present-day
mean sea level, and contoured at 1 km intervals. Note that in each panel elevations are for

fully isostatically relaxed ice-free conditions.

observed, these broad patterns are consistently observed.

During the Oligocene, topographic change was largely dominated by subsidence in West

Antarctica and erosion around the East Antarctic margin (Figure 7.17). By the mid-Miocene

(ca. 14 Ma), East Antarctica’s topography was beginning to more closely resemble that of the

present-day. Overdeepenings had developed within the Wilkes and Aurora Subglacial Basins,

and the Lambert Graben was approaching a depth of 1 km below sea level. The TAM had
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become heavily dissected by deep subglacial troughs up to 2 km below sea level, and the peaks

had been uplifted by up to ∼600 m. Most of the WARS had subsided below sea level, other

than a few isolated islands (Figure 7.13). Prior to ca. 14 Ma, catchment-averaged erosion rates

were comparable in East and West Antarctica (Table 7.2). After ca. 14 Ma, average erosion

rates accelerated to >20 m/Myr in West Antarctica and around the Weddell Sea Embayment

(Table 7.2), leading to the formation of deep subglacial troughs (Figure 7.17). By contrast,

erosion rates after ca. 14 Ma dropped by approximately 50% to ∼10 m/Myr in East Antarc-

tica, with landscapes such as the GSM remaining almost unmodified since ca. 14 Ma. Due to

the relatively short interval of time, changes in elevation between 3.5 Ma and the present-day

are relatively minor (Figure 7.17).

One important caveat to note regarding the chronology of landscape change is that the rate

of erosion through time is often inferred from the rate of offshore sedimentation. This is

based on the assumption that long-term offshore sedimentation rates are a proxy for onshore

erosion rates. However, the offshore depositional record may have been modified by hiatuses

in sedimentation or erosional unconformities, which will cause this assumption to break down.

Moreover, it is possible that early glacial material was deposited on the continental shelf

proximal to the coast, and subsequently transported and redeposited in deeper water. As a

result, the apparent ‘depositional age’ of the sediment may be significantly younger in places

than the true age of erosion, which would lead to an unintentional bias towards more landscape

change having occurred more recently than in actuality. While our model cannot constrain

such an erosion pattern, we note the possibility that a greater proportion of the total amount

of erosion may have occurred during the early stages of glaciation than is assumed in our

reconstructions.
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Figure 7.17: Changes in bedrock elevation between time slices. In each panel, the difference
in elevation (moving forward in time) between successive time slices is shown; warm colours
denote uplift; cool colours denote subsidence. In each case, differences between median to-
pographies are taken. (a) Change in elevation between 34 Ma and 23 Ma. (b) Change in
elevation between 23 Ma and 14 Ma. (c) Change in elevation between 14 Ma and 3.5 Ma. (d)
Change in elevation between 3.5 Ma and 0 Ma. During the first 20 million years, topographic
change is largely dominated by subsidence in the West Antarctica and erosion around the East
Antarctic margin. After ca. 14 Ma, erosion and sedimentation accelerate in West Antarctica

and around the Weddell Sea Embayment, and decelerate in East Antarctica.
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7.6.2 Ice sheet sensitivity to topography

Our ice sheet models show strong sensitivity to the bedrock topography. As the topography

evolves from its ca. 34 Ma configuration to that of the present-day, the sensitivity of the ice

sheet to climate and ocean forcing systematically increases (Figure 7.18; Figure 7.19). The

volume of ice lost in response to a given CO2 forcing increases by 8–12 million km3 if the

modern topography is used as opposed to the ca. 34 Ma topography (Figure 7.20; Table 7.4),

which represents 25–40% of the total ice volume. By comparison, increasing atmospheric CO2

concentrations from 280 to 840 ppm for a fixed topography causes a ∼8 million km3 reduction

in ice volume, indicating that the AIS is as sensitive to the long-term evolution of topography

as it is to a three-fold increase in atmospheric pCO2 concentrations (Figure 7.20).

The largest differences in ice thickness and volume between topographies are almost entirely

within the EAIS (Figure 7.20), and are largely due to varying degrees of retreat into the low-

lying Wilkes, Aurora and Recovery subglacial basins (Figure 7.18; Figure 7.19; Figure 7.21).

The WAIS is almost entirely lost by increasing CO2 levels to 500 ppm, regardless of the

topography, although there is a small decrease in ice volume for the more recent topographies.

Both ice sheets are most sensitive to CO2 forcing at lower pCO2 values (Figure 7.22). The

difference in ice volume in models using the Eocene–Oligocene boundary topography and the

modern topography is equivalent to 20–25 m of sea level (Figure 7.23). We emphasise that

these ice volume and sea level values do not necessarily reflect those of a true past configuration

of the AIS, but instead highlight the sensitivity of ice sheet extent to the subglacial topography.

These results underline the importance of using an accurate reconstructed topography when

modelling AIS behaviour in the Oligocene and Miocene. The mid-Pliocene warm period is

commonly a focus of ice sheet modelling studies, as it a likely analogue for Earth’s climate

in the coming decades. Our results suggest that the mid-Pliocene topography does not differ

significantly from the modern topography (Figure 7.17), and does not result in significantly

different ice sheet behaviour compared to the modern topography (Figure 7.18; Table 7.4).

Using the mid-Pliocene topography as opposed to the modern topography results in a <3%

difference in ice volume under given climate conditions (Figure 7.20; Table 7.4). Adjusting

the topography for the effects of erosion and sedimentation since the mid-Pliocene is therefore

unlikely to be of fundamental importance for ice sheet modelling studies. We also note that

on these timescales, transient processes such as dynamic topography may have a relatively

larger influence on the evolution of subglacial topography and ice sheet sensitivity than glacial

erosion and sedimentation (Austermann et al., 2015).
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Figure 7.18: Ice sheet sensitivity to bedrock topography. Each panel shows the modelled surface elevation of an ice sheet for a particular bedrock
topography and climate forcing. The upper row (panels a, b, c, d, and e) shows an ice sheet grown under a colder climate (pCO2 = 280 ppm) on
the four median reconstructed palaeotopographies and the modern topography. The middle row (panels f, g, h, i, and j) shows the ice sheet elevation
following climate warming (pCO2 = 500 ppm). The lower row (panels k, l, m, n, and o) shows the ice sheet elevation following a further increase in

pCO2 to 840 ppm. Graticules are not labelled; lines of longitude are shown in 30° intervals; lines of latitude are shown in 5° intervals.
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Property Eocene–
Oligocene
boundary
(ca. 34
Ma)

Oligocene–
Miocene
boundary
(ca. 23
Ma)

mid-
Miocene
(ca. 14
Ma)

mid-
Pliocene
(ca. 3.5
Ma)

modern
(fully re-
bounded)

modern
(fully
loaded)

Bedmap2
(fully
loaded)

mean bed elevation (m) 865 793 734 672 656 74.8 92.8
median bed elevation (m) 876 804 751 705 692 74.5 84.0
interquartile range of bed elevation (m) 836 898 940 997 1021 872 858
land area above sea level (106 km2) 12.3 11.3 10.6 9.98 9.85 6.63 6.71
proportion of bed below sea level (%) 5.67 8.39 13.6 17.8 19.2 45.3 44.6
ice volume pCO2 = 280 ppm (106 km3) 32.05 28.28 25.90 24.18 24.11 n/a n/a
ice volume pCO2 = 500 ppm (106 km3) 27.06 23.06 19.79 17.62 17.56 n/a n/a
ice volume pCO2 = 840 ppm (106 km3) 24.98 22.15 18.71 14.35 14.00 n/a n/a
sea level equivalent pCO2 = 280 ppm (m) 74.9 65.2 59.2 54.4 53.8 n/a n/a
sea level equivalent pCO2 = 500 ppm (m) 66.3 56.9 49.4 44.0 43.6 n/a n/a
sea level equivalent pCO2 = 840 ppm (m) 61.5 54.9 46.9 36.5 35.6 n/a n/a

Table 7.4: Comparison of palaeotopography at different time slices, and the corresponding differences in modelled ice volume and sea level equivalent.
In each case, values pertain to the median topographies. Bedrock elevation statistics are also given for the updated modern topography presented in this
study (Figure 7.1) under ice-free (fully rebounded) and current glacial conditions (fully loaded). Bedrock elevation statistics from Bedmap2 (Fretwell
et al., 2013) are listed for comparison. Ice volume and sea level values do not necessarily those of a true past configuration of the AIS, but are instead

used to highlight the sensitivity of ice sheet extent to the subglacial topography (Figure 7.20).
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Figure 7.19: Ice sheet retreat into East Antarctic subglacial basins. Each panel shows the subglacial topography and modelled surface elevation of the
EAIS under warmer climate conditions (pCO2 = 500 ppm) for various topographic configurations. Each row shows modelled profiles of the EAIS on the
four median reconstructed palaeotopographies and the modern topography. Upper row (panels a, b, c, d, and e)—Recovery Basin; middle row (panels
f, g, h, i, and j)—Wilkes Subglacial Basin; lower row (panels k, l, m, n, and o)—Aurora Subglacial Basin. Note that floating ice shelves are removed
via hydrofracture, ice cliff failure and ocean warming. In some panels, small isolated ice caps have formed on bedrock ‘highs’ situated above sea level.
Profile locations A–A’, B–B’ and C–C’ are shown in Figure 7.18. The extent of EAIS retreat into these low-lying subglacial basins in a warmer climate

scenario (i.e. the sensitivity of the EAIS to CO2 forcing) progressively increases as the topography evolves towards its modern configuration.
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Figure 7.20: Sensitivity of modelled ice volume to bedrock topography. (a) Ice volumes for the colder climate (pCO2 = 280 ppm) simulations on the
different topographies. (b) Ice volumes for the warmer climate (pCO2 = 500 ppm) simulations on the different topographies. (c) Ice volumes for the
high CO2 (pCO2 = 840 ppm) simulations on the different topographies. Ice volumes are separated into EAIS and WAIS components and are calculated
for the median topographies. Error bars show the range in total ice volume for the minimum (lowest ice volume) and maximum (highest ice volume)
topographies. Abbreviations: EOB = Eocene–Oligocene boundary; OMB = Oligocene–Miocene boundary; MMCT = mid-Miocene climate transition;
MPWP = mid-Pliocene warm period. For the warmer climate runs, the difference in ice volume between the ca. 34 Ma topography and the modern
topography is ∼107 km3, most of which is from the EAIS. This indicates that the ice sheet, and in particular the EAIS, has become progressively more

sensitive to climate and ocean forcing as a result of landscape evolution processes.
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Figure 7.21: Difference in modelled ice thickness on different topographies. (a) Difference
in modelled ice thickness between the modern topography and the Eocene–Oligocene bound-
ary topography under the warmer climate (pCO2 = 500 ppm) conditions. (b) Difference in
modelled ice thickness between the modern topography and the Eocene–Oligocene bound-
ary topography under the high CO2 (pCO2 = 840 ppm) conditions. Positive values indicate
thicker ice on the modern topography; negative values indicate thicker ice on the Eocene–
Oligocene boundary topography. Abbreviations: ASB = Aurora Subglacial Basin; LG =

Lambert Graben; RB = Recovery Basin; WSB = Wilkes Subglacial Basin.
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Figure 7.22: Sensitivity of modelled ice volume to CO2 forcing on different topographies.
Each panel shows ice volumes for colder climate (pCO2 = 280 ppm), warmer climate (pCO2

= 500 ppm), and high CO2 (pCO2 = 840 ppm) simulations on a particular topography. (a)
Eocene–Oligocene boundary topography. (b) Oligocene–Miocene boundary topography. (c)
mid-Miocene topography. (d) mid-Pliocene topography. Ice volumes are separated into EAIS
and WAIS components and are calculated for the median topographies. Error bars show the
range in total ice volume for the minimum (lowest ice volume) and maximum (highest ice
volume) topographies. The width of the coloured bars is for display purposes, and does not
indicate a range of pCO2 values; each bar is centred on the corresponding pCO2 value. In each
instance, the reduction in ice volume is larger when pCO2 is increased from 280 to 500 ppm
than when pCO2 is increased from 500 to 840 ppm. This indicates that ice sheet sensitivity

to CO2 forcing progressively decreases as pCO2 is increased.
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Figure 7.23: Differences in sea level equivalent for modelled ice volumes on different bedrock
topographies. (a) Sea level anomaly for the pCO2 = 500 ppm simulations on different topogra-
phies. (b) Sea level anomaly for the pCO2 = 840 ppm simulations on different topographies.
The sea level anomaly represents the equivalent sea level rise caused by the reduction of ice
volume on each topography relative to the Eocene–Oligocene boundary topography. The ref-
erence sea level is assumed to be present-day sea level in each case. Sea level equivalents are
separated into EAIS and WAIS components and are calculated for the median topographies.
Abbreviations: EOB = Eocene–Oligocene boundary; OMB = Oligocene–Miocene boundary;

MMCT = mid-Miocene climate transition; MPWP = mid-Pliocene warm period.

7.7 Discussion

7.7.1 Independent constraints on post-Eocene landscape evolution

Although onshore constraints on palaeo-elevations and/or surface displacements across Antarc-

tica are sparse, they can be used to validate aspects of our reconstruction process (Table 7.5).

At DSDP Site 270 in the Ross Sea (Figure 7.5), an Eocene–Oligocene terrestrial palaeosol is

situated above basement gneiss at ∼1000 m below sea level (Hayes et al., 1975). This da-

tum was used to constrain the models of thermal subsidence within the WARS (Wilson and

Luyendyk , 2009; Wilson et al., 2012) that were used in this study. Our median reconstruction

places this site at 80 m above sea level at the Eocene–Oligocene boundary (Figure 7.13). The

palaeosol is overlain by quartz sand and glauconitic greensand, which are dated at ca. 26±1.5

Ma and interpreted as having been deposited in a near-shore or shallow marine environment

(De Santis et al., 1999; Hayes et al., 1975; Leckie and Webb, 1983). These sands are in turn

overlain by an extensive sequence of glaciomarine sediments, indicative of a marine transgres-

sion and glacial expansion (Leckie and Webb, 1983). Our median reconstruction indicates that
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this site subsided below sea level at ca. 28 Ma, which is in good agreement with the observed

stratigraphy. In our minimum reconstruction (Figure 7.15), the site is already below sea level

at the Eocene–Oligocene boundary, whereas in our maximum reconstruction (Figure 7.16),

the site does not subside below sea level until ca. 21 Ma. This highlights the conservative

nature of our minimum and maximum reconstructions.

On the Fisher Massif in the Prince Charles Mountains (Figure 7.1), post-Eocene fjordal sed-

iments of the Pagodroma Group deposited close to sea level are now exposed at up to 1.5

km above present-day sea level (Hambrey and McKelvey , 2000; Whitehead et al., 2003). Our

erosion and flexure models suggest that up to 3 km of glacial excavation within the Lam-

bert Graben has driven up to 1.4 km of flexural uplift along the graben flanks (Figure 7.8b),

which is within 100 m of the elevation of the oldest Pagodroma Group sediments. More-

over, the age of Pagodroma Group deposits increases systematically with increasing elevation,

with Oligocene sediments exposed at the highest elevations and Pleistocene sediments closest

to present-day sea level (White, 2013). Combined with thermochronology data (Thomson

et al., 2013; Tochilin et al., 2012), these observations indicate a period of enhanced denuda-

tion in Oligocene and early Miocene times, and that flexural uplift has occurred throughout

the Cenozoic and contemporaneous with fjordal sedimentation, giving rise to the observed

apparent ‘inverted stratigraphy’. We also note that matching this observational constraint is

only possible if a relatively low (compared to other parts of East Antarctica) effective elastic

thickness of 20 km is assumed for the East Antarctic Rift System.

Shallow marine sediments are also observed onshore at Marine Plain in the Vestfold Hills of

East Antarctica (Figure 7.1; Table 7.5). Sediments of the Pliocene Sørsdal Formation (ca.

4.5–4.0 Ma) were deposited in shallow / intertidal waters and are now situated 15–25 m above

sea level (Pickard et al., 1988; Quilty et al., 2000). This site was situated within 10 m of sea

level at 4 Ma in each of our reconstruction scenarios, and experienced ∼20 m of uplift between

4 Ma and the present-day, which is in good agreement with the geological observations.

In the TAM, deep subglacial troughs are presently situated beneath large outlet glaciers such

as Beardmore, Nimrod, Shackleton and Byrd. Palaeo-drainage and geomorphological evidence

indicates that these deep troughs exploited pre-existing river valleys that were cut close to sea

level (Huerta, 2007; Webb, 1994). In our ca. 34 Ma reconstruction, these valley systems were

all situated between 0 and 500 m above sea level. Consequently, there were fewer drainage

pathways that cut through the TAM; pre-glacial rivers systems likely radiated from a central

TAM drainage divide, with some draining into the Ross Sea, and others into the Wilkes
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Subglacial Basin and towards George V Land (Figure 7.24). Subsequent overdeepening of

through-cutting troughs has allowed the interior of the EAIS to drain largely through the

TAM (Paxman et al., 2019a).

Figure 7.24: Drainage network on the modern and ca. 34 Ma topographies. (a) Fluvial
hydrological network on the modern bedrock topography (after rebounding for ice sheet load-
ing). Blue lines indicate major river systems; red lines denote drainage basins. (b) Fluvial
hydrological network on the ca. 34 Ma topography. Blue lines indicate major river systems;
red lines denote drainage basins. Although the two topographies exhibit a similar fluvial net-
work to first order, there are several differences. The drainage divide along the Transantarctic
Mountains is closer to the Ross Sea at ca. 34 Ma, since the large glacial troughs that char-
acterise the mountain range today had not yet been incised. A clearer drainage divide across
the centre of the WARS also existed at ca. 34 Ma. The drainage systems also indicate that
material from the Gamburtsev Subglacial Mountains was routed either through the Lambert
Graben into Prydz Bay or through the Pensacola-Pole Basin into the Weddell Sea at ca. 34
Ma, whereas the modern topography implied that river systems from the GSM may have also
drained through the Wilkes Subglacial Basin. We note that several river systems in panel b
are artificially linear, due to the smooth nature of the reconstruction and local interior to-
pographic depressions within the Wilkes and Aurora Subglacial Basins, which are artificially

‘infilled’ when calculating the fluvial network.

The present-day elevation of a subaerially erupted lava flow in the Royal Society Range in

the TAM (Figure 7.1) indicates that there has been no more than 67 m of uplift at this site

since 7.8 Ma (Sugden et al., 1999). Assuming a linear rate of erosion and uplift between the

mid-Miocene and mid-Pliocene, our uplift model predicts ∼70±20 m of uplift at this site since

7.8 Ma, which is in good agreement with the geological evidence. Cinder-cone deposits in

the Dry Valleys are also indicative of minimal surface uplift since the Pliocene (Wilch et al.,

1993). Moreover, geomorphological evidence such as preserved ashfall deposits and rectilinear

slopes add qualitative support to the scenario in which this part of the TAM has experienced
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relatively minimal erosion and uplift since ca. 14 Ma (Marchant et al., 1993; Sugden et al.,

1995).

Mountains on the margin of the Weddell Sea Embayment, such as the Shackleton Range and

Ellsworth Mountains, have experienced up to 1 km of uplift since ca. 34 Ma due to flexure in

response to erosional unloading within adjacent glacial troughs. The modelled pattern of uplift

is supported by subaerial geomorphology, thermochronology, and cosmogenic nuclide dating

evidence in the Shackleton Range (Krohne et al., 2016; Paxman et al., 2017; Sugden et al.,

2014). In addition, thermochronological data from the Ellsworth Mountains indicate that at

least 1.8 km of relief was present prior to the glaciation (Fitzgerald and Stump, 1992); Mt.

Vinson stands ∼2 km above the floor of the Rutford trough in our ca. 34 Ma reconstruction.

Our erosion estimate shows relatively little incision across large areas within the interior of

East Antarctica such as DML and the GSM (Figure 7.8), supporting the findings of earlier

ice sheet-erosion modelling studies (Jamieson et al., 2010). Offshore sediment records indicate

that relatively little sediment has been delivered to the continental shelf in DML since ca. 34

Ma, with uplift and backwearing of the escarpment dating from Jurassic times (Eagles et al.,

2018). Geomorphological mapping of western DML reveals an alpine glacial landscape, which

likely formed during the early stages of continental glaciation and has remained relatively

unmodified for millions of years (Chang et al., 2015). A similar landscape is preserved in

the GSM (Rose et al., 2013), where our erosion estimates are indicative of long-term average

erosion rates on the order of 10–20 m/Myr since at least 34 Ma, which are in good agreement

with results from detrital thermochronology based on sediments in Prydz Bay (Cox et al.,

2010; Tochilin et al., 2012; van de Flierdt et al., 2008).

An ice core from Berkner Island, an ice rise within the RFIS grounded on a shallow seabed

plateau in the Weddell Sea, revealed that the ice is underlain by well-sorted, quartz-rich

sands, which are interpreted as aeolian in origin but of unknown age (Mulvaney et al., 2007).

The implication is that Berkner Island was situated above sea level when these sands were

deposited. In our median reconstruction, the ice core location (Figure 7.1) is situated 70 m

below sea level at ca. 34 Ma. Our median model suggests that as the adjacent Filchner Trough

was eroded, Berkner Island was isostatically uplifted, and consequently reached sea level at ca.

12 Ma. If the modern ice load were to be removed, the core location would be ∼100 m above

sea level at the present-day. Our median reconstruction therefore suggests that these aeolian

sands were most likely transported after ca. 12 Ma, during an interval in which the core site

was free of ice. However, our minimum scenario suggests that the core site was situated above
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sea level since the Eocene–Oligocene boundary, and our maximum scenario the site emerged

above sea level at ca. 6 Ma. Without an age constraint for these aeolian sands, the topographic

evolution of Berkner Island remains unclear.



C
h

ap
te

r
7.

R
ec

o
n

st
ru

ct
io

n
s

o
f

pa
st

A
n

ta
rc

ti
c

to
po

gr
a
p
h
y

a
n

d
ic

e
sh

ee
t

be
h
a
vi

o
u

r
2
2
4

Location Description and reference(s) Constraint Relevant time
slice(s)

1. DSDP Site 270, Ross
Sea (178.5°W, 77.4°S)

Palaeosol overlain by early Oligocene quartz sands
and glauconitic sands (De Santis et al., 1999; Hayes
et al., 1975; Leckie and Webb, 1983)

Area was terrestrial at ca. 34 Ma
and subsided beneath sea level at ca.
26±1.5 Ma

ca. 34 Ma; ca. 23 Ma

2. Royal Society Range
and McMurdo Dry Val-
leys

Subaerial lava flow, in situ volcanic ash deposits
and rectilinear slopes (Marchant et al., 1993; Sug-
den et al., 1999; Wilch et al., 1993)

<67 m of surface uplift since 7.79
Ma; relatively minimal erosion and
uplift since ca. 14 Ma

ca. 14 Ma; ca. 3.5
Ma

3. Central Transantarc-
tic Mountains

Inherited fluvial valleys systems and palaeo-
drainage network (Huerta, 2007; Webb, 1994)

Valleys were situated above sea level
and possibly cut close to base level

ca. 34 Ma

4. Ellsworth Mountains Apatite fission track data from Mt. Vinson
(Fitzgerald and Stump, 1991, 1992)

>1.8 km of relief existed prior to the
Cenozoic

ca. 34 Ma

5. Berkner Island
(45.7°W, 79.5°S)

Sediments sampled at the base of the Berkner Is-
land ice core (Mulvaney et al., 2007)

Aeolian sands indicative of trans-
port above sea level

Unknown

6. Shackleton Range Tilted bedrock plateau surfaces in the Shackleton
Range (Paxman et al., 2017)

Plateaux elevation and tilt constrain
the magnitude and distribution of
glacial erosion and flexure

ca. 34 Ma

7. Fisher Massif, Prince
Charles Mountains
(67.7°W, 72.3°S)

Pagodroma Group fjordal sediments deposited
close to sea level currently situated up to 1.5 km
above sea level (Hambrey and McKelvey , 2000;
Hambrey et al., 2007; White, 2013)

Up to 1.5 km of flexural uplift since
ca. 34 Ma

ca. 34 Ma; ca. 23
Ma; ca. 14 Ma

8. ODP core site 188-
1166A, Prydz Bay

Detrital thermochronology from offshore sediments
of Cretaceous to Quaternary age (Cox et al., 2010;
Thomson et al., 2013; Tochilin et al., 2012; van de
Flierdt et al., 2008)

Acceleration of erosion rates in the
early Oligocene and deceleration in
the late Miocene; ∼2.5 km of glacial
incision in the Lambert Graben

ca. 34 Ma; ca. 23
Ma; ca. 14 Ma

9. Marine Plain,
Vestfold Hills (78.0°E,
68.6°S)

Pliocene Sørsdal Formation comprising glacioma-
rine sediments deposited in shallow / intertidal wa-
ters now exposed 15–25 m above sea level (Pickard
et al., 1988; Quilty et al., 2000)

Site was at or just below sea level at
ca. 4.5–4 Ma, and was subsequently
uplifted to its present-day elevation

ca. 3.5 Ma

10. Wilkes Subglacial
Basin

Subglacial geomorphology and offshore palynolog-
ical records (Paxman et al., 2018; Sangiorgi et al.,
2018)

Area was at or just above sea level,
characterised by low-lying vegetated
coastal plains

ca. 34 Ma; ca. 23 Ma

Table 7.5: Geological data used to constrain the landscape evolution of Antarctica. Each constraint is numbered according to its location (Figure 7.1).
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7.7.2 Comparison with other topographies

In our median Eocene–Oligocene boundary topography, much of West Antarctica is up to 500

m lower than the maximum topography of Wilson et al. (2012) (Figure 7.25). This is largely

because we required a lower average thickness of eroded material to match constraints from

updated offshore sediment records. We therefore do not produce such a substantial upland

feature in West Antarctica. The total land area above sea level in our median ca. 34 Ma

reconstruction (12.3×106 km2) is close to that of the minimum topography of Wilson et al.

(2012) (12.7×106 km2). In East Antarctica, we find that differences are more subtle and

shorter in wavelength (Figure 7.25). These differences likely reflect the improved present-day

bedrock DEM due to recent acquisition of significant amounts of bedrock elevation data, and

improved offshore sediment thickness maps, both of which yield improved resolution in the

reconstructed topographies.

Topographies for ca. 23 Ma and ca. 14 Ma were previously produced using a simple linear

interpolation between the Wilson et al. (2012) topography and the present-day (Gasson et al.,

2016b). However, our model accounts for more complex temporal and spatial variability in

erosion, sedimentation, thermal subsidence and isostasy. There are therefore differences be-

tween our ca. 23 Ma and ca. 14 Ma topographies and those of Gasson et al. (2016b). For

instance, our model indicates that thermal subsidence in the WARS followed an exponential

decay, such that ∼44% of the total post-34 Ma subsidence had occurred by ca. 23 Ma (as

opposed to ∼32% assumed in the linear interpolation scheme of Gasson et al. (2016b)). More-

over, the rate of East Antarctic erosion decreases by ∼50% after ca. 14 Ma in our model,

whereas West Antarctic erosion rates approximately double after the mid-Miocene. The result

is that central West Antarctica is on average ∼300 m lower at ca. 23 Ma in our scenario than

in that of Gasson et al. (2016b) (Figure 7.25). Low-lying East Antarctic basins such as Wilkes

and Aurora are also ∼200 m lower in our model at this time (Figure 7.25). By ca. 14 Ma, the

differences are more subtle, with the most significant differences located around the Weddell

Sea, which may in part reflect the increased coverage of modern bedrock elevation data in this

vicinity (Figure 7.2).
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Figure 7.25: Differences between the median palaeotopography presented in this study and
previous reconstructions of Antarctic topography. (a) Difference between Eocene–Oligocene
boundary (ca. 34 Ma) topography in this study and Wilson et al. (2012). Differences in eleva-
tion are given relative to this study. Note the short wavelength differences in East Antarctica,
reflecting the higher resolution used in this study, and that much of West Antarctica is up
to 500 m lower at ca. 34 Ma in this study than in Wilson et al. (2012). (b) Difference be-
tween Oligocene–Miocene (ca. 23 Ma) topography in this study and Gasson et al. (2016b).
(c) Difference between mid-Miocene (ca. 14 Ma) topography in this study and Gasson et al.
(2016b). These more recent topographies were determined using a simple linear interpolation
between the ca. 34 Ma reconstruction of Wilson et al. (2012) and the present-day topography
(Gasson et al., 2016b). The Gasson et al. (2016b) mid-Miocene topography is calculated at
15 Ma, as opposed to our topography, which is calculated at 14 Ma, although any changes
between 15 and 14 Ma are comparatively minor. (d) Difference in elevation between the ca.
34 Ma topography in this study and the modern topography (Figure 7.1), illustrating the total

elevation change since glacial inception.
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7.7.3 Implications for Antarctic glacial history

The evolution of Antarctica’s subglacial topography, as reconstructed in the study, raises a

number of implications for the past behaviour of the AIS. The ca. 34 Ma topography has

significantly less area below sea level and much shallower marine basins than the modern

topography (Figure 7.14; Table 7.4). Our modelling results show that as a consequence the

early Antarctic ice sheets would have been less sensitive to climate and ocean forcing and less

vulnerable to rapid and irreversible changes associated with marine ice sheet instability, since

areas of reverse-sloping marine bed were less extensive and less steep (Figure 7.18; Figure 7.20).

As the topography evolves towards a configuration closer to that of the present-day, the AIS

becomes progressively more sensitive to climate and ocean forcing, because the reverse slopes

develop and marine basins deepen, with the resulting extra loss of ice volume largely focussed

in the low-lying subglacial basins of East Antarctica (Figure 7.19; Figure 7.20). The increased

degree of retreat is largely the result of the erosion and overdeepening of the bed by the

EAIS since ca. 34 Ma, leading to the formation of deeper more extensive marine basins, and

indicating that ice sheets are potentially ‘victims of their own success’.

We note that the amount of retreat is to an extent influenced by the particular physics of the

ice sheet model. The simulations presented in Figure 7.18 incorporate hydrofracture and ice

cliff failure (Pollard et al., 2015), although recent studies indicate that these mechanisms may

render the ice sheet overly sensitive to climate and ocean forcing and result in unrealistically

large amounts of retreat (Edwards et al., 2019). However, we re-emphasise that the purpose

of the simulations presented here is not to reproduce ‘real’ ice sheet configurations for any

particular time interval, but simply to quantify the sensitivity of AIS extent, thickness and

volume to the evolving bedrock topography.

These new topographies also have important implications for modelling long-term changes in

palaeoclimate, ice sheets, and sea level. For example, benthic oxygen isotope records suggest

that larger CO2 changes were required to induce changes in ice volume during the Miocene than

for the late Pleistocene (Greenop et al., 2014), which we suggest at least in part reflects a lower

sensitivity to CO2 forcing in the Miocene due to the difference in topography (Figure 7.20).

Use of relevant palaeotopographies will also be important when attempting to more accurately

quantify variations in Antarctica’s ice volume and sea level contributions during past climate

transitions at ca. 34, 23, and 14 Ma, and thereby deconvolve ice volume and ocean temperature

contributions from geochemical proxies such as benthic oxygen isotope records (Anagnostou

et al., 2016; Lear et al., 2015).
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Our reconstructions suggest that the early EAIS would have been unable to flow from the

interior of East Antarctica through the TAM and into the Ross Sea, because the deep through-

cutting subglacial troughs did not exist at the Eocene–Oligocene boundary (Figure 7.13).

Stratigraphic evidence from DSDP Site 270 indicates that marine-based ice began to form in

the Ross Sea at ca. 25–24 Ma (De Santis et al., 1999; Leckie and Webb, 1983). Our topographic

reconstructions indicate that by ca. 23 Ma, several of the troughs within the TAM had likely

become deep enough to facilitate inland retreat of the drainage divide (Figure 7.24), allowing

the EAIS to breach the TAM and drain into the Ross Sea.

The incision of deep troughs transverse to the continental margin in East Antarctica during the

Oligocene and early Miocene (Figure 7.17) is indicative of a dynamic and erosive EAIS during

this interval. After ca. 14 Ma, erosion rates appear to have decelerated markedly (Figure 7.17).

This change may have been climatically controlled, but may also reflect the depth of some of

the troughs reaching a critical threshold whereby the ice sheet was no longer able to avoid

flotation, and the rate of erosion declined. Such a scenario has been hypothesised for the

Lambert Graben, which has been overdeepened to the extent that ice is unable to ground

and advance onto the outer shelf without a significant increase in ice thickness, inhibiting

significant further erosion (Taylor et al., 2004).

By contrast, West Antarctica witnessed an increase in erosion rates after the mid-Miocene

(Figure 7.17). This may be indicative of the presence of more erosive, fluctuating ice sheets

in West Antarctica after ca. 14 Ma. The contrasting landscape and ice sheet histories of East

and West Antarctica also have implications for marine ice sheet instability, whereby ice sheets

grounded on inland-dipping bed below sea level can be subject to rapid and self-sustained

retreat, a process thought to be particularly pertinent to the modern WAIS (Joughin and

Alley , 2011; Mercer , 1978; Vaughan et al., 2011). However, the implication of the landscape

evolution scenario in this study is that prior to ca. 14 Ma, marine ice sheet ice sheet instability

was most pertinent to the East Antarctic margin. After ca. 14 Ma, as West Antarctica had

subsided below sea level and the bed began to be increasingly overdeepened by glacial erosion,

marine ice sheet instability would have become increasingly important in West Antarctica.

7.8 Conclusions

In this study, we have reconstructed Antarctic palaeotopography at four time intervals since

the Eocene–Oligocene boundary (ca. 34 Ma), and modelled the influence of topography on ice
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sheet behaviour. We conclude the following:

1. Our ca. 34 Ma topography contains a land area above sea level of 12.3×106 km2, which

is ∼25% greater than that of the present-day topography. The most significant changes

in elevation in East Antarctica have occurred within and adjacent to the deep subglacial

troughs close to the modern ice margin, some of which have been eroded by >2 km.

The low-lying Wilkes, Aurora and Recovery subglacial basins, which are thought to be

particularly vulnerable to ice sheet retreat at the present-day, were situated at 0–500 m

above sea level at ca. 34 Ma. Much of the WARS was situated up to 500 m above sea

level, and has subsequently decreased in elevation due to thermal subsidence and glacial

erosion.

2. Constraints from offshore sediment records, geomorphology, and geological datasets in-

dicate that long-term catchment-averaged erosion rates are on the order 10–20 m/Myr.

Erosion rates in East Antarctica decreased by ∼50% after the mid-Miocene (ca. 14 Ma),

whereas in West Antarctica, erosion rates approximately doubled after ca. 14 Ma. This

implies that glaciers around the margin of East Antarctica would have become vulnerable

to marine ice sheet instability sooner than those in West Antarctica.

3. Ice sheet models indicate that the AIS has become progressively more sensitive to climate

and ocean forcing over time as a result of landscape evolution processes, particularly in

the vicinity of deep near-coastal subglacial basins around the margin of East Antarctica.

For a given CO2 forcing, changing the topography from its ca. 34 Ma configuration to

that of the present-day results in the loss of 8–12 million km3 of ice, which is equivalent

to 20–25 m of sea level.

4. Our new palaeotopographies provide an important boundary condition for models seek-

ing to understand past behaviour of the AIS, and the implications for changes in global

ice volume, temperature, and sea level across major climate transitions of the Cenozoic.

7.9 Summary

This chapter has synthesised the findings of, and expanded the workflow developed in, Chapters

3–6 on a continental scale to develop a suite of new palaeotopographies for Antarctica since

glacial inception at ca. 34 Ma. Ice sheet models demonstrate that the response of the ice sheet

to CO2 forcing is highly sensitive to the bedrock topography, and indicate that the Antarctic
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Ice Sheet has become progressively more sensitive to climate and ocean forcing over time as

a result of landscape evolution processes. These new palaeotopographies raise a number of

implications for the behaviour of past Antarctic ice sheets, and provide a new resource for the

community of ice sheet and climate modellers aiming to better understand past Antarctic Ice

Sheet dynamics, as well as changes in global ice volume, temperature, and sea level since the

Eocene.



Chapter 8

Conclusions

It’s a grand thing, to get leave to live.

Nan Shepherd
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The aim of this research was to understand the long-term landscape evolution of Antarctica

and the relationship between subglacial topography and ice sheet behaviour. A series of research

questions and objectives was outlined in Chapter 1 in order to address this aim. The research

objectives (ROs) were:

RO1 Identify appropriate study areas that can be used to address the research questions.

RO2 Identify new and existing geological constraints that can be used to evaluate models of

landscape evolution.

RO3 Develop a modelling framework to test existing (and often contrasting) hypotheses for

the evolution of Antarctic topography at a regional scale.

RO4 Characterise the subglacial geomorphology and geology to assess the processes responsi-

ble for the formation of the modern-day subglacial landscape, and in turn the dynamics

and extent of past Antarctic ice sheets.

RO5 Develop a workflow for reconstructing topographic change through time, and assess the

influence of this topographic change on ice sheet extent and behaviour.

RO6 Establish the influence of subglacial topography on ice sheet behaviour through time,

and vice versa, by synthesising the findings of this thesis.

This thesis has identified knowledge gaps in the literature and specific needs of the ice sheet

modelling community (Chapter 2). Three study areas were identified based on their im-

portance to the stability of the East Antarctic Ice Sheet (EAIS) and availability of recently

acquired geophysical datasets and testable hypotheses (Chapter 2).

In Chapter 3, 3D flexural modelling of erosional and mechanical unloading was used to test

previously proposed hypotheses for the uplift of the Shackleton Range in the Recovery catch-

ment, demonstrating the importance of both processes in forming the present-day topography.

In Chapter 4, radar data were used to quantify the geomorphometry of the Wilkes Subglacial

Basin, revealing for the first time extensive subglacial plateau surfaces that constrain the na-

ture of the pre-glacial landscape and may play an important role in the future dynamics of the

overlying ice sheet. In Chapter 5, constraints from subglacial geomorphology were combined

with 3D flexural modelling to assess the role of lithospheric flexure in the evolution of the

Wilkes Subglacial Basin and adjacent Transantarctic Mountains, and to develop a model of

glacial landscape evolution in this region. In Chapter 6, radar data were combined with gravity
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and magnetic anomalies to characterise for the first time a recently discovered subglacial basin

close to South Pole. Geophysical modelling was used to demonstrate that a Palaeozoic sedi-

mentary succession is preserved within the basin, and to highlight a potential interrelationship

between underlying geological structure, glacial erosion and ice sheet dynamics.

The findings of Chapters 3, 4, 5 and 6 have been synthesised and expanded to a continental

scale to develop new reconstructions of Antarctic-wide topography at key climate transitions

since glacial inception (Chapter 7). The results have enabled unique insights into the long-term

evolution of Antarctica’s subglacial landscape, and the implications for the changing dynamics

of the Antarctic Ice Sheet (AIS). Ice sheet models incorporating the newly reconstructed

topographies demonstrate that subglacial topography exerts a fundamental control on ice sheet

behaviour, and imply that the AIS has become progressively more sensitive to climate and

ocean forcing as a result of landscape evolution processes (Chapter 7). These new topographies

are the key output of this thesis, provide a readily available resource for the ice sheet modelling

community, and will facilitate increased understanding of the dynamics of past Antarctic ice

sheets, and in turn engender increased confidence in future sea level change predictions.

In this concluding chapter, section 8.1 summarises the key findings of this thesis in relation

to the research questions outlined in Chapter 1, and section 8.2 then discusses prospective

directions for future research.

8.1 Summary of findings

The research presented in this thesis was largely based on understanding the regional-scale

interactions between topography and ice sheet behaviour in the Recovery catchment, Wilkes

Subglacial Basin (WSB), and Pensacola-Pole Basin (PPB) in East Antarctica. These regional

case studies offered the unique opportunity to utilise recently acquired geophysical datasets

to constrain the processes involved in their long-term landscape evolution, and to develop a

methodology to reconstruct changes in bedrock topography through time (RO1 ). The findings

of, and the methodology developed in, these regional studies were then expanded to a conti-

nental scale to produce a suite of new continental reconstructions of Antarctic topography at

a series of past climate intervals. This section revisits each of the research questions (RQs)

presented in section 1.2 and outlines the key findings of this thesis.
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8.1.1 RQ1: What are the relative contributions of tectonics and erosion to

the evolution of the subglacial landscape across Antarctica?

The relative contributions of tectonics and erosion were assessed in each of the three study

regions in this thesis. The Recovery catchment was identified as an ideal region to quan-

tify tectonic and erosion-driven uplift (RO1 ), owing to the presence of geomorphological and

thermochronological constraint data (RO2 ) and recently acquired radar and gravity datasets.

The Shackleton Range had also been the subject of a previously published hypothesis that

glacial erosion was the dominant driver of mountain uplift (via the regional isostatic response

to focussed removal of material from glacial troughs) (Sugden et al., 2014). A workflow was

developed to model the flexural uplift and tilting of the Shackleton Range and Theron Moun-

tains, and thereby test this hypothesis. The modelling results showed that erosional unloading

driven by glacial erosion and mechanical unloading driven by normal faulting each contributed

∼40–50% of the total uplift of the mountain ranges (RO3 ). This chapter also demonstrated

that the locations of the major ice streams in the Recovery catchment (Recovery, Slessor and

Bailey) are controlled by the inherited tectonic structure (Figure 8.1) and pre-glacial topog-

raphy.

In Chapter 5, it was demonstrated that flexure associated with erosional unloading has driven

up to 1 km of uplift in the Transantarctic Mountains, and ∼300 m in the WSB. While the large-

scale topography of this region is likely primarily governed by the inherited tectonic structure

of the basin and mechanical uplift along the eastern and western margins, the role of erosion

within the WSB is of significant importance. Bedrock plateau surfaces within the northern

WSB (Figure 8.1) are interpreted as the remnants of low-lying near-coastal plains that existed

prior to and/or during the early stages of EAIS development (Chapter 4); offshore palynology

records lend independent support to a palaeoenvironment of this nature (Sangiorgi et al., 2018).

Moreover, topographic reconstructions constrained using offshore sediment records show that

the basin was at or close to sea level prior to ice sheet inception (Chapter 5). Glacial erosion

has driven up to 2 km of overdeepening within the troughs in the northern WSB (Figure 8.1),

which ice sheet models indicate has rendered the overlying EAIS more sensitive to climate and

ocean forcing (Chapter 7).

In Chapter 6, gravity and magnetic modelling were used to characterise the subglacial geology

and geomorphology of the PPB (Figure 8.1). The results indicate that the basin is a long-lived

tectonically-controlled feature, and that the inherited tectonic structure has exerted a long-

term influence on the dynamics of the EAIS and evolution of the subglacial landscape. For
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Figure 8.1: Summary of regions and topographic features studied in this thesis. Bed eleva-
tions and bathymetry are from the Bedmap2 dataset (Fretwell et al., 2013). Elevations are in
metres above mean sea level (m.a.s.l.) and contoured at 1000 m intervals. Major geographi-
cal and topographical features are labelled. The dark lines around the edge of the continent
denote the modern grounding line (thinner line) and ice shelf calving front (thicker line).
Coloured boxes highlight the regions studied in this thesis, and major bedrock topographic
features within these regions are marked. Recovery catchment (Chapter 3; blue box): blue
lines = fault systems; blue star = Shackleton Range. Wilkes Subglacial Basin (Chapters 4
and 5; magenta box): black lines = sub-basins; dashed magenta lines = outline of bedrock
plateau surfaces. Pensacola-Pole Basin (Chapter 6); red box: red line = basin outline; black

lines = graben-like features.

example, the eastern and southern margins of the basin are superimposed on a major geological

boundary, which appears to have been subsequently exploited by the EAIS to produce a series

of overdeepened graben-like features (Figure 8.1).

Compared to glacial erosion, the timing of tectonic activity in Antarctica is often poorly

constrained. Interpretations of geophysical and thermochronological data indicate that many

of the fault systems within Antarctica date back to ancient Proterozoic or Palaeozoic orogenic

events or Gondwana break-up in the Mesozoic (e.g. Aitken et al., 2014; Ferraccioli et al., 2011),
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and therefore pre-date the onset of glaciation. However, more recent intraplate tectonic activity

(Cianfarra and Salvini , 2016) cannot be precluded with the available data. The findings of

this thesis highlight the close relationship between tectonic structure and erosional pathways

in Antarctica, with outlet glaciers often selectively eroding along linear fault systems and/or

inherited tectonically-controlled valleys.

8.1.2 RQ2: To what extent does the subglacial landscape record processes

that occurred prior to, and during the early stages of, glaciation?

Bedrock plateau surfaces exposed above the ice sheet in the Shackleton Range (Chapter 3),

and observed beneath the ice using radio-echo sounding in the WSB (Chapter 4), are inconsis-

tent with having been formed under glacial conditions (RO4 ). These surfaces instead record

erosional processes that took place in the absence of ice, either prior to continental glacia-

tion or during a subsequent interglacial period. Similar flat surfaces are also observed around

much of the Antarctic margin (LeMasurier and Landis, 1996; Näslund , 2001; Rose et al., 2015;

White, 2013; Wilson and Luyendyk , 2006), and many of these surfaces are likely unmodified

remnants of Gondwanan fluvial peneplains (Sugden and Jamieson, 2018).

The WSB and PPB also contain deep troughs which were likely subject to enhanced subglacial

erosion, but are inconsistent with the flow regime of the present-day ice sheet; they are often

situated beneath slow-moving (<10 m/yr) ice (Chapters 5 and 6). The time at which these

troughs were incised is unclear, although relative glacial erosion rates can be inferred from

offshore sediment records (Chapter 5). The troughs are situated up to 800 km inland of the

modern grounding line (Figure 8.1). Since glacial erosion tends to predominate close to the ice

margin, this implies that the troughs were probably overdeepened beneath an ice sheet with

a more restricted extent than that of the present-day ice sheet (RO4 ).

Other aspects of the subglacial landscape are more consistent with having formed beneath an

ice sheet similar to that of today. The topography of the Recovery catchment mirrors the

regional velocity field of the EAIS; the fast-flowing (>100 m/yr) Recovery, Slessor and Bailey

ice streams are strongly topographically confined within subglacial troughs up to 2.5 km below

sea level (Chapter 3). The emergence of the Shackleton Range (Figure 8.1) from beneath the

EAIS ca. three million years ago (Sugden et al., 2014) implies that subglacial erosion and

associated isostatic uplift continued throughout the Neogene and up to the present-day.
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The ‘age’ of the subglacial landscape therefore varies significantly across Antarctica. This

highlights the ability of continental ice sheets to simultaneously incise deep troughs beneath

fast-flowing warm-based ice and preserve adjacent terrain almost unmodified beneath cold-

based ice. This bimodal behaviour of the ice—referred to as ‘selective linear erosion’ (Sugden

and John, 1976)—is a driver of the significant topographic relief that exists in Antarctica

today.

8.1.3 RQ3: How has the rate of landscape evolution varied over time, and

how does this relate to ice sheet dynamics?

Chapter 5 presented a simple workflow for assessing the long-term rate of sedimentation on the

continental shelf beyond the WSB as a proxy for onshore erosion rates. The findings implied

that deposition rates were approximately twice as fast between 34 and 14 Ma as they were

after ca. 14 Ma. Assuming that deposition rates reflect changes in source-area erosion rates,

this chronology was used to construct a temporal model of the evolution of the subglacial

landscape of the WSB and Transantarctic Mountains (RO5 ).

Chapter 7 expanded this methodology to a continental scale by examining offshore sediment

records from ten catchments across Antarctica, and combining these records with terrestrial

constraints, such as Oligocene–Neogene sediments, thermochronology, palaeo-sea level mark-

ers, and geomorphological observations. This integration of offshore and onshore constraints

revealed that erosion rates across much of East Antarctica experienced a marked decrease at

ca. 14 Ma (supporting the findings from the WSB), whereas erosion rates in West Antartica

and around the Weddell Sea Embayment increased after ca. 14 Ma (RO5 ). Due to the nature

of heat diffusion, the rate of thermal subsidence in the West Antarctic Rift System and around

the continental margin has decreased exponentially over time (Chapter 7).

The implications are that the early ice sheets in East Antarctica were relatively dynamic

and erosive, before becoming more stable and non-erosive following the mid-Miocene Climatic

Optimum (ca. 14 Ma). This suggests that this interval of climatic change had a fundamental

effect on the erosive regime of the EAIS. The overdeepened troughs within the WSB and PPB

(section 8.1.2) may therefore date from prior to ca. 14 Ma. By contrast, many parts of the West

Antarctic Ice Sheet (WAIS) appear to have become more erosive following the mid-Miocene

Climatic Optimum, which may reflect an expansion of warm-based ice over this time interval.

It is important to emphasise that the subglacial topography in each of the regions studied
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in this thesis (Chapters 3–6), and the constraints from updated offshore sediment thicknesses

(Chapter 7), are indicative of long-term average glacial erosion rates on the order of 0.01–0.1

mm/yr since ca. 34 Ma, which are notably low when compared to erosion rates in modern-day

temperate environments (Koppes et al., 2015).

8.1.4 RQ4: What did Antarctica’s topography look like at past climate

intervals?

The topography of Antarctica has changed fundamentally since the Eocene–Oligocene bound-

ary. The Recovery catchment was characterised by significantly lower relief at the Eocene–

Oligocene boundary than at the present-day (Chapter 3). Restoring eroded material to the

deep subglacial troughs that bound the Shackleton Range and Theron Mountains produces

valley floors close to sea level, which were likely drained by river systems. The mountain ranges

were 500–1000 m above sea level, with normal faulting largely responsible for the pre-glacial

relief. Subglacial geomorphology (Chapter 4), flexural modelling (Chapter 5), and palyno-

logical records (Sangiorgi et al., 2018) indicate that the WSB was characterised by low-lying

plains situated close to present-day sea level in the early Oligocene. Chapter 6 demonstrated

that the PPB is a long-lived geological feature that existed prior to glacial inception. However,

prior to glaciation the deep troughs along the basin’s eastern margin were much shallower than

at the present-day (Chapter 7).

The main output of Chapter 7 is a suite of new continental topographies at ca. 34 Ma, ca. 23

Ma, ca. 14 Ma, and ca. 3.5 Ma. Antarctica’s topography at the Eocene–Oligocene boundary

was on average ∼200 m higher than at the present-day, and the interquartile range (a rough

measure of topographic relief) was ∼200 m smaller. The area of land above sea level at ca.

34 Ma was 12.3×106 km2, with ∼6% of the bed situated below sea level. At subsequent

climate intervals, larger areas of the topography became increasingly low-lying due to thermal

subsidence and glacial erosion, and topographic relief became increasingly pronounced. By

the Oligocene–Miocene boundary (ca. 23 Ma), ∼8% of the land area was below sea level, and

this increased to ∼14% by the mid-Miocene and ∼18% by the mid-Pliocene.

The total Antarctic land area above sea level has decreased by ∼25% between ca. 34 Ma

and the present-day, largely due to thermal subsidence and erosion across the West Antarctic

Rift System and erosion within the low-lying Wilkes, Aurora, and Recovery subglacial basins

around the East Antarctic margin. These basins were low-lying but predominately situated
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at 0–500 m above sea level prior to glacial inception. The reconstructions retain the major

highlands within East Antarctica, such as the Transantarctic Mountains, Gamburtsev Sub-

glacial Mountains and Dronning Maud Land. Sedimentation and erosion rates indicate that

much of the landscape within the East Antarctic interior has remained comparatively unmod-

ified, especially since the mid-Miocene (RO5 ). The landscape of West Antarctica, by contrast,

continued to evolve significantly after ca. 14 Ma.

The reconstructed mid-Pliocene topography closely resembles the present-day topography, and

results in a <3% difference in ice volume under given climate conditions (Chapter 7). This

is because sedimentation rates since ca. 3.5 Ma, particularly around East Antarctica, are

low, and the time period is relatively short. However, relatively small differences in bedrock

elevation can still result in appreciable localised differences in modelled ice thickness.

8.1.5 RQ5: What is the influence of landscape evolution on the extent and

dynamics of the AIS?

In Chapter 7, some simple ice sheet model experiments were performed to assess the influence

of the reconstructed topographies on ice sheet behaviour. These simulations showed that as the

topography evolves from its ca. 34 Ma configuration to that of the present-day, the sensitivity

of the ice sheet to climate and ocean forcing systematically increases (RO6 ). The modelled

volume of ice lost in response to a given CO2 forcing increases by 8–12 million km3 if the modern

topography is used as opposed to the ca. 34 Ma topography, which represents 25–40% of the

total ice volume. This result indicates that the early Antarctic ice sheets were significantly

less sensitive to climate and ocean forcing and less vulnerable to rapid and irreversible changes

associated with marine ice sheet instability, owing to the significantly different topographic

configuration at the time (i.e. reduced extent and depth of reverse-sloping marine basins)

(RO6 ).

The most significant differences in ice sheet response to CO2 forcing are found within the

low-lying Recovery, Wilkes and Aurora basins underlying the EAIS (RO6 ). The increased

degree of retreat when a more recent topography is used for these basins is largely the result

of the erosion and overdeepening of the bed by the EAIS since ca. 34 Ma, indicating that ice

sheets are potentially ‘victims of their own success’. These results underline the importance

of using an accurate reconstructed topography when modelling past AIS behaviour. They

also highlight that the low-lying subglacial basins around the margin of East Antarctica are
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potentially the areas of most significant future ice volume loss. Understanding the evolution of

the topography of these basins, which has formed the core of this thesis (and for which there

is scope for further research; see section 8.2), is therefore of especial importance.

While the overarching finding of the ice sheet modelling in Chapter 7 is that ‘older’ topogra-

phies were, on the whole, less sensitive to climate and ocean forcing than more recent topogra-

phies, more subtle regional ice sheet-topography interactions may be expected. In Chapter 4,

it was proposed that isostatic rebound of the bedrock plateau surfaces within the WSB could

enable the surfaces to act as seeding points for ice rises within an ice shelf (a process which is

not incorporated into the models in Chapter 7), and in turn potentially inhibit retreat of the

EAIS and/or facilitate a temporary re-advance of the ice sheet margin (e.g. Kingslake et al.,

2018). This hypothesis remains to be tested with a numerical ice sheet model, but illustrates

that landscape evolution processes may in some circumstances act to (at least temporarily)

stabilise the ice sheet against retreat.

8.2 Directions for future research

8.2.1 Determining more constraints on landscape evolution

The study region selection for Chapters 3–6 of this thesis was guided, in part, by the availability

of terrestrial and offshore data that could be used to constrain models of landscape evolution.

However, due to the logistical challenges associated with Antarctic fieldwork, these data remain

sparsely distributed (Chapter 7). This thesis has highlighted the value of combining numerical

modelling with geological constraints, and there is therefore a distinct need to glean more

constraints, where possible, on patterns of uplift, palaeo-elevations, erosion and sedimentation

rates and depositional environments across Antarctica. Particularly poorly constrained areas

currently include Princess Elizabeth Land and Enderby Land in East Antarctica, the Weddell

Sea, and the Antarctic Peninsula (Figure 8.1).

Specifically, Chapters 4 and 7 demonstrated the power of marginal marine deposits, as they

provide valuable constraints on sea level at a particular time interval. Chapter 3 highlighted

the importance of markers such as tilted plateau surfaces for constraining patterns of erosion

and uplift. Thermochronology data can also be valuable for constraining the timing and

magnitude of exhumation events (Chapters 3 and 5), although their interpretation can be
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ambiguous. Continued exploration and acquisition of these datasets will provide valuable

additional constraints for understanding long-term Antarctic landscape evolution.

While the ∼99.8% ice coverage on Antarctica is an obvious hindrance to directly sampling

bedrock in the field, this thesis has also demonstrated the value of subglacial geomorphology as

a constraint on past and present processes of landscape evolution (RO4 ; see Chapters 4 and 6).

There are >25 million ice thickness measurements in Antarctica (Fretwell et al., 2013), but

these data have often simply been collated into regional- or continental-scale digital elevation

models for the purposes of large-scale geomorphological analysis (e.g. Jamieson et al., 2014).

This thesis has demonstrated the value of examining the original bedrock elevation (radar)

flight line data, which contains a wealth of underused information pertaining to the subglacial

landscape and the processes involved in its evolution. There is significant scope for more of

these data to be analysed in the future, especially within the low-lying subglacial basins of

East Antarctica, where further constraints on past topography and ice sheet behaviour will

be particularly valuable, since these are the regions of the AIS that are most responsive to

changes in topography (Chapter 7). Moreover, internal layering visible within the ice sheet

in some radio-echo sounding profiles also carries information on more recent ice sheet change

(e.g. Jordan et al., 2018).

Subglacial geology is also an important boundary condition within landscape evolution models

(Chapter 6), as it governs the dynamics of the ice sheet, erosion rates, and the magnitude

of flexural responses to (un)loading. Geology is also a key control on geothermal heat flux

(Martos et al., 2017), which governs the basal thermal regime of the ice sheet and can influence

the distribution of subglacial meltwater, which in turn influences ice sheet dynamics (Siegert

et al., 2018). The geology of Antarctica is only known for areas with rock outcrops (<0.18%

of the continent), and has to be inferred for the remaining area using proxies such as gravity

and magnetic anomalies and the geochemistry of terrestrial material now located offshore.

Increased acquisition of airborne geophysical data, alongside the potential development of

subglacial drilling technology capable of reaching the ice sheet bed, is necessary to improve

our understanding of Antarctica’s subglacial geology and landscape, and in turn how this

landscape has evolved over time.

8.2.2 Developing an effective elastic thickness model for Antarctica

The effective elastic thickness of the lithosphere (Te) governs the amplitude and wavelength

of the flexural response to load redistribution over geological timescales, and is therefore an
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important parameter in landscape evolution models. However, the value of Te in the continents

is a subject of ongoing debate (see e.g. Kirby , 2014), and is especially poorly constrained in

Antarctica. Significant attention has been given in recent years to constraining the lithospheric

thickness and upper mantle viscosity structure beneath Antarctica using seismic velocities

(e.g. An et al., 2015b; Shen et al., 2018; Whitehouse et al., 2012) in order to model transient

viscoelastic responses to changes in ice mass (‘glacial isostatic adjustment’).

However, the short-term seismic properties of the lithosphere do not necessarily correlate with

Te, which is instead a proxy for the long-term integrated elastic strength of the lithosphere and

is usually derived from forward and inverse (spectral) modelling of gravity and topography data

(Watts et al., 2013). This thesis has demonstrated that where high resolution topography and

gravity data exist in Antarctica, Te can be reasonably well constrained (Chapter 3). Moreover,

previous work has demonstrated that those areas of Antarctica with high resolution topography

and gravity data where the topographic load is well defined (e.g. the Gamburtsev Subglacial

Mountains) provide a unique opportunity to use spectral methods (i.e. the gravitational

admittance) to determine Te, since the coherence between the topography and gravity anomaly

is high due to very low interior erosion rates (McKenzie and Fairhead , 1997; Paxman et al.,

2016). However, constraining Te remains a challenge in areas where topographic loads are

poorly defined or non-existent, where topography is incoherent with the gravity anomaly, and

where deconvolving surface and sub-surface loads is difficult (Karner et al., 2005; McKenzie,

2016).

The determination of an accurate Te model for Antarctica therefore remains an important goal

in improving our understanding of landscape evolution. Acquisition of increased amounts of

high resolution topography and gravity data will aid the determination of Te across Antarctica,

thereby increasing the accuracy of 3D flexural models. Geological data can also be used to

constrain regional Te values; for example, the elevation and tilt of plateau surfaces in the

Shackleton Range were used in this thesis (Chapter 3) to constrain the pattern of flexural

uplift, and in turn Te. This further underlines the value of uplift markers in landscape evolution

models.

8.2.3 Constraining changes in dynamic topography

A key objective of this thesis was to integrate a range of processes including erosion, sedimen-

tation, thermal subsidence, volcanism, plate rotations, and isostasy to reconstruct Antarctic
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palaeotopography. However, long-wavelength uplift and subsidence of Earth’s surface can also

be driven by changes to viscous tractions applied to the base of the lithosphere by flow within

the mantle (‘dynamic topography’) (Braun, 2010). A recent regional mantle convection sim-

ulation suggested that parts of Antarctica may have been subjected to up to several hundred

metres of dynamic topography change since the Neogene, and that this may have had a signifi-

cant impact on ice sheet stability (Austermann et al., 2015). However, the pattern, magnitude,

and rate of dynamic topography change across Antarctica is poorly understood because of the

uncertainties in seismic tomographic models in Antarctica, which largely result from sparse

seismic station coverage and epistemic uncertainty within the models. There are therefore

large uncertainties associated with the mantle convection simulations used to estimate past

and present dynamic topography.

Although the topographic reconstructions presented in this thesis do not consider changes in

dynamic topography, a well-constrained dynamic topography model may be readily incorpo-

rated into these reconstructions in the future. Development of such a model will require an

expanded coverage of seismic stations in Antarctica, and also the identification of geologi-

cal markers that can constrain the magnitude and pattern of dynamic uplift or subsidence.

Across the globe, geological constraints on dynamic topography are very sparse, because of the

need for exposure of readily dated geological markers (such as palaeoshorelines) over very long

wavelengths (100s–1000s of km). This problem is particularly acute in Antarctica, where such

exposure is not observed owing to the presence of the ice sheet. Deconvolving the contribution

of dynamic topography from other processes such as isostasy or eustatic sea level change also

remains a significant challenge.

8.2.4 Developing a coupled ice sheet-erosion-isostatic model

The palaeotopographic reconstructions presented in this thesis made some simple assumptions

about the evolution of the subglacial landscape since ca. 34 Ma (Chapter 7). They comprised

a series of processes which, while often closely related, were constrained and incorporated into

the combined topographic reconstruction on an individual, process-by-process, basis. These

reconstructions therefore do not reflect dynamic feedbacks between separate landscape evolu-

tion processes, nor between ice sheet processes and the evolving topography. Similarly, while

the isostatic responses to large-scale load redistribution have been quantified, the potential

implications of gradual vertical displacement and tilting of the landscape for evolving patterns
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of erosion and for ice sheet stability have not been studied in a coupled framework. For ex-

ample, Chapter 4 hypothesises that gradual isostatic uplift of bedrock plateau surfaces within

the Wilkes Subglacial Basin may have rendered these surfaces increasingly amenable to ice

rise formation, which may in turn act to stabilise the EAIS against accelerated retreat. This

challenge is not unique to Antarctica; a robust glacial erosion model continues to elude the

glaciological community across a range of spatial and temporal scales and geographical regions.

The development of a coupled numerical model that incorporates erosion, sedimentation,

isostasy, and ice dynamics and accounts for ongoing feedbacks between competing landscape

evolution processes and ice sheet dynamics would build on the work in this thesis, and allow

for some of the hypotheses presented in the ‘Discussion’ sections of each chapter of this the-

sis to be tested. Efforts to develop appropriate glacial erosion and deposition models on the

scale of individual landforms or valley systems are ongoing (e.g. Egholm et al., 2011, 2017;

Fowler and Chapwanya, 2014; Pollard and DeConto, 2019), but have not yet been applied to

large continental ice sheets such as the AIS. As well as coupling the ice sheet erosion model

to a isostatic model in order to compute the time-varying adjustment of the solid Earth to

redistribution of surface material, there is also the potential to incorporate constraints from

offshore sediment provenance studies. Changes in the geochemical signature of offshore sedi-

ments reveal changes to the location of source-area erosion over time (e.g. Cook et al., 2013).

These data could therefore be used to constrain a coupled ice sheet-erosion dynamical model

by identifying the timing and location of shifts in the erosive regime of the ice sheet.

8.2.5 Understanding landscape evolution beneath other ice sheets

The majority of analysis of subglacial geomorphology and landscape evolution beneath Earth’s

large continental ice sheets has been confined to Antarctica. However, satellite measurements

indicate that the Greenland Ice Sheet is currently losing mass at approximately twice the rate

of even the WAIS (Shepherd et al., 2012). Modelling the future response of the Greenland Ice

Sheet to climatic change is therefore of equal importance to that of the AIS.

Recent studies have revealed a diverse range of landscapes in Greenland, including inherited

fluvial landscapes (Bamber et al., 2013; Cooper et al., 2016) and landscapes of selective glacial

erosion (Egholm et al., 2017; Medvedev et al., 2008). Although >580,000 line-km of radar ice

thickness measurements have been acquired over Greenland (Morlighem et al., 2017), efforts to

synthesise these data and understand the long-term evolution of the subglacial landscape have
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been limited. Part of this omission may be related to a longstanding view that the interval

of Greenland glaciation has been relatively short, within which tectonics and erosion might

have had minimal impact. However, there is evidence for significant ice on Greenland as early

as the Miocene (Helland and Holmes, 1997; Winkler et al., 2002) and possibly even from the

Eocene–Oligocene boundary (Tripati and Darby , 2018; Tripati et al., 2005), which means that,

as in Antarctica, very substantial topographic and landscape changes might have occurred.

The approach that has been employed in this thesis could be further developed for application

to the subglacial landscape of Greenland. Greenland topography has likely been influenced

throughout the Neogene–Quaternary by the residual effects of North Atlantic breakup, with

highlands and uplifted plateau surfaces along the east coast of Greenland recording the uplift

history of the passive margin (Bonow et al., 2006). However, the origin of the highlands and

uplifted plateaux in East Greenland remains a subject of ongoing debate (Japsen et al., 2013,

2014; Pedersen et al., 2012, 2013). The effects of the Iceland Plume on Greenland topography

(Martos et al., 2018), including volcanism and dynamic uplift, have also yet to be quantified;

these processes have potentially important implications for the present-day dynamics of the

ice sheet (Khan et al., 2016; Rogozhina et al., 2016). These processes constitute a mechanism

of landscape change in Greenland that is distinct from that in Antarctica and may have

influenced ice sheet behaviour (Alley et al., 2019). Moreover, as this thesis has demonstrated,

understanding the subglacial landscape, whatever its age, is an important part of assessing

past ice sheet stability and the potential behaviour of continental ice sheets in a warming

world.
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Uplift and tilting of the Shackleton Range in East Antarctica
driven by glacial erosion and normal faulting
Guy J. G. Paxman1 , Stewart S. R. Jamieson1 , Fausto Ferraccioli2, Michael J. Bentley1 ,
Rene Forsberg3 , Neil Ross4, Anthony B. Watts5 , Hugh F. J. Corr2, and Tom A. Jordan2

1Department of Geography, Durham University, Durham, UK, 2British Antarctic Survey, Cambridge, UK, 3National Space
Institute, University of Denmark, Kongens Lyngby, Denmark, 4School of Geography, Politics and Sociology, Newcastle
University, Newcastle upon Tyne, UK, 5Department of Earth Sciences, Oxford University, Oxford, UK

Abstract Unravelling the long-term evolution of the subglacial landscape of Antarctica is vital for
understanding past ice sheet dynamics and stability, particularly in marine-based sectors of the ice sheet.
Here we model the evolution of the bedrock topography beneath the Recovery catchment, a sector of the
East Antarctic Ice Sheet characterized by fast-flowing ice streams that occupy overdeepened subglacial
troughs. We use 3-D flexural models to quantify the effect of erosional unloading and mechanical unloading
associated with motion on border faults in driving isostatic bedrock uplift of the Shackleton Range and
Theron Mountains, which are flanked by the Recovery, Slessor, and Bailey ice streams. Inverse spectral
(free-air admittance) and forwardmodeling of topography and gravity anomaly data allow us to constrain the
effective elastic thickness of the lithosphere (Te) in the Shackleton Range region to ~20 km. Our models
indicate that glacial erosion, and the associated isostatic rebound, has driven 40–50% of total peak uplift in
the Shackleton Range and Theron Mountains. A further 40–50% can be attributed to motion on normal
fault systems of inferred Jurassic and Cretaceous age. Our results indicate that the flexural effects of glacial
erosion play a key role in mountain uplift along the East Antarctic margin, augmenting previous findings in
the Transantarctic Mountains. The results suggest that at 34Ma, the mountains were lower and the
bounding valley floors were close to sea level, which implies that the early ice sheet in this region may
have been relatively stable.

1. Introduction

Antarctica’s bedrock topography is an important boundary condition that influences the dynamics of the
overlying ice sheet [Gasson et al., 2015]. In particular, Antarctic ice sheet stability in regions proximal to the
grounding line is heavily dependent on the local ice thickness and bedrock elevation and slope [Pollard
et al., 2015]. Near-coastal regions of Antarctica where the ice sheet is marine-based (i.e., the bed is below
present-day sea level) are particularly susceptible to rapid grounding line retreat viamarine ice sheet instability
[Schoof, 2007] and calving mechanisms such as hydrofracturing and ice cliff failure [Pollard et al., 2015].

The Recovery catchment in East Antarctica is located on the eastern margin of the Weddell Sea (Figure 1). It is
one of the largest and yet least explored marine-based sectors of the East Antarctic Ice Sheet (EAIS) that may
be susceptible to such instability mechanisms [Le Brocq et al., 2008]. The area of the catchment is
1.5 × 106 km2; it drains ~10% of the EAIS and contains ~5m of sea level equivalent, which is approximately
equivalent to the entire West Antarctic Ice Sheet [Rignot et al., 2008]. The regional ice velocity field shows that
ice flow in the catchment is focused through three major outlet glaciers—Recovery, Slessor, and Bailey—
where velocities reach almost 1000m/yr at the grounding line [Rignot et al., 2011]. These glaciers are the
major arteries that drain the EAIS into the Filchner Ice Shelf (Figure 1).

Situated between these outlet glaciers are the Shackleton Range and Theron Mountains, over which ice
velocities are less than 10m/yr. The strong bimodality in the ice velocity field is reflected in, and caused
by, the bedrock topography (Figure 1). The summits of the Shackleton Range and TheronMountains protrude
above the EAIS as nunataks at up to 1.8 km above sea level, while the bed at the floor of the Recovery, Slessor,
and Bailey troughs is as deep as 2.5 km below sea level; the ice thickness in these glaciers exceeds 3 km
[Fretwell et al., 2013]. The troughs trend E-W and are 300–500 km long and 50–100 km wide. This fjord-like
landscape renders the Recovery catchment particularly susceptible to ice sheet retreat in a warming world
[DeConto and Pollard, 2016]. However, if the subglacial landscape has evolved significantly in the past
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34Ma, the response of this sector to climatic and oceanic change in the past may have been very different
compared to that of its modern configuration.

The timing and mechanism(s) responsible for the uplift of the Shackleton Range and Theron Mountains and
the subsidence of the Recovery, Slessor, and Bailey troughs remain outstanding questions. Apatite fission
track and (U-Th)/He dating indicate multiple phases of denudation and burial of the Shackleton Range in
the Mesozoic before final uplift and formation of the present landscape since EAIS inception at 34Ma
[Krohne et al., 2016]. Previous studies have suggested that the uplift of the mountain ranges and subsidence
of the troughs are inherently coupled. Sugden et al. [2014] hypothesize that post-Eocene uplift of the
Shackleton Range was driven by the regional isostatic response to glacial overdeepening and erosion within
the Recovery and Slessor troughs. Furthermore, they speculate that the observed tilt of the Shackleton block,
with the highest elevations along the southern escarpment (Figures 2 and 3) occurred because excavation of
the larger Recovery trough caused more flank uplift than the smaller Slessor trough.

The Recovery, Slessor, and Bailey glaciers likely exploited preexisting fault systems that separate the meta-
morphic basement of the Shackleton Range [Tessensohn et al., 1999b; Will et al., 2009, 2010] from the
Palaeozoic Beacon sediments and Jurassic dolerite sills exposed in the Theron Mountains and the isolated

Figure 1. Regional setting of the Recovery catchment within Antarctica. (a) Ice sheet velocities [Rignot et al., 2011].
EAIS = East Antarctic Ice Sheet. The inset denotes the major Antarctic ice divides [Rignot et al., 2008], the area bounded
by the red colored polygon is the Recovery catchment, and the black box denotes the area shown in the main figure. (b)
Bedrock topography. The red lines show the major onshore basement faults that bound the Shackleton Range and Theron
Mountains [Marsh, 1985]. The submarine Thiel trough is bounded by the Filchner Rift (magenta lines, ticks point to the
downthrown side) [Jordan et al., 2013, 2016]. The black dashed box marks our main study area.
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Whichaway Nunataks [Brook, 1972] (Figure 2). These fast-flowing glaciers are bounded by ice surface
lineaments that reflect the trend of major subglacial fault systems (Figure 1) [Marsh, 1985]. These
lineaments trend parallel to E-W trending approximately 500Ma thrust faults in the Shackleton Range
[Tessensohn et al., 1999b], regional aeromagnetic lineaments interpreted as reflecting major basement
faults [Jordan et al., 2016], and inferred half-graben basins upstream of the Slessor Glacier [Bamber et al.,
2006; Shepherd et al., 2006]. These observations support the hypothesis that the deep subglacial troughs
are structurally controlled [Patton et al., 2016]. Jurassic extension and horst-and-graben formation have been
recognized in the adjacent Weddell Sea Rift System [Jordan et al., 2016, and references therein] and also
onshore, in particular in Dronning Maud Land where the Jurassic Jutulstraumen Rift has been imaged
[Ferraccioli et al., 2005a, 2005b]. The Shackleton Range and Theron Mountains may therefore represent
fault-bounded horst blocks that experienced tectonic uplift and tilting [Skidmore and Clarkson, 1972].

The relative roles of erosion-driven and tectonic uplift in driving Shackleton Range and Theron Mountains
uplift have yet to be quantified, in contrast to the Gamburtsev Subglacial Mountains [Ferraccioli et al.,
2011; Paxman et al., 2016] or the Transantarctic Mountains (TAM) [Stern et al., 2005], where the relative roles
of these processes have been addressed with the aid of quantitative modeling. In this study, we use 3-D

Figure 2. (a) Perspective image of the bedrock of the Recovery catchment (vertical exaggeration (VE) = x50). The traces of
inferred range-bounding faults [Marsh, 1985] are marked by the red dashed lines. The arrow marks the direction of grid
north in the adopted polar stereographic projection. The inset shows the location of the study area within Antarctica.
(b) Field photograph of a peneplanation surface exposed on Stephenson Bastion in the Shackleton Range (location marked
by blue star in Figure 2a). (c) Profile X-Y across the Recovery catchment (VE = x50). Bedrock (black line) and ice surface
(blue line) topography were assembled from three RES flight lines. Ice flow direction is out of the page. The green dashed
lines highlight the tilting of the mountain blocks. The schematic red lines mark the position of the faults (the arrows show
the inferred sense of dip-slip motion).

Journal of Geophysical Research: Solid Earth 10.1002/2016JB013841

PAXMAN ET AL. FLEXURAL UPLIFT OF THE SHACKLETON RANGE 2392

250



flexural isostatic models to quantify
for the first time both the mechanical
unloading associated with normal
border faults and erosional unload-
ing associated with Cenozoic glacial
incision in the Shackleton Range
and Theron Mountains region. Our
results have significant implications
for understanding the evolution of
paleotopography in this part of East
Antarctica and for assessing how
these changes in topography may
have influenced the early history of
the EAIS.

2. Geophysical Data Sets

This study utilizes bedrock elevation
and free-air gravity data acquired dur-
ing a number of recent airborne geo-
physical surveys over the previously
unexplored Recovery catchment.

2.1. Bedrock Topography

We collated onshore ice thickness
data from a series of recent airborne
radio-echo sounding (RES) surveys
over Coats Land and the Recovery
catchment, including ICEGRAV
(2013) [Ferraccioli et al., 2014],
Operation IceBridge (2009–2012)
[Leuschen et al., 2010, updated
2016], and a 2001/2002 survey of
the upper reaches of the Bailey Ice
Stream and Slessor Glacier [Rippin
et al., 2003; Bamber et al., 2006;
Shepherd et al., 2006]. We also include
direct ice thickness measurements
that were previously incorporated
into Bedmap2 [Fretwell et al., 2013]
(data coverage is shown in Figure S1
in the supporting information).

RES profiles reveal that the Theron Mountains exhibit a lightly dissected mesa-like topography, whereas the
Shackleton Range is more heavily incised (Figure 2). The mesas in the Theron Mountains resemble those
observed westward of the TAM, which are interpreted as the result of the Ferrar dolerite sills capping
Beacon Supergroup sedimentary rocks [Ferraccioli et al., 2001, 2009; Studinger et al., 2004]. Both lithologies
are also present in the Theron Mountains [Brook, 1972], hinting at a common mode of formation. A number
of plateau surfaces are also exposed at up to 1.8 km above sea level in the Shackleton Range (Figure 2)
[Skidmore and Clarkson, 1972; Kerr and Hermichen, 1999]. The plateau surfaces in the Shackleton Range cut
different geological units; they do not reflect a stratigraphic dip slope but instead are surfaces that experi-
enced erosion and were subsequently uplifted. These plateaux have been interpreted as remnant fragments
of the Devonian Kukri Peneplain, a flat, once-continuous undulating erosion surface which is extensively
observed in the TAM [Stern and ten Brink, 1989; Fitzgerald, 1994; Tessensohn et al., 1999a].

Figure 3. (a) Bedrock topography DEM. The solid lines show the location of
profiles 1–5 used to construct Figure 3c. The red lines show the location of
the profiles used in our elastic thickness forward models (Figure 4). (b) Free-
air gravity anomaly gridded from IceBridge and ICEGRAV line data. The red
box shows the area of the grids used to compute the free-air admittance
(Figure 4). Both grids are projected in Antarctic polar stereographic with true
scale at 71°S. (c) Ensemble averaging of bedrock topography. Topographic
profiles (colored lines) were constructed by sampling the DEM (Figure 3a)
along five equally spaced (~20 km spacing), parallel lines. The profiles were
isostatically rebounded to remove the effect of present-day ice sheet loading
using an elastic plate model with Te = 20 km, which corresponds to our
regional Te estimate (section 3.1). Only lines 1, 3, and 5 are shown for clarity.
The black line is an ensemble average of profiles 1–5. The Shackleton Range
and Theron Mountains are tilted (in the absence of ice loading) by ~1.2°N
and ~0.8°S, respectively. BIS = Bailey Ice Stream, TM= Theron Mountains,
SG = Slessor Glacier, SR = Shackleton Range, RG = Recovery Glacier.
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We gridded the new flight line data together with the existing direct ice thickness measurements from
Bedmap2 [Fretwell et al., 2013] using a 2 km grid mesh with a continuous curvature tensional spline algorithm
[Wessel et al., 2013]. The grid was masked to remove interpolated values more than 10 km from the nearest
data point. These grid nodes were replaced by ice thickness values from the Bedmap2 compilation; while
there are no direct ice thickness estimates in these areas in Bedmap2, approximate ice thicknesses have been
computed using satellite-derived gravity field models [Fretwell et al., 2013]. We then subtracted the ice
thickness grid from the surface digital elevation model (DEM) [Fretwell et al., 2013] to produce a bedrock
DEM (Figure 3). Offshore bathymetry data were taken from Bedmap2.

We took the spectral average [see, e.g., Bassett and Watts, 2015] of an ensemble of five profiles crossing the
mountain ranges. The ensemble average enhances the “common” features of the topographic profiles, such
as the tilted plateau surface and the deep U-shaped glacial troughs, while at the same time suppresses the
effects of the more localized dissection of the plateau surface by cirques and rivers. It can be seen that the
Shackleton Range is on average tilted by 1.2° to the north and the Theron Mountains are tilted by 0.8° to
the south (Figure 3).

2.2. Free-Air Gravity Anomaly

Our new free-air gravity anomaly (FAA) grid for the Recovery catchment (Figure 3) was generated from flight
line data from the Operation IceBridge [Cochran and Bell, 2010, updated 2016] and ICEGRAV 2011 and 2013
surveys [Ferraccioli et al., 2014]. Continuation to 500m above the bedrock elevation, crossover analysis, and
leveling of the lines was performed, and a satisfactory standard deviation of 1mGal at crossovers between
intersecting flight tracks was achieved. Gravity data were gridded at 2 km horizontal spacing using a contin-
uous curvature tensional spline algorithm [Wessel et al., 2013]. The grid was masked to remove interpolated
values more than 10 km from the nearest data point. Uncertainties in the FAA grid were estimated to be
±2mGal. The FAA grid was used in conjunction with the bedrock topography grid to estimate the regional
flexural rigidity of the lithosphere (section 3.1).

3. Methods
3.1. Effective Elastic Thickness Estimation

The isostatic response of the lithosphere to (un)loading may be computed by modeling the lithosphere as a
flexed elastic plate overlying an inviscid (non-viscous) fluid [Watts, 2001]. The amplitude and wavelength of
the isostatic response are determined by the effective elastic thickness (Te), a proxy for the integrated
strength of the lithosphere [Watts and Burov, 2003]. We employed two independent methods to determine
the appropriate Te for the Recovery catchment to see whether the Te values converged.
3.1.1. The 2-D Forward Modeling
The bedrock topography along two RES flight lines exhibits intermediate-wavelength (100–500 km) warping
characteristic of plate flexure in response to surface loading (Figures 4a and 4b). In these profiles, the Bailey
trough is downwarped toward the elevated Theron Mountains mesa. We envisage that this topography is lar-
gely the product of regional erosion of material from within the Bailey trough and normal fault action.
Unloading of the material within the trough is equivalent to the loading of a flat sheet by the mesa. The topo-
graphy is therefore analogous to the loading of a seamount on the ocean floor, except the mesa displaces ice
rather than water. We do not explicitly model the mechanism of loading; our 2-D forward model comprised a
distributed load approximating the shape of themountain range (with a topographic density of 2670 kgm�3)
(Figures 4a and 4b), which was applied to a thin elastic plate with a uniform Te overlying an inviscid fluid man-
tle (with density 3330 kgm�3) (equation (1)). The density of the material displaced by the load and infilling
the flexure was that of ice (915 kgm�3). We modeled the topography for a series of Te values between 10
and 50 km. The wavelength of flexure is consistent with Te values of 20–30 km. The best fitting Te values
(24 and 25 km for the two models) were determined using the root-mean-square misfit (Figures 4a and 4b).
3.1.2. The 3-D Inverse (Spectral) Modeling
The gravitational admittance is a transfer function that describes the relationship between the FAA and the
bedrock topography for a range of load sizes (wavelengths) on an elastic plate with a given Te. The observed
admittance was computed by taking Fourier transforms of our newly compiled bedrock topography and FAA
grids over a 900 km×900 km window (Figure 3) [following McKenzie and Fairhead, 1997; McKenzie, 2003].
Theoretical admittance functions for an elastic plate subject to surface loading were computed for a range
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of Te values [Watts, 2001] and compared to the observed admittance (Figure 4c), providing an estimate of the
average Te value across the region. This method recovers a best fitting Te value of 11 km. However, taking a
Fourier transform of data sets with limited lateral extent causes spectral leakage into the result, downward
biasing the recovered Te [Kirby, 2014]. A calibration that accounts for the consequent underestimation of
Te [Kalnins and Watts, 2009] was used to correct the recovered Te to 18 km (Figure S2).

Despite the uncertainties associated with the interpretation of the admittance for topography/gravity data
sets of limited lateral extent, such as spectral leakage and the fact that the window-based spectral estimates
reflect a wide range of spatial and temporal loads [Kirby, 2014], the corrected Te value of 18 km is broadly
consistent with the 24 and 25 km results from our 2-D forward models. In our subsequent flexure

Figure 4. Effective elastic thickness modeling. (a and b) Forward modeling of observed bedrock topography (red lines)
along two flight lines (A–A0 and B–B0) crossing the Bailey Ice Stream and Theron Mountains (locations are marked in
Figure 3a). Comparison of predicted topography from elastic plate models (black lines) with the observed topography
indicates a best fitting Te of (Figure 4a) 25 and (Figure 4b) 24 km. (c) Comparison of the observed free-air gravitational
admittance (red dots with standard error bars) with model curves for Te = 0, 5, 10, 20, and 40 km. The admittance recovers a
best fitting Te of 11 km, which is calibrated to 18 km (see Figure S2 in the supporting information).
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calculations, we used a 3-D elastic plate model with a uniform Te of 20 km, which is intermediate between our
estimates, and tested the sensitivity of our model by running the calculations for Te values between 5 and
50 km (Figure S3).

3.2. Calculation of Erosional Unloading
3.2.1. Spatial Distribution of Erosion
In order to determine the 3-D distribution of erodedmaterial, we used a peak accordancemethod [Stern et al.,
2005; Champagnac et al., 2007]. This approach involves the identification of peaks and flat-topped surfaces in
the bedrock topography that are assumed to have not experienced any erosion and the interpolation of a
smooth surface between them. The resulting “peak accordance surface” represents the restoration of the
eroded material to the topography without accounting for the associated isostatic response. The difference
between the accordance surface and the bedrock topography is the eroded material.

We identified over 80 flat-topped surfaces in the vicinity of the Shackleton Range and Theron Mountains in
RES flight lines (Figure 2), Google Earth satellite imagery, and field photographs (Figure 2). We assumed that
these now high-elevation plateau surfaces originally formed a contiguous, low elevation, and flat landscape
prior to incision into it and thus have not experienced erosion since the onset of continental glaciation at
34Ma. This assumption is supported by very low (0.10–0.35m/Myr) long-term cosmogenic nuclide-derived
erosion rates on the plateau surfaces in the Shackleton Range [Fogwill et al., 2004; Sugden et al., 2014] and
also by a lack of glacial modification of these surfaces [Kerr and Hermichen, 1999]. If the peaks have been low-
ered since 34Ma, the amount of erosion will be an underestimate. In addition, we used a spatial filter to iden-
tify local highs in the bedrock topography DEM within a circular moving window with a fixed radius of 15 km
[following Champagnac et al., 2007; Paxman et al., 2016]. Peaks where the present-day ice velocity exceeds
10m/yr, and have therefore likely experienced significant erosion, were discarded. The remainder were
assumed to have experienced negligible erosion since 34Ma; a smooth surface was interpolated between
the peaks and flat-topped surfaces to produce a peak accordance surface that was assumed to exist just prior
to the onset of glaciation at 34Ma (Figure 5).

The accordance surface was constructed by (1) adjusting the DEM to account for the loading of the present-
day ice sheet using our preferred elastic plate model with a Te of 20 km (see section 3.2.3), (2) sampling the
adjusted DEM at the location of each peak, and (3) interpolating between peaks using a continuous curvature
tensional spline [Wessel et al., 2013]. The eroded material was calculated by subtracting the ice-free bedrock
topography from the peak accordance surface (Figure 5).

The assumption that the difference between the peak accordance surface and the bedrock topography is
entirely due to removal of material by glacial (post-34Ma) erosion is probably reasonable within the Theron
Mountains andShackleton Range themselves. However, thismaynot be the case over the large troughs,where
some of the differencemay also be attributable to tectonic subsidence due, for example, tomovement on the
border faults. For this reason there is uncertainty in the amount of material eroded from the troughs. We
envisage two end-member scenarios for the amount of material that has been eroded from the troughs:

1. Minimum erosion scenario—tectonic subsidence has contributed to trough depth. In this scenario the
peak accordance surface is dipped over troughs (Figure 5), representing a preexisting depression caused
by mechanical subsidence on border faults (section 3.3). We dipped the surface such that when the con-
tributions of erosional unloading and fault motion were summed (see section 3.3), the modeled trough
depth matched the observed trough depth. It is therefore assumed that the tectonic subsidence was
not infilled with sediment.

2. Maximum erosion scenario—subsidence of the trough floors below sea level is entirely attributable to gla-
cial erosion. In this scenario, the peak accordance surface is stretched across the tops of the troughs
(Figure 5) and the difference between the accordance surface and the bedrock topography is all glacially
eroded material. Under this maximum erosion scenario, it is assumed that any fault movement predated
glaciation and the resulting subsidence of the hanging wall blocks was completely infilled with sediment
[Bamber et al., 2006; Shepherd et al., 2006].

Assuming an average eroded rock density of 2300–2700 kgm�3 (reflecting sedimentary and basement rock
end-members), the minimum and maximum estimated mass of eroded material were 1.0 × 1018 kg and
1.5 × 1018 kg, respectively.
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3.2.2. Offshore
Sediment Estimates
The estimated mass of eroded mate-
rial was compared to the mass of
sediment locatedoffshoreon the con-
tinental shelf. Isopach maps for the
Weddell Sea shelf north of the calving
front (Figure5)havebeenconstructed
by interpolating sediment package
thicknesses measured from seismic
reflection lines [Huang et al., 2014].
Sediments are divided into preglacial
(145–34Ma), transitional (34–14Ma),
and full-glacial (14–0Ma) sequences
based on correlation of seismic
stratigraphic facies across lines and
age constraints from sediment cores
[Huang et al., 2014]. Because of the
uncertainties associated with the
volume, provenance, andpostdeposi-
tional reworking of sediment, we
determine a maximum andminimum
total 34–0Masediment volumeunder
the following assumptions:

1. Material eroded from the
Recovery catchment is now
located on the southeastern
Weddell Sea shelf (eastward of
50°W and south of 75°S), includ-
ing the Crary Fan [Diekmann and
Kuhn, 1999] (Figure 5). However,
the Support Force Glacier and
(during glacial periods) the
Foundation Ice Stream also drain
into the southeastern Weddell
Sea via the Filchner Ice Shelf
(Figure 1), so some fraction of
the sediment will have been
derived from this catchment. We
assume that between 50 and
100% of the detrital sediment
entered the Weddell Sea via the
Recovery, Slessor, and Bailey
glaciers, since they drain a larger
area than the Support Force and
Foundation glaciers.

2. Five to fifteen percent of the total
offshore sediment is pelagic
(biogenic) rather than detrital
and therefore was not derived
from onshore [Wilson et al., 2012].

3. The average bulk density of
offshore sediment is between

Figure 5. Erosional unloading modeling. (a) Present-day bedrock topogra-
phy adjusted for ice sheet loading (Te = 20 km). The dashed lines show the
traces of range-bounding faults. The symbols mark the points used to con-
struct the peak accordance surface. Blue diamonds = subglacial flat-topped
surfaces (mesas), green stars = plateau surfaces exposed in the Shackleton
Range, yellow circles = local maxima within a fixed (15 km) radius. (b) Peak
accordance surface. This represents the maximum erosion scenario (see
text for description). (c) Distribution of eroded material (warm colors) and
offshore sediment (cool colors). SR = Shackleton Range, TM = Theron
Mountains. (d) Computed flexural response (Te = 20 km) to unloading of
eroded material and loading of sediment. (e) Maximum and (f) minimum
erosion scenario along profile A-B (location marked in Figures 5a–5d). Black
line = bedrock topography, magenta = peak accordance surface, yellow
shaded region = eroded material, red =modeled flexure.
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2100 and 2300 kgm�3 [Wilson et al., 2012]. This accounts for uncertainties in the amount of pore space
between the grains (i.e., the degree of mechanical compaction) and their lithology.

By computing the total volume of sediment and applying these assumptions, the mass of 34–0Ma Recovery
catchment-derived detrital sediment in the Weddell Sea basin was determined to be 0.66–1.6 × 1018 kg. The
mass of rock eroded from onshore (1.0–1.5 × 1018 kg) is therefore within the range of uncertainty of the mass
of offshore material. It might be expected that themass of erodedmaterial exceeds the mass of offshore sedi-
ment, since material has likely been lost from the shelf and reworked in the Weddell Gyre or by contourite
currents, and some sediment may have instead been deposited within interior sedimentary basins [e.g.,
Shepherd et al., 2006] during the early stages of EAIS development. Therefore, even our maximum erosion
scenario does not obviously overestimate the amount of post-34Ma erosion from the region. Due to a lack
of constraints, we do not incorporate post-34Ma sediment deposition onshore or beneath the Filchner Ice
Shelf or the associated isostatic response in our models. Although this leads to an unrealistic gradient in sedi-
ment thickness/erosion at the calving front (Figure 5), sensitivity testing indicates that onshore flexural uplift
is insensitive to the amount of offshore erosion/deposition (Figure S3).
3.2.3. Flexural Isostasy
The flexural isostatic adjustment (w(x,y)) to erosional unloading and sediment loading (Figure 5) was com-
puted by solving the general equation for the (un)loading (h(x,y)) of an elastic plate overlying an nonviscous
fluid [Turcotte and Schubert, 1982].

∇2 D x; yð Þ∇2w x; yð Þ� �þ ρmantle � ρinfillð Þgw x; yð Þ ¼ ðρload � ρdisplaceÞgh x; yð Þ (1)

where

D x; yð Þ ¼ ETe x; yð Þ3
12 1� ν2ð Þ (2)

is the flexural rigidity as a function of spatial dimensions x and y. Density terms represent the load (ρload), the
material infilling the flexure (ρinfill), the material displaced by the (un)loading (ρdisplace), and the mantle
(ρmantle). We assumed values of 9.81ms�2 for the acceleration due to gravity (g), 100GPa for Young’s mod-
ulus (E), and 0.25 for the Poisson ratio (v). By solving equation (1), we calculated the flexural
uplift/subsidence due to the removal of the modern-day ice sheet (assuming an ice density of 915 kgm�3),
the removal of the eroded material (assuming an average eroded material density of 2500 kgm�3), and
the loading of offshore sediments (assuming an average sediment density of 2200 kgm�3).

The unloads were our updated ice thickness grid (section 2.1) and the grid of eroded material (section 3.2.1);
the offshore sediment load was the postglacial (34–0Ma) sediment isopach of Huang et al. [2014]. The mod-
eled flexure is most sensitive to Te, since this governs the amplitude and wavelength of the flexural response;
sensitivity testing was carried out by computing the flexure for Te values between 5 and 50 km, a typical range
of values for the continental lithosphere [Watts, 2001]. Since crustal-scale faults may introduce a discontinuity
in the plate where the flexural rigidity is effectively zero [Watts, 2001], we also tested a “broken plate” sce-
nario, where Te was decreased to zero at the plate break along one or more of the major faults bounding
the Shackleton Range and Theron Mountains. We used a fast Fourier transformmethod [Watts, 2001] to solve
equation (1) analytically for spatially uniform Te scenarios and a numerical centered finite difference techni-
que [e.g., Stewart and Watts, 1997] for spatially variable Te scenarios.

3.3. Calculation of Mechanical Unloading

The bedrock topography of the Recovery catchment, with broad valleys bounded by faults and uplifted
flanks, is typical of extensional terranes. Vening Meinesz [1950] proposed a model for the uplift of rift flanks
as a consequence of failure of the lithosphere by normal faulting. In this case, slip on a normal fault causes
unloading of the footwall block by removal of the hanging wall; the result is flexural isostatic rebound and
uplift of the footwall. Concomitant replacement of footwall crustal rock by the mantle causes isostatic
subsidence of the hanging wall block. Long-term normal fault displacement may therefore be modeled as
the flexural isostatic adjustment to the rigid uplift/subsidence of the footwall/hanging wall blocks, assuming
that the lithosphere retains a finite flexural rigidity during extension [Weissel and Karner, 1989]. The resulting
topography resembles a half-graben, and the footwall is flexurally uplifted. Uplift on the shoulders of normal
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faults is therefore the result of this so-called “mechanical unloading” of the lithosphere [Weissel and Karner,
1989; Watts, 2001].

To determine the contribution of mechanical unloading associated with the border faults to Shackleton
Range and Theron Mountains uplift, we modeled the displacement across each fault as the flexural isostatic
adjustment to the rigid uplift and subsidence of the footwall and hanging wall [followingWeissel and Karner,
1989] (Figure 6). The amount of flexure depends on the elastic thickness, thickness of the faulted layer (the
crust), material densities, and dip and heave of the faults. We used our preferred uniform Te scenario
(20 km) and a crustal thickness of 35 km [An et al., 2015]. The assumed densities of the crust, infill (air), and
mantle were 2670, 1, and 3330 kgm�3, respectively. For simplicity, we assumed that each fault is continuous,
dips at 60° toward the downthrown side, and exhibits a constant vertical displacement (throw) along-strike.
We tested the sensitivity of the results to the elastic and crustal thicknesses and the fault dip and found that
only Te strongly influences the distribution of flexure (Figure S4). The amount of extension (heave) was tuned
so the modeled displacement matched the observed topography next to the fault(s).

We also incorporated the diffusion of the scarp due tomass-wasting processes, which is given by [Watts, 2001]:

ht kð Þ ¼ h0 kð Þ e� 1� ρc
ρm

� �
ϕe kð Þ

� �
κk2t (3)

where

ϕe kð Þ ¼ Dk4

ρmg
þ 1

� ��1
(4)

is the flexural response function, ht(k) is the topography after time t, h0(k) is the initial topography, κ is the
“subduing coefficient,” and k is the wave number (the computation is carried out in the frequency domain).
This equation assumes that erosion is a diffusive process that transports mass from the uplifted side of the
fault to the subsided region (and the resulting flexural isostatic adjustment is computed). The result is to
smooth the edge of the fault-generated topography so it is more exponential in form. Values of t and κ were
chosen so the modeled scarp slope matched the observed slopes of the mountain ranges.

The (diffused) flexure was calculated in 2-D along a series of 1000 km long profiles (with 10 km horizontal spa-
cing) trending orthogonal to the faults (Figure 6). These profiles were then gridded to produce a 3-D map of
flexure driven bymechanical unloading (Figure 6). The displacement on the four major border faults was super-
imposed in various combinations to produce the total 3-D fault-driven displacement. We estimated the throw
on the faults bounding the Recovery and Bailey troughs bymeasuring the difference in elevation of the bedrock
on either side of the troughs. Elevation differences of 600–700m provide first-order estimates of the cumulative
long-term throw on the faults, assuming that the flexure associated with erosional unloading is approximately
symmetrical either side of the troughs (Figure 5).

4. Results
4.1. Erosion-Driven Uplift

We calculated the contribution of erosional unloading to Shackleton Range and Theron Mountains uplift for
our minimum and maximum erosion scenarios. For our preferred Te scenario of 20 km, we find that erosion
in the Recovery, Slessor, and Bailey troughs has driven on average between 600m (minimum erosion sce-
nario) and 800m (maximum erosion scenario) of flexural uplift throughout the Shackleton Range and
Theron Mountains (Figure 5). This represents ~40–50% of the total elevation of the mountain blocks. The
greatest amount of flexural uplift (~1 km in the maximum erosion scenario) occurs along the southern flank
of the Shackleton Range, which is bounded by the Recovery trough. The Recovery trough is deeper and
wider than the Slessor trough, resulting in a larger-magnitude and longer-wavelength erosional unload
[Sugden et al., 2014]. However, this differential erosional unloading only confers a maximum northward tilt
of 0.2° on the upper surface of the Shackleton Range, compared to the observed tilt of 1.2°N (Figures 5
and 7).

The flexure onshore is very insensitive to the amount and distribution of sediment offshore (Figure S4).
Offshore sediment loading accounts for <3% of uplift/subsidence in the Shackleton Range, Theron
Mountains, and bounding glacial troughs. We suggest that this is because the locus of sediment loading
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(the southeastern Weddell Sea) is too distal for significant isostatic uplift/subsidence to be transmitted to the
inland fjord system, even if a flexurally rigid (Te=50 km) lithosphere is assumed.

We tested the sensitivity of the model to the assumed Te scenario (Table 1 and Figure S3). However, we found
that while the pattern of erosion-driven flexure is sensitive to the assumed Te, no value between 5 and 50 km
was able to produce a satisfactory agreement with the observed magnitude and wavelength of mountain
uplift. Intermediate Te values of 20–30 km give the best agreement with the observed wavelength of tilting,
but the modeled tilt is only ~0.2°. We also tested a scenario where the elastic plate was broken along faults
bounding the Shackleton Range and Theron Mountains to investigate whether this could reproduce the
observed tilting of the mountain ranges (Figure S3). However, the difference between continuous- and
broken-plate flexure is relatively minor except for regions very close to the faults.

Figure 6. Mechanical unloadingmodeling. (a) Location of profiles used to produce the 3-D flexural uplift distribution due to
motion on a single fault (dashed line). The 2-D flexure profile (black line in Figure 6d) was sampled onto each 1000 km long
profile at 1 km spacing. Each profile trends perpendicular to the fault trace. (b) Gridded flexural uplift due to mechanical
unloadingassociatedwithdip-slipmotionon theborder fault (dashed line). (c) Flexural uplift due tomechanical unloadingon
four border faults, calculated by superimposing the individual displacements (e.g., as shown in Figure 6b). SR = Shackleton
Range, TM = Theron Mountains. (d) Profile X-Y (location marked in Figure 6b). Dashed line = flexural uplift due to normal
faulting [Weissel and Karner, 1989], solid line = diffused topography, red line = topography sampled from the grid (Figure 6b)
along the same profile. Gridding causes aminor reduction in the amplitude of the topography but retains the distinct flexed
pattern. (e) ProfileA-B (locationmarked in Figure 6c). Locations of faults, with sense ofmotion, are shown schematically. Black
line = bedrock topography, red line =modeled flexure due to mechanical unloading.

Journal of Geophysical Research: Solid Earth 10.1002/2016JB013841

PAXMAN ET AL. FLEXURAL UPLIFT OF THE SHACKLETON RANGE 2400

258



Figure 7. Contribution of erosional unloading andmechanical unloading to Shackleton Range and TheronMountains uplift.
(a) Reboundedbedrock topography. (b) Sumofglacial erosionandassociated isostatic rebound (maximumerosion scenario).
(c) Normal fault-driven uplift (mechanical unloading). (d) Total model uplift (sum of Figures 7b and 7c). A continuous elas-
tic plate model with a Te of 20 km was used. SR = Shackleton Range, TM = Theron Mountains. (e) Profile A-B across the
Shackleton Range and Theron Mountains for the maximum erosion scenario. Under this scenario, fault-driven hanging wall
subsidencewas filled to sea level. The sum of themodeled erosion- and fault-driven uplift (blue line) compares well with the
observed topography (black line). (f) Profile A-B for the minimum erosion scenario. Under this scenario, hanging wall
subsidence was not infilled, meaning that the contribution of erosion was reduced. The match between observed and
modeled topography is worse than the maximum erosion scenario, but the relative contributions of erosional and
mechanical unloading remain similar.
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We find that irrespective of the assumed erosion and Te scenario, erosion-driven flexure accounts for ~40–50%
of the total elevation (and only ~0.2° of tilting) of themountain blocks (Figure 7). Themisfit between themod-
eled and observed topography is small on the flanks of themountain ranges bounding the Slessor trough, but
increases toward the flanks of the Recovery and Bailey troughs, where flexure underestimates the topography
by up to 800m (Figure 7).

4.2. Fault-Driven Uplift

Erosional unloading due to the removal of material (rock) from the troughs cannot account for the total
observed elevations of the northern Theron Mountains and southern Shackleton Range or the observed tilt
of the mountain surfaces (Figure 7). We therefore invoked mechanical unloading due to the unloading of
the footwall by normal faults bounding the Bailey and Recovery troughs. For the maximum erosion scenario,
the depressions created due to subsidence of the hanging wall blocks were assumed to be filled to sea level.
For the minimum erosion scenario, the subsidence was not filled. The throw on the faults was estimated as
600–700m (section 3.3). Incorporating mechanical unloading on these two major fault systems significantly
improved the match between the observed and modeled flexural uplift and tilting of the Shackleton Range
and Theron Mountains (Figure 7). Modeled tilts agree very well with the 1.2°N and 0.8°S tilting of the
Shackleton Range and Theron Mountains, respectively (Figure 7). We find that erosional unloading accounts
for 40–50% of the uplift of the mountains and mechanical unloading accounts for a further 40–50%. There is
a small residual misfit; some of the topographic signature is likely the result of nonflexural processes, such as
brittle deformation on faults. The maximum erosion scenario, where tectonic subsidence is infilled, produces
a better overall fit with the observed topography that the minimum erosion scenario (Figure 7 and Table 1).
This suggests fault activity and subsequent sedimentation predated glaciation (section 5.2).

In order to calculate a 34Mapaleotopography, we restored the erodedmaterial to the ice-rebounded topogra-
phy and computed and subtracted the associated isostatic response (Figure 8). This calculation was based on
the assumption that fault activity mostly predated the onset of Antarctic glaciation at 34Ma (section 5.2) and
has therefore not contributed tomountain uplift or trough subsidence since glacial inception. Since we deter-
mined amaximum and aminimumerosion scenario, which differ in their respective assumptions of howdeep
the troughs were prior to glaciation, we present a minimum and a maximum paleotopography (Figure 8).

Our key finding is that the model scenario that produces a best fit between process-oriented model topogra-
phy and the observed modern topography requires major contributions from both erosion- and mechani-
cally driven flexure (as well as slope diffusion, which is needed to explain the regrading of the fault scarps).
Both processes, operating together, are necessary to achieve a satisfactory agreement with the observed ele-
vation and tilt of the Shackleton Range and Theron Mountains. None of the processes alone can satisfactorily
explain these observations. The model results are summarized in Table 1.

5. Discussion
5.1. Other Mechanisms for Shackleton Range and Theron Mountains Uplift

Glacial erosional unloading combined with mechanical unloading provides a simple and elegant model for
the asymmetric uplift (tilting) of the Shackleton Range and Theron Mountains. Our results indicate that the

Table 1. Misfit Between Observed and Modeled Bedrock Topography for Various Erosion and Flexural Uplift Scenariosa

Flexural Uplift Scenario
Minimum Erosion Scenario

RMS Misfit (m)
Maximum Erosion Scenario

RMS Misfit (m)

Erosional unloading only; continuous elastic plate; Te = 20 km 590 540
Erosional unloading and sediment loading; continuous elastic plate; Te = 20 km 580 530
Erosional unloading and sediment loading; continuous elastic plate; Te = 5 km 640 650
Erosional unloading and sediment loading; continuous elastic plate; Te = 50 km 610 570
Erosional unloading and sediment loading; broken elastic plate; Te = 20 km 570 520
Mechanical unloading only; faults bounding Recovery and Bailey only; Te = 20 km 580 580
Mechanical unloading only; faults bounding Recovery, Bailey, and Slessor; Te = 20 km 620 620
Erosional unloading, sediment loading, and mechanical unloading; faults bounding Recovery and
Bailey only; Te = 20 km

330 240

aThe root-mean-square (RMS) misfit is the average misfit along five parallel and equally spaced 2-D profiles (the five ensemble profiles in Figure 3) crossing the
Shackleton Range and Theron Mountains.
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flexural effects ofglacial erosionhavedriven40–50%ofmountainuplift in this regionnear theAntarcticmargin,
which is similar to previous findings in the TAM [Stern et al., 2005]. Ongoing glacial erosion of the Recovery,
Slessor, and Bailey troughs and associated flexural isostatic uplift also provides a simple explanation for the
emergence of the Shackleton Range from beneath the EAIS at 2.5Ma [Sugden et al., 2014]. Are there other
processes that could account for the observed asymmetric pattern of uplift of the Shackleton Range and
Theron Mountains (Figure 2)?

Bedrock uplift in the Recovery catchment could be linked to rift flank uplift on the margin of the Jurassic
Weddell Sea Rift System. Such a mechanism has been suggested for the early Cenozoic uplift of the TAM
on the flank of the West Antarctic Rift System [Stern and ten Brink, 1989; ten Brink et al., 1997]. However,
the TAM are very wide (~300 km) for a rift flank, which is in part attributed to a major inferred contrast in
Te across the lithospheric boundary between East (Te=85 km) and West Antarctica (Te= 5 km) [ten Brink
et al., 1997]. In contrast, this study indicates that the Recovery catchment is characterized by Te values of
~20 km. Moreover, the highest elevations of the Shackleton Range are>300 km from the Filchner Rift, which
marks the easternmost extent of the Weddell Sea Rift System [Jordan et al., 2013, 2016] (Figure 1). In addition,
the trends of the faults inferred flanking the Shackleton Range are approximately orthogonal to the Weddell
Sea Rift System. Together, this suggests that although Jurassic rift flank uplift and passive margin

Figure 8. Reconstructions of preglacial topography in the Shackleton Range region. (a) Maximum paleotopography prior
to the onset of continental glaciation at 34Ma. This reconstruction corrects for glacial erosion and the resulting flexure
assuming the minimum erosion scenario and no fault movement since 34Ma. (b) Minimum 34Ma paleotopography. This
reconstruction corrects for glacial erosion and the resulting flexure assuming the maximum erosion scenario and no fault
movement since 34Ma. Bedrock elevations are relative to present-day sea level. The blue lines show the estimated path-
ways of preglacial river networks. RL = Recovery Lakes, SR = Shackleton Range, TM = Theron Mountains. (c) Profile A-B
across the Shackleton Range and Theron Mountains. Black line = present-day (ice free) topography, red line =maximum
34Ma paleotopography, blue line =minimum 34Ma paleotopography.
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development can explain the uplift of the Antarctic margin (e.g., in Coats Land north of the Bailey Ice Stream;
Figure 1), it is unlikely that they can explain the observed patterns and extent of uplift farther inland in the
Recovery catchment.

Another option is that the observed asymmetry in the topography is the result of spatially variable erosion
rather than spatially variable uplift. However, this is unlikely to be the case, since the tilt is observed in the
mesa/plateau surfaces (Figure 2), which have experienced negligible incision and cut different geological
units [Kerr and Hermichen, 1999; Sugden et al., 2014; Krohne et al., 2016]. The presence of surfaces that all tilt
away from the region of unloading and have slopes that are not the same as geological dip slopes is strong
evidence for flexural tilting [Watts et al., 2000].

Krohne et al. [2016] have proposed a model in which thick (up to 3.4 km) sedimentary basins formed in the
region following the opening of the Weddell Sea. Post-Jurassic sediments are not observed in the regional
outcrops, suggesting that these sequences have been eroded. Could erosion of this overburden, which is
not considered in our models, have driven isostatic uplift of the Shackleton Range and Theron Mountains?
Erosion of sediments would indeed drive isostatic uplift of the underlying bedrock. However, removal of a
spatially uniform overburden is not capable of driving spatially variable (asymmetric) bedrock uplift as is
observed. Moreover, if the top of the sedimentary basin was close to sea level [Krohne et al., 2016], sediment
erosion could not uplift the top of the bedrock (i.e., the basin floor) to above sea level, because the unload
(the sediment) is less dense than the material it displaces (the mantle).

5.2. Timing of Fault Activity

While the timing of glacial incision is well constrained to the last 34Ma [Coxall et al., 2005; Thomson et al.,
2013; Krohne et al., 2016], the timing of fault activity remains a source of uncertainty. The inferred faults that
bound the Shackleton Range and Theron Mountains lie approximately parallel to major Pan-African age
thrust faults and proposed crustal-scale transpressional shear zones recognized within the Shackleton
Range itself and in western Dronning Maud Land [e.g., Jacobs et al., 2015]. Recent thermochronology studies
indicate a period of significant exhumation in the Shackleton Range area at approximately 190–180Ma,
which is attributed to the onset of crustal extension in the Weddell Sea Rift System [Jordan et al., 2013,
2016] and widespread mafic magmatism associated with Ferrar Large Igneous Province [Krohne et al.,
2016]. A renewed period of exhumation at approximately 120–100Ma is attributed to a change in spreading
direction in the oceanic crust north of the Weddell Sea Rift System, which may have triggered oblique trans-
tension onshore [Krohne et al., 2016].

Because 120–100Ma is the most recent episode of exhumation prior to glaciation at 34Ma [Krohne et al.,
2016], it is the most likely time at which the faults inferred to bound the Shackleton Range and Theron
Mountains were last active. The time between the conclusion of fault activity and the onset of glaciation
was likely relatively short in order to preserve the (asymmetric) topography associated with faulting
(Figure 2). Although the faults may have been moving since 34Ma, as has been inferred in other regions
of East Antarctica [Cianfarra and Salvini, 2016], there is no geological evidence for this in the Shackleton
Range region. Furthermore, the presence of fluvial valley slopes flowing toward the Slessor trough close to
sea level would appear to rule out significant post-34Ma tectonic uplift [Sugden et al., 2014]. However, valley
incision can have a strong positive feedback on the growth and life span of major range-bounding normal
faults in extensional systems [Olive et al., 2014]. The offsets on the range-bounding faults in the Shackleton
Range region may therefore, in part, be the result of glacial or preglacial (fluvial) erosion within the troughs.
We speculate that the ongoing process of erosion-driven isostatic uplift is accommodated on these faults, as
has been suggested for the Lambert Glacier region [Phillips and Läufer, 2009]. The resultant unloading of the
footwall by the hanging wall would also contribute to the total flexural uplift, highlighting that the faults were
likely the cause and effect of uplift.

5.3. Landscape Evolution

The landscape evolution of the Shackleton Range region since Gondwana breakup was likely dominated initi-
ally by rifting in the Weddell Sea (commencing at approximately 180Ma [Jordan et al., 2016]), uplift of the
passive continental margin, and dissection of the landscape by continental river systems [Sugden et al.,
2014; Krohne et al., 2016]. With the locus of uplift along the continental margin, it is likely that Jurassic-
Cretaceous river systems initially flowed eastward. At some stage, the passive margin was breached at the
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location of the present-day confluence of the Recovery, Slessor, and Bailey glaciers; this could have occurred
prior to or after glaciation. The modern ice streams exploit this breach today—it is the point through which
the entire catchment drains into the Filchner Ice Shelf (Figure 1).

Plate reorganization at approximately 120–100Ma triggered activity on the faults inferred to flank the
Shackleton Range and Theron Mountains and drove exhumation of the region [Krohne et al., 2016]. Our mod-
els indicate that the fault systems that drove the majority of mountain uplift were those bounding the
Recovery and Bailey troughs. However, magnetic modeling indicates that further upstream the Slessor
Glacier is underlain by a sediment-filled half-graben [Shepherd et al., 2006]. Because the topography prior
to faulting is unconstrained, our models cannot be used to estimate the total amount of uplift on the faults.
Our models suggest that the amount of uplift drivenby the Recovery andBailey faultswas~600–700mgreater
than by the Slessor faults. As well as following the location of the preexisting fault systems (see below), the

Figure 9. Cartoon showing the proposed landscape evolution of the Shackleton Range region. The geometry of the region
has been simplified to two elongate, subparallel mountain ranges bounded by three subparallel troughs. (a) Fault activity in
the Jurassic/Cretaceous uplifted the Shackleton Range (SR) and TheronMountains (TM) blocks. The troughs were filled with
sediment. Large river networks drained the continental interior, flowing westward toward the Jurassic age passive margin.
(b) After 34Ma, the region was covered by the early East Antarctic Ice Sheet (EAIS). Valley floors subsided due to the loading
effect of the ice sheet. (c) By the Quaternary, the EAIS had grown to continental scale, and three large ice streams had exca-
vated large overdeepened troughs. The location of these troughs was controlled by the preexisting fault structure and river
networks. Ice flow is from east to west. Erosional unloading in the troughs drove isostatic bedrock uplift of the Shackleton
Range and Theron Mountains, causing the peaks to emerge from beneath the EAIS as nunataks [Sugden et al., 2014]. As a
result of ice sheet loading and glacial erosion, the floors of the glacial troughs now lie up to 2.5 km below sea level.
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location of the Slessor Glacier was likely controlled by the flexural downwarping induced by mechanical
unloading on the faults bounding the Recovery and Bailey troughs (Figure 7).

Assuming that fault activity had ceased by the Late Cretaceous, significant (500–1000m) topography must
have existed in the Shackleton Range region prior to glaciation (Figures 8 and 9). During or shortly after fault-
ing, the grabens bounded by the faults were likely infilled with sediment [Krohne et al., 2016] and rivers
exploited the structurally controlled topography and cut the valley floors to base level [Sugden et al., 2014]
(matching our “maximum erosion scenario”; Figure 5). These river networks (Figures 8 and 9) would have flo-
wed westward if the passive margin had been breached by this time; near the head of the Recovery trough,
rivers may have drained east into the Recovery Lakes [Bell et al., 2007] (Figure 8).

From 34Ma onward, the landscape has been shaped significantly by glaciation. The modern landscape of the
Recovery catchment bears the hallmarks of selective linear erosion [Sugden and John, 1976] by the EAIS. For
selective linear erosion to occur, an existing (lower amplitude) topographic feature must have existed prior to
glaciation [Sugden and John, 1976; Wilson et al., 2012]. The Recovery, Bailey, and Slessor glaciers therefore
likely exploited preexisting depressions controlled by the faults flanking by the mountains and occupied
by rivers prior to glaciation (Figure 9). The focusing of ice through the preexisting troughs initiated a strong
positive feedback, whereby the troughs were rapidly overdeepened by fast-flowing, warm-based erosive ice,
while the peaks of the neighboringmountain blocks were protected (and isostatically uplifted) beneath slow-
moving, cold-based nonerosive ice [Kessler et al., 2008]. We estimate that ~2 km of rock has been eroded from
the Recovery, Slessor, and Bailey troughs. This implies long-term average vertical erosion rates of ~0.06mm/yr,
which is consistent with observed erosion rates beneath modern polar glaciers [Koppes et al., 2015].

5.4. Implications for Past Ice Sheet Dynamics

The evolution of the bedrock topography of the Recovery catchment has significant implications for the
dynamics and stability of past Antarctic ice sheets. With more subdued topographic relief at 34Ma (Figure 8),
topographic steering of the ice sheet would have been less effective during the early stages of glaciation.
Early icesheetsmaythereforehavesimplyoverriddenthemountainsandtroughs.As thebedwithinthetroughs
was progressively overdeepened, topographic steering will have become more effective, allowing ice and
subglacial erosion to be focused through the troughs [Kessler et al., 2008]. Gradually, ice thicknesses and flow
velocities will have increased in the troughs and decreased over themountain blocks [Sugden et al., 2014].

By correcting for erosion and erosion-driven uplift, we have shown that the Shackleton Range and Theron
Mountains were ~700m lower at the time of EAIS inception at the Eocene-Oligocene climate transition
(34Ma) than today (Figure 8). Furthermore, the Bailey, Slessor, and Recovery trough floors were likely close
to sea level at this time (Figure 8), compared to almost 2.5 km below sea level today. This paleotopography
therefore provides a new input for models of early ice sheet initiation and evolution. Crucially, the implication
of the reconstructed topography is that the early ice sheets were less responsive to climate and ocean
forcing, because the bed was not significantly overdeepened below sea level.

6. Conclusions

In this study, we have presented new compilations of radar and gravity data over the previously largely unex-
plored Recovery catchment and used the data sets to quantify for the first time the roles of erosion-driven
and tectonic uplift. The 2-D forward and 3-D inverse (spectral) modeling indicates that the Recovery catch-
ment is characterized by Te values of around 20 km. Our 3-D flexural models show that erosion-driven uplift
has driven a substantial amount (~700m) of post-Eocene uplift of the Shackleton Range and Theron
Mountains, augmenting the previous study of Sugden et al. [2014]. However, the model results show that ero-
sion alone cannot account for the elevation or the tilt of the Shackleton Range and the Theron Mountains. We
propose that the Recovery, Slessor, and Bailey glaciers are structurally controlled. The glacially overdeepened
troughs were superimposed on preexisting fault-bounded half-grabens that may have been active during
Jurassic rifting and Cretaceous intraplate faulting as proposed from independent recent thermochronology
studies [Krohne et al., 2016]. Overall, our results indicate that the Shackleton Range and Theron Mountains
were likely ~700m lower and the bounding valley floors were close to sea level at the Eocene-Oligocene cli-
mate transition at 34Ma. This has important implications for developingmore robust models of the dynamics
and stability of the early EAIS.
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Abstract East Antarctica hosts large subglacial basins into which the East Antarctic Ice Sheet (EAIS) likely
retreated during past warmer climates. However, the extent of retreat remains poorly constrained, making
quantifying past and predicted future contributions to global sea level rise from these marine basins
challenging. Geomorphological analysis and flexural modeling within the Wilkes Subglacial Basin are used to
reconstruct the ice margin during warm intervals of the Oligocene-Miocene. Flat-lying bedrock plateaus are
indicative of an ice sheet margin positioned >400–500 km inland of the modern grounding zone for
extended periods of the Oligocene-Miocene, equivalent to a 2-m rise in global sea level. Our findings imply
that if major EAIS retreat occurs in the future, isostatic rebound will enable the plateau surfaces to act as
seeding points for extensive ice rises, thus limiting extensive ice margin retreat of the scale seen during the
early EAIS.

Plain Language Summary The Wilkes Subglacial Basin is a large, low-lying topographic depression
situated beneath the Antarctic Ice Sheet. Because the land surface of the basin is currently situated below sea
level, it is a potential site of ice sheet collapse and rapid retreat in a warming world. Understanding this
landscape and how it has evolved through time in relation to past climate and sea level is therefore key to
understanding the future dynamics of this part of the ice sheet. Here we report the discovery, using
ice-penetrating radar data sets, of extensive subglacial bedrock plateaus within the Wilkes Subglacial Basin.
We analyze the geomorphology of these plateau surfaces and reconstruct the evolution of the subglacial
landscape through time. Our results indicate that this part of the Wilkes Subglacial Basin was free of ice for
extensive and prolonged periods of time during the early stages of ice sheet development. These constraints
on past ice sheet extent, together with our landscape reconstruction, can be used by the ice sheet modeling
community to better understand the likely future dynamics of this part of the Antarctic Ice Sheet.

1. Introduction

Ice thickness measurements from ice-penetrating radar surveys show that ∼40% of the Antarctic Ice Sheet
(AIS) is marine-based (Fretwell et al., 2013). This includes not only much of the West Antarctic Ice Sheet
(WAIS) but also large subglacial basins around the margin of the East Antarctic Ice Sheet (EAIS). These
low-lying subglacial basins are thought to be vulnerable to rapid ice sheet retreat in response to ocean
and climate warming (DeConto & Pollard, 2016; Li et al., 2015; Mercer, 1978; Pollard et al., 2015; Schoof,
2007). Loss of all marine-based ice in East Antarctica would raise global mean sea level by ∼20 m (Fretwell
et al., 2013). However, there is currently no consensus regarding the amount of ice sheet retreat during past
warmer climates (DeConto & Pollard, 2016) and consequent uncertainty as to the likely magnitude and rate of
future retreat of the EAIS into these marine-based subglacial basins.

The Wilkes Subglacial Basin (WSB) has attracted attention as a potential area of substantial ice sheet retreat
because the EAIS is grounded >500 m below sea level across much of the 1,400-km-long × 200 to 600-km-
wide basin (Fretwell et al., 2013; Mengel & Levermann, 2014; Figure 1). However, significant variation remains
between numerical ice sheet model predictions of EAIS retreat within the WSB during past warmer periods
such as the mid-Pliocene (ca. 3 Ma) and mid-Miocene (ca. 14 Ma; Austermann et al., 2015; DeConto &
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Key Points:
• We report the discovery of
plateau-like erosion surfaces within
the Wilkes Subglacial Basin in East
Antarctica

• Geomorphology and elevation of the
plateaus are consistent with an early
ice margin situated >400–500 km
inland for extended periods

• If future major ice sheet retreat into
the basin occurs, isostatic rebound will
enable the plateaus to act as seeding
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Pollard, 2016; Mengel & Levermann, 2014; Pollard et al., 2015). Moreover, despite attempts to elucidate the
likely stability of the EAIS within the WSB from geological, geomorphological, and oceanographic evidence
(Barrett, 2013; Cook et al., 2013; Gasson, DeConto, & Pollard, 2016; Sugden et al., 1995), the location,
amount, and rate of ice sheet retreat within the WSB during warmer climates such as the Pliocene remain
poorly understood.

An important but largely untapped record of the stability of the EAIS is the morphology of the bedrock topo-
graphy within the WSB. Subglacial geomorphology, as unveiled by airborne radar surveys, has been used to
infer the configuration, basal thermal regime, and marginal zone locations of past and present ice sheets
(Jamieson et al., 2014). For example, ice-penetrating radar has revealed subglacial landforms and areas of
enhanced glacial erosion indicative of former ice margins within the Aurora Subglacial Basin (Aitken et al.,
2016; Young et al., 2011). We analyze airborne radar data to investigate the subglacial landscape within
the WSB and assess its relationship with past EAIS dynamics. Combining geomorphological interpretation
and flexural modeling, we constrain the ice sheet extent during warm intervals in the early stages of EAIS

Figure 1. Regional setting of the Wilkes Subglacial Basin in East Antarctica. (a) Perspective image of the regional bedrock topography (Fretwell et al., 2013).
Bedrock elevations have not been isostatically adjusted for ice sheet loading. Vertical exaggeration = 150x. The black box shows the extent of panel b. The inset
shows the study region within East Antarctica. (b) Bedrock topography of the main survey grid (Ferraccioli et al., 2009). The black lines show basin margins
(Ferraccioli et al., 2009; Jordan et al., 2010). The red lines and the solid boxes show locations of profiles and panels in Figure 2. The dashed boxmarks the outline of the
main survey grid. Abbreviations: EA = East Antarctica; WA = West Antarctica; CB = Central Basin; EB = Eastern Basin; WB = Western Basin.
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development in Oligocene-early Miocene times and identify how the bedrock topography could influence
the future dynamics of this part of the ice sheet.

2. Data and Methods

In the 2005/2006 austral summer, a UK-Italian airborne geophysical survey acquired >60,000 line-km of
radio-echo sounding data across the northern part of the WSB (Ferraccioli et al., 2009; Jordan et al., 2010,
2013; Figures 1, S1, and S2 in the supporting information). We subtracted the radar-derived ice thickness from
the ice surface elevation for each radar line in order to determine the bedrock elevation. A digital elevation
model of the northern WSB (Figure 1) was produced by interpolating the bedrock elevation line data onto a
1-km grid (Wessel et al., 2013). We computed the hypsometry (elevation-frequency distribution), along-track
roughness of the radar-derived topography (Shepard et al., 2001), and bedrock slope in order to characterize
the subglacial landscape (supporting information).

We used 3-D flexural models to reconstruct the elevation of the northern WSB since EAIS inception at ca.
34 Ma. We isostatically adjusted the bedrock topography for the removal of the modern ice load (supporting
information). Redistribution of surfacematerial by erosion and sedimentation also induces a flexural response
from the lithosphere that drives vertical surface displacement. The net amount of glacial erosion across the
basin was estimated by assuming that flat-lying bedrock topographic highs are remnants of a formerly
continuous pre-erosion surface, which is reconstructed by interpolation between these topographic highs
(supporting information; Champagnac et al., 2007; Stern et al., 2005). We estimated the distribution of eroded
material by subtracting the observed topography from this “peak accordance surface” (Figure S5). The
seismically mapped distribution of offshore post-34 Ma sediment was used to determine the flexural
response to sediment loading and to constrain our erosion estimate by comparing the mass of sediment
to the mass of eroded material (Figure S6).

We computed the flexural response to erosional unloading and sediment loading using a 3-D model of a thin
elastic plate overlying an inviscid fluid mantle (Watts, 2001). We assumed mean densities of 2,500 kg m�3 for
eroded rock and 2,000 kg m�3 for offshore sediment and a uniform effective elastic thickness of 35 km
(Wilson et al., 2012; supporting information). Eroded bedrock was restored to the topography, which was also
adjusted for the associated flexural effects, producing a reconstruction of bedrock elevation at ca. 34 Ma.
Using offshore sediment cores (Escutia et al., 2011; Tauxe et al., 2012), we established a chronology of glacial
erosion and flexural uplift from 34 Ma to present (supporting information). This allowed us to produce
paleo-elevation reconstructions at three important time slices associated with EAIS development: (1) the
Eocene-Oligocene Boundary (ca. 34 Ma), (2) the mid-Miocene Climatic Optimum (ca. 14 Ma), and (3) the
mid-Pliocene warm period (ca. 3 Ma).

Evolving dynamic topography (i.e., surface displacement by mantle dynamics) may have affected regional
bedrock elevations during the Oligocene-Neogene. However, the magnitude of these changes is still poorly
known, and hence, we do not incorporate them. We note, however, that dynamic topography models predict
that during the mid-Pliocene the bedrock elevation was ~100–200 m lower on the western and northern
margins of the WSB (Austermann et al., 2015).

3. Results
3.1. Bedrock Topography and Geomorphology

The radar data image extensive flat bedrock surfaces within the northern WSB. We identify these plateau-like
surfaces (Figure 2) by their remarkably constant elevation, bright reflectivity, small-scale surface roughness,
and steep edges. The new digital elevation model (Figure 1) reveals that the plateau surfaces are laterally
continuous over tens to hundreds of kilometers (~30% of the survey grid) but are not observed in exploratory
radar survey lines located to the north or south (Figures S1 and S3). The flat surfaces are separated by a
complex network of subbasins up to 80 km wide, wherein the ice sheet bed lies up to 2.1 km below sea level
(Ferraccioli et al., 2009; Figure 1). Three major subbasins are defined: the Eastern, Central, and Western Basins
(Ferraccioli et al., 2009; Figure 1).

The elevations of the flat plateau-like surfaces are broadly uniform across the basin, with a modal elevation of
560 m below sea level (Figure 2). If the topography is isostatically rebounded for the removal of the present-
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day ice sheet, the modal plateau surface elevation is 200 m above sea level. When rebounded for ice loading,
the plateaus are remarkably flat-lying over their entire extent; the hypsometric curve is unimodal, with a
standard deviation of ∼150 m (Figure 2). The only clear tilt observed on the surfaces is a gentle inland
(north to south) dip of 0.1° (Figure 2c), attributed to inland thickening of the ice sheet. The plateaus are
incised by small-scale valleys, with local relief of ∼100 m (Figures 2a and 2b). Some areas of the plateau
surfaces have a very low slope (<1°), minor basal roughness, and no evidence of incision (Figure S4). Our
mapping reveals two plateau levels, separated by an ~200-m break of slope or escarpment (Figure 2). The

Figure 2. Flat-topped plateau surfaces within the Wilkes Subglacial Basin (WSB). (a) Radar echogram along profile A-A0 crossing the flat plateau surfaces. Profile is
oriented E-W, and ice flow is out of the page. (b) Profile B-B0 running S-N along an extensive plateau surface showing a gentle landward dip. Profile locations
shown in Figure 1b. The dashed yellow lines highlight the horizontal extent of the plateau surfaces. The red arrow marks the break in slope between surfaces.
(c) Location of plateau surfaces, colored according to the present-day elevation of subglacial topography. The dashed red line shows the break in slope. The black
lines show subbasin outlines (Ferraccioli et al., 2009). The black dashed lines mark the extent of the plateau surface remnants. The dashed box indicates the
area shown in Figure 3. (d) Histogram of plateau surface elevations (hypsometry), expressed as a % frequency of the total flat surface area. Yellow = present-day
elevation; red = elevation isostatically adjusted for removal of the present-day ice load. Hypsometric peaks corresponding to the upper and lower plateau surfaces
are indicated. (e) Map of part of the upper plateau surface in the eastern WSB. (f) Map of part of the lower plateau surface in the western WSB. The contour
interval is 100 m. The dashed yellow outlines show particularly flat and smooth areas of the plateau surface (also shown in panel c).
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plateau surface remnants south of the break of slope are rougher and ~200 m higher than the remnants
north of the break of slope (Figure S4).

3.2. Flexural Modeling

Our erosion estimate shows that >1 km of material has been selectively eroded from the overdeepened
subbasins within the WSB since the latest Eocene. Removal of this material has driven 200–300 m of flexural
uplift of the plateau surfaces between these subbasins (Figure S5). We estimated a total eroded mass of
~6 × 105 Gt, which compares well with the observed mass of post-34 Ma WSB-derived detrital sediment
on the Wilkes Land margin of ~7–9 × 105 Gt (supporting information).

Our flexural models show that at the Eocene-Oligocene Boundary, the plateau surface remnants below the
break of slope restore to a modal elevation of�100m (Figure 3). By themid-Miocene, these surface remnants
had been flexurally uplifted above sea level and were situated at a modal elevation of 110 m (Figure 3).
During the mid-Pliocene, the plateaus were 170 m above sea level when free of ice cover (Figure 3), although
this is likely an overestimate due to potential dynamic uplift since the mid-Pliocene (Austermann et al., 2015).
When free of ice cover, the remnants of the plateau surface below the escarpment were within ±100 m of sea
level between the Oligocene and early Miocene, whereas the surface above the escarpment (when ice free)
has remained above sea level since 34 Ma (Figure S7 and Table S1 in the supporting information).

4. Discussion
4.1. Mechanism of Plateau Surface Formation

The plateaus identified in the WSB resemble subglacial bedrock erosion surfaces previously mapped along
the Siple Coast (Wilson & Luyendyk, 2006) and the Weddell Sea Embayment (Rose et al., 2015; Figure S8).
Planation surfaces (the Crohn erosion surface) are also exposed in the Prince Charles Mountains in the

Figure 3. Bedrock elevation reconstruction. (a) Latest Eocene, immediately prior to East Antarctic Ice Sheet (EAIS) inception at the Eocene-Oligocene boundary
(34 Ma). Plateau surface remnants are shown by the dashed outlines. The red dashed line marks the escarpment at the limit of the remnants of the lower
plateau surface, which constrains the maximum extent of the EAIS margin during sustained and extended periods of the Oligocene-Miocene. (b) Mid-Miocene
(14 Ma). The subbasins (solid lines) have been glacially overdeepened by a dynamic and fluctuating EAIS. (c) Mid-Pliocene (3 Ma). The colored dashed lines show
modeled mid-Pliocene warm period ice margins (Austermann et al., 2015; DeConto & Pollard, 2016; Mengel & Levermann, 2014; Pollard et al., 2015). The white lines
denote the sea level (0 m) contour. The insets show the hypsometry of the plateau surfaces at each time interval. The quoted values denote the modal plateau
surface elevation relative to present-day sea level (vertical dashed line).
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Lambert Glacier region, >1 km above sea level (Wellman & Tingey, 1981; White, 2013). Three reasons lead us
to propose that the WSB plateaus are also the remnants of a once continuous erosion surface, rather than
depositional topographic features. First, glacial sedimentary deposition predominates at the ice sheet
margin, whereas the plateau surfaces are 300–500 km inland of the modern margin. Second, interpretations
of aeromagnetic anomalies suggest that this area of the WSB comprises Devonian-Triassic Beacon
Supergroup rocks and intrusive Ferrar dolerites (Ferraccioli et al., 2009) and does not contain thick
Cenozoic sedimentary deposits (Ferraccioli et al., 2009; Jordan et al., 2013). Third, the small-scale roughness
of the surfaces, as observed in radar echograms, is consistent with valley incision into a bedrock surface, as
opposed to the smoother topography of depositional sediment-filled subglacial basins (Bingham &
Siegert, 2009).

One possible explanation for plateau surface formation is that the WSB was characterized by long-lived low-
lying coastal plains immediately prior to and during the early stages of EAIS development. The plateau
remnants we have mapped and reconstructed in the WSB are analogous to the low-elevation Nullarbor
Plain and Murray Basin planation surfaces along the conjugate South Australian passive margin, which are
inferred to have formed during Eocene-Miocene times (Quigley et al., 2010; Sandiford et al., 2009). These
planation surfaces cover a horizontal extent of hundreds of km, are situated <200 m above sea level, and
bounded at the inland margin by 100 to 200 m-high escarpments, which are interpreted as marking
Miocene paleo-shorelines (Quigley et al., 2010). These observations are directly comparable to the lower-level
WSB planation surface, implying a similar timing and mode of formation.

Alternatively, the lower WSB planation surface may have formed by fluvial and hillslope processes and/or
wave action at sea level in front of a retreating escarpment following Gondwana breakup, analogous to
Gondwanan passive margins such as eastern Australia and southern Africa (Beaumont et al., 2000;
Jamieson & Sugden, 2008; Sugden & Denton, 2004). However, these passive margins exhibit escarpments
>1,000 m in elevation, compared to the 200-m escarpment in the WSB. Moreover, apatite fission track data
from the Wilkes Land coast show ages of >250 Ma, implying very little erosion along the margin since the
Triassic, which is inconsistent with major escarpment retreat concomitant with Gondwana breakup in the
Late Cretaceous (Arne et al., 1993).

A final possibility is that the plateaus are remnants of a much older terrestrial erosion surface formed prior to
Gondwana breakup. However, potential field models indicate that the subbasins of the WSB are superim-
posed on pre-existing fault systems, which were likely active during Cretaceous-early Cenozoic upper crustal
extension and/or transtension at the margin of the East Antarctic Craton (Cianfarra & Salvini, 2016; Ferraccioli
et al., 2009). If the plateaus were older than Cretaceous-early Cenozoic, we would expect to observe faulting
and high-angle tilting of the plateau blocks, as is recognized in association with the West Antarctic Rift
System (LeMasurier & Landis, 1996). Moreover, flexure associated with TAM uplift (occurring episodically
through the mid Cretaceous to Paleogene; Fitzgerald, 2002; Lisker & Läufer, 2013) would also be expected
to induce subtle tilting of the plateau surfaces (Jordan et al., 2013). As such systematic tilts are not observed
(Figure S4), our preferred interpretation is that the surface planation continued after faulting and flexure.

The model that best fits the observed morphology and paleo-elevation reconstructions of the planation sur-
face remnants within the WSB is one in which surface planation began close to sea level following Gondwana
breakup, Cretaceous-early Cenozoic transtension, and TAM uplift (i.e., since the Eocene). We propose that
low-lying vegetated coastal plains, shallow inland seas, and/or brackish marshes likely dominated the land-
scape of the northern WSB shortly prior to and during the early stages of EAIS development (Figure 4).
Given the large horizontal extent (~300 km) of the plateaus, a protracted period of time (millions to tens of
millions of years) would be required for surface planation by fluvial processes. This implies that surface
planation was analogous to the South Australian passive margin and likely occurred from the Eocene onward
and during the Oligocene-early Miocene, at which time the plateaus were situated at elevations within 100 m
of sea level (Figure 3).

4.2. Past East Antarctic Ice Sheet Behavior and Extent

Our combined geomorphological and flexural modeling analysis indicates that the WSB plateau surfaces
were situated close to sea level in Oligocene-early Miocene times. Near-coastal surface planation in the
absence of ice during the Oligocene-early Miocene would have required a restricted ice sheet for
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extended periods during this time, with a terrestrial margin >400–500 km inland of the modern grounding
line (Figure 4). Retreat of the ice sheet margin from themodern grounding line to this restricted configuration
would be associated with a global sea level rise of >2 m from the WSB alone. A restricted and dynamic
Oligocene-Miocene AIS is also evidenced by marine oxygen isotope and sea level records (Miller, 2005;
Zachos et al., 2001) and recent ice sheet model simulations (Gasson, DeConto, Pollard, et al., 2016).

Wilkes Land offshore sediment records indicate that the majority of the volume of glacially eroded terrige-
nous material was removed by erosion prior to and/or during the expansion of the EAIS at ca. 14 Ma (support-
ing information; Escutia et al., 2011; Pierce et al., 2017; Tauxe et al., 2012). A slowdown in source-area erosion

Figure 4. Schematic landscape and ice sheet configurations within the Wilkes Subglacial Basin. (a) An ice-free late Eocene (immediately prior to East Antarctic Ice
Sheet [EAIS] inception at 34 Ma) landscape, characterized by low-elevation coastal plains hosting continental river systems. The EAIS margin was situated inland
of the coastal plains for sustained periods during Oligocene-Miocene times. (b) Mid-Pliocene warm period (or potential future) ice sheet. Ice sheet retreat
into the WSB is steered along the fault-bounded subbasins that have been selectively eroded by dynamic ice sheets. Ice rises are grounded on the plateaus that
represent remnants of the coastal planation surfaces. These ice rises may slow further retreat of the margin.
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rates at ca. 14 Ma is also indicated by detrital thermochronology andmarkers of erosion-driven isostatic uplift
in the Lambert Glacier catchment to the west (Hambrey et al., 2007; Hambrey & McKelvey, 2000; Paxman
et al., 2016; Thomson et al., 2013; Tochilin et al., 2012). Glacial erosion was focused within the relict WSB
subbasins (Figure S5). The scale of these basins, alongside potential field modeling, implies that they are
superimposed on pre-existing tectonic features (Aitken et al., 2014; Ferraccioli et al., 2009; Jordan et al.,
2013). These subbasins were likely overdeepened beneath dynamic ice sheets that expanded over the north-
ern WSB during cooler periods during the Oligocene-Neogene (Jamieson et al., 2010; Mengel & Levermann,
2014; Pierce et al., 2017) and exploited the pre-existing topographic depressions.

Because this fjord-and-plateau landscape would have requiredmillions of years to form, we assert that the ice
margin resided >400–500 km inland of its modern location for prolonged periods of time from the late
Eocene to mid-Miocene and periodically advanced and retreated across the northern WSB. The plateaus have
likely been subsequently preserved beneath non-erosive cold-based ice, while enhanced glacial flow and
incision are focused in adjacent tectonically controlled topographic depressions (Sugden & John, 1976).
The similarity between the elevation and extent of the WSB plateaus and those observed along the Siple
Coast (Wilson & Luyendyk, 2006) and Weddell Sea Embayment (Rose et al., 2015) (Figure S8) is indicative
of similar dynamic ice sheet behavior in West Antarctica and East Antarctica, at least up to Miocene times.

4.3. Plateau Surface Influence on Ice Sheet Dynamics

After formation in the Eocene-Miocene, the flat surfaces may have played a role in subsequent EAIS behavior.
The present-day Siple Dome, Engelhardt, and Berkner Island ice rises are grounded on extensive shallow
seabed plateaus (Paxman et al., 2017; Wilson & Luyendyk, 2006) akin to those we have described within
the WSB, and the lateral extent and bedrock elevation of these ice rises are also comparable (Matsuoka
et al., 2015; Figure S8). Our flexural models show that the plateau surfaces were close to sea level when free
of significant ice cover (Figure 3), which would facilitate ice rise formation. Furthermore, the plateaus have
been flexurally uplifted due to glacial erosion since 34 Ma (Figure 3), which suggests that ice rise formation
has become more likely over time. We propose that the WSB plateau-like surfaces hosted extensive ice rises
within an ice shelf during interglacial periods when the EAIS retreated into the WSB and the plateaus were
unloaded and isostatically uplifted (Figure 4).

The plateaus lie along the southern margin of the predicted retreated region of the EAIS in numerical simula-
tions for the mid-Pliocene warm period (Austermann et al., 2015; DeConto & Pollard, 2016; Mengel &
Levermann, 2014; Pollard et al., 2015; Figure 3). Numerical models indicate that the presence of ice rises inhi-
bits ice margin retreat through an increased buttressing effect (Favier & Pattyn, 2015; Matsuoka et al., 2015).
These plateau surfaces may therefore have slowed EAIS retreat during recent interglacials such as the
mid-Pliocene and also formed important nucleation points for ice sheet regrowth during glacial periods,
although the rate of bedrock rebound following deglaciation may have been relatively slow owing to the
high viscosity of the mantle beneath East Antarctica (Whitehouse et al., 2012). This provides a potential ana-
logue for future ice sheet response in a warming world; if the EAIS were to retreat into the WSB in the future,
isostatic rebound would enable the plateau surfaces to act as seeding points for ice rises, thus potentially
delaying further retreat of the EAIS and/or facilitating a temporary readvance of the ice sheet margin
(Matsuoka et al., 2015).

5. Conclusions

We conclude that the newly mapped bedrock plateau surfaces within the WSB provide (a) a constraint on the
extent of the EAIS during Oligocene-Miocene warm intervals and (b) an improved understanding of the pro-
cesses that likely operated at the ice sheet margin during subsequent retreat phases and may operate in the
future. Plateau surface formation by fluvial erosion requires an ice sheet margin situated>400–500 km inland
of the modern grounding zone during prolonged periods of the Oligocene-Miocene. These near-sea level
plateaus likely facilitated ice rise formation when exposed during subsequent warm interglacials, potentially
buttressing the margin against further retreat (Matsuoka et al., 2015). The glacial dynamics associated with
the plateau surfaces may therefore exert considerable influence over EAIS behavior (Favier & Pattyn, 2015;
Gudmundsson, 2013). Improving numerical models to incorporate feedbacks related to these bedrock topo-
graphic features may significantly influence predictions of future ice sheet retreat and contribute to our
understanding of the overall long-term stability of this part of the EAIS.
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Abstract Reconstructions of the bedrock topography of Antarctica since the Eocene‐Oligocene
Boundary (approximately 34 Ma) provide important constraints for modeling Antarctic ice sheet
evolution. This is particularly important in regions where the bedrock lies below sea level, since in these
sectors the overlying ice sheet is thought to be most susceptible to past and future change. Here we use 3‐D
flexural modeling to reconstruct the evolution of the topography of the Wilkes Subglacial Basin (WSB) and
Transantarctic Mountains (TAM) in East Antarctica. We estimate the spatial distribution of glacial erosion
beneath the East Antarctic Ice Sheet, and restore this material to the topography, which is also adjusted for
associated flexural isostatic responses. We independently constrain our post‐34 Ma erosion estimates using
offshore sediment stratigraphy interpretations. Our reconstructions provide a better‐defined topographic
boundary condition for modeling early East Antarctic Ice Sheet history. We show that the majority of glacial
erosion and landscape evolution occurred prior to 14 Ma, which we interpret to reflect more dynamic and
erosive early ice sheet behavior. In addition, we use closely spaced 2‐D flexural models to test previously
proposed hypotheses for a flexural origin of the TAM and WSB. The pre‐34 Ma topography shows lateral
variations along the length of the TAM andWSB that cannot be explained by uniform flexure along the front
of the TAM. We show that some of these variations may be explained by additional flexural uplift along the
south‐western flank of the WSB and the Rennick Graben in northern Victoria Land.

1. Introduction

The Transantarctic Mountains (TAM) are a >3,000 km‐long mountain range that separates East Antarctica
and the West Antarctic Rift System (Figure 1). The peaks of the TAM protrude from beneath the East
Antarctic Ice Sheet (EAIS) and rise to elevations >3 km above sea level. The Wilkes Subglacial Basin
(WSB) is an extensive, low‐lying region of the bedrock concealed beneath the EAIS in the hinterland of
the TAM (Figure 1). Airborne radio‐echo sounding (RES) surveys reveal that this sector of the EAIS is largely
marine‐based (grounded on bedrock that lies below sea level). These surveys show the WSB to be an ~1,400
km‐long and 200 to 600 km‐wide, south‐to‐north trending, subglacial depression, with bedrock elevations on
average 500 m below sea level (Ferraccioli, Armadillo, Jordan, et al., 2009; Fretwell et al., 2013). The north-
ern WSB contains deep sub‐basins (up to 80 km wide), wherein the bed is situated up to 2.1 km below sea
level; Ferraccioli, Armadillo, Jordan, et al., 2009; Jordan, Ferraccioli, Corr, et al., 2010; Figure 2).

TheWSB is one of a number of large topographic basins that reach the coast of East Antarctica wherein large
tracts of the EAIS are marine‐based. This renders the ice sheet above the WSB potentially vulnerable to sig-
nificant retreat in predicted future warmer climates (Pollard et al., 2015) as a result of marine ice sheet
instability processes. Such processes have long been hypothesized for West Antarctica (Mercer, 1978;
Schoof, 2007), but the importance of low‐lying East Antarctic subglacial basins, which contain a much larger
integrated volume of grounded ice (Fretwell et al., 2013), has only recently been more fully appreciated
(Aitken et al., 2016; Bamber et al., 2009; DeConto & Pollard, 2016; Golledge et al., 2017; Mengel &
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Levermann, 2014; Pollard et al., 2015). The northern WSB hosts the fast‐flowing (velocities >25 m/year)
Cook, Ninnis, and Mertz outlet glaciers, which together drain an EAIS catchment area of ~600,000 km2,
equating to ~5 m of eustatic sea level rise (Rignot et al., 2011).

Despite the importance of the WSB as a control on the future behavior of the EAIS, the topographic evolu-
tion of this region prior to and following EAIS inception at the Eocene–Oligocene transition (approximately
34 Ma) remains poorly understood (Gasson et al., 2015; Wilson et al., 2013). Unraveling the tectonic and

Figure 1. Regional setting of the Transantarctic Mountains and Wilkes Subglacial Basin within East Antarctica. (a) New
digital elevation model of subglacial topography. Contour interval is 1 km, and elevations are relative to sea level. The red
lines are proposed major crustal faults (Aitken et al., 2014; Cianfarra & Salvini, 2016; Ferraccioli, Armadillo, Jordan, et al.,
2009; Ferraccioli & Bozzo, 2003; Jordan et al., 2013). The black lines denote outlines of sub‐basins within the WSB
(Ferraccioli, Armadillo, Jordan, et al., 2009). The yellow dashed lines mark the outline of flat bedrock plateaus (Paxman
et al., 2018). Abbreviations: AST, Adventure Subglacial Trench; AsST, Astrolabe Subglacial Trench; BSH, Belgica
Subglacial Highlands; CB, Central Basin; CT, Concordia Trench; EB, Eastern Basin; MSZ, Mertz Shear Zone; PAF, Prince
Albert Fault; RG, Rennick Graben; RSH, Resolution Subglacial Highlands; WB,Western Basin. Inset shows the study area
within Antarctica. EA, East Antarctica; WA, West Antarctica. (b) Ice surface velocity field (Rignot et al., 2011). The 25‐m/
year contour (thin black line) highlights regions of fast ice flow. The thick black lines represent major drainage basins
(Rignot et al., 2013). Major outlet glaciers and ice shelves are labeled.

Figure 2. Effective elastic thickness model of the Transantarctic Mountains andWilkes Subglacial Basin. (a) Grid of effec-
tive elastic thickness (Te), consistent with forward topography and gravity models and spectral analysis (Chen et al., 2017;
Close et al., 2009; ten Brink et al., 1997). The locations of the East‐93 traverse and AEROTAM corridor survey, along which
2‐D flexural and gravity modeling has previously been carried out (Studinger et al., 2004; ten Brink et al., 1997), are shown.
The yellow dashed lines mark the outline of flat bedrock plateaus (Paxman et al., 2018). The red lines are major crustal
faults. (b) Sensitivity of modeled flexural uplift due to incisional unloading (section 3.3) to the elastic thickness, Te. The
low‐angle tilting associated with higher Te values (>20 km) is consistent with the observed dip of the plateau surfaces. The
sensitivity of the flexure to Te value decreases with increasing Te. (c) Modern‐day bedrock topography along profile X‐Y
(location shown in Figure 1).
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erosional evolution of the TAM and WSB will facilitate more accurate simulations of the behavior of past
Antarctic ice sheets and in turn improve predictions of future ice sheet change under projected ocean and
climate warming scenarios (DeConto & Pollard, 2016; Pollard et al., 2015).

2. Background and Aim

The mechanisms responsible for the formation and evolution of the WSB, and the closely associated TAM,
remain subject to debate. A number of authors have interpreted the TAM as the uplifted flank of the West
Antarctic Rift System, which is situated beneath the Ross Sea (Figure 1; Brenn et al., 2017; Hansen et al.,
2016; Stern & ten Brink, 1989; ten Brink et al., 1997). TheWSB is in turn interpreted as the product of flexural
back‐bulge subsidence induced by TAM uplift (Stern & ten Brink, 1989; ten Brink et al., 1997). This interpre-
tation is supported by successful comparisons between 2‐D flexural models and observed topographic profiles
across the southern TAM and WSB (ten Brink et al., 1997). The magnitude and pattern of flexure is also con-
strained using apatite fission track thermochronology (Fitzgerald, 1992), and the observed westward dip of a
Paleozoic erosion surface known as the Kukri Peneplain (Stern et al., 2005). Seismically derived crustal thick-
ness estimates also lend support to a flexural origin for the TAM and WSB, indicating that the crust is of con-
stant thickness and warps upward at the TAM and downward at the WSB (Hansen et al., 2016).

Early interpretations of thermochronology data indicated that the exhumation of the TAM occurred in three
main stages during the Early Cretaceous, Late Cretaceous, and Cenozoic (Fitzgerald, 2002; Lisker, 2002).
However, more recent evaluation of the thermochronology data, combined with thermal history modeling
and the observed stratigraphic record, suggests that TAM uplift was spatially complex and diachronous
along the mountain range rather than organized into three discrete events (Lisker et al., 2014; Lisker &
Läufer, 2013). These thermochronology data indicate that the region was buried beneath a sedimentary
basin during the Jurassic–Cretaceous, referred to as theMesozoic Victoria Basin, which was removed by ero-
sion following basin inversion and TAM uplift in the Paleogene (Lisker & Läufer, 2013; Prenzel et al., 2018).
However, no deposits from this now‐vanished basin have yet been described, and the uplift history of the
TAM remains subject to ongoing debate.

Existing flexural models match (i) the observed height of the TAM, (ii) the width of the WSB, and (iii) geo-
logical constraints, if a free (broken) edge is assumed along the front of the TAM and the lithosphere of inter-
ior East Antarctica is assumed to be flexurally rigid (with an effective elastic thickness of ~85 km; Stern et al.,
2005). However, 2‐D flexural modeling has only been carried out along single profiles and narrow corridor
surveys across the southern WSB and TAM (Studinger et al., 2004; ten Brink et al., 1997) and the effects of
flexure have yet to be fully quantified in 3‐D. It therefore remains unclear whether the flexure model is valid
along the >1,000 km length of the TAM and WSB. Moreover, 3‐D flexural modeling has shown that uplift
driven by glacial valley incision within the central TAM—a process that was not incorporated into the ori-
ginal 2‐Dmodels—can account for between 32% and 50% of the observed peak elevations (Stern et al., 2005).
The role of erosion‐driven uplift in theWSB has yet to be quantified, in contrast to the Recovery basin, where
quantitative modeling has demonstrated that glacial erosion and flexure have, in combination, driven sub-
stantial relief generation (Paxman et al., 2017).

Other workers have proposed that the geometry of the WSB is structurally controlled in light of potential
field and ice‐penetrating radar data sets, which reveal that the WSB is fault‐bounded and appears to follow
the geometry of the underlying tectonic architecture in the basement (Figure 1; Aitken et al., 2014; Chiappini
et al., 2002; Ferraccioli, Armadillo, Zunino, et al., 2009; Ferraccioli & Bozzo, 2003; Jordan et al., 2013).
Aeromagnetic interpretations also indicate the presence of Jurassic tholeiites and post‐Jurassic graben‐like
features within the WSB (Ferraccioli, Armadillo, Jordan, et al., 2009). However, there are no high‐amplitude
magnetic anomalies in theWSB comparable to those observed over Cenozoic rift related rocks over the adja-
cent TAM or within the West Antarctic Rift System (Ferraccioli, Armadillo, Zunino, et al., 2009). Based on
aeromagnetic and airborne gravity data interpretations, crustal extension associated with a Ross‐age
(approximately 500 Ma) back‐arc setting and Jurassic–Cretaceous Gondwana breakup has been proposed
to have affected the basement of the WSB (Ferraccioli, Armadillo, Jordan, et al., 2009; Jordan et al., 2013).
However, passive seismic data arrays currently only sample the eastern edge of the basin and these observa-
tions do not reveal large‐scale crustal thinning beneath the WSB, but rather a marginally thicker crust with
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respect to the adjacent TAM (An et al., 2015; Hansen et al., 2016). Overall, the influence of the inherited
basement architecture on the evolution of the modern topography of the WSB remains unclear.

The aim of this study is twofold. First, we aim to reconstruct the paleotopography of the TAM andWSB from
34 Ma to present by estimating the spatial distribution of glacial erosion and using 3‐D flexural modeling to
determine the associated flexural response. Using our new reconstruction of 34 Ma topography, we then aim
to use 2‐D flexural models to reevaluate previously published hypotheses that invoke a flexural origin of the
TAM and WSB (Stern & ten Brink, 1989; ten Brink et al., 1997) in light of more recently acquired radar data
sets, and in so doing assess the role of lithospheric flexure in shaping the topography along the full length of
the TAM‐WSB system prior and subsequent to EAIS inception.

3. Methods
3.1. Bedrock Elevation Gridding

This study uses RES data sets acquired during a number of airborne geophysical campaigns over the pre-
vious two decades. During RES surveys, ice‐penetrating radar waves are reflected at the ice‐bed interface;
the two‐way travel time of the bed echo, combined with the velocity of radar in ice, is used to calculate
the ice thickness, from which the bedrock elevation can be computed. We combined over 200,000 line‐
kilometer of radar data from the WISE‐ISODYN (Wilkes Basin/Transantarctic Mountains System
Exploration ‐ Icehouse Earth: Stability Or Dynamism?; Ferraccioli, Armadillo, Jordan, et al., 2009;
Ferraccioli, Armadillo, Zunino, et al., 2009; Jordan et al., 2013; Jordan, Ferraccioli, Corr, et al., 2010),
ICECAP (International Collaborative Exploration of the Cryosphere through Airborne Profiling;
Blankenship et al., 2017), Operation IceBridge (Leuschen et al., 2016), and AEROTAM (Studinger et al.,
2004) surveys (Figure S1 in the supporting information).

The bedrock elevation line data were initially referenced to the WGS84 ellipsoid. We applied an ellipsoid‐
geoid conversion to reference the elevations to mean sea level, matching the Bedmap2 compilation
(Fretwell et al., 2013). We then interpolated the bedrock elevation data onto a 2 km grid mesh using a con-
tinuous curvature spline algorithm (Wessel et al., 2013) with a tension factor of 0.35. The resulting bedrock
topography digital elevation model (DEM) was masked to remove any interpolated values more than 10 km
from the nearest data point (Figure S1), and these empty nodes were replaced with bedrock elevation values
from the Bedmap2 compilation (Fretwell et al., 2013), which includes data from other sources including rock
outcrop elevations and thin‐ice models over the TAM. The DEM (Figure 1a) forms the basis for our estima-
tion of bedrock erosion and 3‐D flexural modeling used to reconstruct paleotopography.

3.2. Effective Elastic Thickness Grid

In order to quantify flexural uplift within the TAM and WSB, we employed 2‐D and 3‐D elastic plate flexure
models (see e.g., section 3.3). The free parameter in these models is the effective elastic thickness of the litho-
sphere, Te, which is a proxy for the depth‐integrated strength of the lithosphere. We set up a simple Temodel
for the TAM, WSB, and surrounding regions based on existing constraints.

Forward and inverse (spectral) modeling suggests that Te increases from 5 km at the front of the TAM to
high values in interior East Antarctica (Chen et al., 2017; Ji et al., 2017; ten Brink et al., 1997). However,
the exact value of this high Te varies between different methods. Forward models require Te values of up
to 85 km under the southern WSB in order to match the observed long‐wavelength and low amplitude
downward of the basin (Stern et al., 2005; ten Brink et al., 1997). However, this estimate was determined
using a single 2‐D model across the southern TAM and WSB (Figure 2) and does not account for any lat-
eral variation along the mountain range or basin. Inverse spectral methods (gravitational admittance and
coherence) indicate that Te increases from ~30 to ~60 km westward across the WSB (Chen et al., 2017; Ji
et al., 2017).

Constraints on the regional Te can also be garnered from smaller scale features of the landscape. For exam-
ple, the fault‐bounded Eastern, Central, and Western Basins within the WSB are likely to have been the
locus erosional and mechanical unloading within the WSB and are separated by extensive, flat‐lying pla-
teaus (Paxman et al., 2018). The absence of short‐wavelength tilting of the flanking plateau regions is there-
fore indicative of relatively high regional Te values (>20 km) within the WSB (Figure 2).
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We assumed a Te of 15 km for the Ross Sea, reflecting the relatively weak lithosphere underlying the West
Antarctic Rift System (Chen et al., 2017; Ji et al., 2017; Jordan, Ferraccioli, Vaughan, et al., 2010; Stern & ten
Brink, 1989). Te was then increased from 5 km at the TAM front to 50 km in the interior of East Antarctica,
which reflects an average of the values recovered using forward and inverse modeling techniques. Te is
smoothly graded across the continental margin to 35 km, reflecting values reported for the oceanic litho-
sphere beyond the continental slope (Close et al., 2009). This spatially variable Te model (Figure 2) was used
in our 3‐D flexural models (section 3.3). However, given the range of reported Te values for the TAM and
WSB, we carried out sensitivity testing to evaluate the effect of different Te scenarios on the modeled flexure
(Figure S2).

3.3. Valley Incisional Unloading

Removal of material from Earth's surface by glacial and/or fluvial erosion causes unloading of the litho-
sphere. Consequently, buoyancy forces from the mantle and elastic bending forces within the lithosphere
drive isostatic uplift of the Earth's surface (Watts, 2001). Because the lithosphere has a finite flexural rigidity,
isostatic uplift is distributed over a wider horizontal extent than the localized incision (Figure 2c). Areas that
are not eroded therefore experience net surface uplift, even though the average elevation of the region will
decrease (Molnar & England, 1990).

In order to estimate the 3‐D distribution of glacial incision within the TAM andWSB, the bedrock DEMwas
first rebounded for the removal of themodern ice sheet load (Figure 3). To estimate the spatial distribution of
erosion, we used RES profiles and the DEM to identify bedrock peaks interpreted as remnants of a preglacial
landscape.We then interpolated a smooth continuous surface between these summits, which are assumed to
have not experienced significant erosion since EAIS inception at 34 Ma. This summit accordance surface is
therefore a reconstruction of the preerosion landscape and represents the restoration of eroded material to
the topography without accounting for the associated isostatic response (Champagnac et al., 2007; Stern
et al., 2005). The difference between the summit accordance surface and the ice‐free bedrock topography
represents our estimate of glacial incision (Figure 3).

The flexural response of the lithosphere to ice loading and valley incision was computed using an isostatic
model that calculates the flexural adjustment (w) to loading (h) of a thin elastic plate overlying an inviscid
fluid (Watts, 2001)

∇2 D x; yð Þ∇2w x; yð Þ� �þ ρmantle−ρinfillð Þgw x; yð Þ ¼ ρload−ρdisplace
� �

gh x; yð Þ (1)

where

D x; yð Þ ¼ ETe x; yð Þ3
12 1−ν2ð Þ (2)

is the flexural rigidity of the lithosphere as a function of spatial dimensions x and y. E (Young's modulus;
100 GPa) and ν (Poisson's ratio; 0.25) are elastic constants, and the density terms (ρ) depend on the particular
loading or unloading situation being considered. Equation (1) was solved numerically using a centered finite
difference technique, with the Te scenario as shown in Figure 2. For ice loading we assumed a load density of
915 kg/m3, and for erosional unloading a density of 2,500 kg/m3, reflecting Beacon Supergroup sediments
and Ferrar dolerites (Ferraccioli, Armadillo, Jordan, et al., 2009). Densities of 3,330 kg/m3 were assumed
for the mantle and 0 kg/m3 for the material infilling (and displaced by) the flexure. We evaluated the flexure
outputs from our numerical model by comparison with analytical solutions (Figure S3).

As well as valley incision into basement, material may also have been removed from the TAM and WSB
by the initial downwearing of the terrestrial deposits of the Mesozoic Victoria Basin (Lisker & Läufer,
2013; Prenzel et al., 2018). However, aside from at geographically confined localities in the TAM, the
paleo‐thickness of these deposits, and the amount removed by erosion after 34 Ma across the study area,
is unconstrained. As a result, it is difficult to model the effects of the removal of any preexisting sedimen-
tary overburden. We therefore assumed a simplistic geometry of the possible eroded overburden based on
largely qualitative scenarios proposed by previous authors (Prenzel et al., 2018; Figure S4). We computed
the flexural response to the erosion of this sedimentary basin assuming a load density of 2,350 kg/m3 to
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reflect the proposed unconsolidated nature of the deposits (Figure S4; Lisker & Läufer, 2013; Prenzel
et al., 2018).

3.4. Offshore Sediment Thickness

The distribution of sediment located on the continental shelf was used to (1) calculate the flexural response
to sediment loading since 34 Ma and (2) compare the mass of offshore sediment to the estimated mass of
eroded material in order to assess whether this estimate is realistic. The glacially eroded material
(Figure 3c) was likely routed through the TAM or northern margin of the WSB and deposited in offshore

Figure 3. Isostatic response to valley incision and sediment loading. (a) Topography adjusted for removal of modern ice
load. The red lines are major crustal faults (Aitken et al., 2014; Cianfarra & Salvini, 2016; Ferraccioli & Bozzo, 2003); the
black lines show sub‐basin outlines (Ferraccioli, Armadillo, Jordan, et al., 2009); the dashed magenta lines mark the
outline of flat bedrock plateaus (Paxman et al., 2018). (b) Peak accordance surface. (c) Eroded material (warm colors),
computed by subtracting the rebounded topography (panel a) from the peak accordance surface (panel b). Offshore sedi-
ment (cool colors) 34–0 Ma in age derived from seismic sediment thickness data sets. (d) Cumulative flexural response to
incisional unloading (warm colors) and sediment loading (cool colors) since 34 Ma. Contour interval is 0.2 km onshore
and 1 km offshore, and selected contours are labeled in kilometers. (e) Profile X–Y crossing the northern Wilkes Subglacial
Basin (location show in panels a–d). Bedrock topography is adjusted for ice sheet loading. The summit accordance surface
joins mountain peaks, mesas, and plateaus, which are all assumed to have experienced negligible glacial (post‐34 Ma)
erosion. The thickness of eroded material is the difference between the accordance surface and the bedrock topography.

10.1029/2018JF004705Journal of Geophysical Research: Earth Surface

PAXMAN ET AL. 817

285



basins on the Ross Sea shelf andWilkes Land margin (Figure 4), although some may have been deposited in
onshore depocenters (Jamieson et al., 2014). We used glacial (34–0Ma) sediment thickness grids for the Ross
Sea shelf (Lindeque et al., 2016) and the Wilkes Land margin northward of the mouth of the WSB (Paxman
et al., 2018; Figure 4).
3.4.1. Flexure Due to Sediment Loading
Sediment loading offshore has the potential to cause bedrock subsidence offshore and uplift onshore. Our
elastic plate model (equation (1)) was used to compute the flexural response to sediment loading, assuming
an average sediment (load) density of 2,200 kg/m3 (Wilson et al., 2012) and infill and displacement densities
of 1,030 kg/m3 to represent seawater. The resulting flexural response was combined with the flexural uplift
due to valley incision into a complete grid of flexural isostatic adjustment (Figure 3d).

Our models do not explicitly take into account onshore sediment loading since 34 Ma. Although magnetic
depth‐to‐source modeling (Frederick et al., 2016) and spectral roughness calculations (Siegert et al., 2005)
indicate a significant coverage of sediment within the WSB, potential field modeling indicates that the
majority of this sediment is likely composed of Beacon Supergroup strata (Devonian–Triassic) or
Neoproterozoic metasedimentary rocks and that negligible (<1 km) Cenozoic sediments are preserved
within the basin (Ferraccioli, Armadillo, Jordan, et al., 2009; Studinger et al., 2004). Because the summit
accordance method (section 3.3) estimates the net amount of onshore erosion (i.e., the difference between
erosion and sedimentation), any replacement of eroded bedrock by deposited sediment within the deep
onshore basins of the WSB is implicitly incorporated into our models.
3.4.2. Mass Balance of Sediment and Eroded Material
The volume of eroded material (Figure 3c) was compared to the volume of offshore sediment (Figure 4). We
divided the eroded material into two fractions—(1) material derived from the TAM and southern WSB, rou-
ted through the valleys of the TAM and deposited on the Ross Sea shelf, and (2) material eroded from within
the subglacial troughs of the northern WSB and routed to the Wilkes Land margin via the George V Coast
(Figure 4). To make this division, we assumed that eroded material has consistently followed the modern‐
day flow‐lines of the EAIS and cannot cross the major drainage divides (Rignot et al., 2011; Figure 4). The
location of the corresponding offshore sediment was established using offshore sediment provenance studies
(Cook et al., 2013; Zattin et al., 2012; Figure 4). The volume of eroded material was converted to a mass
assuming an average density of 2,500 kg/m3, reflecting a realistic average of Beacon Supergroup

Figure 4. Comparison of volumes of erosion and sediment. (a) Offshore sediment isopachs indicate the thickness of sedi-
ment determined from seismic reflection surveys (Lindeque et al., 2016). The red lines show mapped (solid) and inferred
(dashed) sediment provenance boundaries for material routed through the Transantarctic Mountains into the Ross Sea,
and through the Wilkes Subglacial Basin onto the Wilkes Land margin (Cook et al., 2013; Naish et al., 2009; Zattin et al.,
2012). The blue lines denote divides between ice sheet catchments, which govern the direction of transport of eroded
material (black arrows; Rignot et al., 2011). Volumes of eroded material and offshore sediment within the different
catchments are shown. (b) Schematic sediment columns based on ocean sediment drill cores and seismic reflection pro-
files in the Ross Sea and Wilkes Land (locations shown by red circles in panel a; Escutia et al., 2011; Lindeque et al., 2016;
Naish et al., 2001). Down‐core depths of the boundaries between sediment packages (34–14 Ma, 14–3.5 Ma, and 3.5–0 Ma)
are labeled.
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sedimentary rocks, Ferrar dolerites, and younger sediments. The mass of offshore sediment was computed
using a density of 2,200 kg/m3 and accounting for typical fractions (5–15%) of biogenic (nondetrital)
material within the offshore sediment (Wilson et al., 2012).

3.5. Paleotopography Model: 34 Ma to Present

We followed a series of steps to produce an estimate of paleotopography for 34 Ma:

1. Adjust the modern bedrock topography (Figure 2a) for the removal of the modern ice sheet load
(section 3.3 and Figure 3a).

2. Remove the 34 to 0 Ma sediment from the continental shelf and add the eroded material to the land sur-
face (Figure 3c).

3. Subtract the flexural isostatic response to sediment loading and incisional unloading (Figure 3d).
4. Gaussian filter at 10 km resolution to remove short‐wavelength artifacts introduced by the reconstruc-

tion process.

The resulting reconstruction of 34 Ma bedrock topography (Figure 5), from which the effects of (post‐34 Ma)
ice loading, incisional unloading, and sediment loading have been removed, is hereafter referred to as the
residual topography. We note while that the paleobathymetry of the Ross Sea is shown for completeness
(Figure 5), this has been influenced by extension and subsidence within the West Antarctic Rift System
(Wilson et al., 2012), which is not accounted for in our models.

Figure 5. Regional paleotopography from 34 Ma to present. (a) Bedrock topography at the Eocene‐Oligocene boundary
(34 Ma). The red lines are major crustal faults (Aitken et al., 2014; Cianfarra & Salvini, 2016; Ferraccioli & Bozzo,
2003); the black lines show sub‐basin outlines (Ferraccioli, Armadillo, Jordan, et al., 2009); the dashedmagenta lines mark
the extent of flat bedrock plateaus (Paxman et al., 2018). Abbreviations: AF, Adventure Fault; CF, Concordia Fault; MSZ,
Mertz Shear Zone; PAF, Prince Albert Fault; RG, Rennick Graben; WARS, West Antarctic Rift System. (b) Bedrock
topography at the mid‐Miocene climatic optimum (approximately 14 ma). (c) Bedrock topography during the mid‐
Pliocene warm period (approximately 3.5 ma). (d) Modern bedrock topography. All elevations are relative to the geoid
(present‐day sea level) in the absence of any ice loading. The black lines indicate flight paths of the radio‐echo sounding
lines used for our six 2‐D flexural models (Figure 6). Radio‐echo sounding lines were obtained from the ICECAP (1),
AEROTAM (2), and WISE‐ISODYN (3–6) surveys (survey flight/line names are indicated in Figure 6).
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In order to produce a continuous model of the evolution of bedrock topography from 34 Ma to present, an
approximate temporal history of sediment deposition was established. We used existing offshore sediment
thickness data from drill cores on the Wilkes Land margin (Escutia et al., 2011; Tauxe et al., 2012) and in
the western Ross Sea (Naish et al., 2001). Using three separate drill cores, we established the thickness of off-
shore sediment deposited between key climate transitions—the Eocene–Oligocene transition (approxi-
mately 34 Ma), mid‐Miocene climatic optimum (approximately 14 Ma), and mid‐Pliocene warm period
(approximately 3.5 Ma; Figure 4). Assuming that the rate of sedimentation is a direct proxy for the rate of
onshore erosion, these thicknesses provide a chronology for the rate of erosion and flexure since 34 Ma
and enable us to produce reconstructions of paleotopography at the times of these key climate transitions
(Figure 5). An important caveat is the presence of unconformities in the sedimentary records (Escutia et al.,
2011), which indicate that material has been periodically removed from the shelf. Since it is unclear how
much shelf material has been removed, apparent sedimentation rates may not be directly correlated to ‘true’
onshore erosion rates.

3.6. Two‐Dimensional Flexural Modeling of TAM Uplift and WSB Subsidence

The original models for the preglacial evolution of the TAM and WSB invoke broad flexure of the East
Antarctic lithosphere (section 2; Stern & ten Brink, 1989; ten Brink et al., 1997). We reappraise these models
along the length of the TAM and WSB using more recent ice thickness and bedrock elevation constraints
(Figure 1), which have been adjusted for the effects of ice loading, valley incision, and sediment loading
(Figure 5). We model the topography along six 700 to 1,100 km‐long RES profiles that extend from the
Ross Sea coast across the TAM andWSB into the interior of East Antarctica (Figures 6 and 7). The six profiles
are approximately evenly spaced and span an ~1,000 km length of the TAM and WSB, thereby significantly
expanding the coverage of the early models of ten Brink et al. (1997). In order to reevaluate these previous
studies (Lawrence et al., 2006; ten Brink et al., 1997), we incorporate into our flexural model the following
loading mechanisms:

1. A buoyant erosional unload associated with denudation at the front of the TAM.
2. A buoyant thermal load due to conduction of heat from West Antarctica to East Antarctica.
3. An isostatic end load, which is required to match the amplitude of rock uplift at the edge of the TAM. This

simplified load represents mechanical unloading due to lithospheric thinning and extension within the
Ross Sea (Stern & ten Brink, 1989).

The geometry of the modeled loads is shown in Figure S5. We employed the Temodel used by ten Brink et al.
(1997), with a single plate break along the length of the TAM and Te linearly increasing from 5 km at the
TAM front to a constant high value at a distance of 130 km inland. The modeled topography was compared
to the residual topography along the six RES profiles (Figure 6). We carried out sensitivity testing by varying
the high value of Te assumed for the WSB, in order to determine whether there existed a range of Te values
for which the flexure model could (or could not) satisfactorily account for the observed topography
(Figure S6).

Where this first‐order model could not explain features of the residual topography, we incorporated the
effects of other major crustal faults (Figure 7). We incorporated fault locations that have been indepen-
dently mapped in this region using geological data, magnetic lineaments, gravity anomalies, ice surface
lineaments, and bedrock topography profiles (Aitken et al., 2014; Cianfarra & Salvini, 2014; Ferraccioli,
Armadillo, Jordan, et al., 2009, 2013; Scheinert et al., 2016). We modeled these faults as drivers of uplift
along their flanks due to mechanical unloading of the lithosphere during extensional faulting and conco-
mitant flexural rebound (Watts, 2001; Weissel & Karner, 1989). In order to compute this flexural response,
we used our standard Te model (Figure 2) and assumed a crustal thickness of 40 km, and crust and mantle
densities of 2,800 and 3,330 kg/m3, respectively. Each fault was assumed to dip at 60° toward the down-
thrown side. The amount of cumulative displacement across the faults was tuned to match the amplitude
of the adjacent topography. We experimented with a series of combinations of increasing complexity and
computed the root‐mean‐square misfit between residual and modeled topography to determine the most
parsimonious model that could adequately account for the observed large‐scale geometry of the TAM
and WSB by minimizing the misfit (Figure 6). Since there was likely some inherited topography prior to
flexural warping (ten Brink et al., 1997), we focus on the long‐wavelength patterns of uplift as well as
the absolute elevations.
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4. Results

The bedrock DEM shows that the northern WSB contains deep sub‐basins (up to 80 km wide and 2.1 km
below sea level) that extend over 300 km inland from the grounding line (Ferraccioli, Armadillo, Jordan,
et al., 2009; Jordan, Ferraccioli, Vaughan, et al., 2010; Figure 2). These deep basins are superimposed on pre-
existing tectonic features (Ferraccioli, Armadillo, Jordan, et al., 2009; Jordan et al., 2013) and are separated
by elevated, flat‐lying, dissected plateau surfaces that are interpreted as remnants of a widespread low‐lying
erosion surface (Paxman et al., 2018). The WSB also contains smaller scale flat‐topped bedrock highs, which
resemble mesas or buttes (Studinger et al., 2004). The peaks of the TAM rise to >3 km above sea level and
have been incised by deep glacial valleys, the floors of which are in places more than 2 km below sea level
(Figure 2). The peaks of the TAM (Stern et al., 2005), bedrock plateau surfaces within the northern WSB,
and smaller scale mesas and buttes were used to reconstruct the pre‐incision landscape of the TAM and
WSB and estimate the distribution of glacial erosion (section 3.3). In total, we estimate that ~106 km3

(~2 × 1018 kg) of material has been removed from the region by glacial valley incision since 34Ma.More than
1 km of material has been removed from the deep glacial troughs within the northern WSB and >3 km of
erosion has occurred within some of the deep valleys that cut through the TAM (Figures 3c and S7).

Removal of this material has driven 600–900 m of flexural uplift along the front of the TAM, which on aver-
age accounts for approximately one third of the present‐day elevation of the mountain peaks (Figure 3d). In
parts of the central and southern TAM, flexure accounts for up to 40–50% of the observed peak elevations,

Figure 6. 2‐D flexural models along six radar profiles crossing the Transantarctic Mountains andWilkes Subglacial Basin.
(a–f) Profile locations (1–6) are displayed in Figures 5 and 7. The names of the lines, as given in the individual geophysical
surveys, are provided. The bedrock is shown by the black line and shaded region. Bed elevations have been adjusted for the
effects of ice sheet loading, incisional unloading, and sediment loading. The eroded material has not been filled in so as to
retain the clarity of the original topography. Our models therefore attempt to match the elevations of the peaks, which are
assumed not to have been eroded. The blue line shows the original flexural model of ten Brink et al. (1997), with a single
plate break along the front of the Transantarctic Mountains. The red line shows the best fitting model in this study;
flexural uplift due to mechanical unloading along other faults (labeled with black arrows) is incorporated. The root‐mean‐
square (RMS) misfits between the residual and modeled peak elevations for each model are quoted in each panel.
Abbreviations: AF, Adventure Fault; CF, Concordia Fault; MSZ, Mertz Shear Zone; PAF, Prince Albert Fault; RG,
Rennick Graben.
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supporting the findings of previous modeling (Stern et al., 2005). In the northern WSB, flexure has driven
200–300 m of uplift (Figure 3d), which is broadly distributed owing to the high flexural rigidity of the
underlying lithosphere (Figure 2). Sensitivity testing indicates that the magnitude of flexural uplift in
the WSB does not vary significantly (<200 m) for a realistic range of Te values (Figure S2). At 34 Ma, the
relief within the northern WSB was much less dramatic that at the present day, because the sub‐basins
were significantly shallower prior to being glacially overdeepened (Figure 5).

The volume of material eroded by incision within the subglacial troughs of the WSB and subsequently rou-
ted through the George V Coast is 2.5 × 105 km3, which compares well to the volume of post‐34 Ma sediment
on the Wilkes Land margin: 4.3 × 105 km3. These values correspond to masses of 0.63 Pt (Petatonnes;
1018 kg) of eroded material and 0.80–0.90 Pt of shelf sediment. The volume of material eroded from TAM
and southern WSB is 6.9 × 105 km3 (1.7 Pt), and the volume of post‐34 Ma sediment on the Ross Sea shelf
is 6.5 × 105 km3 (1.1–1.3 Pt). Offshore sediment cores (Figure 4) show that, on average, 72% of the glacial
(post‐34 Ma) sediment had been deposited by 14 Ma, and 92% by 3.5 Ma, and sedimentation rates were
approximately constant between these time slices.

Although uncertainties propagate in the erosion model and in the seismic sediment isopachs, as well as the
unknown amount of material lost from the shelf due to reworking by ocean currents, the volumes and
masses of offshore sediment and eroded material agree to within a factor of 2. This result indicates that
our erosion model is realistic to first order and that it is unlikely that large volumes of post‐34 Ma sediment
are situated in onshore depocenters. We encapsulate the ± ~50% uncertainty in our erosion/sedimentation
estimate, as well as the uncertainty associated with the regional Te used to determine the associated flexural
responses (Figure S2), by producing minimum and maximum reconstructions of the paleotopography at
each time slice (Figure S8).

The volumes and masses given above do not include the possible extra thickness of eroded material due to
the downwearing of the Mesozoic Victoria Basin (section 3.3). The simple basin thickness scenario shown in
Figure S4 contains 3.90 Pt of material. The notably smaller observed mass of post‐34 Ma offshore sediment
(1.90–2.20 Pt, most of which can be accounted for by the estimated valley incision) indicates that if such
thicknesses of terrestrial sediment were deposited in the Mesozoic Victoria Basin, they were largely eroded

Figure 7. Elastic plate modeling results. (a) Present‐day bedrock elevation (rebounded for ice sheet loading). The black
lines indicate flight paths of the radio‐echo sounding lines used for our six 2‐D flexural models (Figure 6). The red lines
show major faults along which plate breaks and motion are modeled to account for the geometry of the Transantarctic
Mountains andWilkes Subglacial Basin. The blue lines show additional faults, which influence the regional structure and
topographic geometry (Aitken et al., 2014), but do not have significant flexural effects. The black lines show sub‐basin
outlines (Ferraccioli, Armadillo, Jordan, et al., 2009); the dashed magenta lines mark the extent of flat bedrock plateaus
(Paxman et al., 2018). Abbreviations: AF, Adventure Fault; CF, Concordia Fault; MSZ, Mertz Shear Zone; PAF, Prince
Albert Fault; RG, Rennick Graben; WARS, West Antarctic Rift System. (b) Root‐mean‐square misfit between the residual
topography and the flexurally modeled topography (Figure 6) as a function of the effective elastic thickness, Te, assumed
beneath the Wilkes Subglacial Basin. The gridlines indicate the best fit average elastic thickness and band of <100 m
greater than the minimum root‐mean‐square, used to define a region of permissibility. Estimates of Te from previous
studies are shown for context.
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prior to approximately 34 Ma. Alternatively, the sequence may have been much thinner and/or more
restricted than the scenario in Figure S4. Because of the uncertainty regarding the amount of Mesozoic
Victoria Basin overburden removed after 34 Ma, and because thermochronology data indicate that this
downwearing occurred over a short space of time (approximately 5 Myr; Prenzel et al., 2018), we restore
the overburden to the only the maximum topography for the Eocene‐Oligocene Boundary as a possible
end‐member scenario (Figure S8). We do however note the potentially important implications of now‐
vanished sedimentary basins for Cenozoic paleotopography and highlight the necessity for more sophisti-
cated basin modeling techniques and improved constraints in order to fully understand the consequences
for topographic reconstructions.

Our 2‐D flexural modeling results show that the model of ten Brink et al. (1997) can account for the width
and amplitude of the TAM at the southern end of the study area (Figures 6a and 6b). However, this simple
one‐dimensional model fails to account for a number of first‐order observations of the geometry of the resi-
dual topography. First, it fails to account for the upwarping of the topography in the southwest of the WSB,
where the basin takes on an approximately symmetrical profile, which cannot be explained by a flexural
model in which unloading is entirely concentrated at the eastern end of the basin (Figures 6a and 6b).
Our modeling shows that one way to better account for this pattern of uplift and subsidence is to incorporate
flexural uplift due to mechanical unloading along the Adventure Fault and the Concordia Fault (Figures 6a
and 6b) and high Te values along the western margin of the WSB (Figure S6).

The original model (ten Brink et al., 1997) is also unable to account for the observed increase in width of the
TAM and theWSB in the northern part of the basin and Victoria Land (Figures 6e and 6f). One way in which
to account for this widening would be an increase in regional Te, but to match the observed width of the
TAM and WSB here would require unrealistically large values (>120 km) and would stand in stark contrast
to values of 40–85 km reported for theWSB (Chen et al., 2017; Ji et al., 2017; ten Brink et al., 1997) and 35 km
reported for the continental margin just offshore of the WSB (Close et al., 2009). Instead, the geometry of the
TAM andWSB in this areamay have been influenced by vertical flexural displacement driven bymechanical
unloading along the Rennick Graben (Figures 6e and 6f), the orientation of which mirrors the trend of the
underlying architecture of the WSB (Figure 7; Ferraccioli, Armadillo, Jordan, et al., 2009).

Our sensitivity testing shows that the best fitting Te value for the WSB is ~60 km. The range of permissible
values around this best fit is approximately ±25 km, because the pattern of flexure is relatively insensitive to
Te at higher values (Figures 7 and 2). Our results indicate that relatively large Te values (>35 km) are neces-
sary if theWSBwas originally a flexural back‐bulge feature (ten Brink et al., 1997). Lower Te values produce a
better fit with the residual topography along the TAM and the eastern WSB, whereas higher values give a
better fit for the western WSB (Figure S6), indicating that Te increases from east to west into the
continental interior.

5. Discussion
5.1. Cenozoic Landscape Evolution Model
5.1.1. Paleocene–Eocene
Our flexural modeling shows that the variations in width, amplitude, and pattern of the 34Ma paleotopogra-
phy of the TAM and WSB (Figure 6) cannot be fully accounted for by previously proposed flexural uplift
models (Stern & ten Brink, 1989; ten Brink et al., 1997). We have shown that incorporating vertical flexural
displacement due to mechanical unloading along the Rennick Graben, Adventure Fault, and Concordia
Fault can improve the overall match between the modeled and observed topography (Figure 6). It has also
been proposed that the Adventure and Concordia faults are part of a Cenozoic extensional corridor within
East Antarctica (Cianfarra et al., 2009; Cianfarra & Salvini, 2016); coeval uplift along these faults and in
Victoria Land (Lisker & Läufer, 2013; Prenzel et al., 2018) during the Paleocene–Oligocene may therefore
have initiated the formation of the modern topographic configuration of the TAM and WSB (Figure 8).

Significant discrepancies remain, however, between the observed geometry of the TAM and WSB and the
flexural models (Figure 6). One explanation may be lateral variability in the magnitude of thermal and ero-
sional unloading along the edge of the TAM, as is indicated by seismic tomography (Brenn et al., 2017) and
apatite fission track thermochronology (Fitzgerald, 2002), and/or lateral variations in Te. Moreover, flexural
uplift due to mechanical unloading during extension in the Ross Sea, which may have played a significant
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role in driving TAM uplift during the Cretaceous (Wannamaker et al., 2017), is not included in the original
models beyond the simplified isostatic end load (ten Brink et al., 1997). We suggest that more detailed
determination of the 3‐D geometry of extensional, thermal, and erosional (un)loads at the front of the
TAM, and the associated flexural responses, is required to fully quantify the role of flexure in the origin of
the TAM and WSB. The TAM and elevated hinterland are up to 500 km wide in northern Victoria Land
and close to the South Pole, which is difficult to reconcile with a flexural model in which unloading is
focused along the edge of the TAM, even for a highly rigid lithosphere. Seismic tomography indicates foun-
dering of the lithosphere beneath the southern TAM and (at least partial) support of the broad, high‐
elevation hinterland plateau by incursion of buoyant asthenospheric mantle (Shen et al., 2017). The contri-
butions of thermal, tectonic, and mantle dynamic processes to the regional elevation of the mountain range
therefore also require more detailed investigation.

Figure 8. Schematic diagram showing the landscape evolution of the Wilkes Subglacial Basin and Transantarctic
Mountains. (a) Prior to East Antarctic Ice Sheet inception at 34 Ma, the Wilkes Subglacial Basin (WSB) region was situ-
ated close to sea level, with vegetated low‐lying plains being drained by continental river networks, which exploited the
existing fault systems (red lines). The Transantarctic Mountains were flexurally uplifted along the flank of the West
Antarctic Rift System during the Eocene and dissected by river systems. The geometry of the Transantarctic Mountains
and WSB was controlled by inherited fault systems on the eastern and western margins. (b) During the Oligocene–
Miocene, the northern WSB was overdeepened by oscillatory and erosive ice sheets, which deposited large volumes of
sediment offshore. The inherited tectonic structure and river networks of the basin controlled the location of glacial
overdeepening. The remnant bedrock plateaus between the overdeepened basins were flexurally uplifted due to erosional
unloading. (c) Since the mid‐Miocene climatic optimum (approximately 14 Ma), decreasing surface temperatures allowed
full expansion of the East Antarctic Ice Sheet. Bedrock erosion rates decreased, and large regions of the bed were protected
beneath cold‐based ice.
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Our 34 Ma paleotopography reconstruction shows that the peaks of the TAMwere ~800 m lower in the Late
Eocene than at present (Figure 5). The early TAMwere dissected by river systems (Figure 8), the geomorphic
remnants of which are observed within the Dry Valleys (Sugden et al., 1995). The landscape of the northern
WSB at 34 Ma was that of a low‐relief region situated within 100 m of sea level and bounded by highlands to
the east and west. Extensive, flat‐lying bedrock plateau surfaces beneath the EAIS are observed in radar-
grams over the northern WSB and are interpreted as remnants of this low‐lying coastal plain formed by flu-
vial erosion close to sea level (Paxman et al., 2018). These plains, analogous to those observed along the
conjugate South Australian margin (Quigley et al., 2010; Sandiford et al., 2009), would have likely hosted
major continental river networks, brackish marshes and swamps, and shallow inland seas (Figure 8). If sedi-
mentary basins existed in the vicinity of the modern‐day TAM between the Permian and Eocene, as is indi-
cated by thermochronological data (Lisker & Läufer, 2013; Prenzel et al., 2018), the TAMwere likely situated
at relatively low elevations duringmuch of theMesozoic, and we note the possibility that some of these cover
rocks persisted into the early Oligocene.
5.1.2. Oligocene–Holocene
Following glacial inception at 34 Ma, erosion beneath the early EAIS was controlled by the inherited struc-
ture of the WSB. The early ice sheets were likely steered along existing fault‐controlled topographic depres-
sions and/or structural weaknesses in the bedrock (Bingham et al., 2012), which had likely also been
exploited by preglacial river networks (Figure 8). These regions—the Eastern, Central, and Western
Basins—were selectively eroded and overdeepened beneath the EAIS (Figure S7). The majority (~70%) of
glacial sedimentation and erosion (and resulting flexural isostatic adjustment) occurred between 34 and
14 Ma (Figure 4), and comparatively little (~30%) landscape change has occurred since 14 Ma (Figure 5).
The rate of glacial erosion and sedimentation prior to 14 Ma was approximately double the rate after
14 Ma, assuming that the rate of sediment loss from the shelf has been constant over time. Since the offshore
sedimentary record contains several unconformities (Escutia et al., 2011), this assumption is likely to be
oversimplistic. However, this scenario, showing amarked slow‐down in source‐area erosion rates at approxi-
mately 14 Ma, closely matches the history of erosion and isostatic uplift in the Lambert Graben region,
where it is further constrained by geological evidence (uplifted Oligocene‐Neogene fjordal sediments), ther-
mochronology, and flexural models (Hambrey et al., 2007; Hambrey &McKelvey, 2000; Paxman et al., 2016;
Thomson et al., 2013; Tochilin et al., 2012).

Glacial incision into basement in the TAM has driven 600–900 m of flexural uplift of the mountain peaks
since 34Ma, assuming that the peaks themselves have not experienced significant denudation over this time.
Using thermochronology data sets, it has been proposed that the TAM region was buried beneath 2–4 km of
post‐Jurassic overburden, which has subsequently been removed (Lisker et al., 2014; Lisker & Läufer, 2013;
Prenzel et al., 2018). While the presence of erosion of a spatially uniform overburden would not drive differ-
ential peak uplift, this scenario does have implications for the paleo‐elevations of the TAM. However, the
mass balance between our post‐34 Ma onshore erosion estimates and offshore sediments is in close agree-
ment when basement incision alone is considered. This indicates that erosion of any post‐Jurassic overbur-
den largely occurred prior to glaciation at 34 Ma, and this process therefore does not influence our
Oligocene‐Pliocene topographic reconstructions.

Comparisons between our estimated onshore glacial erosion and the observed mass of post‐34 Ma offshore
sediments indicate that the mass of eroded material routed through the TAM and deposited in the Ross Sea
exceeds the mass of post‐34 Ma sediment, whereas the reverse is true for the Wilkes Land margin. While
each mass balance is associated with uncertainties, this discrepancy may, in part, reflect transport of mate-
rial by westward flowing ocean currents. Alternatively, it may be that during the early stages of glaciation in
the Oligocene, before large outlet glaciers had fully breached through the TAM, more material from the wes-
tern side of the TAM was routed through the WSB. Drainage analysis indicates a reversal of the Byrd and
Beardmore drainage systems in the central TAM after glaciation (Huerta, 2007), suggesting that the drainage
divide has shifted north and westward since 34 Ma to its present‐day position (Figure 4).

Together, the total amount of glacial valley incision (Figure 3) and offshore sedimentary records (Figure 4)
imply long‐term average vertical erosion rates beneath the outlet glaciers of 0.04–0.07 mm/year between 34
and 14Ma and 0.02–0.04 mm/year after 14Ma. These values are consistent with estimates from the Recovery
Catchment (Paxman et al., 2017) and observed erosion rates beneath modern polar glaciers (Koppes et al.,
2015). The change in erosion rates likely reflects the change in basal ice dynamics associated with the
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expansion of the EAIS after the mid‐Miocene climatic optimum and the establishment of polar conditions
and cold‐based nonerosive ice across large parts of East Antarctica (Sugden et al., 1995). Additionally, ero-
sion rates may have slowed if relatively erodible Cenozoic sedimentary material and graben infill within
the Eastern, Central, and Western Basins were removed first, and then the underlying—more consoli-
dated—Beacon sandstones and/or Ferrar dolerites became exposed.

Because the TAM and WSB are long wavelength (~103 km) features of Earth's surface topography, the
landscape evolution of this part of interior East Antarctica may have been influenced by changes to nor-
mal tractions applied to the base of the lithosphere by viscous mantle flow (dynamic topography).
However, the magnitude of these changes is still poorly known, because of the uncertainties in seismic
tomographic models in Antarctica, which largely result from sparse seismic station coverage (An et al.,
2015). There are therefore large uncertainties associated with the mantle convection simulations used
to estimate past and present dynamic topography, and we therefore do not attempt to reconstruct these
changes here. However, the subglacial geomorphology of the WSB (Paxman et al., 2018) and palynologi-
cal proxies (Sangiorgi et al., 2018) both indicate that the WSB was situated at low elevations near sea level
throughout the late Eocene, Oligocene, and Miocene. Our reconstructions produce a paleotopography
(Figure 5) that is in close agreement with a paleo‐landscape of this type, without the need to infer major
secular change in dynamic topography throughout the Oligocene–Neogene. We note, however, that
recent dynamic topography models predict that the bedrock on the western and northern margins of
the WSB has been dynamically uplifted by ~100–200 m since the mid‐Pliocene (Figure S9; Austermann
et al., 2015).

5.2. Implications for Past Ice Sheet Dynamics

Given the slow‐down in glacial erosion rates after 14 Ma, most of the overdeepening of the Eastern, Central,
and Western Basins occurred in the Oligocene to early Miocene (Figure 8). During this time, the EAIS was
likely fluctuating in extent and eroding the landscape as it advanced and retreated across the northern WSB
(as has been proposed for the Lambert Graben; Hambrey et al., 2007; Hambrey &McKelvey, 2000; Thomson
et al., 2013). The presence of oscillatory and erosive ice sheets between 34 and 14 Ma, which were strongly
sensitive to climate forcing, has also been inferred in the Aurora Subglacial Basin, where inland fjord sys-
tems associated with a dynamic early EAIS have been described (Aitken et al., 2016; Young et al., 2011).
Oscillatory behavior of the EAIS during warm periods of the Miocene is supported by ice sheet model results
(Gasson et al., 2016), and the age and provenance of terrigenous sediment on the Wilkes Land margin
(Pierce et al., 2017). In addition, terrestrial palynomorphs and soil material in offshore sediment cores indi-
cate the presence of temperate vegetation in the absence of ice near the WSB coast during the mid‐Miocene
climatic optimum (Sangiorgi et al., 2018). The geometry of the sub‐basins within the WSB is not consistent
with formation beneath the modern‐day EAIS; they are situated ~300 km inland of the enhanced ice flow
near the modern grounding zone, and ice surface velocities above the sub‐basins are relatively slow
(<25 m/year; Figure 1). They therefore likely also date from the time of the early, dynamic ice sheets of
the Oligocene‐Miocene (Figure 8).

In the WSB, glacial erosion has been controlled by the underlying architecture of the basin. The early ice
sheets were likely directed along existing fault‐controlled topographic depressions and/or structural
weaknesses in the bedrock. These regions were selectively eroded and overdeepened, and bedrock erosion
rates increased, driving a positive feedback of selectively enhanced glacial flow and erosion. The removal
of eroded material would have driven flexural uplift of the plateau surfaces situated in between the
troughs (Paxman et al., 2018) As the relief evolved, more ice would be drained from the plateaus into
the outlet glaciers, thereby thinning the ice at higher elevations and lowering subglacial temperatures,
preserving the plateau surfaces beneath cold‐based ice. Since 14 Ma and the inferred expansion of a
continental‐scale, polar EAIS (Sugden et al., 1995), erosion/sedimentation rates have been comparatively
low (Figure 4), and relatively little landscape change has occurred (Figures 5 and 8). Although global
cooling since 14 Ma led to expansion of the EAIS, the gradual overdeepening below sea level of the bed-
rock of the northern WSB has likely rendered the overlying EAIS more susceptible to rapid inland retreat
in response to ocean forcing than the early ice sheets. These implications may be tested using our paleo-
topographic reconstructions, which provide new boundary conditions for models of ice sheet initiation
and evolution.
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6. Conclusions

We draw the following conclusions from this study:

1. Our erosion model shows that ~2 × 1018 kg of material has been removed from the TAM and WSB by
glacial incision. This is in close agreement with the mass of post‐34 Ma sediment located offshore. The
removal of the eroded material has driven on average 600–900 m of uplift along the TAM and
200–300 m of uplift in the WSB.

2. The rate of glacial erosion, as inferred from offshore sediment records, decreased by a factor of ~2 follow-
ing the mid‐Miocene climatic optimum (approximately 14 Ma), confirming the findings of previous stu-
dies in other regions of Antarctica (Hambrey & McKelvey, 2000). This indicates that the early EAIS was
more dynamic and erosive, an interpretation which is supported by geomorphological evidence in the
WSB and other subglacial basins around the EAIS margin (Aitken et al., 2016; Young et al., 2011).

3. The regional paleotopography at 34 Ma was characterized by an elevated (but less heavily dissected)
TAM, and an extensive, low‐relief WSB with bedrock elevations close to sea level. This scenario is sup-
ported by independent evidence from vegetation records within offshore sediment cores (Sangiorgi
et al., 2018) and the subglacial geomorphology preserved beneath the modern EAIS (Paxman et al.,
2018). The dynamics of the early EAIS situated on this paleotopography would likely differ significantly
from those at the present day.

4. The 2‐D flexural model of ten Brink et al. (1997) cannot alone account for the full 3‐D topographic char-
acter of both the TAM and WSB. Quantifying the 3‐D geometry of the driving (un)loads and associated
flexural responses, as well as explicitly incorporating processes such as mechanical unloading due to
Ross Sea extension, will facilitate a rigorous assessment of the role of flexure in the origin of the TAM
and WSB. For example, our modified flexure model can better account for the overall regional topogra-
phy of theWSB and TAM by incorporating displacements along additional major fault systems, including
those flanking the Rennick Graben and the western margin of the WSB, and by employing a spatially
variable Earth model where Te increases westward across the TAM and WSB to values of up to ~60 km.
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Coxall, H. K., P. A. Wilson, H. Pälike, C. H. Lear, and J. Backman (2005), Rapid stepwise

onset of Antarctic glaciation and deeper calcite compensation in the Pacific Ocean, Nature,

433(January), 53–57, doi: 10.1038/nature03135.

Creyts, T. T., F. Ferraccioli, R. E. Bell, M. Wolovick, H. Corr, K. C. Rose, N. Frearson,

D. Damaske, T. Jordan, D. Braaten, and C. Finn (2014), Freezing of ridges and water

networks preserves the Gamburtsev Subglacial Mountains for millions of years, Geophysical

Research Letters, 41, 8114–8122, doi: 10.1002/2014GL061491.

Dalziel, I. W. D. (1997), Neoproterozoic-Paleozoic geography and tectonics : Review, hypoth-

esis, environmental speculation, Geological Society of America Bulletin, 109, 16–42.

Dalziel, I. W. D. (2007), The Ellsworth Mountains: Critical and Enduringly Enigmatic, in

Antarctica: A Keystone in a Changing World – Online Proceedings of the 10th ISAES,

edited by A. K. Cooper and C. R. Raymond, p. 5, USGS Open-File Report 2007–1047,

Short Research Paper 004, doi: 10.3133/of2007-1047.srp004.

Dalziel, I. W. D., and D. H. Elliot (1982), West Antarctica: Problem child of Gondwanaland,

Tectonics, 1(1), 3–19, doi: 10.1029/TC001i001p00003.



References 306

Damiani, T. M., T. A. Jordan, F. Ferraccioli, D. A. Young, and D. D. Blankenship (2014),

Variable crustal thickness beneath Thwaites Glacier revealed from airborne gravimetry, pos-

sible implications for geothermal heat flux in West Antarctica, Earth and Planetary Science

Letters, 407, 109–122, doi: 10.1016/j.epsl.2014.09.023.

De Santis, L., S. Prato, G. Brancolini, M. Lovo, and L. Torelli (1999), The Eastern Ross

Sea continental shelf during the Cenozoic: Implications for the West Antarctic ice sheet

development, Global and Planetary Change, 23(1-4), 173–196, doi: 10.1016/S0921-8181(99)

00056-9.

Decesari, R. C., D. S. Wilson, B. P. Luyendyk, and M. Faulkner (2007), Cretaceous and

Tertiary extension throughout the Ross Sea, Antarctica, in Antarctica: A Keystone in a

Changing World – Online Proceedings of the 10th ISAES, edited by A. K. Cooper, U.S.

Geol. Surv. Open File Rep., 2007–1047, doi: 10.3133/of2007-1047.srp098.

DeConto, R. M., and D. Pollard (2003a), Rapid Cenozoic glaciation of Antarctica induced by

declining atmospheric CO2, Nature, 421(6920), 245–249, doi: 10.1038/nature01290.

DeConto, R. M., and D. Pollard (2003b), A coupled climate–ice sheet modeling approach to

the Early Cenozoic history of the Antarctic ice sheet, Palaeogeography, Palaeoclimatology,

Palaeoecology, 198(1-2), 39–52, doi: 10.1016/S0031-0182(03)00393-6.

DeConto, R. M., and D. Pollard (2016), Contribution of Antarctica to past and future sea-level

rise, Nature, 531(7596), 591–597, doi: 10.1038/nature17145.

DeConto, R. M., D. Pollard, P. A. Wilson, H. Pälike, C. H. Lear, and M. Pagani (2008), Thresh-
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nack, W. McIntosh, C. Millan, R. Morin, C. Ohneiser, T. Paulsen, D. Persico, I. Raine,

J. Reed, C. Riesselman, L. Sagnotti, D. Schmitt, C. Sjunneskog, P. Strong, M. Taviani,



References 323

S. Vogel, T. Wilch, and T. Williams (2009), Obliquity-paced Pliocene West Antarctic ice

sheet oscillations, Nature, 458(7236), 322–328, doi: 10.1038/nature07867.

Naish, T. R., K. J. Woolfe, P. J. Barrett, G. S. Wilson, C. Atkins, S. M. Bohaty, C. J.
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Näslund, J. (2001), Landscape development in western and central Dronning Maud, East

Antarctica, Antarctic Science, 13(3), 302–311.

O’Donnell, J. P., and A. A. Nyblade (2014), Antarctica’s hypsometry and crustal thickness:

Implications for the origin of anomalous topography in East Antarctica, Earth and Planetary

Science Letters, 388, 143–155, doi: 10.1016/j.epsl.2013.11.051.

Olive, J. A., M. D. Behn, and L. C. Malatesta (2014), Modes of extensional faulting

controlled by surface processes, Geophysical Research Letters, 41(19), 6725–6733, doi:

10.1002/2014GL061507.

Pagani, M., M. Huber, Z. Liu, S. M. Bohaty, J. Henderiks, W. Sijp, S. Krishnan, and R. M.

DeConto (2011), The Role of Carbon Dioxide During the Onset of Antarctic Glaciation,

Science, 334(6060), 1261–1264, doi: 10.1126/science.1203909.

Parker, R. L. (1972), The Rapid Calculation of Potential Anomalies, Geophysical Journal of

the Royal Astronomical Society, 31(4), 447–455, doi: 10.1111/j.1365-246X.1973.tb06513.x.

Passchier, S., D. J. Ciarletta, T. E. Miriagos, P. K. Bijl, and S. M. Bohaty (2017), An Antarc-

tic stratigraphic record of stepwise ice growth through the Eocene-Oligocene transition,

Geological Society of America Bulletin, 129(3-4), 318–330, doi: 10.1130/B31482.1.



References 324

Patton, H., D. A. Swift, C. D. Clark, S. J. Livingstone, and S. J. Cook (2016), Distribution and

characteristics of overdeepenings beneath the Greenland and Antarctic ice sheets: Implica-

tions for overdeepening origin and evolution, Quaternary Science Reviews, 148, 128–145,

doi: 10.1016/j.quascirev.2016.07.012.

Paxman, G. J. G., A. B. Watts, F. Ferraccioli, T. A. Jordan, R. E. Bell, S. S. R. Jamieson, and

C. A. Finn (2016), Erosion-driven uplift in the Gamburtsev Subglacial Mountains of East

Antarctica, Earth and Planetary Science Letters, 452, 1–14, doi: 10.1016/j.epsl.2016.07.040.

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, R. Forsberg, N. Ross, A. B.

Watts, H. F. J. Corr, and T. A. Jordan (2017), Uplift and tilting of the Shackleton Range

in East Antarctica driven by glacial erosion and normal faulting, Journal of Geophysical

Research: Solid Earth, 122(3), 2390–2408, doi: 10.1002/2016JB013841.

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, N. Ross, E. Armadillo,

E. G. W. Gasson, G. Leitchenkov, and R. M. DeConto (2018), Bedrock erosion surfaces

record former East Antarctic Ice Sheet extent, Geophysical Research Letters, 45(9), 4114–

4123, doi: 10.1029/2018GL077268.

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, M. J. Bentley, N. Ross, A. B. Watts,

G. Leitchenkov, E. Armadillo, and D. A. Young (2019a), The role of lithospheric flexure

in the landscape evolution of the Wilkes Subglacial Basin and Transantarctic Mountains,

East Antarctica, Journal of Geophysical Research: Earth Surface, 124(3), 812–829, doi:

10.1029/2018JF004705.

Paxman, G. J. G., S. S. R. Jamieson, F. Ferraccioli, T. A. Jordan, M. J. Bentley, N. Ross,

R. Forsberg, K. Matsuoka, D. Steinhage, G. Eagles, and T. G. Casal (2019b), Subglacial

geology and geomorphology of the Pensacola-Pole Basin, East Antarctica, Geochemistry,

Geophysics, Geosystems, 20, doi: 10.1029/2018GC008126.

Pearson, P. N., G. L. Foster, and B. S. Wade (2009), Atmospheric carbon dioxide through

the Eocene–Oligocene climate transition, Nature, 461(7267), 1110–1113, doi: 10.1038/

nature08447.

Pedersen, V. K., S. B. Nielsen, and K. Gallagher (2012), The post-orogenic evolution of the

Northeast Greenland Caledonides constrained from apatite fission track analysis and inverse

geodynamic modelling, Tectonophysics, 530-531, 318–330, doi: 10.1016/j.tecto.2012.01.018.



References 325

Pedersen, V. K., S. B. Nielsen, and K. Gallagher (2013), Reply to: “The mountains of North-

East Greenland are not remnants of the Caledonian topography. A comment on Pedersen

et al. (2012)”, Tectonophysics, 589, 239–244, doi: 10.1016/j.tecto.2013.01.007.
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